16

Deposit size
>100 000 Gt

63
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23
30,36

59
38 35
53
40
55
19 57
29

39
Kursk (48)
Sokoman (34)

60

13

17

32
62
58

44

1

18
21
37
24 28

10

43

45

Age
64

3

4

42

Cauê (52)

Middle–late Paleoproterozoic
Early Paleoproterozoic/Neoarchean
Mesoarchean–Neoarchean

22

Krivoy Rog (49)

Lake Superior (33)
5

>10 000–50 000 Gt
1000–>10 000 Gt
1–150 Gt (and unknown size)
Neoproterozoic
Mesoproterozoic

8 12
9,11

2

15
20
GriquatownTransvaal (50)

27

46

41
61 65
68

Hamersley (51)
67

25
26
Frere (31)
56

47 66
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# Formation/Group/Deposit

Location

Age (Ma)

# Formation/Group/Deposit

Location

Age (Ma)

1. Maly Khinghan Formation
2. Yerbel Formation
3. Jacadigo Group (Urucum district)
4. Bisokpabe Group
5. Chestnut Hill Formation
6. Holowilena Ironstone
7. Braemar Iron Formation
8. Vil’va and Koyva Formations
9. Bakeevo (Tolparovo) Formation
10. Dzhetymtau Suite
11. UK Formation
12. Yamata Formation
13. Lake Khanka Formation
14. Rapitan Formation
15. Chuos Formation
16. Tindir Group
17. Fulu Formation
18. Medvezhevo Formation
19. Kingston Peak Formation
20. Numees Formation
21. Mugur Formation
22. Nizhne-Angara Formation
23. Aok Formation (Shaler Supergr.)
24. Xiamaling Formation
25. Roper Group
26. South Nicholson Group
27. Shoshong Formation
28. Chuanlinggou Iron Formation
29. Pike’s Peak Iron-Formation
30. Gibraltar Formation
31. Frere Formation
32. Alwar Group (North Delhi fold belt)
33. Lake Superior region
Gunflint Iron Formation
Negaunee Iron Formation
Biwabik Iron Formation
Ironwood Iron Formation
Riverton Iron Formation
34. Sokoman Iron Formation
35. Rochford Formation
36. Basile Formation
37. Liaohe Group

Russia
Uruguay
Brazil
Togo
USA
Australia
Australia
Russia
Russia
Kyrgyzstan
Russia
Russia
Russia
Canada
Namibia
USA
China
Russia
USA
Namibia
Mongolia
Russia
Canada
China
Australia
Australia
Botswana
China
USA
Canada
Australia
India
USA + CAN
Canada
USA
USA
USA
USA
Canada
USA
Canada
China

560
600
600
600
600
650
650
650
650
650
700
700
700
715
715
715
741
700-750
700-750
700-750
767
800
840
1368
1490
1500
1600
1650-1600
1728
1880
1890
1850-2000

38. Estes Formation
39. Pääkkö Iron Formation
40. Glen Township Formation
41. Lomagundi Group
42. Caldeirão belt
43. Malumfashi, Maru, Birnin Gwari,
Kushaka, Muro, Egbe-Isanlu, and
Obajana schist belts
44. Ijil Group
45. Nimba Itabirite
46. Hotazel Iron Formation
47. Timeball Hill Formation
48. Kursk Supergroup
49. Krivoy Rog Supergroup
50. Transvaal Province
Griquatown Iron Formation
Kuruman Iron Formation
Penge Iron Formation
51. Hamersley Basin
Boolgeeda Iron Formation
Weeli Wolli Formation
Brockman IF (Joffre Mbr)
Brockman IF (Dales Gorge Mbr)
Mt. Sylvia Formation
Marra Mamba Iron Formation
52. Cauê Formation
53. Indian Creek Metamorphic Suite
54. Ruker Series
55. Benchmark Iron Formation
56. Hutchison Group (Middleback)
57. Nemo Iron Formation
58. Chitradurga Group
59. Beardmore-Geraldton assemblage
60. Anshan Iron Formation
61. Manjeri Iron Formation
62. Bababudan Group
63. Central Slave Cover Group
64. Carajás Formation
65. West Rand Group
66. Pongola Supergroup
67. Jack Hills belt
68. Moodies Group

USA
Finland
USA
Zimbabwe
Brazil
Nigeria

2020-2100
2080
2100
2100-2200
>2078-<2687
2100

Mauritania
Liberia
South Africa
South Africa
Russia
Ukraine
South Africa
South Africa
South Africa
South Africa
Australia
Australia
Australia
Australia
Australia
Australia
Australia
Brazil
USA
Antarctica
USA
Australia
USA
India
Canada
China
Zimbabwe
India
Canada
Brazil
South Africa
South Africa
Australia
South Africa

2200
>2100-<2615
2200
2320
2450
2450

1878-1850
1874-1850
1880-1850
1880-1850
1880-1850
1877
1884
1930
1950-2050

2431
2465
2480
2445
2449
2461
2461-2495
2505
2597
2450
2470-2750
2450-2480
2480-2560
2500
2560-2890
2614
2700
2700
2700-2830
2720
2730-2920
2740-2750
2960
2960
>3080
3230

Figure 1: Geographical and size distribution of IF through time. The figure has been modified from
Bekker et al. (2014).

Figure 2: Iron Formation deposition in billions metric tonnes with 50 Myr bar-widths (modified
from Bekker et al., 2010). Most deposits before 2.4 Ga comprise BIF; those ca. 2.3–0.8 Ga are
predominantly GIF; Neoproterozoic Rapitan-type iron formation ((~0.715 Ga) are associated
with glacial deposits.

Figure 3: – Representative images of Paleoproterozoic BIF. (A) Aerial overview of the 2.48 Ga
Dales Gorge Member along the southern ridge at Tom Price, Western Australia. (B) Field
photograph of the basal part of the rhythmically banded Kuruman Formation BIF outcropping at
the Kuruman Kop locality. (C) Section of banding in the 2.45 Ga Joffre Member, Western
Australia. (D) Weathered Kuruman BIF showing the distinct iron rich and iron poor (sub)millimeter thick microbands. (E-F) Photos and photomicrographs illustrating the main
petrographic characteristics of the oxide BIF in the Joffre BIF. (E) The core displays pale grey
micro- and mesobands of alternating chert and magnetite, dark grey magnetite mesobands and
reddish and bluish (1 mm thin) microbands of chert–hematite–riebeckite. (F) Coarse and fine
grained magnetite microbands with chert and very fine hematite. The latter likely is a product of
secondary magnetite oxidation. Note the single grains of martite upper left. ch = chert, mag =
magnetite, hem = hematite, rbk = riebeckite.

Figure 4: (A-B) Middle Proterozoic GIF from the 1.88 Ga Frere Formation, Earaheedy Group,
Western Australia. (A) Graded bed comprising granules and ooids. Field of view is 2 cm. (B)
Rounded granules comprising hematite, magnetite, chlorite, chert, and carbonate ‘floating’ in a
matrix of carbonate cement. Field of view is 6 mm. (C) Thin section of the 2.32 Ga GIF of
the Timeball Hill Formation of South Africa.

Figure 5: The PAAS normalized Eu anomaly (Eu/Eu*) through time of some of the important IFs.
Isua from Frei and Polat (2007); Nuvvuagittuq from Mloszewska et al. (2012); Fig Tree from
Derry and Jacobsen (1990) and Hofmann (2005); Jharkhand-Orissa BIF Bhattacharya et al. (2007);
Pongola from Alexander et al. (2008); Itilliarsuk from Haugaard et al. (2013); Slave craton IFs
from Haugaard et al. (2016a, 2017b); Krivoy Rog from Viehmann et al. (2015); Joffre from
Haugaard et al. (2016b). Kuruman and Penge from Bau and Dulski (1996); Nemo from Frei et al.
(2008), Gunflint from Danielson et al. (1992); Braemar from Lottermoser and Ashley (2000);
Rapitan from Halverson et al. (2011).

Figure 6: Neodymium and Fe isotope data from the Marra Mamba and Brockman IFs and
associated shales of the Hamersley Basin, Western Australia. εNd(t) values for the IFs scatter
between a mantle/primitive crust composition and those of old crust, indicating a mix of REE
sources. The intermediate εNd(t) values for associated shales indicate local continental crust may
have near-zero εNd(t), which would increase the continental component of REEs relative to an
assumed continental εNd(t) value of -3. The positive correlation between εNd(t) and δ56Fe seen in
the 2.48 Ga Dales Gorge Member of the Brockman IF is interpreted to reflect mixing between a
hydrothermal (high- εNd(t), high- δ56Fe) Fe source and Fe sourced to Fe mobilized by a basin-wide
Fe shuttle via microbial dissimilatory iron reduction (DIR) on the continental shelf. Sources:
Jacobsen and Pimentel-Klose (1998a), Alibert and McCulloch (1993), and Li et al. (2015).

Figure 7: Histograms of Si isotope compositions for Precambrian cherts in IFs, as well as Fe-free
cherts. Also shown are Si isotope fractionation factors for Si sorption onto Fe(III)-oxyhydroxides
(Delstanche et al., 2009), Fe(III)-Si gels (Zheng et al., 2016), and mixed Fe(II)-Fe(III)-Si gels
produced by DIR (Reddy et al., 2016), referenced to the average δ30Si value of Fe-free chert. The
lower δ30Si values of IF cherts cannot be solely explained by Si sorption to Fe(III)-oxyhydroxides,
but likely involves Fe(III)-Si gels as the primary phase. As discussed in Reddy et al. (2016),
magnetite-rich IFs have lower δ30Si values than hematite-rich IFs, and the measured Si isotope
fractionations suggest production of magnetite-quartz assemblages that have very low δ30Si values
through DIR. Sources: André et al. (2006), Robert and Chaussidon (2006), van den Boom et al.
(2007; 2010), Delvigne et al. (2012), Steinhoefel et al. (2009, 2010), Abraham et al. (2011), Heck
et al. (2011), Chakrabarti et al. (2012), Li et al. (2014), Geilert et al. (2014), Stefurak et al. (2014),
Ding et al. (2017).

Figure 8: Iron-O isotope variations in coexisting hematite and magnetite from the Dales Gorge
Member. The earliest magnetite paragenesis is recorded in magnetite that is fine-grained and has
low Si contents, whereas high-temperature magnetite is course-grained and/or contains high levels
of Si (Huberty et al., 2012). Oxygen isotope temperatures were obtained using hematite-quartz and
magnetite-quartz fractionations; those for high-temperature magnetite use the average measured
δ18O value for quartz (δ18O~ +21‰) reflecting the last equilibration of quartz during
metamorphism, whereas low-temperature magnetite and hematite assumes a δ18O value for quartz
of +23‰ (see discussion in W. Li et al., 2013a). Oxygen isotope fractionation factors are from
Kita et al. (1985), Mandernack et al. (1999), and Bao and Koch (1999).

Figure 9: Mechanisms of Fe(II) oxidation in the Precambrian oceans. Two biologically controlled
mechanisms are envisioned: (1) reaction of cyanobacterially-generated O2 with dissolved Fe(II),
and/or (2) direct oxidation via Fe(II)-based anoxygenic photosynthesis (photoferrotrophy). The
Fe(II) was sourced from deep-sea hydrothermal systems, while the Fe(III) formed in the photic
zone was precipitated as ferrihydrite, Fe(OH)3, and deposited onto the seafloor as a precursor
sediment for iron formation. Some of ferrihydrite was later reduced either through direct bacterial
Fe(III) reduction by dissimilatory iron-reducing bacteria (DIR) utilising organic carbon or through
a potential metabolic coupling of Fe(III) reduction and methane oxidation (e.g., Konhauser et al.,
2005).

Figure 10: Secular variations in atmospheric O2 (green curve) and shallow ocean O2 (blue boxes).
Atmospheric O2 curve is relative to Present Atmosphere Level (PAL), adapted from Lyons et al.
(2014). GOE marks the “Great Oxidation Event” that may record an “over-shoot” in the first major
rise in atmospheric O2, followed by low periods in most of the Proterozoic. The green curves
represent the range of commonly proposed pO2 estimates for early Paleoproterozoic. There may
also have been transient increases in atmospheric O2 before the GOE (so-called whiffs), although
such increases could also represent oxidative weathering associated with benthic mats (Lalonde
and Konhauser, 2015). Estimates for maximum O2 contents in shallow oceans (photic zones) in
blue boxes relative to Present Ocean Level (POL) are based on modelling of stable Fe isotopes
(Czaja et al., 2012; W. Li et al., 2013b; Satkoski et al., 2015), and potentially provide evidence
that the shallow oceans had significant free O2 levels by 3.2 Ga, hundreds of millions of years prior
to the rise in atmospheric O2.

Figure 11: Calculated thickness of a community of photoferrotrophs required to completely oxidize
upwelling, Fe(II)-rich, hydrothermal waters with iron concentrations of (A) 500 µM and (B) 100
µM, at different rates of Fe(II) oxidation. Unless noted, advection and eddy-diffusion Fe supply
rates are summed, with eddy-diffusion held constant at 0.1 cm2/sec in all cases (cf., Kappler et al.,
2005). Modelled advection rates are consistent with low and high annual averages for upwelling
regimes on continental margins. An eddy-diffusivity value of 0.1 cm2/sec is also shown on each
plot. Dashed lines indicate the photoferrotrophic layer thickness required for Fe(II) oxidation at
rates of 1.4 x 10-4, 1.4 x 10-5, and 1.4 x 10-6 M/day, with 1.4 x 10-5 M/day representing a
conservative estimate as determined experimentally by Kappler et al. (2005). The thickness of the
photoferrotrophic layer increases dramatically with low Fe(II) oxidation rates when both advection
and eddy-diffusional Fe transport are considered as opposed to solely eddy-diffusional transport.
At the conservatively estimated Fe(II) oxidation rate for the upwelling waters with 500 µM Fe
concentration, a photoferrotrophic layer thicknesses of 17.6 and 5.6 meters are required when
solely considering diffusion at rates of 1 cm2/sec (not shown) and 0.1 cm2/s, respectively. These
thicknesses are distinctly different than the >100 m required when both advection at 5 m/day and
diffusion at 0.1 cm2/sec are considered for the same Fe concentrations in the upwelling waters.
The more realistic layer thickness of ~35 m is required for an Fe(II) oxidation rate of 1.4 x 10-5
M/day and advection rate and eddy-diffusivity of 5 m/day and 0.1 cm2/s at 100 µM Fe
concentration in the upwelling waters.

Figure 12: Comparison of (A) typical sediment pore-water profile during early diagenesis in a
modern continental marine setting (e.g., Froelich et al., 1979; modified from Konhauser, 2007).
(B) Plausible Archean pore-water profile during early diagenesis where the minerals on the righthand side are the dominant controls on pore-water Fe speciation. As shown in Figure 9, the delivery
of Fe(OH)3 to the sediment is controlled by O2 concentrations and/or the metabolism of
photoferrotrophic bacteria.

Figure 13: Comparison of wt. % organic carbon measured in the 2.5 Ga Transvaal IFs (Beukes et
al., 1990; Beukes and Klein, 1990; Kaufman, 1996) with those estimated for the same samples
based on the organic carbon contents required to account for the δ13C values of siderite and the
Fe(II) abundances in magnetite. Using this approach, the average original organic carbon content
was 4.70 wt.% for oxide-facies IF, which is comparable to those measured in Neoarchean black
shales, indicating potentially large amounts of initial organic carbon deposition that was later
respired to produce siderite and magnetite via DIR. See additional discussion in Li et al. (2013a).

Figure 14: Co-variation in C and O isotope compositions of carbonates from the 2.6-2.5 Ga
Kuruman IF and Campbellrand-Malmami carbonate platform in South Africa, and bulk-rock
organic carbon contents. Ca-Mg carbonates (limestone and dolomite) in green circles,
ankerite/siderite from siderite-facies IF in blue diamonds, and ankerite/siderite from oxide-facies
IF in red squares. Data from Beukes et al. (1990), Beukes and Klein (1990), Kaufman (1996), and
Heimann et al. (2010). Transparent grey box in left diagram shows C and O isotope compositions
for siderite that would be in equilibrium with seawater, showing that none of the siderite in either
siderite-facies IF or oxide-facies IF is in C or O isotope equilibrium with seawater. Parallel grey
curves in left diagram show mixing lines between seawater carbonate and carbonate produced by
DIR at various ratios of organic C to seawater carbon (see reactions 3, 5, and 6 in main text).
Estimate for primary organic carbon content of IF, prior to DIR, shown in right diagram from
Figure 13. See Heimann et al. (2010) for details.

Figure 15: Calculated δ13CDIC for sediments dominated by anaerobic organic matter
remineralization. Unless noted in the legend, sediment and water column parameters are for the
Santa Barbara Basin from Berner (1964). Water column DIC concentration is taken from modern
continental margin values and sedimentation rate and organic matter concentrations are varied at
ranges typical of continental margin settings. A DIC concentration of 10 times the modern one is
used as an estimate for the Archean oceans. (A) δ13CDIC vertical pore-water profiles for the modern
Santa Barbara Basin conditions compared with modelled Archaean settings with 10x DIC and
various organic matter fluxes. (B) δ13CDIC vertical pore-water profiles for modelled Archean
settings with DIC 10x that in the modern seawater showing effect of variations in the sum of
sedimentation and compaction (ω) from that in the modern Santa Barbara Basin. (C) Effect of
variations in ω, at DIC 10x that of modern seawater and labile organic matter load at 0.5x that of
the modern Santa Barbara Basin, on δ13CDIC vertical pore-water profiles for modelled Archean
settings. (D) Effect of variations in ω, at DIC 10x that of modern seawater and labile organic matter
load at 0.1x that of the modern Santa Barbara Basin, on δ13CDIC vertical pore-water profiles for
modelled Archean settings.

Figure 16: Iron isotope variations among coexisting hematite, magnetite, and siderite (same
sample) from the 2.48-2.47 Ga Dales Gorge Member and Kuruman Formation, as measured on
various scales, from the µm scale via in situ analysis by laser ablation, mg-size bulk analysis, and
g-size bulk analysis. The equilibrium hematite-magnetite and siderite-magnetite Fe isotope
fractionations at low temperature (~25oC) are shown in red (Wiesli et al., 2004; Wu et al., 2010;
Frierdich et al., 2014), indicating that none of the minerals are in Fe isotope equilibrium. The grey
lines (marked “1:1”) reflect an origin through reduction of a common precursor Fe(III)
oxide/hydroxide via “in situ” DIR in the sediment prior to lithification. The broad variations in
absolute δ56Fe values, from positive to negative values, is interpreted to reflect various Fe sources,
ranging from hydrothermal (positive δ56Fe) to a DIR shuttle from continental shelves (negative
δ56Fe); see Figure 6. Sources: Johnson et al. (2003; 2008b); Steinhoefel et al. (2010); Heimann et
al. (2010); Craddock and Dauphas (2011).

Figure 17: Model for the evolution of ocean redox structure based on REE patterns in wellpreserved iron formations. Mn(IV)-poor IF are likely to record seawater REE patterns. Similar to
modern redox-stratified basins (A), the REE + Y pattern of late Paleoproterozoic IF (B) records
evidence for a shuttle of metal and Ce oxides from oxic shallow seawater across the redoxcline.
Mn(IV)-hydroxide dissolution in anoxic water column lowers the Y/Ho ratios, raises the light to
heavy REE ratios, and increases the Ce concentration relative to neighboring REE (La and Pr). In
contrast, Archean IF do not display REE + Y pattern indicative of a strong oxide shuttle (C), which
implies a lack of significant Mn-cycling across a redoxcline in many Archean IF-bearing basins.
The lack of discrete redoxcline points toward microbial Fe(II) oxidation, rather than a direct
reaction of Fe(II) with O2. Modified from Planavsky et al. (2010a).

Figure 18: (A) Regional geology and(B) stratigraphy of the Hamersley Group, Western Australia
(modified from Haugaard et al., 2016). Thickness and age data from: (a) Arndt et al. (1991); (b)
Trendall et al. (2004); (c) Anbar et al. (2007); and (d) Pickard et al. (2002).

Figure 19: (A) Regional geology and (B) stratigraphy of the Griqualand West Basin on the
Kaapvaal Craton of South Africa (modified from Oonk, 2017). Thickness and age data from: (a)
Kunzmann et al. (2014); (b) Tsikos et al. (2003); (c) Polteau et al. (2006); (d) Kendall et al. (2013);
(e) Sumner (1997); (f) Bau et al. (1999); (g) Cornell et al. (1996); (h) Gumsley et al. (2017); (i)
Moore et al. (2012); (j) Trendall et al. (1990); (k) Pickard (2003); (l) Sumner and Bowring (1996);
(m) Altermann and Nelson (1998); and (n) Walraven and Martini (1995).

