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Abstract We use a suite of eight ocean biogeochemical/ecological general circulation models from the
Marine Ecosystem Model Intercomparison Project and Coupled Model Intercomparison Project Phase 5
archives to explore the relative roles of changes in winds (positive trend of Southern Annular Mode, SAM)
and in warming- and freshening-driven trends of upper ocean stratiﬁcation in altering export production
and CO2 uptake in the Southern Ocean at the end of the 21st century. The investigated models simulate a
broad range of responses to climate change, with no agreement on a dominance of either the SAM or the
warming signal south of 44∘ S. In the southernmost zone, i.e., south of 58∘ S, they concur on an increase of
biological export production, while between 44 and 58∘ S the models lack consensus on the sign of change
in export. Yet in both regions, the models show an enhanced CO2 uptake during spring and summer. This
is due to a larger CO2 (aq) drawdown by the same amount of summer export production at a higher Revelle
factor at the end of the 21st century. This strongly increases the importance of the biological carbon
pump in the entire Southern Ocean. In the temperate zone, between 30 and 44∘ S, all models show
a predominance of the warming signal and a nutrient-driven reduction of export production. As a
consequence, the share of the regions south of 44∘ S to the total uptake of the Southern Ocean south of
30∘ S is projected to increase at the end of the 21st century from 47 to 66% with a commensurable decrease
to the north. Despite this major reorganization of the meridional distribution of the major regions of
uptake, the total uptake increases largely in line with the rising atmospheric CO2 . Simulations with the
MITgcm-REcoM2 model show that this is mostly driven by the strong increase of atmospheric CO2 , with
the climate-driven changes of natural CO2 exchange oﬀsetting that trend only to a limited degree (∼10%)
and with negligible impact of climate eﬀects on anthropogenic CO2 uptake when integrated over a full
annual cycle south of 30∘ S.

1. Introduction
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The Southern Ocean acts as a window from the deep ocean to the atmosphere [Russell et al., 2006; Marshall
and Speer, 2012]. This is because the wind-driven strong upwelling brings carbon- and nutrient-rich deep
water to the surface, where its gas content begins to equilibrate with the atmosphere. The high nutrient
content fuels the growth of phytoplankton, but this growth is limited primarily owing to the widespread
lack of the micronutrient iron [De Baar et al., 1995; Smetacek et al., 2012]. This makes the biological carbon
pump in the Southern Ocean ineﬃcient; i.e., there is more supply of inorganic carbon to the surface ocean
by upwelling and mixing than there is inorganic carbon ﬁxed into organic matter and exported to depth.
This causes this region to be a strong source of natural CO2 [Mikaloﬀ Fletcher et al., 2007; Gruber et al., 2009],
i.e., the carbon that existed in the atmosphere in preindustrial times. With the onset of industrialization, the
strong increase in atmospheric CO2 began to push growing amounts of anthropogenic CO2 into the ocean
[e.g., Sarmiento et al., 1992; Khatiwala et al., 2009, 2013]. This increase in the uptake of anthropogenic
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CO2 turned the Southern Ocean from a source of atmospheric CO2 into a strong sink [Hoppema, 2004;
Gruber et al., 2009].
A telltale sign of the ineﬃcient biological pump in the Southern Ocean is the presence of high concentrations
of macronutrients that remain unused [e.g., Sarmiento et al., 2004]. These excess macronutrients are exported
northward and downward by the subduction of mode waters [Sloyan and Rintoul, 2001], enriching the nutrient content of the thermocline of the entire Southern Hemisphere [Sarmiento et al., 2004]. As these laterally
exported nutrients ﬁnd their way back to the surface, they might fuel three quarters of the biological primary
and export production in the low latitudes [Sarmiento et al., 2004; Marinov et al., 2006].
The Southern Ocean is also responsible for 40% of the global anthropogenic carbon uptake [Mikaloﬀ Fletcher
et al., 2006; Khatiwala et al., 2009] and is therefore an important player determining atmospheric CO2
concentration and future climate. As is the case for the nutrients, most of this uptake is transported northward
out of the Southern Ocean and to depth by the formation of mode and intermediate waters [Mikaloﬀ Fletcher
et al., 2006], causing the most prominent accumulation of anthropogenic CO2 to occur at around 30∘ S [Sabine
et al., 2004]. An additional conduit exists through the formation of bottom waters that takes place along the
shelves of Antarctica, ventilating the abyss of the world’s oceans and constituting a shortcut for transporting
anthropogenic carbon into the deep sea [van Heuven et al., 2014].
The recent southward shift and strengthening of the westerly winds associated with the progression toward
a more positive phase of the Southern Annular Mode (SAM) [Marshall, 2003; Thompson et al., 2011] increased
the upwelling of carbon- and nutrient-rich deep waters but may also have increased the uptake of anthropogenic carbon. Thus, this may have perturbed the delicate balance between anthropogenic carbon uptake
and outgassing of natural carbon in the Southern Ocean, possibly leading to less uptake per increase in atmospheric CO2 [Le Quéré et al., 2007; Zickfeld et al., 2008; Law et al., 2008; Le Quéré et al., 2008; Lovenduski et al.,
2007; Lenton and Matear, 2007; Verdy et al., 2007]. A relief of iron limitation, however, goes along with this
enhanced upwelling. This constitutes a fertilization eﬀect on the biological pump in summer that draws down
a considerable amount of carbon and moderates the Southern Ocean’s response to a higher carbon content
through upwelling [Hauck et al., 2013].
Climate model simulations suggested that the Southern Ocean might experience a further strengthening and
a southward shift of the westerly winds in the 21st century [Thompson et al., 2011; Swart and Fyfe, 2012; Meijers,
2014], i.e., that climate change will continue to push SAM toward its positive phase [Zheng et al., 2013]. In the
high-emission scenario RCP8.5, this strengthening is hardly mitigated by the recovery of the stratospheric
ozone layer [Meijers, 2014]. The strengthening of the westerly winds leads to enhanced overturning and more
mixing as the ocean would be less stratiﬁed. But at the same time, global warming and sea ice melt will make
the surface of the Southern Ocean warmer and fresher [Böning et al., 2008; Meijers, 2014], increasing upper
ocean stratiﬁcation and leading to a reduction of the maximum mixed layer depth (MLD) by up to 100 m [Sallée
et al., 2013]. This global warming signal is further intensiﬁed by changes in salinity reported for the Southern
Ocean which is among the strongest salinity trends globally [Durack and Wijﬀels, 2010]. The freshening trend
in the open ocean is possibly caused by a combination of changes in atmospheric fresh water ﬂuxes, glacial
melt water ﬂuxes, and sea ice transport [Purkey and Johnson, 2013; Rignot et al., 2008; Haumann et al., 2014],
and can impact deep convection events [de Lavergne et al., 2014].
The physical changes expected in the future Southern Ocean will aﬀect primary and export production [Bopp
et al., 2013; Laufkötter et al., 2015; Marinov et al., 2013] and carbon uptake, but diﬀerent responses are plausible.
The warming and freshening signal generally leads to a shoaling of the mixed layer (ML), keeping photo
synthetically active phytoplankton in a higher light regime, presumably increasing biological carbon drawdown and CO2 uptake from the atmosphere. The report of a ML shoaling driven by reduced heat loss in winter
[Sallée et al., 2013], however, is based on the analysis of the annual maximum MLD in the band of deepest
winter ML along the northern edge of the Antarctic Circumpolar Current (ACC). Thus, it is unclear whether the
increase in winds will invoke a deepening of the ML in some regions over the course of the year. A deepening of the ML would negatively aﬀect the light availability for primary producers, but it would have a positive
impact on the iron supply. The balance between the light and nutrient eﬀects will determine the response of
primary producers and the contribution of the biological carbon pump to CO2 uptake.
Based on the physical changes reported above, we deﬁne four possible scenarios for biological responses:
(1) The ML shoals due to global warming and this boosts export production thanks to a higher-light regime,
HAUCK ET AL.
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(2) the ML shoals due to global warming and this reduces primary production because less iron is available,
(3) the ML deepens and overturning is enhanced due to stronger winds (SAM signal), and this enhances export
production owing to additional iron input, (4) the ML deepens and overturning is enhanced due to stronger
winds (SAM signal), and the thereby reduced light level leads to a decrease of primary and export production.
We analyze the RCP8.5 simulations from a suite of eight models from the Marine Ecosystem Model Intercomparison Project (MAREMIP) and Coupled Model Intercomparison Project Phase 5 (CMIP5) model intercomparison projects for their spatial and temporal trends in CO2 uptake and export production and their drivers
(sections 3.1 and 3.2). We thereby focus on the unraveling of how much biology contributes to changes of the
Southern Ocean carbon sink (section 3.3). We are particularly interested in understanding (i) what drives the
changes in export production, i.e., whether the SAM signal or the surface warming signal will be dominant; (ii)
how important the biological carbon pump is for the Southern Ocean CO2 sink in general and in the light of
changes in export production; and (iii) what the expected changes are for the 21st century Southern Ocean
carbon sink, taking into account the expected circulation changes and feedback processes.
We add to previous global studies of changes in primary and export production [Bopp et al., 2013; Laufkötter
et al., 2015] by analyzing spatially and seasonally varying responses of the individual models in the Southern
Ocean and by linking biological production to CO2 uptake. We use an additional preindustrial simulation from
one model and a simple box model to obtain a deeper understanding of the mechanisms at work where additional experiments to the MAREMIP/CMIP5 RCP8.5 simulation are needed and to provide an unambiguous
link between 21st century climate change, biological response, and carbon ﬂuxes.

2. Models and Data Analysis
CMIP5 and MAREMIP models. We compare model simulations for the period 2012 to 2100 which are forced by
rising atmospheric CO2 concentrations according to the RCP8.5 scenario [Meinshausen et al., 2011]. We use
a subset of models from the Marine Ecosystem Model Intercomparison Project (MAREMIP) [Vogt et al., 2013;
Hashioka et al., 2013; Sailley et al., 2013; Laufkötter et al., 2015] and from the Coupled Model Intercomparison
Project Phase 5 (CMIP5)[Taylor et al., 2012]. We use all models that contain at least two phytoplankton functional types and provide all data necessary for our analysis (at least export production and CO2 ﬂux), resulting
in eight model simulations. We use the ﬁrst ensemble member for CMIP5 models (r1i1p1).
Selected models are either ocean-ice-ecosystem models (MITgcm-REcoM2, NEMO-PlankTOM5.3, MRI.COMMEM) or fully coupled Earth system models (GFDL-ESM2M, IPSL-CM5A-LR, CNRM-CM5, CESM1, HadGEM2-ES,
see Table 1). The ocean-ice-ecosystem models are forced with atmospheric ﬁelds from Earth system models
after interaction with the ocean; thus, they implicitly include ocean-atmosphere feedbacks. Some models
share the same ecosystem model (IPSL and CNRM: PISCES), others the same ocean model (IPSL, CNRM, PlankTOM5.3: NEMO but with diﬀerent conﬁgurations and resolution, see, e.g., Séférian et al. [2013]), and some
the same atmospheric forcing (REcoM2 and MEM: MIROC5, IPSL, and PlankTOM5.3: IPSL). In total, we analyze eight models with six diﬀerent ocean general circulation models, seven ecosystem models, and six
atmospheric models.
All ecosystem models have at least two phytoplankton and one zooplankton functional types and simulate the
cycling of carbon and at least three nutrients (nitrate, silicate, and iron). All models except REcoM2 use the Redﬁeld ratio for C:N uptake, and the implementation of stoichiometric ratios for C:Si:Fe:Chl varies widely between
the models [see Laufkötter et al., 2015]. The realization of nutrient uptake kinetics is equally diverse with MEM
using optimum uptake kinetics [Smith et al., 2009] and the other models either cell quota (GFDL) [Geider et al.,
1998] or a combination of cell quota and Michaelis-Menten kinetics (REcoM2, CESM1, PlankTOM5.3, HadGEM,
IPSL, CNRM) [Michaelis and Menten, 1913].
The deﬁnition of MLD varies between the models where most models provide a monthly mean MLD estimate
using a density criterion (Table 1). The threshold for the density criterion is either deﬁned in units of kg m−3
(PlankTOM5.3, MEM, GFDL) or as a density threshold equivalent to a deﬁned temperature change (CNRM,
REcoM2) [Kara et al., 2000]. MLD is deﬁned as the depth where the buoyancy gradient to the surface is largest
in CESM1 [Large et al., 1997]. For IPSL, only the maximum monthly MLD deﬁned by the mixing scheme is
available. While the absolute numbers of MLD are hence not comparable, a deepening (shoaling) of the ML
corresponds to less (more) light availability, independent of the MLD deﬁnition. Recalculating MLD oﬀ-line
HAUCK ET AL.
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Table 1. Overview of Models, Main References, and Criterion for Calculation of Mixed Layer Depth (MLD)a
Model Name

Ocean Model

Ecosystem Model

Reference

Atmospheric Forcing

MLD Criterion and Threshold

PlankTOM5.3

NEMO

PlankTOM5.3

Buitenhuis et al. [2013]

IPSL-CM5A-LR

Densityb , 0.03 kg m−3

POP

BEC

Moore et al. [2013]

Fully coupled

Max. buoyancy gradientc

CESM1
MEM

MRI.COM

MEM

Shigemitsu et al. [2012]

MIROC5

Density, 0.125 kg m−3

REcoM2

MITgcm

REcoM2

Hauck et al. [2013]

MIROC5

Densityd , ΔT = −0.8 K
Density, ΔT = −0.2 K

CNRM-CM5

NEMO

PISCES

Aumont and Bopp [2006]

Fully coupled

IPSL-CM5A-LR

NEMO

PISCES

Aumont and Bopp [2006]

Fully coupled

Mixing scheme

GFDL-ESM2M

MOM

TOPAZ

Dunne et al. [2013]

Fully coupled

Densityb , 0.03 kg m−3

HadGEM2-ES

MetUM

diat-HadOCC

Collins et al. [2011]

Fully coupled

No data

a Note that IPSL MLD represents maximum MLD per month whereas the others are monthly average. CNRM and RecoM2 use a density-equivalent temperature

criterion, i.e., Δ𝜎𝜃 = 𝜎𝜃 (T + ΔT, S) − 𝜎𝜃 (T, S) as in Kara et al. [2000].
b Refers to de Boyer Montǵut et al. [2004].
c Refers to Large et al. [1997].
d Refers to Kara et al. [2000].

from monthly mean data is not accurate enough for studying seasonal MLD changes; hence, we use the online
MLD calculation despite the diﬀerences in MLD deﬁnition.
The CO2 exchange between atmosphere and ocean follows OCMIP protocols in all models [Orr et al., 1999],
and the dependence of wind speed is formulated according to Wanninkhof [1992] (IPSL, CNRM, CESM1,
MEM, HadGEM) and includes chemical enhancement (REcoM2, PlankTOM5, GFDL). PlankTOM5.3 additionally
applies a water vapor correction [Sarmiento et al., 1992].
All models provide monthly mean data on export production, CO2 ﬂux into the ocean (FCO2 ) and sea ice area.
Data on monthly mean surface nutrient limitation (calculated oﬀ-line from half-saturation values and nutrient
concentrations in PlankTOM5.3, IPSL, CNRM, MEM) and MLD are available from all models except HadGEM.
Throughout the manuscript we refer to the most limiting nutrient which was calculated from all possible
nutrient limitations on every grid point before averaging spatially and temporally. Wherever data were not
provided on a 1∘ × 1∘ grid, it was interpolated to this resolution using bilinear interpolation prior to analysis.
Changes of properties are generally reported as the area-weighted mean state at the end of the simulation
(2081 to 2100) minus the mean state at the beginning of the simulation (2012 to 2031).
Changes of all properties are reported when a two-sample t test rejected the null hypothesis that the data for
the periods 2012–2031 and 2081–2100 come from independent random samples from normal distributions
with equal means and equal but unknown variances at the 5% signiﬁcance level. Changes of the multimodel
mean are considered signiﬁcant, when the range of the multimodel mean ±1 standard deviation does not
include zero.
We perform two additional experiments with REcoM2, one (CONST) where we use the same atmospheric
forcing ﬁelds as in the RCP8.5 simulation, but keep atmospheric CO2 at the preindustrial level of 278 ppm
throughout the model run (2012–2100). In a second simulation (ATMCO2) we use the same atmospheric CO2
evolution as in RCP8.5 but use climatological atmospheric forcing. This allows us to diﬀerentiate between
eﬀects of climate change on FCO2 and direct eﬀects of the atmospheric CO2 increase. Such experiments are
only available for the RCP4.5 and 1% increase scenarios for some of the CMIP5 and not for MAREMIP models.
We calculate climate change eﬀects on FCO2 as CLIM = RCP8.5 − ATMCO2, climate change eﬀects on natural
CO2 ﬂux as CLIMnat = CONST, climate change eﬀects on anthropogenic CO2 ﬂux as CLIMant = RCP8.5 − ATMCO2
− CONST, direct eﬀects of atmospheric CO2 increase as ATM = ATMCO2. Total changes in anthropogenic FCO2
are then derived as CLIMant + ATM.
Box model. We built a simple box model, consisting of three surface boxes where the southernmost boundary
is the Antarctic continent and the northern boundaries of the boxes are at 58∘ S, 44∘ S, and 30∘ S, in line with
previous studies of the Southern Ocean FCO2 [Mikaloﬀ Fletcher et al., 2006; Roy et al., 2011; Lenton et al., 2013;
Hauck and Völker, 2015]. The box south of 58∘ S contains the Antarctic Zone, the region 44–58∘ S includes large
parts of the Subantarctic Zone and the Polar Frontal Zone with the Polar Front itself, and the region 30–44∘ S
consists of the Subtropical Zone with a minor contribution of the Subantarctic Zone. The boxes are 100 m
HAUCK ET AL.

CO2 UPTAKE IN FUTURE SOUTHERN OCEAN

1454

Global Biogeochemical Cycles

10.1002/2015GB005140

deep to approximate the Southern Ocean surface layer which varies on spatial and temporal scales between
approximately 30 and 100 m in summer and between 50 and 500 m in winter [Sallée et al., 2010].
We calculate the wind-driven northward Ekman transport at the box boundaries with the MIROC atmospheric
output ﬁelds which are also used as input for the MITgcm-REcoM2 model. In addition, we consider an 8 Sv
(sverdrup; 106 m3 /s) ﬂux of Antarctic Bottom Water (AABW) formation out of the surface for the southernmost
box [Orsi et al., 1999]. The upwelling or downwelling at the 100 m depth level is calculated as a mass balance
from the surface Ekman transport and AABW formation.
The circulation in the box model considers only wind-driven circulation and a prescribed amount of bottom
water formation. The upwelling calculated from the Ekman divergence is likely an upper bound as partial eddy
compensation is not considered. The wind-driven Ekman transport across 44∘ S simulated by the box model
is 28 Sv, in line with the 25–30 Sv range estimated by Sloyan and Rintoul [2001]. The physical transport is used
together with the corresponding (deep or surface, dependent on the direction of transport) dissolved inorganic carbon (DIC) and alkalinity concentrations to calculate the tracer transports. We prescribe deep DIC and
alkalinity concentrations, as well as temperature, salinity, gross primary production, respiration, remineralization (the latter three implicitly deﬁne export production) and sea ice fractional area as a monthly climatology
obtained from MITgcm-REcoM2 output for the periods 2012 to 2031 and 2081 to 2100. Quadratic wind speed
is taken directly from the MIROC5 atmospheric ﬁelds. We further prescribe atmospheric CO2 with the mean
values for 2012–2031 and 2081–2100 from the RCP8.5 scenario. The monthly surface DIC budget is calculated
as the source minus sink (SMS) term
SMS(DIC) = advh DIC + advv DIC − GPP + resp + remin + FCO2

(1)

where we consider horizontal and vertical physical transports of DIC (advh DIC and advv DIC), carbon drawdown (gross primary production, GPP), and release (respiration, resp, and remineralization, remin) by biology,
all taken as output from REcoM2 and air-sea CO2 ﬂux FCO2 . FCO2 is calculated at every time step, following the
same routine as in REcoM2 and is scaled by the amount of ice-free area in the box. The full equations and all
parameters of the box model are given in the supporting information.
The box model captures the magnitude of annual FCO2 , the timing of minimum and maximum FCO2 and DIC
concentrations reasonably well compared to REcoM2 (see Table S1 in the supporting information).
Box model experiments. The box model is basically a simpliﬁcation of the MITgcm-REcoM2 model which allows
us to easily perturb the system and to analyze the separate eﬀects of processes that are inseparably tied
together in REcoM2 and the other MAREMIP/CMIP5 models. For example, upwelling of carbon goes along
with upwelling of nutrients in REcoM2, but here we can analyze the individual contributions of the increased
speed of upwelling, increase of deep DIC concentration, and increase of export production as a result of more
nutrient input.
The box model is run to equilibrium to simulate the average DIC budget in the period 2012 to 2031 (CTRLstart )
and 2081 to 2100 (CTRLend ).
In our ﬁrst experiment, we start from CTRLstart and perturb one of the following prescribed parameters
individually: atmospheric CO2 , deep DIC concentration, temperature, export production, and wind speed.
The perturbation of wind speed is applied separately to the equations of physical transport calculations and
to the gas exchange formulation, so that we can further discern the eﬀects of wind speed changes on the
Ekman transport and on the gas exchange velocity. All parameters are perturbed to their mean state in the
period 2081–2100 and are obtained from the REcoM2 RCP8.5 simulation, except wind speed, for which we
apply a perturbation of +20% of the initial state as expected for the end of the century [Downes and Hogg,
2013]. We interpret the sum of the temperature, export production, and wind speed eﬀects on FCO2 as climate
change eﬀects which should be comparable to the CLIM results obtained from the REcoM2 simulations
(see section 4.3).
In a second experiment, we switch oﬀ the eﬀect of biology on the DIC budget completely, so that DIC is only
aﬀected by the physical transport and by gas exchange
SMS(DIC) = advh DIC + advv DIC + FCO2

HAUCK ET AL.
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Figure 1. Time series of CO2 ﬂux (FCO2 , positive = into the ocean, PgC yr−1 ) in three subregions of the Southern Ocean
as indicated in the ﬁgure. The lines show the multimodel mean, the shading depicts 1 standard deviation.

and hence FCO2 is only aﬀected by the physical transport of DIC. This experiment is conducted for both
periods 2012–2031 (NOBIOstart ) and 2081–2100 (NOBIOend ) and the contribution of biology to FCO2 can be
calculated as
BIOstart = CTRLstart − NOBIOstart

(3)

for the period 2012–2031 and equivalent for the period 2081–2100. One caveat of this approach is that by
using deep DIC from a REcoM2 run with biology, there is a contribution of remineralization to deep DIC.
We consider the changes in deep DIC from 2012–2031 to 2081–2100 to be mostly driven by changes in
atmospheric CO2 and only to a smaller extent by changes in remineralization. Hence, this experiment likely
gives an upper bound on the role of the biological carbon pump and tests the transient response (before
the adjustment in the vertical DIC gradient) to an extreme case, the complete cessation of biological export.
This experiment is designed to elucidate how large the contribution of biology to the Southern Ocean
carbon sink is today and how this is altered in the future. In contrast to experiment 1 that only accounts for the
increase in export production, experiment 2 also includes interactions between biological carbon drawdown
and decreasing buﬀer capacity [Hauck and Völker, 2015].

3. Results and Discussion
3.1. Multimodel Changes in Southern Ocean CO2 Flux
The multimodel mean ocean CO2 uptake (FCO2 ) shows distinctly diﬀerent trends in the three major zones of
the Southern Ocean south of 30∘ S (Figure 1). In the southernmost region, i.e., south of 58∘ S, the ﬂux increases
in a nearly linear manner between 2012 and 2100. In contrast, the region containing the Polar Front (44–58∘ S)
shows a close to linear increase in FCO2 only until 2075 and levels oﬀ thereafter. In the temperate region, i.e.,
between 30 and 44∘ S, FCO2 reaches a maximum in the early 2060s and then decreases slightly toward the end
of the century.
As a result, while the total FCO2 south of 30∘ S doubles from 1.2 ± 0.3 PgC yr−1 to 2.5 ± 0.3 PgC yr−1 , the relative contribution of the three regions to the total uptake changes noticeably over the course of this century
(Figure 1). In the beginning of the simulation, the region 30–44∘ S is responsible for three times the uptake
in the region south of 58∘ S. At the end of the century, all regions contribute equally to total FCO2 despite the
diﬀerence in size among the regions (south of 58∘ S: 2.5 × 107 km2 , 44–58∘ S: 3.7 × 107 km2 , and 30–44∘ S:
4.5 × 107 km2 ). The ﬂux trends are signiﬁcant in all individual models, regions, and seasons except for MEM in
summer in the region 30–44∘ (p < 0.05).
In the considered high-emission scenario RCP8.5, atmospheric CO2 increases steadily from 389 ppm in 2010 to
936 ppm in 2100 without any stabilization of emissions [Meinshausen et al., 2011]. Therefore, the leveling-oﬀ
and decrease of FCO2 toward the end of the simulation in the regions north of 58∘ S have to be caused by
physical, chemical, or biological feedbacks in the ocean.
Spring (September, October, November) and summer (DJF: December, January, February) contribute disproportionally more to the FCO2 increase toward the end of the century than autumn (March, April, May) and
winter (June, July, August) in the regions south of 44∘ S (Figure 2b). In the region 30–44∘ S the largest FCO2
increase occurs during winter season. In summer, this region takes up less CO2 at the end of the century
(average 2081–2100) than at the beginning (2012–2031). This is true for all individual models except MEM
HAUCK ET AL.
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Figure 2. (a) ΔExport production and (b) ΔFCO2 , both in units of PgC yr−1 , calculated as the average for period
2081–2100 minus the average for 2012–2031. Bars depict the multimodel mean, and error bars denote 1 standard
deviation. If the error bar includes zero, the change is not signiﬁcant.

(insigniﬁcant change), but the magnitude of the trend (range of ΔFCO2 = −0.002 to −0.04 PgC month−1 ) and
the point in time when FCO2 starts to decline diﬀers widely between the models (Figure 3).
What leads to the enhanced summer CO2 uptake and to the strong meridional shift of the uptake pattern?
In the following, we will explore changes in export production and whether they can explain the response in
FCO2 that we observe.
3.2. Multimodel Changes in Export Production and Its Causes
The largest increase in multimodel mean FCO2 cooccurs with the multimodel mean increase in export production in spring and summer south of 44∘ S (Figure 2). In addition, the models agree on a reduction of export
north of 44∘ S, exactly the same region where FCO2 grew the least (despite the largest areal extent of the region),
and where the ocean turned into a source of CO2 in summer.
In the southernmost zonal band, i.e., south of 58∘ S, all models simulate an increase in export production in
the Southern Ocean in line with Bopp et al. [2013] and Laufkötter et al. [2015], but timing varies among the
models (Figures 4a and 4c). The largest increase is in summer (REcoM2 and MEM) or spring (all others), and all
models except HadGEM project a signiﬁcant increase in spring export. The multimodel mean export south of
58∘ S increases signiﬁcantly by 0.05 ± 0.04 PgC yr−1 in the annual mean and by 0.1 ± 0.05 PgC yr−1 in spring.
The relative annual change in export production varies between +2% in GFDL and +56% in MEM.
Between 44 and 58∘ S, two models (MEM and REcoM2) show a strong increase in export (0.5 and 0.4 PgC yr−1 ,
respectively) which peaks in summer, two models (CNRM and CESM1) show a weak to moderate increase
(0.02 and 0.06 PgC yr−1 , respectively) that only occurs in spring, HadGEM shows an insigniﬁcant change in

Figure 3. Time series of summer (DJF) FCO2 between 30 and 44∘ S in eight models, normalized to the start value. Note
that units are PgC month−1 . Negative numbers indicate outgassing. FCO2 is signiﬁcantly diﬀerent in the period
2081–2100 from the period 2012–2031 in all models except MRI.COM-MEM.
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Figure 4. (a, c) ΔExport production and (b,d) ΔFCO2 , both in PgC yr−1 , calculated as average in 2081–2100 minus
average for period 2012–2031 for all individual models in the regions 44–58∘ S and south of 58∘ S (Figures 4c and 4d).
All changes are signiﬁcant except those marked with parentheses.

spring and weak decrease (−0.02 PgC yr−1 ) in summer and three models (PlankTOM5, IPSL and GFDL) exhibit a
signiﬁcant decrease by −0.01 to −0.11 PgC yr−1 in export in spring and summer. The relative annual change in
export production varies between −5% in PlankTOM5 and +32% in MEM. Due to the disagreement of models
on the sign of export change, the multimodel mean export change is not signiﬁcant in this region.
In the temperate region, i.e., between 30∘ S and 44∘ S, all models simulate a reduction of export (−0.03 to
−0.18 PgC yr−1 in the annual mean and −0.03 to −0.26 PgC yr−1 in summer, Figure 5a), resulting in a multimodel mean decrease by −0.09 ± 0.05 PgC yr−1 in the annual mean and by −0.16 ± 0.09 PgC yr−1 in summer
(Figure 2a). The relative annual change in export production varies between −19% in MEM and −3% in GFDL.
As we are interested in how the global warming signal (more stratiﬁcation) and the SAM signal (less stratiﬁcation, enhanced overturning) interact, and how the resulting MLD dynamics aﬀect export production,
we focus on light and nutrient availability as drivers for export changes. This is a valid approach, as export
production is generally assumed to be equivalent to ‘new production’ [Dugdale and Goering, 1967], i.e.,
to the amount of nutrients that is entrained from below or provided by aeolian or ﬂuvial input. In the
high-nutrient-low-chlorophyll (HNLC) Southern Ocean, the limiting nutrient is iron [De Baar et al., 1995;
Smetacek et al., 2012] and this feature is captured by all models but one (PlankTOM5), but changes in light
availability through changes in MLD and changes in ice cover can modulate primary and export production.
The strengthening of winds (SAM signal) leads to less stratiﬁcation [Carranza and Gille, 2015] and enhanced
Eulerian-mean meridional overturning circulation of the upper ocean, which is only partially balanced by
eddies in CMIP5 models and high-resolution studies [Downes and Hogg, 2013; Meredith et al., 2012]. While
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Figure 5. Summer (DJF) change between 2012–2031 and 2081–2100 for all models and regions: (a) export production,
note that units are PgC month−1 , (b) MLD (m), (c) nutrient limitation factor for diatoms (dimensionless), negative
numbers mean stronger nutrient limitation, positive numbers more nutrient availability, (d) sea ice area (%, December),
(e) temperature (∘ C). All calculated as average 2081–2100 minus average 2012–2031. Changes are signiﬁcant if not
marked with parentheses. Note that IPSL MLD shows monthly maximum MLD, while the other models show monthly
averages. Also note that nutrient limitation changes for GFDL are small in absolute values (<30∘ S: 0.2 × 10−3 , <58∘ S:
0.3 × 10−3 , 44–58∘ S: 0.6 × 10−3 , 30–44∘ S: −0.1 × 10−3 ), due to the strong background nutrient limitation, relative
changes are on the order of 5%. All changes are signiﬁcant except those marked with parentheses.

there is model agreement that overturning will strengthen until 2100 [Downes and Hogg, 2013], seasonal
changes of MLD have not been studied so far, despite their strong eﬀect on chlorophyll concentrations in the
Southern Ocean [Carranza and Gille, 2015].
A deeper ML leads to less light and more nutrient availability. Most models show a band of deeper winter ML
somewhere between 40∘ S and 60∘ S and shallower MLD north and south of that (not shown) enhancing the
winter nutrient input. Here we focus on summer MLD changes as an indicator of light changes and nutrient
supply within the growing season (Figure 6). In all models except CNRM, summer MLD increases in parts of
the Southern Ocean until the end of the century. This change is mostly conﬁned to south of 50∘ S (Figure 6),
but not in all models does this lead to a mean deepening when averaged over the regions south of 58∘ S or
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CO2 UPTAKE IN FUTURE SOUTHERN OCEAN

1459

Global Biogeochemical Cycles

10.1002/2015GB005140

Figure 6. Changes in minimum (summer) mixed layer depth (MLD) between 2012–2031 and 2081–2100 for seven
models as indicated in the ﬁgure. Positive values indicate deepening of the mixed layer. See Table 1 for MLD deﬁnitions.
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Table 2. Summary of Summer (DJF) Changes in MLD (ΔMLD), Diatom Nutrient Limitation
(Δnut) and Export Production (ΔEP)a
Model

ΔMLD

Δnut

ΔEP

SAM or gw

Nut-/or Light-Driven
?

South of 58∘ S
PlankTOM5.3

(−)

+

(−)

?

CESM1

+

(−)

−

?

?

MEM

−

−

+

gw

light

REcoM2

+

+

+

SAM

nut

CNRM

−

−

+

gw

light

IPSL

(−)

(+)

+

?

?

+

+

(+)

SAM

(nut)

−

−

−

gw

nut

CESM1

−

+

−

?

?

MEM

(+)

+

+

(SAM)

nut

REcoM2

+

+

+

SAM

nut

CNRM

−

−

−

gw

nut

IPSL

(−)

−

−

(gw)

(nut)

+

+

−

SAM

light

PlankTOM5.3

−

−

−

gw

nut

CESM1

−

−

−

gw

nut

MEM

−

−

−

gw

nut

REcoM2

−

(−)

−

(gw)

(nut)

CNRM

−

+

−

?

?

GFDL
44–58∘ S
PlankTOM5.3

GFDL
30–44∘ S

IPSL

−

−

−

gw

nut

GFDL

−

(−)

−

(gw)

(nut)

a For MLD, plus (+) means that MLD becomes deeper ; for Δnut, plus (+) means the
limitation factor increases; for EP, plus (+) indicates an increase in export production.
Parentheses indicate that the change is not signiﬁcantly diﬀerent from zero (p < 0.05).
The combination of plus (+) for ΔMLD and plus (+) for Δnut indicates that the SAM signal
is dominant, marked as SAM in the respective column. The combination of minus/minus
(−∕−) indicates that the global warming signal (gw) is dominant. If the SAM signal is dominant and export increases (decreases), the change is nutrient driven (light driven), global
warming signal dominant, and export increase (decrease) corresponds to light-driven
(nutrient-driven) response. Inconclusive combinations are marked with a question mark
(?). Note that the sign of the nutrient limitation response and its signiﬁcance is the same
whether diatoms or nanophytoplankton are considered, except for GFDL 30–44∘ S where
the response is only signiﬁcant for nanophytoplankton.

44–58∘ S (Figure 5b). The CNRM model is already too stratiﬁed at the end of the historical hindcast
[Séférian et al., 2013].
In summer, three out of seven models show a deepening of the ML in the region south of 58∘ S (CESM1,
REcoM2, GFDL), two show an average shoaling (MRI.COM-MEM, CNRM), and two models show no signiﬁcant change (IPSL, NEMO-PlankTOM5.3). Between 44∘ S, and 58∘ S, again, two models (MITgcm-REcoM2, GFDL)
simulate a deeper MLD at the end of the century, three models (NEMO-PlankTOM5, CESM1, CNRM) exhibit a
shallower MLD, and the changes in IPSL and MRI.COM-MEM are not signiﬁcant (Figure 5b and Table 2). North
of 44∘ S, the models agree on a reduction of summer MLD by 1 to 8 m (Figure 5b).
The models that simulate a summer deepening of the ML in the southernmost region (CESM1, REcoM2, GFDL)
show the lowest reduction in summer sea ice area (20–30%, Figure 5d). This indicates that the simulated
freshening by a general sea ice reduction as warming proceeds or by altered sea-ice production, transport
and melting [Haumann et al., 2014] can determine the balance between the SAM (wind forcing) and global
warming (thermal and salinity forcing) eﬀects on stratiﬁcation in the models.
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As expected, shoaling of the ML is generally coupled to a stronger nutrient limitation, while an ML deepening
alleviates the nutrient limitation (Figure 5c and Table 2). Only in two cases (CESM1 44-58∘ S, CNRM 30-44∘ ;
Table 2) a signiﬁcant shoaling of the ML is accompanied by higher nutrient availability. This indicates that
changes in MLD are often but not always a proxy for changes in nutrient limitation. Changes in horizontal
advection, for example, can lead to enhanced nutrient input without being detectable as MLD changes.
Note that Figure 5c presents absolute changes in nutrient limitation, and the changes in GFDL, even if
signiﬁcant, are so small that they are indistinguishable from zero by eye on the given scale. The present-day
nutrient limitation, however, is stronger in GFDL than in the other models, so that the relative changes are of
the order of 5% as in the other models.
The latitudinal bands of all models can be grouped according to the main mechanism that drives export
changes. We do that exemplarily for summer where the eﬀect of export on FCO2 is relevant (Table 2 and
Figure 5), and note that other mechanisms can be dominant in other seasons. Nutrient-driven models exhibit
an increase in export production along with a relief in nutrient limitation (REcoM2 south of 58∘ S, MEM, REcoM2
in the region 44–58∘ S) or a decrease in export production as nutrient limitation is enhanced (PlankTOM5,
CNRM, IPSL 44–58∘ S). In other models, light-driven changes dominate and the increase in light due to a
shoaling of the ML outweighs reduced nutrient input and export production increases (MEM, CNRM south of
58∘ S) or the decrease in light as the ML deepens can reduce export (GFDL 44–58∘ S). The increase in export
production south of 58∘ S is further positively aﬀected by the retreat of sea ice in all models by 20 to 100%
(Figure 5d), providing a larger area for production as the models do not account for biological production
within and underneath the sea ice.
South of 58∘ S, two models predict the SAM (REcoM2, GFDL) and another two models the global warming
eﬀect (MEM and CNRM) on export production to be dominant (Table 2). Similarly, two models project that the
SAM (GFDL, REcoM2) and two others that the global warming signal (PlankTOM5.3, CNRM) will be dominant,
respectively, in the region 44–58∘ S. In the other models, the changes are either not signiﬁcant or inconclusive
(see caption of Table 2).
In the region 30–44∘ S, the models agree on a reduction of summer export (all eight models) driven by
stronger nutrient limitation (four of seven models; two models show insigniﬁcant change and one projects
weakening of nutrient limitation), despite a higher light availability as the ML shoals (all seven models).
The GFDL model shows an insigniﬁcant change in diatom nutrient limitation term but a signiﬁcant increase
in nanophytoplankton nutrient availability (not shown), supporting this conclusion.
While our approach can explain changes of export production in most models, it works less well in the
following cases. We can only hypothesize (i) why the CNRM model projects an increase in nutrient and light
availability, but an export decrease in the region 30–44∘ S, (ii) why the increase of nutrients at an insigniﬁcant
change of MLD south of 58∘ S in PlankTOM5.3 does not result in an increase in export, (iii) why the deepening of the ML in CESM1 south of 58∘ S does not trigger an increase in nutrient availability, and (iv) why the
higher light and nutrient availability in CESM1 in the region 44–58∘ S does not lead to higher export production (Figure 5 and Table 2). This might be caused by changes in temperature, grazing [Laufkötter et al., 2015],
and/or ecosystem composition (i, ii, and iv) or by nonlinearities in the system that we loose when averaging
over the speciﬁed regions (i–iv). The decoupling of stratiﬁcation and nutrient availability in CESM1 south of
58∘ S (iii) can be explained by intensiﬁed advective iron ﬂuxes [Misumi et al., 2014], and the nonresponsiveness of PlankTOM5 to increased nutrient availability (ii) could be due to unaltered and strong light limitation
conﬂicting with Venables and Moore [2010] who showed that light limitation does not constrain biological
production in summer.
3.3. Can Changes in Export Production Explain the Changes in CO2 Flux?
We expect that monthly time series of start (2012–2031) export production and FCO2 south of 44∘ S are highly
and positively correlated, reﬂecting the seasonal cycle as the largest scale of variability in the Southern Ocean
which is a sink for CO2 in summer [Lenton et al., 2013] driven by biological carbon uptake [Bakker et al., 1997;
Takahashi et al., 2002]. We observe, however, that the models diﬀer widely in how strong regionally averaged
monthly time series of export and FCO2 are correlated (Figure 7). Only three models show a signiﬁcant and
positive correlation between FCO2 and export (REcoM2, CESM1, HadGEM) in the regions 44–58∘ S and south
of 58∘ S. All models except CNRM show a signiﬁcant positive correlation in at least one region. The models
that share NEMO as the ocean model (IPSL, CNRM, PlankTOM5) show a tendency to negative correlations.
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Other factors, such as upwelling or
temperature, seem to aﬀect the seasonal cycle of FCO2 more than biology
in these models, deviating from the
general picture that biological carbon
drawdown is the main driver for seasonal variations in FCO2 in the Southern
Ocean [e.g., Takahashi et al., 2002]. The
poor representation of the seasonal
cycle of FCO2 in the Southern Ocean
in some models was shown earlier
[Lenton et al., 2013]. While this questions the adequate representation of
the processes driving FCO2 in the models with negative correlation between
export and FCO2 , it is also a ﬁrst indication that export production might not
be able to fully explain the changes in
FCO2 in all models.
While models agree on increasing
export and summer FCO2 in the southernmost region (Figures 4a and 4b), it
is evident that in the region 44–58∘ S
other processes must be at work, as also models that show a decrease in export in spring/summer can have a
pronounced seasonal peak in FCO2 (GFDL, HadGEM, IPSL, CESM1, Figures 4c and 4d).
Figure 7. Correlation between monthly time-series at start of simulation
(2012–2031) of export production and FCO2 . Shown are correlation
coeﬃcients for signiﬁcant correlations (p < 0.05).

If the changes in FCO2 were caused by enhanced biological production due to climate change, this signal
should be apparent in the simulation of the natural CO2 (Cnat ) ﬂux conducted with REcoM2 (CONST). Indeed,
more uptake of Cnat occurs in summer (south of 58∘ S) and in summer and autumn (44–58∘ S, Figure S1 and
8b). As upwelling of carbon-rich deep water would work in the opposite direction (less uptake of Cnat ), we
reckon that climate change leads to more (micro)nutrient input that sustains a higher biological production in

Figure 8. Mean change of (a) total FCO2 , (b) FCO2 due to climate eﬀects on natural and anthropogenic carbon, and (c)
FCO2 due to increase of atmospheric CO2 between the periods 2012–2031 and 2081–2100 in REcoM2 in diﬀerent
seasons. See Figure S1 for contributions of natural and anthropogenic FCO2 .
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Figure 9. Box model results. (a) Experiment 1: ΔFCO2 due to perturbation of one parameter at a time from the state
2012–2031 to the state 2081–2100. sum clim: sum of temperature, biology, wind speed eﬀects on circulation, and gas
exchange; sum: sum of all individual perturbations; total: when all are perturbed simultaneously. Diﬀerence between
sum and total due to nonlinearities, i.e., interaction between two perturbations. (b) Experiment 2. Total (black, grey),
biologically driven (dark and light green), and nonbiologically driven (red, orange) FCO2 for the periods 2012–2031
(“start”) and 2081–2100 (“end”). Nonbiologically driven FCO2 is from box model run with biology switched oﬀ.
Biologically driven FCO2 is the diﬀerence between box model simulation with and without biology. Negative
numbers indicate ﬂux out of the ocean.

summer which overcompensates the DIC input, thus leading to a more eﬃcient carbon pump. As a result,
more Cnat is taken up from the atmosphere [Hauck et al., 2013]. In winter, however, more upwelling leads
to enhanced outgassing of Cnat and these two processes cancel out in the region 44–58∘ S (ΔCnat =
−0.006 PgCy−1 ). In the other regions, there is a small residual (ΔCnat = south of 58∘ S: −0.06 PgC y−1 , 30–44∘ S:
−0.05 PgC y−1 ), indicating that circulation changes will lead to a weak outgassing signal of Cnat of 0.11 PgC y−1
in the total Southern Ocean south of 30∘ S (about 10% of total FCO2 changes). Climate eﬀects on anthropogenic
carbon ﬂuxes also show opposing trends among seasons, with increasing FCant in summer to winter south of
58∘ S, in spring and summer in the region 44–58∘ S, and in spring in the temperate region (30–44∘ S). In the
annual mean for the total SO (south of 30∘ S) climate eﬀects on FCant average out to less than 1% of total FCO2
changes (Figure S1). The largest part of total FCO2 change occurs directly due to atmospheric CO2 increase
(Figure 8c), and climate-driven FCO2 changes are small in comparison (Figure 8b+c) and account for 11% of
the total FCO2 changes.
In order to understand the relative importance of physical and biological processes on FCO2 in the RCP8.5
simulation, we use the simple box model as introduced in section 2.
The results of experiment 1, where we perturb the individual parameters to their mean state in the period
2081–2100 as obtained from REcoM2, are illustrated in Figure 9a. Each bar shows how much FCO2 is altered
by perturbing one process in the respective region. An increase in FCO2 is caused by the increase of export
production and of atmospheric CO2 . While increased export production directly reduces the DIC concentration, the increase of atmospheric CO2 aﬀects FCO2 by the combination of at least two counteracting eﬀects:
(i) higher atmospheric CO2 increases the CO2 gradient between ocean and atmosphere, leading to more CO2
uptake and (ii) the Revelle factor increases as more CO2 is taken up and limits further uptake (see discussion
in section 4.2). In addition, the faster gas exchange at higher wind speed has a minor positive eﬀect on FCO2 .
FCO2 is negatively aﬀected by warming, increased Ekman transport, and higher DIC concentration below the
surface layer. The warming eﬀect is straightforward as the ocean can hold less CO2 at higher temperatures.
Increased Ekman transport and pumping bring up more carbon-rich deep water and thereby increase the
surface DIC concentration. This is even more important as the deep DIC concentration will increase as a
result of atmospheric CO2 rise. In reality, the increase of atmospheric CO2 is inseparably tied to deep DIC
concentration, yet the box model allows us to look at these contributions separately.
The most important drivers for changes in FCO2 are therefore increasing carbon concentrations in the atmosphere and the subsurface ocean. Changes in FCO2 due to export production are of similar magnitude as
FCO2 changes due to wind-driven circulation changes (label “wind-Ekman” in Figure 9a) except north of 44∘ S
where FCO2 changes due to changes in physical carbon transport dominate because export changes are small.
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Temperature eﬀects on carbonate chemistry and wind speed eﬀects on gas exchange are of minor
importance. The area over which gas exchange occurs is increased by the recession of sea ice extent. This does
not alter FCO2 signiﬁcantly in the box model (therefore, this bar is not shown in Figure 9a), yet this might underestimate the real eﬀect of sea ice as the boxes are assumed to be well mixed and high DIC concentrations
cannot accumulate under the ice as is the case in the real world and in the general circulation models.
There is only a small residual between the sum of all individual perturbations (labeled “sum” in Figure 9a) and
the response when all parameters are perturbed simultaneously (labeled “total” in Figure 9a), indicating that
the individual responses can be added up linearly. The climate change eﬀects (sum of temperature, wind,
export changes, and “sum clim” label in Figure 9a) are comparable to the changes in CLIM in REcoM2 in the
sense that they are small in the regions south of 58∘ S and 44–58∘ S and larger and negative in the region
30–44∘ S although this eﬀect is stronger in the box model (Figure 8c; see discussion in section 4.3).
The temperature change in REcoM2 that is taken as forcing for the box model is among the weaker responses
of the MAREMIP/CMIP5 models (Figure 5e). As an additional test, we perturb the initial surface temperature ﬁeld in the box model by +2∘ C which is reached by some models (Figure 5e) to estimate the impact of
temperature change on FCO2 . This would increase the eﬀect of temperature change on FCO2 from −0.01 to
−0.05 PgC yr−1 in the southernmost region (south of 58∘ S). It would reduce the T eﬀect on FCO2 somewhat in
the region 44–58∘ S (from −0.06 to −0.03 PgC yr−1 ) and in the temperate region (from −0.05 to −0.01 PgC yr−1 ,
30–44∘ S). In combination with the simulation of relatively large export changes in REcoM2, the relative eﬀects
of changes in export production and temperature on FCO2 will vary among models.
The role of biology for the Southern Ocean FCO2 is further emphasized by box model experiment 2 where the
box model is run with and without biology for the periods 2012–2031 and 2081–2100. The diﬀerence in FCO2
between the runs with and without biology is then ascribed to the biological carbon pump (labeled “bio” in
Figure 9b). In contrast to experiment 1, the change of the biological contribution to FCO2 between 2012–2031
and 2081–2100 is not only due to the increase in export production but also due to interaction with other
changing processes.
Figure 9b demonstrates that the modern and future Southern Ocean would turn into a source of CO2 to the
atmosphere if biology did not sequester CO2 (labeled “nonbio” in Figure 9b). The biologically driven FCO2
increases (more uptake) from the period 2012–2031 to the period 2081–2100 by 0.2, 0.28, and 0.07 PgC yr−1
(diﬀerence between “start, bio” and “end, bio” in Figure 9b) in the regions south of 58∘ S, 44–58∘ S and 30–44∘ S,
respectively. This increase is more than twice as large as the eﬀect due to increasing export production (from
experiment 1, Figure 9a), and we attribute this diﬀerence (0.12, 0.1, and 0.05 PgC yr−1 from south to north) to
the larger CO2 (aq) drawdown in the less buﬀered system at the end of the century [Hauck and Völker, 2015]
(see also section 4.2).

4. Synthesis
In the following, we will summarize and discuss all results of the diﬀerent models (MAREMIP/CMIP5 RCP8.5
simulation, REcoM2 experiments RCP8.5, CONST and ATMCO2, and box model) jointly to address the speciﬁc
questions that we posed in section 1: What are the drivers for changes in export production? What is the
impact of the biological carbon pump on CO2 uptake? How will the Southern Ocean carbon sink change and
what are the most important processes?
4.1. Drivers for Changes in Export Production
All models show an increase of export somewhere in the Southern Ocean, in line with previous studies
[Laufkötter et al., 2015; Bopp et al., 2013], but patterns and timing diﬀer widely. North of 44∘ S, the warming
signal dominates the models’ MLD response, i.e., the ML shoals (Figure 5b and Table 2). It remains unclear
whether the SAM signal, as characterized by deeper mixed layers and more nutrients, or the global warming
signal with shallower mixed layer, less sea ice, and more light will be dominant in the future south of 44∘ S
(Figure 5b and Table 2). The models also diﬀer in whether they simulate the system changes to be mainly
nutrient or light driven (Table 2).
The diﬀerences between the models are aﬀected by diﬀerences in all their components: atmospheric forcing, ocean circulation model, and ocean ecosystem model. The models’ simulations of a deeper or shallower
mixed layer are driven by the physical model and the atmospheric forcing (wind, thermal, and freshwater forcing). Whether two models that both simulate a deeper mixed layer give the same export response depends
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on the physical settings (e.g., eddy diﬀusion and entrainment of nutrients) but also on the ecosystem model
(e.g., initial nutrient gradient between surface and deep ocean, remineralization, and ligands). Diﬀerent
projections of future export production can therefore not be traced back to certain settings in the model
setup due to the large number of diﬀerences. The models with the largest export changes (MEM and REcoM2)
share the same atmospheric forcing, but the sign of MLD change is opposite south of 58∘ S. There is no agreement on the sign of change of nutrient limitation terms between CNRM and IPSL that share the same ocean
and ecosystem model and diﬀer only slightly in the conﬁguration of the ocean model but use diﬀerent ice
and atmospheric models. The largest agreement in terms of nutrient limitation changes is between PlankTOM5.3 and IPSL (same sign of change in all regions) that use the same ocean model and atmospheric forcing
(once coupled online, once as external forcing after interaction with the ocean), but the changes are considerably stronger in PlankTOM5.3. Interestingly, IPSL and PlankTOM5.3 also simulate very similar MLD responses,
reﬂecting the importance of the MLD dynamics and the role of the ocean model and atmospheric forcing.
We cannot distinguish fully coupled from uncoupled models by means of a statistical t test in terms of the
magnitude of their change in export production at the 5% signiﬁcance level.
In summary, export changes can largely be explained by bottom-up control in these models, yet further
evaluation and improvement of modeled mixed layer depth dynamics is required to obtain a more deﬁnite
conclusion on the future dominance of the SAM or the global warming signal including the freshening trend.
Future work should address the questions why and how the summer mixed layer that determines the light
and nutrient availability for phytoplankton production changes in all regions, how the diﬀerences between
the models can be explained, and what their main drivers are (wind, thermal, or freshwater forcing). MEM and
REcoM2 use the same atmospheric forcing, yet the average summer MLD change south of 58∘ S is positive
in REcoM2 (deepening) and negative in MEM (shoaling) indicating that the state of the ocean plays a role in
addition to the atmospheric forcing and highlighting also the importance of evaluation and improvement of
present-day MLD representations in ocean models [Sallée et al., 2013].
4.2. Impact of the Biological Pump on CO2 Uptake
The multimodel mean comparison of export production and FCO2 in the RCP8.5 simulation suggests that the
relatively stronger increase of FCO2 in summer is linked to the increase of export production (Figure 2). The
analysis of the REcoM2 RCP8.5 and CONST simulations indeed shows that there is a stronger summer CO2
uptake in the future even when considering only climate eﬀects (Figures 8 and S1). We explain this with the
SAM’s fertilizing eﬀect as the enhanced mixing and overturning due to stronger winds bring up additional
nutrients and stimulate biological production [Hauck et al., 2013]. This mechanism can nearly balance the
circulation-driven outgassing of natural carbon [Le Quéré et al., 2007; Lenton and Matear, 2007; Lovenduski
et al., 2007; Verdy et al., 2007] that would be even larger otherwise.
Yet the spring and summer increase in export production cannot explain the stronger seasonality of FCO2 in all
models. The enhanced spring/summer CO2 sink is also apparent in models that simulate a decrease in spring
and summer export production in the region 44–58∘ S (Figures 4c and 4d). This is caused by the switch to
ΔpCO
a less well-buﬀered system (i.e., a higher Revelle factor R = pCO 2 ∕ ΔDIC
) that leads to a larger drawdown of
DIC
2
CO2 (aq) and hence FCO2 into the ocean per amount of biological production at the end of the century in all
three regions of the Southern Ocean. This eﬀect on CO2 (aq) is larger in magnitude than the eﬀect of increased
export production until 2100 [Hauck and Völker, 2015] and most probably leads to the seasonally distinct
increase in FCO2 in the individual models and in the multimodel mean (Figure 2). The box model based on
REcoM2 conﬁrms that the biologically driven CO2 uptake will grow approximately twice as fast as the increase
in export production in all three regions (Figure 9) and suggests that this interaction between biology and
buﬀer factor might contribute 0.27 PgC yr−1 to the total Δ FCO2 in the Southern Ocean box model with all its
limitations (see next section).
In summary, all models show an enhanced spring or summer CO2 uptake south of 44∘ S pointing to the
increased importance of the biological carbon pump in a less well-buﬀered system in the southern Southern
Ocean that also constrains the potential of CO2 uptake further north.
4.3. Changes of the Southern Ocean CO2 Uptake in the 21st Century
The contribution of the three deﬁned areas (south of 58∘ S, 44–58∘ S, and 30–44∘ S) to the total FCO2 will change
in the second half of the 21st century, with the more southerly areas’ relative contributions increasing. This
might well reﬂect the balance between the two eﬀects of a higher Revelle factor, namely, the general reduction of FCO2 and the increase of the biologically driven seasonal FCO2 . The two regions south of 44∘ S have
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a stronger seasonal CO2 drawdown by biological production, and therefore, the biologically driven Revelle
eﬀect [Hauck and Völker, 2015] plays a larger role here than farther north. The additional uptake in the south
limits additional uptake farther north, given that northward surface transport prevails. We propose that this
mechanism and the timing of the bloom being spring rather than summer north of 44∘ S in REcoM2 [Hauck and
Völker, 2015] can explain the outgassing of anthropogenic CO2 by the end of the century in REcoM2 (Figure S1)
and the multimodel mean decrease of summer FCO2 in this region (Figure 2).
REcoM2 and the box model agree that climate-driven changes in FCO2 are small (10% in REcoM2) relative to
the increase in FCO2 driven by rising atmospheric CO2 south of 44∘ S. Winter outgassing of carbon-rich deep
water is partly balanced by enhanced biological production, leaving a residual outgassing of natural CO2
of 0.11 PgC yr−1 (2081–2100 compared to 2012–2031) south of 30∘ S, whereas an additional 1.15 PgC yr−1
Cant will be taken up in REcoM2. The total ΔFCO2 of 1.03 PgC yr−1 in REcoM2 is in the center of the ranges of
ΔF from the MAREMIP/CMIP5 models (0.53 to 1.41 PgC yr−1 ) with a projected multimodel mean change of
1.02 ± 0.26 PgC yr−1 .
It has been argued that the increase in wind speed can also lead to enhanced FCO2 once the surface DIC concentration is higher than the deep DIC concentration [Zickfeld et al., 2008; Le Quéré et al., 2008]. Indeed, the
surface DIC concentration exceeds the deep DIC concentration at the end of the century in the region 44–58∘ S
in the box model and the wind speed eﬀect on Ekman transport in this state enhances FCO2 (not shown).
However, this eﬀect is not seen in REcoM2, where the average surface concentration of DIC is lower than the
deep DIC concentration throughout the year in all regions. The MAREMIP/CMIP5 models agree (all models
except CNRM that diﬀers already at the beginning of the simulation) that the deep DIC concentration will
remain higher than the surface DIC concentration in all three regions throughout the 21st century (Figures
S2–S8). The discrepancy between MAREMIP/CMIP5 models and the box model is likely to be related to
changes in the deep circulation that are not simulated with the box model. This is in agreement with Ito et al.
[2015] who showed that warming and freshening of Antarctic surface water will cause a weakening of the
deep overturning circulation that in turn increases biological carbon storage in the Southern Ocean. All models but one agree that the largest DIC change will occur at the surface, which is also in agreement with the
large increase of preformed carbon storage [Ito et al., 2015] due to atmospheric CO2 increase, except PlankTOM5.3 where DIC increases strongest between 500 m and 2000 m. The steepness of the DIC gradient at the
end of the simulation, however, varies widely between the models. To identify the mechanisms at work in
all individual models is beyond the scope of this work and should be the subject of future research [see also
Ito et al., 2015]. It will further be important how the alkalinity gradient between surface and deep ocean
evolves and whether the ratio of carbon to alkalinity in upwelled/entrained water will change.
The limitation of the box model to capture the vertical DIC gradient is also revealed in the role that climate
change eﬀects have in the region 30–44∘ S. The box model suggests that climate change eﬀects reduce the
total FCO2 by 0.24 PgC yr−1 , whereas it is only reduced by 0.15 PgC yr−1 in REcoM2 in this region. We conclude
that the system is sensitive to the concentration gradient between surface and deep DIC, and this will be
important for determining the sign of the wind eﬀect on FCO2 . The box model, however, represents a crude
simpliﬁcation of the circulation. A possible explanation for this diﬀerence in results is that the assumption of
well-mixed boxes leads to a too fast DIC transport via northward Ekman transport overestimating the circulation eﬀect on FCO2 in the north. This leads to strong FCO2 in the south resulting in high DIC concentrations and
less FCO2 farther north. Other factors are the accumulation of DIC below the sea ice that occurs in REcoM2, but
not in the box model and deep circulation changes that are not included in the box model [Ito et al., 2015].

5. Concluding Remarks
With the suite of eight marine ecosystem models and a box model we identiﬁed the most important drivers
for the future CO2 uptake (FCO2 ) in the Southern Ocean (plus increase in FCO2 , minus decrease in FCO2 ).
The largest impact is by the increase of atmospheric pCO2 (+) by its direct (+) and indirect eﬀect of subsurface DIC increase (−). All models show a larger eﬀect of biological production on CO2 uptake by interaction
with high Revelle factor (+) [Hauck and Völker, 2015]. Increase of export production (+), the eﬀect of surface
warming on FCO2 (−), and enhanced upwelling of carbon-rich deep water at stronger winds (−) are of similar
magnitude, and relative importance varies between models, whereas the eﬀect of wind speed on gas
exchange (+) is small.
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Mixed-layer depth dynamics can explain the changes in export in most regions and models, but other factors
such as temperature and grazing might control the response in the remaining models. We ﬁnd all possible
scenarios (shoaling and deepening of mixed layer with dominance of either nutrient or light control) in at
least one model and region. There is no agreement among models whether the system south of 44∘ S will
be predominantly controlled by the global warming signal or by the SAM signal. In the region 30–44∘ S the
global warming signal with a shallower mixed layer prevails. Clearly, to understand the physical processes
that drive changes in export production, seasonal and regional diﬀerences have to be considered as MLD
does not consistently change in one direction throughout the year in the entire Southern Ocean. Biological
production, however, is highly seasonal and physical changes in the growing season determine its response
to climate change.
There is a strong need to understand the physical reasons for the models’ diﬀerent mixed layer depth (MLD)
responses to climate change for all seasons in order to be able to make robust predictions about future export
production and CO2 uptake. This includes a thorough evaluation and possibly improvement of present-day
MLD representation in the ocean models. It would also be highly desirable to have a common MLD deﬁnition
in the next phases of CMIP and MAREMIP.
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