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VARIATIONS IN STRUCTURE AND TECTONICS 
ALONG THE MID-ATLANTIC RIDGE, 23°N AND 26°N 

by 

Laura Sau Lin Kong 

Submitted to the Department of Earth, Atmospheric, and Planetary Sciences 
Massachusetts Institute of Technology 

ABSTRACT 

and 
the Department of Geology and Geophysics 

Woods Hole Oceanographic Institution 
on March 19, 1990 

in partial fulfillment of the requirements 
for the degree of Doctor of Philosophy 

The variation in the depth and width of the median valley along the Mid-Atlantic 
Ridge (MAR) suggests that the formation of ocean crust at slow spreading centers is not a 
simple two-dimensional process in which crustal accretion occurs uniformly both along the 
ridge axis and with time. Rather, it has been proposed that the ridge axis can be divided 
into a number of distinct segments or spreading cells. This thesis investigates the 
segmentation model by studying the variability in the structure and tectonics within 
spreading cells at 23°N and 26°N along the MAR. The results support the segmentation 
model in which accretion varies along the ridge, evolving as independent spreading cells or 
segments, with different portions of the ridge system being in different stages of volcanic 
and tectonic evolution. 

Chapter 2 presents an overview of morphologic and tectonic variations along a 100-
km-length of the MAR south of the Kane Fracture Zone (MARK area). Sea MARC.I side 
scan sonar data and multi-beam Sea Beam bathymetry are used to document the distribution 
of crustal magmatism and extensional tectonism near 23°N. The data indicate a complex 
median valley composed by two distinct en echelon spreading cells which overlap in a 
discordant zone that lacks a well-developed rift valley or neovolcanic zone. The northern 
cell, immediately south of the fracture zone, is dominated by a large constructional volcanic 
ridge and is associated with active high-temperature hydrothermal activity. In contrast, the 
southern cell is characterized by a NNE-trending band of small fissured and faulted 
volcanos that are built upon relatively old, fissured and sediment-covered lavas; this cell is 
inferred to be in a predominantly extensional phase with only small, isolated volcanic 
eruptions. Despite the complexity of the MARK area, volcanic and tectonic activity appears 
to be confined to the 10-17 km wide inner rift valley. Small-offset normal faulting along 
near-vertical planes begins within a few kilometers of the ridge axis and appears to be 
largely completed by the time the crust moves out of the median valley. Mass-wasting and 
gullying of scarp faces, and sedimentation which buries low-relief seafloor features, are the 
major geological processes occurring outside the rift valley. 
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In Chapters 3 and 4, the microearthquake characteristics and P wave velocity 
structure beneath the median valley of the Mid-Atlantic Ridge near 26°N are studied; this 
ridge segment is characterized by a large high-temperature hydrothermal field situated 
within the inner floor at the along-axis high. Chapter 3 explores the tectonic variations 
within the crust as evidenced from the distribution and source mechanisms of 
microearthquakes observed by a network of seven ocean bottom hydrophones and two 
ocean bottom seismometers over a three week period in 1985. Hypocenters were 
determined for 189 earthquakes, with good resolution of focal depth obtained for 105 
events. Almost all events occurred at depths between 3 and 7 Ian beneath the seafloor, 
with earthquakes occurring at shallower depths beneath the along-axis high ( < 4 Ian). The 
distribution of hypocenters and the diversity of faulting associated with earthquakes 
beneath the inner floor and walls suggests a spatially variable tectonic state for the ridge 
segment at 26°N. These variations are presumably a signature of lateral heterogeneity in the 
depth region over which brittle failure occurs, and are a consequence of along-axis changes 
in the thermal structure and state of stress. 

We suggest that at present the hydrothermal activity and deposition of massive 
sulfides is being sustained by heat generated by a recent magmatic intrusion. A 
consequence of this scenario is that thermal stresses play a dominant role in controlling the 
distribution of earthquakes and nature of faulting. Such a hypothesis is consistent with an 
apparent lack of seismicity beneath the hydrothermal field, the location of hypocenters 
around the low velocity zone (Chapter 4), attenuation of P wave energy to instruments atop 
the high (Chapter 4), the higher b-values associated with the along-axis high region, and 
the occurrence of high-angle (or very low angle) normal faulting and reverse faulting, as 
well as the variability in nodal plane orientations, associated with inner floor events beneath 
the along-axis high and the volcano. 

In Chapter 4, we report results from the explosive refraction line and from the 
tomographic inversion of P wave travel time residuals for seismic velocity structure in the 
vicinity of the hydrothermal field. The twcrdimensional along-axis P wave structure 
beneath the inner floor indicates that young oceanic crust cannot be adequately characterized 
by a simple, laterally homogeneous velocity structure, but that one-dimensional StruGtures 
are at least locally valid (at 5-10 km length scales). The shallowmost crust (upper 1-2 km) 
beneath an axial volcano and the along-axis high is characterized by significantly higher 
velocities (by more than 1 km/s) than are associated with the upper crust in the deepest 
portions of the median valley. The variation is inferred to be a consequence of more recent 
magmatic and volcanic activity in the along-axis high region, as compared with the along
axis deep where tectonic fissuring has created a highly porous crust characterized by lower 
seafloor velocities. The crust beneath the along-axis deep appears to be typical of normal 
young oceanic crust, with a mantle velocity of 8.25 krn/s observed at 5 k:m depth. 

A low velocity zone centered beneath the along-axis high and extending under an 
axial volcano is imaged from 3 to 5 km depth (7.2 km/s to 6.0 km/s); the velocity decrease 
is required to satisfy the travel time residual data and to explain the severe attenuation in 
compressional wave energy to instruments atop the along-axis high. The presence of an 
active high-temperature hydrothermal field atop the along-axis high, together with the 
observations of lower P wave velocities, the absence of microearthquake activity greater 
than 4 km in depth, and the propagation of S waves through the crust beneath the volcano 
and along-axis high (Chapter 3), suggest that the volume corresponds to a region of hot 
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rock with no seismically-resolvable pockets of partial melt. The shallow velocity gradients 
describing the low velocity volume(< 0.6 s·l) appear to be a corrunon characteristic of 
inferred zones of magmatic intrusion on the MAR. Comparison of the depth to the velocity 
inversion with the depths determined in other seismic studies at locally high regions along 
the MAR, the Juan de Fuca Ridge, and the East Pacific Rise reveals a correlation between 
lid thickness and spreading rate, suggesting that the amount of magma available at each 
location is spatially variable, or that the differences in lid thickness are describing the 
temporal evolution of magmatic intrusions beneath mid-ocean ridges. 

In Chapter 5, the first direct measurement of upper mantle P- and S-wave delay 
times beneath an oceanic spreading center is presented. Two independent estimates of the 
epicenters and origin times are made for each of two earthquakes in a 1985 earthquake 
swarm near 25°50N on the Mid-Atlantic Ridge using local and teleseismic arrival time 
data. Comparison indicates a 14-20 km northward bias in the epicenters teleseismically 
located using a Herrin [1968] Earth model. The bias is due to departures of the actual 
velocity structure from that implicit in the travel time tables used for the locations, 
combined with unbalanced station distribution. The comparison of origin times for the 
best-located event, after correction for the epicentral bias and for an oceanic crustal 
thickness, shows there to be only slightly lower velocities than a Herrin [1968] upper 
mantle; the P-wave delay is +0.3 ± 0.9 s (+0.2 ± 0.9 sand -2.4 ± 0.9 s relative to the 
isotropic Preliminary Earth Reference Model (PREM) and the Jeffreys-Bullen [1940] (JB) 
travel time tables, respectively). The lack of a resolvable P-wave delay suggests that the 
Herrin [1968] model is a good approximation to the average upper mantle velocity beneath 
this segment of the MAR. 

Measurement of the S-wave delay for the same MAR swarm event shows there to 
be a positive delay (+3.1 ± 2.0 s), or larger travel times and slower velocities compared to 
the JB S-wave tables ( + 3.9 ± 2.0 s relative to the isotropic PREM S-wave model). In 
contrast to the larger P-wave delays found in other MAR studies, the lack of a significant 
seismic anomaly near 26°N indicates that sizeable regions of low velocity material do not 
presently exist in the upper few hundred kilometers of mantle beneath this section of the 
ridge. This evidence argues for substantial along-axis variations in the active upwel~ng of 
mantle material along the slowly-spreading Mid-Atlantic Ridge. In order to explain the 
observation of a smaller than expected P wave delay in a region where the S delay suggests 
significant temperature anomalies (low velocities), we propose a model for mantle 
upwelling in which the decrease in travel time is due to an anisotropic P wave structure 
(fast direction vertical); the anisotropy results from the reorientation of olivine crystals 
parallel to the ascending flow and balances the travel time delay due to a region of low 
velocities. 

Thesis Co-Supervisors: Dr. G. Michael Purdy 
Senior Scientist, WHOI 

Dr. Sean C. Solomon 
Professor of Geophysics, MIT 
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CHAPTER 1. INTRODUCTION 

As increasing amounts of geophysical and geological data are collected. it is 

becoming apparent that magmatism at mid-ocean ridges is not a simple two-dimensional 

process in which oceanic crust is accreted continously both along the ridge axis and with 

time. Along the slow-spreading Mid-Atlantic Ridge (MAR), high resolution bathymetric 

studies indicate wide variations in the depth and width of the median valley. This 

topographic variability suggests that different portions of the ridge system are in different 

stages of volcanic and tectonic evolution. A model in which the MAR "is divided into 

distinct segments or spreading cells, each less than 100 km in length along axis and each 

characterized by different proportions of active magmatism and tectonism over distances of 

less than 100 km, now appears to describe more appropriately the accretionary process 

[e.g., Francheteau and Ballard, 1983; Schouten et al., 1985; Langmuir et al., 1986; 

Macdonald, 1986; Kong et al., 1988; Sempere et al., 1989]. 

According to this segmentation model, each cell is bounded at its distal ends by an 

along-axis depth maximum and is approximately centered on an intervening along-axis 

depth minimum. Within a given segment, the model predicts that the region of most 

vigorous volcanism and hydrothermal activity, and thus elevated temperatures, should be 

situated at the along-axis high, and that away from this zone the crust should be 

significantly cooler and more tectonically disrupted by fissuring and faulting, and 

volcanism less energetic. In this thesis, I investigate the tectonic and structural variability 

over tens of kilometers within spreading cells at two locales, 23 °N and 26°N, along the 

Mid-Atlantic Ridge. 

Chapter 2 presents an overview of morphologic and tectonic variations along a 100-

km-length of the MAR south of the Kane Fracture Zone. Sea MARC I (SMI) side scan 

sonar data and multi-beam Sea Beam bathymetry collected in 1984 and 1985 as part of the 

site survey for Ocean Drilling Program Legs 106 and 109 are used to document the 

distribution of crustal magmatism and extensional tectonism. The focus of the chapter is on 

the description and interpretation of the SMI data and integration with the Sea Beam 

observations. The study documents a complex median valley morphology consisting of 

two distinct en echelon spreading cells, each displaying different types and amounts of 

volcanism and tectonic fissuring. The two cells are separated by a discordant zone which 

lacks a well-developed rift valley or neovolcanic zone. 

In Chapters 3 and 4, I investigate the seismic velocity and earthquake characteristics 

beneath the median valley of the Mid-Atlantic Ridge near 26°N, where a large active high

temperature hydrothermal field has been mapped. Chapter 3 explores the tectonic 
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variations within the crust as evidenced from the distribution and source mechanisms of 

microearthquakes observed by a network of seven ocean bottom hydrophones and two 

ocean bottom seismometers over a three week period in 1985. Hypocenters were 

determined for 189 earthquakes, with good resolution of focal depth obtained for 105 

events. Almost all events occurred at depths between 3 and 7 km beneath the seafloor. 

The lack of seismic activity near the hydrothermal field, the diversity of faulting geometries 

indicated by first motions, and higher b-values associated with the along-axis high region 

are consistent with the hypothesis that thermal stresses play an important role in 

determining where and how microearthquakes occur beneath the inner floor of this region. 

When integrated with the two-dimensional velocity structure determined in Chapter 4, I am 

able to document systematic along-axis variations in both the seismic structure and 

microearthquake characteristics; the observations indicate that the most recent magmatic 

activity within the 26°N spreading cell occurred in the region of the along-axis high. 

Chapter 4 documents the seismic evidence for along-axis structural heterogeneity 

beneath the median valley. This evidence includes the travel time and amplitude patterns 

from a refraction line collected in 1985 and the tomographic inversion ofP wave travel time 

residuals from shots and earthquakes for two-dimensional stucture along the ridge axis. 

The dependence of the tomographic solution on the model parameterization and 

source/receiver configuration, and on the assumptions imposed in the analysis, is 

evaluated. The two-dimensional structure includes higher velocities within the 

shallowmost crust in the region of the along-axis high and a low velocity zone at depths 

greater than 3 km beneath an axial volcano and the along-axis high. 

In Chapter 5, average upper mantle P and S delays beneath the MAR are 

determined. The simultaneous characterization of an earthquake swarm near 25°50'N by 

local and global seismic networks offered the opportunity to measure directly the travel time 

delays beneath the ridge from the comparison of two independently-estimated origin times 

for the best-located large earthquake. The comparison of origin times, after correction of 

the global time for the epicentral bias and for an oceanic crustal thickness, shows there to 

be only slightly lower velocities than the Herrin [1968] upper mantle P wave model, and 

larger S wave travel times than the Jeffreys-Bullen [1940] S wave model. The small P 

delay, when compared with that which would be predicted from the S delay, may be 

evidence for compressional wave anisotropy (fast velocity direction vertical); the anisotropy 

is proposed to result from the realignment of crystals in a direction parallel to the vertically

ascending mantle beneath the ridge axis. Comparison with other travel time residual 

studies reveals a long-wavelength(;;:: 1000 km) variation, with a minimum at 26°N, in the P 



15 

and S wave delays along the ridge, suggesting that active mantle upwelling may vary 

spatially and/or temporally along strike. 

Finally, in Chapter 6 important observations and ideas from the previous chapters 

are brought together and the segmentation model for a slow spreading mid-ocean ridge 

environment is discussed. The documentation of the locations of recent crustal magmatism 

and tectonism at two locales on the MAR supports the prediction of the segmentation model 

that locally shallow regions along the ridge axis represent the most likely locales at which to 

find elevated crustal temperatures. 

The multi-authored paper constituting Chapter 2 acknowledges the many scientists 

who participated in the collection of the Sea Beam and Sea MARC I data. Since the focus 

of the paper is on the description and interpretation of the sonar data (which represents my 

contribution), the paper was written primarily by me; sections directly applying to the Sea 

Beam data were contributed by R. S. Detrick and P. J. Fox. This chapter was published in 

Marine Geophysical Researches in 1988. Work in Chapter 5 was done in collaboration 

with E. A. Bergman of the Massachusetts Institute of Technology, who provided the 

estimate of origin time and the P and SH waveform inversion solution for the source 

centroid used to estimate the teleseismic S wave arrival time. 
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Abstract. High-resolution Sea Beam bathymeuy and Sea MARC 
I side sean sonar data have been obtained in the MARK area, a 
100-km-long portion of the Mid-Atlantic Ridge rift valley south of 
the Kane Fracture Zone. These data reveal a surprisingly complex 
rift valley structure that is composed of two distinct spreading 
cells which overlap to create a small, zero-offset transform or 
discordant zone. The northern spreading cell consists of a mag
matically robust, active ridge segment <IG-50 krn in length that 
extends from the eastern Kane ridge-transform intersection south 
to about 23. 12' N. The rift valley in this area is dominated by a 
large constructional volcanic ridge that creates 200-500 m of relief 
and is associated with high-temperature hydrothermal activi ty. 
The southern spreading cell is characterized by a NNE-trending 
band of small (50-200m high), conical volcanos that are built 
upon rela tively old, fissured and sediment-covered lavas, and 
which in some cases are themselves fissured and faulted. This cell 
appears to be in a predominantly extensional phase with only 
small, isolated eruptions. These two spreading cells overlap in an 
anomalous zone between 23°05' N and 23°17' N that lacks a 
well-developed rift valley or neovolcanic zone, and may represent 
a slow-spreading ridge analogue to the overlapping spreading 
centers found a t the East Pacific Rise. Despite the complexity of 
the MARK area, volcanic and tectonic activity appears to be 
confined to the 10- 17 km wide rift valley floor. Block faulting 
along near-vertical, small-offset normal faults, accompanied by 
minor amounts of back-tilting (generally less than s•), begins 
within a few km of the ridge axis and is largely completed by the 
time the crust is transported up into the rift valley walls. Features 
that appear to be constructional volcanic ridges formed in the 

Marine Geophysical Researches 10: 59- 90, 1988. 
© 1988 Kluwer Academic Publishers. Printed in the Netherlands. 

median valley are preserved largely intact in the rift mountains. 
Mass-wasting and gullying of scarp faces, and aedimentation 
which buries low-relief seafloor features, are the major plogical 
processes occurring outside of the rift valley. Tbe morphological 
and structural heterogeneity within the MARK rift valley and in 
the flanking rift mountains documented in this study are largely 
the product of two spreading cells that evolve independently to the 
interplay between extensional tectonism and episodic variations in 
magma production rates. 

l. Introduction 

The Mid-Atlantic Ridge (MAR) rift valley south of 
the Kane Fracture Zone known as the MARK (Mid
Atlantic Ridge at Kane) area, was recently the site of 
a major crustal drilling effort by the Ocean Drilling 
Program (ODP) on Legs 106 and 109 (Detrick, 
Honnorez, Bryan, Juteau et al., 1988). In preparation 
for the drilling in this area. a joint United States/ 
Canadian research team, including investigators 
from the University of Rhode Island, Lamont
Doherty Geological Observatory, Dalhousie Univer
sity, and Woods Hole Oceanographic Institution, 
carried out a predrilling site survey using two state
of-the-art seafloor mapping instruments: Sea Beam, 
a high-resolution, multibeam echo sounder, and Sea 
MARC I, a mid-range, deeply-towed, side-scan 
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sonar (Det rick eta/., 1984; Mayer eta/., 1985). The 
combination of these two complimentary tools, 
focussed on a - 100-km-long segment of the Mid
Atlantic Ridge, provide a truly exceptional data set 
with which to study the morphology and tectonics of 
a ridge-transform-ridge system along a slowly accret
ing plate boundary. 

In this paper we describe the Sea Beam and Sea 
MARC I results from the median valley. Companion 
papers present results from the Kane Tarnsform 
(Pockalny et a/. , 1988), the Kane Fracture Zone 
transverse ridge (Abrams eta/., 1988), and an analy
sis of magnetic data across the rift valley (Schulz et 
a/., 1988). These studies, together with the drilling 
results and a subsequent submersible investigation 
(Karson et a/., 1987; Brown and Karson, 1988), 
document significant along-axis changes in median 
valley morphology, volcanic activity, tectonic exten
sion and crustal structure in the MARK area. 

2. Regional Setting and Related Work 

The Mid-Atlantic Ridge in the MARK area has been 
the site of numerous marine geological and geophys
ical investigations dating back to the late 1960s (van 
Andel and Bowin, 1968; Miyashiro et a/., 1969; 
Purdy et a/., 1978; Bryan et at., 1981 ; Karson and 
Dick, 1983; Toomey et at., 1985; Purdy and Detrick, 
1986). Regional bathymetric maps compiled from 
conventional, wide-beam echo sounding profiles 
show the Kane Transform offsets the MAR rift 
valley about 150 km in a left-lateral sense near 
23°30' N (Fox eta/., 1969; Fox, 1972; Rabinowitz et 
at., 1977; Purdy et al., 1979). The transform is associ
ated with a broad zone of disturbed topography, 
15-20 km in width, that trends about 100°, nearly 
orthogonal to the adjacent MAR rift valley (Pock
alny et a/., 1988). On a regional scale, the rift valley 
south of the Kane Transform is a broad, linear ridge 
segment with no major transform offsets for a dis
tance of at least 100 km (Purdy eta/., 1978; Cormier 
et a/., 1984). The median valley is shallowest 70-
80 km south of the Kane Transform and broadens 
and deepens northward into a large nodal basin at 
the ridge-transform intersection. 

Despite the along-strike continuity of the MARK 
rift valley on a regional scale, interpretations of 
surface magnetic data indicate this portion of the 

Mid-Atlantic Ridge has been composed of two mis
aligned spreading cells that have created an ofl'set in 
the magnetic anomaly pattern near 23° 15' N, 40-
50 km south of the Kane Transform (Schouten et al., 
1985; Schulz et at., 1988). This present-day segmen
tation of spreading in the MARK area has evolved 
over the last few million years from an earlier ridge
transform-ridge geometry through a series of small 
( -10 km), eastward ridge jumps. These small ridge 
jumps, which were probably caused by a relocation 
of the neovolcanic zone within the median valley, 
have resulted in an overall pattern of asymmetric 
spreading with faster rates to the west ( 14 mm yr- 1) 

than to east (II mm yr- 1
) over the past 3 Ma 

(Schulz et at., 1988). 
The crustal structure of the median valley in the 

MARK area has been determined from a single 
130-km-long explosive seismic refraction line shot 
along the rift valley from just south of the Kane 
Transform to about 22°30' N (Purdy and Detrick, 
1986). These data yield a well-constrained two
dimensional model for the seismic structure of the 
median valley including: (I) the existence of seismi
cally mature oceanic crust beneath much of the rift 
valley (22°30' N- 23°15' N) characterized by a well
defined Moho transition zone, -8 km s -I upper 
mantle velocities and a total crustal thickness of 
6-7 km; (2) anomalously low seismic velocities in the 
lower crust centered beneath the median valley topo
graphic high between 23°15' Nand 23°30' N that are 
attributed to the most recent phase of magmatism; 
and (3) a major seismic discontinuity near 23°15' N 
separating the relatively normal crustal structure 
present to the south from a 30-km-long zone of 
relatively thin (3-4 km) crust with no distinct layer
ing which abuts the Kane Transform to the north. 
No seismic evidence was found for a crustal magma 
chamber along this refraction line and, in general, 
the results from this experiment indicate that the 
crust within the central and southern parts of the 
MARK rift valley has cooled sufficiently since its last 
major magmatic episode to have taken on most of 
the seismic characteristics of 'normal' oceanic crust. 
These results are consistent with microearthquake 
foci and source mechanism in the southern part of 
the MARK a rea (22°45' N) which indicate that the 
rift valley is presently undergoing active extension 
with brittle failure occurring to depths of at least 
7-8 km (Toomey et al., 1985; 1988). 
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The magnetic and seismic data described above 
provide the regional tectonic and structural frame
work on which we base our interpretation of the Sea 
Beam and Sea MARC I data. Our interpretation is 
also aided by very detailed, submersible-based geo
logical mapping and sampling at the eastern ridge
transform intersection (Karson and Dick, 1983), and 
along four east-west transects across the rift valley 
located 30, 40, 60 and 80 km south of the Kane 
Transform (Karson eta/., 1987; Brown and Karson, 
1988). Additional 'ground-truthing' of our results 
comes from the camera surveys and drilling at ODP 
sites 648, 649 and 670 in the median valley (Detrick, 
Honnorez, Bryan, Juteau et a/., 1988). The sub
mersible studies and drilling results have docu
mented, on a local scale, the structural and tectonic 
heterogeneity of the MARK area. The Sea Beam and 

Sea MARC 1 data presented in this paper provide a 
set of intermediate scale ( 10-2 to 102 km) observa
tions that help relate these observations to the time
integrated magmatic and tectonic evolution of 
accretionary processes in the MARK area. 

3. Data Collection 

The Sea Beam, Sea MARC I and bottom photo
graphic data discussed in this paper were collected 
on two cruises: the Sea Beam data on R/V Conrad 
Leg 25-11 in September of 1984, and the Sea MARC 
I and camera data on the CSS Hudson Leg 85-010 in 
May of 1985. 

Sea Beam was used to map an area of nearly 
20 000 km2 including the entire Kane Transform, 
both ridge-transform intersections (RTI), and a 

...... . . . . . . . . . . 

~~~~-=~--~----4-----~------~----~------+22. 

Fig. I. Simplified tectonic map of the MARK area showing the Kane Transform (thick solid line), the Mid-Atlantic Ridge (MAR) rift 
valley (double line), and the aseismic extension of the Kane Fracture Zone east and west of the ridge crest (dashed line). Superimposed on 
this map is the track coverage obtained during the 1984 Sea Beam survey. The dotted line shows the location of the map in Figure 2. 
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100-km-long section of the MAR rift valley south of 
the Kane Transform (Figure 1). Sea Beam is a 
hull-mounted, multi-narrow beam 12kHz echo 
sounder consisting of 16 beams (2.66° x 2.66°) which 
insonify a swath of seafloor with a width equal to 
approximately 75% of the water depth (Renard and 
Allenou, 1979; de Moustier and Kleinrock, 1986). 
The system has a nominal vertical resolution of 
1-5 m, but in the rough topography associated with 
the Mid-Atlantic Ridge the vertical resolution de
creases to I Q-20 m. Lateral resolution depends on 
the water depth, but is about 100-200 m at the 
Mid-Atlantic Ridge. 

Sea Beam line spacing was typically 3-4 km with a 
separation of about one swath width. Lines were run 
both parallel and perpendicular to the regional topo
graphic trends in order to provide cross-track refer
ences. Navigation was by a combination of Global 
Positioning System (GPS) satellites, transit satellites 
and dead reckoning. GPS was typically available 
only 8-9 hours each day so the GPS-navigated lines 
were carefully laid out to 'tie-in' lines collected dur
ing non-GPS intervals. Post-cruise processing in
volved determining the final ship navigation by 
constraining the transit satellite-navigated swaths to 
fit with the GPS"navigated swaths where they inter
sected or overlapped. A color bathymetry map of the 
MARK area including the rift valley and its eastern 
intersection with the Kane Transform is shown in 
Figure 2. The Sea Beam data have also been inter
polated onto an equally spaced 250-m grid using a 
biharmonic cubic spline technique in order to pro
duce the three-dimensional perspective view of the 
rift valley shown in Figure 3. 

Using the Sea Beam data as a basemap, CSS 
Hudson returned to the MARK area with the Sea 
MARC I side-scan vehicle in order to obtain higher 
resolution images of the seafloor and select. sites 
suitable for 'barerock' drilling. Sea MARC I, devel
oped by International Submarine Technology Ltd. 
and Lamont-Doherty Geological Observatory, is a 
deeply-towed vehicle consisting primarily of a bilat
eral 27/30 kHz side-looking sonar, a 4.5 kHz sub
bottom profiler and associated vehicle attitude and 
depth sensors (Chayes, 1983; Kosalos and Chayes, 
1983). It is typically towed at speeds of 1.5--2.0 knots 
at an altitude of 200-300 m above the bottom, in
sonifying a swath approximately 5 km in width (on a 
processed image). 

Highly reflective surfaces (e.g., fresh basalts, fault 
scarps) appear as dark grey to black sonar images; 
more subdued, smoother terrain (e.g., sediment cov
ered areas) appear as lighter greys; and acoustic 
shadows are white. A 250m wide swath directly 
beneath the vehicle is not insonified and thus always 
appears white on the sonar image. The sonar system 
can typically resolve vertical features 3-4 m in 
height; lateral resolution is more variable, being 
strongly dependent on the local relief, but can be 
taken to be on the order of tens of meters. The 
vertical and lateral resolution of the subbottom 
profiles in rough topography are estimated to be a 
few meters and a few tens of meters, res·pectively. 

On Hudson 85-010, approximately 350 km of 5 km 
swath Sea MARC I data were obtained in the median 
valley from about 22°44' N northward to the eastern 
Kane RTI (Figure 4). The data were collected in three 
ridge-parallel (N-S) transects and two oblique (NW
SE) crossings of the median valley resulting in the 
nearly complete insonification of the inner rift valley. 
Higher-resolution, 2-km-swath data were a lso col
lected along 70 km of the rift axis in order to provide 
more detailed images of potential drill sites. Naviga
tion for the survey was provided by GPS when 
available (6-7 hr per day), and standard transit satel
lites and dead reckoning between GPS windows. The 
position of the Sea MARC I vehicle behind the ship 
was calculated from slant-range and altimeter data, 
and the processed side-scan images located along the 
vehicle track and adjusted to fit the Sea Beam 
bathymetry and overlapping side-scan data. 

The final data set contributing to our analyses are 
seafloor photographs collected in the three areas 
selected as potential drill sites (Figure 4). The camera 
system was typically towed 1-12m above the bottom 
at speeds of 0.5--l knot, yielding sharp color photos 
of the bottom with 2-5m (across) fields of view 
(Farre et al., 1983). Like the Sea MARC I track, 
camera positions are estimated by slant-range deter
minations and referenced to Sea Beam bathymetry. 

4. Morphology of the Ridge Axis from Sea Beam 

The high-resolution Sea Beam bathymetry data ac
quired during the site survey reveal the rift valley and 
flanking rift mountains in the MARK area to be 
surprisingly complex at all scales, both along- and 
across-strike (Figures 2 and 3). 
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Fig. ~ Sea Beam ba thymetry map of the medran vaUcy in the MARK area a.nd the eastern Ka.ne Transform The map is contoured at a 
100-m interval "'i th color changes every 500 m Dashed contours rndrcate interpolated values. 





Fig. ) . Three-dimensional perspective view of the MARK rifl valley using Sea Beam data that has been interpolated onto a I km grid View is from the western 
rift mountains looking northeast. Vertical cxaggerdtion is J x . 
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Fig. 4. Sea MARC I track coverage superimposed on a simplified 
bathymetry map of the MARK area. Stippled area shows cover
age of S km swath data; dashed lines indicate location of higher 
resolution 2 km swath data. Location of ODP drill sites is shown 
for reference. Bottom photographs were obtained on the Sea 
MARC I leg at Sites 648 and 649, and at a third site indicated by 

the solid triangle. 

4.1. OUTER RIFT VALLEY/RIFT MOUNTAINS 

Typically, the rift mountains in the MARK area rise 
between 1500 and 2000 m above the rift valley floor. 
The western rift mountains are comprised of two 
broad (15-20 km}, shallow ( <3000 m) plateaus that 
are separated by a U-shaped saddle between 
23°12' N and 23°20' N. The plateaus display a dis
tinctive structural grain consisting of narrow 
( <5 km wide}, axis-parallel ridges that are approxi
mately 500 m high and continuous along-strike over 
distances of several tens of kilometers. The ridges are 
shallowest midway along their length, deepening and 
tapering towards each end, with generally steeper 

valley-facing scarps. Morphologically, these ridges 
arc very similar to the median volcanic ridge that is 
forming today in the northern part of the MARK 
rift valley and the co-linear, fault-bounded volcanic 
ridge that extends to the south (discussed below). 
These features thus appear to be volcanic construc
tional ridges that formed on the median valley floor 
and that have subsequently been uplifted, without 
significant dismemberment by faulting, into the rift 
mountains (Pockalny eta/., 1988). 

Near the U-shaped saddle in the western rift 
mountains between 23°12' N and 23°20' N these 
ridges abruptly plunge, taper and bend sharply to the 
west mimicking the shape of the ridges that abut the 
Kane Fracture Zone 40 km to the north (Figures 2 
and 3; also see Pockalny et a/., 1988). The saddle 
area is characterized by depths intermediate between 
those of the flanking rift mountains and the median 
valley floor, and is associated with short (5 to 
10 km), axis-parallel ridges and troughs. This 
anomalous portion of the western rift mountains 
occurs at the same latitude as the major structural 
discontinuity reported by Purdy and Detrick ( 1986) 
and correlates with the position of the small ridge 
axis discontinuity documented in the magnetics by 
Schulz et a/. (1988). However, the lack of pro
nounced transform-parallel topographic trends in the 
rift mountains at this latitude indicates this is a 
discordant zone that has not been characterized by 
normal strike-slip transform tectonism during at 
least the past 1-2 Ma. 

The western rift mountains reach their shallowest 
depth ( < 1500 m) immediately south of the Kane 
Transform, adjacent to the ridge-transform inter
section nodal deep (Figure 2). This 'inside-comer 
high', which is found near RTis at most slowly 
slipping transforms (Fox and Gallo, 1984; Serving
haus and Macdonald, 1986), is characterized by 
second-order, ridge-axis parallel terrain elements that 
are truncated by the exceptionally steep ( - 20° re
gional slope}, 3000 m high, transform-parallel slope 
that defines the southern wall of the Kane Transform 
valley. Submersible investigations of the escarpments 
on the east-facing rift valley wall using ALVIN 
(Karson and Dick, 1983; Karson eta/., 1987) reveal 
the routine exposure of variably deformed and meta
morphosed gabbroic rocks up the face of this steep 
slope with minor occurrences of basalts and dia
bases. 
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The eastern rift mountains in the MARK area are 
also characterized by a series of axis-parallel, asym
metrical ridges that plunge and taper along-strike 
(Figures 2 and 3). The highest and steepest moun
tains are found in the southern part of the area, near 
22°30' N, where the rift valley bends sharply to the 
west. Northward, the broad, lineated ridges perched 
atop this shallow plateau deepen and taper forming a 
series of narrow, finger-like extensions near 23°00' N 
where a prominant ESE-trending trough offsets the 
axis of minimum depth along the rift mountains by 
ten kilometers to the east. The intersection of this 
oblique-trending trough with the rift valley coincides 
with the anomalous saddle area in the western rift 
mountains. 

Between 23°00' N and the Kane Fracture Zone, a 
broad ( 15-20 km wide) and relatively deep (3-4 km) 
terrace separates the rift valley floor and the shallow
est portions of the eastern rift mountains. This ter
race is associated with two remarkable cuspate ridges 
that plunge and taper toward the Kane Fracture 
Zone (Figures 2 and 3). These ridges are approxi
mately 10 km across at their base, 300 to 500 m high 
with a steeper valley-facing slope, and extend along
strike for a distance of more than 40 km. They bend 
sharply to the west at the Kane Fracture Zone 
mimicking the shape of the median ridge in the 
present rift valley as it curves around the eastern 
edge of the nodal basin (Pockalny et al., 1988). The 
ridges have apparently experienced relatively minor 
faulting and, in contrast to the western rift valley 
walls, only basalts have been recovered from the~e 
escarpments (Karson and Dick, 1983; Karson eta/., 
1987). The similarity in the shape of these ridges 
with the present neovolcanic zone in the RTI area 
led Pockalny et a/. ( 1988) to propose that they are 
volcanic constructional features that were formed 
within the median valley and then transported 
laterally to their present position without extensive 
faulting. 

4.2. RIFT VALLEY 

The rift valley floor in the MARK area is shallowest 
(slightly less than 3200 m) 7(}-80 km south of the 
Kane Transform (near 22°50' N) and deepens both 
to the south and north of this area, plunging to 
depths of 5000-6000 m at the eastern Kane RTI 
(Figures 2 and 3). South of the Kane Transform two 
opposing, approximately N-S trending steep slopes 

( 10°-20°), typically about 500 m high, define the 
borders of the rift valley floor that ranges in width 
from 10-17 km. Between 23°05' N and 23°30' N the 
rift valley floor is remarkably linear and of nearly 
constant width (15-17 km). At 23°05' N the valley 
floor narrows because of the development of a sev
eral kilometer wide and 20-km-long terrace along the 
western rift valley wall (Figure 2). South of this 
feature which is located near the sill depth for this 
valley segment, the rift valley floor widens and devel
ops depths in excess of 4000 m along the base of the 
eastern rift valley wall. Microseismic activity is con
centrated in this basin at depths of 4--8 km below the 
seafloor and Toomey et a/. (1985; 1988) have 
proposed that this basin has formed by block fault
ing and tilting of the rift valley floor over the past 
104 yr. 

The terrain of the rift valley floor and flanking 
walls is very complex and quite variable along-strike. 
The central and northern parts of the rift valley are 
dominated by two colinear ridges that stand up to 
several hundred meters high and trend obliquely 
(010°) to the regional N-S strike of the rift valley 
(Figures 2 and 3). The southern ridge, which is 
located on the terrace mentioned above, can be 
traced northward from about 22°50' N until it disap
pears in a zone of complex, non-linea ted topography 
between 23°12' N and 23°17' N. It is shallowest 
( < 3000 m) and widest ( -1 km wide at the 3500 m 
isobath) near 23° N, deepening and narrowing both 
to the north and south. The northern ridge can be 
traced from 23°17' N along the axis of the rift valley 
into the eastern RTI. It reaches a minimum depth of 
3400 m at 23°22' N and deepens and narrows toward 
the RTI, bending around the eastern edge of the 
nodal basin. The northernmost extension of this 
feature consists of a series of small, 20-100 m high 
conical peaks that terminate against the northern 
transform valley wall (Pockalny et a/., 1988). The 
along-strike continuity of this feature, the abundant 
exposure of fresh, sediment-free basalts, and the 
discovery of hydrothermal activity on this ridge 
about 25 km south of the RTI all suggest this ridge 
is the most likely location of the neovolcanic zone in 
the northern part of the rift valley (Karson and 
Dick, 1983; Kong et a/., 1985, Leg 106 Scientific 
Party, 1986). 

The linear ridges in the northern part of the 
MARK rift valley are flanked by marginal lows. 
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Associated with these lows are numerous circular 
topographic highs that the Sea MARC I survey and 
bottom topography revealed to be of volcanic origin 
(see below). The marginal lows deepen systematically 
toward the Kane RTI, although several elongate 
basins deeper than 4000 m are present along the 
eastern side of the rift valley between 23°05' N and 
23°20' N. The remainder of the rift valley floor is 
associated with small-scale topographic variability 
with wavelengths of a few kilometers and amplitudes 
of up to a few hundred meters that is superimposed 
on the longer-wavelength, along-axis topographic 
high near 22°50' N. This terrain, which is a manifes
tation of on-going volcanic and tectonic processes 
occurring along the rift valley floor, was investigated 
using the high-resolution side-scan images obtained 
during the Sea MARC I portion of the site survey. 

5. Fine Scale Structural Relationships within 
the Rift Valley 

5.1. SEA MARC l DATA: ACOUSTIC TEXTURES 

The growing collection of Deep Tow, Sea MARC I, 
photographic, and submersible observations of ridge 
crest topography provide a valuable database to aid 
in the sometimes difficult task of interpreting side
scan sonar observations. While the nature of a sonar 
return is strongly dependent on the altitude of the 
vehicle, as well as the range and orientation of the 
target, a number of characteristic textural and reflec
tivity patterns are apparent in Sea MARC I records 
that can confidently be correlated with specific geo
logical features. In the MARK area these include: 
faults and fissures, constructional pillow terrain, vol
canos, sediment-covered areas, and debris flows. 

Faults and fissures are among the more easily 
identified sonar targets. These features are typically 
observed on sonar records as sharp, narrow linea
ments with a crisp and highly reflective texture (Fig
ure 5). Many of these features, most of which cannot 
be resolved on Sea Beam maps, can be traced for 
long distances (up to 9 km) in the median valley. It 
is often difficult to distinguish between faults and 
fissures or small grabens, but the latter can often be 
identified by a thin linear acoustic shadow near the 
vehicle closely coupled with a linear acoustic target 
slightly farther away. In contrast, those features that 
are characterized by linear acoustic shadows or 

acoustic targets are interpreted as scarps (Kastens et 
a/., 1986). Where the Sea MARC I vehicle crosses 
one of these features, the subbottom profiler can be 
used to determine the vertical offset (Figure 5). The 
majority of lineaments imaged within the MARK rift 
valley have vertical offsets of less than 20 m. Bottom 
photographs also reveal numerous cracks or fissures 
generally less than 1 m wide exposing broken and 
sheared pillow lavas. These small-scale features are 
not individually resolvable on the side-scan images, 
although the general trend of groups of closely
spaced fissures often can be determined. 

The dominant sonar texture in the median valley 
in the MARK area is a distinctive hummocky texture 
that has been shown by photographic and visual 
observations to represent constructional volcanic pil
low lava flows (Figure Sa). This texture is character
ized by numerous, overlapping subcircular lobes 
(50-500 m in diameter, a few meters relief) on the 
Sea MARC I image. While the sonar texture has the 
appearance of discrete pillows, the crescent-shaped 
targets actually represent the steep-sided flow front 
built by a series of downslope prograding pillow 
flows. Only rarely can sheet flows be unambiguously 
identified on sonar images (they appear as a smooth 
grey sonar texture), although bottom photos re
vealed some crenelated sheet flows associated with 
small axial volcanos (see below). 

Individual volcanos are recognized on the side
scan image as circular or semi-circular targets casting 
a distinctive acoustic shadow (Figure 6a, b). The 
uniform surficial texture of the volcanos varies from 
highly reflective (black) to grey. Many of the vol
canos in the rift valley show a clearly defined circular 
shadow at their summit indicating a collapsed sum
mit crater. Sediment cover reduces the seafloor 
reflectivity and results in softer grey tones on the 
side-scan images. This effect provides a useful, 
though sometimes risky (because of the other factors 
controlling reflectivity), means of estimating relative 
ages. With all other factors held constant, a sediment
covered feature will appear lighter and more uni
form in texture than its younger, unsedimented equiv
alent. This association was substantiated by bottom 
photographs that revealed the lighter grey targets 
(particularly some volcanos) to be sediment-covered 
while the highly reflective targets showed unsedi
mented, fresh surfaces. Finally, lobate reflectivity 
patterns associated with steep scarps, such as found 
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Fig. 5. (a) Sea MARC I profile across the eastern half of the median valley and up into the rifi mountains southeast of Site 648 (see Figure 
4 for location). Depths are from the subbottom profiler mounted on the Sea MARC I vehicle (solid) and Sea Beam bathymetry (dashed). 
(a) median valley showing high (left) and moderate (right) reflectivity zones; note the first occurrence of block faulting near the edge of 

the high reflectivity zone and the moderate tile (-5°) of most of the fault blocks. 

in the flanking rift mountains (Figure 5b), are indica
tive of talus or debris flows formed by mass wasting. 

Figure 7 shows a tectonic map of the MARK rift 
valley constructed from Sea MARC I mosaics using 
the associations between sonar textures and geo
morphologic features described above. Our interpre
tation of the Sea MARC I images is discussed in 
more detail in the following sections. 

5.2. ACROSS-AXJS RIFT VALLEY STRUCTURE 

Two long, oblique Sea MARC I swaths cross the 

MAR rift valley between 22°53' N and 22°57' N 
(Figure 4), about 70 km south of the Kane Fracture
Zone, near the shallowest part of the median valley. 
This crossing is at approximately the same latitude as 
T ransect 5 of Karson el a/. ( 1987). The Sea MARC 
I mosaic constructed from these two profiles, along 
with the associated Sea Beam topography and an 
interpretive tectonic map is shown in Figure 8. Cov
erage extends from the crest of the western rift 
mountains, across the rift valley to the crest of the 
opposing eastern rift mountains. These data define 
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Fig. 5. (b) Rift mountains showing low reftcctivity zone; note mass wasting and gullying of the scarp faces. 

the structures of the rift valley and provide con
straints on the processes which transform the terrain 
of the rift valley floor into the terrain of the rift 
mountains. 

A high-reflectivity zone about 7 km wide, inter
preted as the site of most recent volcanism, is located 
near the center of the rift valley floor. It is character
ized by a hummocky sonar texture typical of pillow 
lava terrain and numerous small volcanic edifices, 
both of which are cut by valley-parallel faults and 
fissures (Figures 5a and 8b). Direct submersible ob
servations have revealed a highly variable sediment 

cover in this zone and relatively weathered basalts 
suggesting this part of the ridge is in a predominately 
tectonic phase with only minor recent volcanic activ
ity (Brown and Karson, 1988). This high-reflectivity 
area is flanked by two distinct bands of less reflec
tive, presumably older seafloor, on both sides. The 
inner zone of lower reflectivity, characterized by light 
and dark grey acoustic images, is 4-5 km wide and is 
associated with the walls of the rift valley, while a 
light grey to white outer band is located in the rift 
mountains beyond the main rift valley scarps (Fig
ures 5b and 8b). The boundary between the central 
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Fig. 6. (a) Sea MARC I image and interpretive line drawing of Serocki Volcano drilled at ODP Site 684, (b) Sea MARC I images and 
interpretive line drawings of two volcanos from the MARK rift valley near 23°09' N. 
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Fig. 6. (c) Representative volcano shapes based on subbottom 
profiler data (Serocki volcano is the lowermost profile). The 
volcanos typically stand 50--200 m high and are generally associ
ated with a broad, flat summit plateau and a J(}-60 m deep central 
crater. Vertical exaggeration is 5 x (see Figure 10 for locations). 

high-reflectivity zone and the flanking bands of lower 
reflectivity is quite distinct and approximately corre
sponds (to within I km) to the first appearance of 
tilted fault blocks which mark the boundary between 
the rift floor and walls (Figure 5a, from 3- 5 km). A 
series of back tilted blocks (-5° tilt) with steeply 
dipping, valley-facing slopes are seen on both the 
eastern and western flanks of the rift walls (Figures 
5b and 8c). The fault blocks are characterized by 
steep, inward-facing slopes and hummocky backsides. 
The sonar images reveal the widespread occurrence of 
fan-shaped bodies located along the base of inward 
facing slopes which are interpreted to represent talus 
and debris shed by active mass wasting processes. The 
ubiquitous distribution of erosional debris on the rift 
valley walls has been confirmed by direct observation 
(Karson eta/., 1987; Brown and Karson, 1988). 

Structural dismemberment of the volcanic con
structional terrain begins on the floor of the inner rift 
valley within the high-reflectivity zone. A compilation 
of fault/fissure spacing and associated scarp heights 
on these cross-axis profiles (Figure 9) reveals that 
fissures and faults are both more closely spaced 
(0.32 ± 0.25 km, N = 32) and have smaller throws 
( 48 ± 47 m, N = 32) within the high-reflectivity zone 
on the rift valley floor than in the adjacent zones of 

moderate and low reflectivity outside the central 
rift valley (spacing: 0.95 ± 0.80 km, N = 24, 0.84 ± 
0.62 km, N = 39, height: 137 ±110m, N = 23, 
120 ± 86 m, N = 33, respectively). The large scatter in 
these values is probably a reflection of the heteroge
neous nature of the brittle crust and the local stress 
field. The increase in scarp height and spacing toward 
the flanks of the rift valley suggests that the sites of 
active faulting become localized and that most of the 
smaller faults and fissures observed in the center of 
the valley are buried by mass-wasting processes or 
post-tectonic volcanism. 

A plot of cumulative fault throw with distance from 
the ridge axis (defined by an imaginary central line 
drawn between the inward facing scarps that mark the 
edge of the rift valley floor) reveals that, except at the 
rift floor/wall interface where a series of large throw 
faults create an abrupt step in the across-strike profile, 
normal fault (inward-facing) relief accrues at a rela
tively constant rate (Figure 9c). Outward-facing scarps 
account for only a minor amount of the total throw. 
The summed fault relief accumulated out into the rift 
mountains from the ridge axis exceeds the morpholog
ical depth difference (between that at the axis and that 
about 17 km from the axis) by about 700 m, implying 
that the undulating topography created by construc
tional ridges must, in part, be preserved and trans
ported up into the rift flanks. That this is the case is 
demonstrated in Figure 5, where the height dis
crepancy is resolved by including the relief of the 
unfaulted backsides (eastern) of the rift mountains. 

Closer examination shows that all relief within the 
high-reflectivity zone (about 250m) can be· achieved 
by normal faulting, but that beginning in the moder
ate-reflectivity zone, motion on faults becomes local
ized and grows at variable rates. The growth rates 
again become constant in the low-reflectivity rift 
mountains, which suggests that large-scale active 
faulting has largely ceased, or that all faults now grow 
at similar rates. Since average scarp spacing and 
heights do not indicate dramatic increases in normal 
faulting in the low-reflectivity zone (in fact, there is a 
slight decrease), we favor the former hypothesis. 
Furthermore, it seems intuitively unlikely that growth 
rates outside the valley would be identical along all 
three transects given the variability observed in the 
adjacent reflectivity zone. The constant slope also 
suggests that extreme amounts of rotation and back
tilting, or reverse faulting, both of which would show 
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Fig. 7. Summary tectonic map of MARK rift valley based on our 
interpretation of the Sea MARC I data presented in this Paper. 
Stippled area indicates the approximate location of the northern 
and southern ridge segments described in the text. Locations of 
Sea MARC I mosaics, 2G-m Sea Beam maps and interpretive 

tectonic maps are shown for reference. 

decreases in fault throw with distance, are not occur
ring over the first 10 km of flank topography. 

The inference that faults are not reactivated during 
the subsequent uplift of the crust into the flanking rift 
mountains (which reach depths of <2000 m) is con
sistent with AL YIN observations that few of the 
scarps in the rift mountains appear to be tectonically 
active (Karson eta/., 1987). In addition no evidence 
was found in the Sea MARC I data for secondary 
volcanism in the rift mountains. Instead, the sonar 
images suggest that mass-wasting and gullying of 
scarp faces, and the resultant sedimentary products 

which bury low-relief seafloor features, are the major 
geologic processes occurring on the walls of the rift 
valley and the flanking rift mountains. 

5.3. ALONG-AXIS RIFT VALLEY STRUCTURE 

The rift valley in the MARK area is segmented into 
two en-echelon spreading cells each displaying 
marked differences in morphology, volcanism, and 
tectonism, which are separated by a small zero-offset 
transform or discordant zone 40-50 km south of the 
Kane Fracture Zone (Figure 7). The northern spread
ing cell is dominated by a large constructional vol
canic ridge, parts of which are magmatically and 
hydrothermally active. In contrast, the southern 
spreading cell appears to be in a predominantly 
extensional phase and is characterized by a NNE
trending band of small, fissured and faulted axial 
volcanos of various ages. These two ridge segments 
overlap creating a discordant zone between 23°05' N 
and 23°17' N that lacks a well-developed rift valley or 
neovolcanic zone. 

5.3.1. Northern Spreading Cell 

A 20-m Sea Beam map, Sea MARC I mosaic and 
interpretive tectonic map of part of the northern 
spreading cell is shown in Figure 10. The linear· ridge, 
which is the dominating structure of the rift valley 
floor north of 23°17' N, is characterized by highly 
reflective, hummocky acoustic textures that are in
dicative of fresh, unsedimented pillow lavas and/or 
pillow breccia (Figures lOb and !Ia). In general, the 
ridge is undisrupted by the extensive faulting and 
fissuring that is associated with the surrounding 
seafloor, and in a few locations it is clear that the ridge 
has been constructed on top of this older tectonized 
crust (Figure Ita). These observations, together with 
bottom photographs and ALVIN dives in this area 
(Karson eta/., 1987; Brown and Karson, 1988), are 
all consistent with this being a constructional volcanic 
feature that has formed very recently by voluminous 
fissure eruptions along a 20-30-km-long, NNE-trend
ing rift zone in the median valley. 

This is the largest single constructional volcanic 
feature ever found in the Mid-Atlantic Ridge rift 
valley, dwarfing Mt. Venus and Pluto in the 
FAMOUS area (Ballard and van Andel, 1977). It is, 
however, similar in scale and shape to the tapered 
ridges identified on the Sea Beam maps in the flanking 
rift mountains (see above discussion). It rises up 
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Fig. 10. (a) Sea Beam map of the iner rift valley between 23°03' N and 23°24' N (see Figure 7 for location). 
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Fig. I 0. (c) Interpretive tectonic map of the area shown in Figure I 0( a). 
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to 600 m above the surrounding seafloor and, at its 
widest, is more than four kilometers across at its 
base. Several individual bathymetric peaks spaced 
2-4 km apart can be identified along the ridge in the 
Sea Beam and Sea MARC I records. The largest of 
these is located near 23°22' N where evidence for 
hydrothermal activity was first discovered during the 
site survey (Kong et a/. , 1985), and an active, high
temperature vent field was subsequently discovered 
and drilled at Site 649 (Leg 106 Scientific Party, 
1986). This vent field, known as the Snake Pit hy
drothermal area, consists of at least six massive 
sulfide mounds, two of which are hydrothermally 
active. The mounds are composed of active and 
inactive black smoker chimneys and sulfide debris 
deposits covering at least 0.16 km2 (Leg 106 Scien
tific Party, 1986; Thompson et a/., in press; Brown 
and Karson, 1988). Karson et a/. ( 1987) report large 
Mn anomalies at depths of about 3500 m in this 
area, suggesting the presence of additional, still 
undiscovered, vents at greater water depths. 

South of 23°20' N this volcanic ridge becomes 
older-looking and more subdued, finally losing its 
topographic expression near 23°15' N (Figure lOa). 
Farther south another, nearly colinear, ridge emerges 
that can be traced southward along the western rift 
valley wall for more than 40 km (Figure 3). It is 
characterized by a highly reflective eastern side, in
terpreted to be a major valley-facing fault scarp or 
scarps, and a western side with lower reflectivity 
and hummocky acoustic texture (Figure lOb). An 
ALVIN traverse across this area revealed the valley
facing slope to be composed of a series of steep fault 
scarps and talus ramps, while the outward-facing 
western slope is less steep and composed of moder
ately sedimented pillow lavas (Karson et a/., 1987; 
Brown and Karson, 1988). 

Brown and Karson (1988) have interpreted this 
ridge as an uplifted and rotated fault block that is in 
the process of being incorporated into the rift moun
tains: They view this feature as being unrelated to the 
younger, colinear volcanic ridge that dominates the 
northern rift valley floor, and place the boundary 
between the northern and southern spreading cells 
near 23°15' N. However, Schulz et a/. ( 1988) have 
shown that the magnetization high associated with 
the northern volcanic ridge is continuous across this 
zone and can be traced, albeit with lower magnetiza
tions, south to about 23° N along this feature. The 

tapering of this ridge north and south of its shallow
est point near 23° N (note the 3500 m contour in 
Figure 3) is strikingly similar in shape, size, and relief 
to the present shape of the median volcanic ridge 
now forming in the northern rift valley, indicating to 
us that this ridge is also a constructional volcanic 
feature, although older, that has been truncated by 
faulting on its eastern side as it has been uplifted into 
the western rift mountains. 

5.3.2. Southern Spreading Cell 

The spreading cell in the southern part of the 
MARK area is characterized by a NNE-trending 
(010°) band of small axial volcanos that can be 
traced from the along-axis topographic high, 80 km 
south of the Kane Transform, northward along the 
eastern side of the median valley to where they 
intersect the eastern rift valley wall near 23° 15' N 
(Figure 7). Representative sonar images of two of 
those volcanos are shown in Figure 6a, b; bathymet
ric profiles across several volcanos are plotted in 
Figure 6c. They typically stand 50-200 m above the 
surrounding seafloor and are generally associated 
with a broad, fiat summit plateau bounded by steep 
scarps along their outer rim and a 10-60 m deep 
central crater. The volcanos are generally circular in 
shape, range from 1-3 km in diameter, and display a 
simple linear relationship between volcano height 
and diameter (Figure 12). Bottom photographs of 
Serocki Volcano, drilled at ODP Site 648 (Figure 
6a), show that the summit plateau is composed of 
moderately sedimented bulbous and elongate pillow 
lavas, 1-2m in diameter with only isolated sheet 
flows outcropping near the rim of the central crater 
(Humphris et al., 1986). The "crater floor is filled with 
highly fractured basaltic rubble. 

The Sea MARC I images clearly show that these 
volcanos have been constructed on older, fissured 
and faulted seafloor and are not all of the same age 
(Figure 6). Some of the volcanos are dissected by 
numerous faults and fissures suggesting that they are 
old enough to have experienced a significant amount 
of tectonism, while others are more pristine. In the 
case of Serocki volcano, several different episodes of 
volcanism and tectonism can be identified (Figure 
6a). In the first phase, the volcano was constructed 
on seafloor that had already been extensively fissured 
and faulted. These earlier fissures have been buried 
by the volcano, but are still seen in the surrounding 
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volcanos found in the MARK rift valley: (a) plot of height vs 
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seafloor. Extensional tectonism continued after the 
volcano was formed, disrupting the western half of 
Serocki Volcano with a series of valley-parallel faults 
and fissures. Finally, a few younger lava flows with 
very high reflectivities have buried older lavas east of 
the summit plateau. Karson et a/. ( 1987) report 
dredge samples from one of these areas near Serocki 
Volcano recovered the freshest basalt yet sampled 
from the MARK area. 

The age of these volcanos is difficult to estimate 
with any accuracy, but the extensive amount of 
tectonism they_ have experienced, the absence of any 
known hydrothermal activity, and the relatively 
heavy sediment cover on the summit plateaus of 
many of the volcanos indicates some could be at 
least several tens of thousands of years old (Karson 
et a/., 1987). The source (or sources) of the volcan
ism forming these features is unknown. Many of the 

'older' volcanos are located within or near the 
highly-reflective neovolcanic zone in the southern 
spreading cell, suggesting they are post-tectonic erup
tions associated with a primarily extensional phase of 
spreading. 

The location of a zone of recent volcanism in the 
rift valley south of 22°45' N is enigmatic (Figure 13). 
The bathymetric data indicate that the rift valley 
floor is broad (20 km), anomalously deep along its 
eastern margin, and devoid of any linear or circular 
features that would be suggestive of volcanic con
structional edifices. In the southwestern corner of the 
MARK rift valley there is an elongate ridge that is 
morphologically similar to the volcanic ridge of the 
northern cell (Figure 13). However, it is located on a 
terrace that sits almost 1000 m above the rift valley 
floor and we interpret this ridge to be an extinct 
eruptive fissure that is now being transported intact 
away from the plate boundary zone and out of the 
rift valley. Given these characteristics and the seis
micity in this area (Toomey et a/., 1985; 1988), we 
suggest that this portion of the southern cell is 
dominated by extensional tectonism and has been 
devoid of significant volcanism in the recent past. 

5.3.3. Discordant Zone 

The boundary between the northern and southern 
spreading cells appears to lie in a complex transition 
zone between 23°05' Nand 23°17' N. The rift valley 
in this area is poorly developed, lacking the high 
flanking rift mountains that are present elsewhere in 
the MARK area. The rift valley floor also lacks a 
well-defined neovolcanic zone on Sea MARC I 
records, and the topography of the rift valley floor is 
dominated by a series of rugged, fault-bounded, 
axis-parallel ndges and troughs (Figure 10). Brown 
and Karson (1988) report that the western and cen
tral portions of the median valley floor in this area 
are blanketed by a fairly thick sediment cover (about 
0.5 m) and display no evidence of recent volcanic 
activity. A line of five conical volcanos lies near the 
foot of the eastern rift valley wall between 23°10' N 
and 23°17' N (Figure tOe). These volcanos, which 
appear to be the northernmost extension of the 
volcanos that have formed along the southern 
spreading cell, are not extensively faulted, but are 
associated with a fairly thick sediment cover indicat
ing an age of several tens of thousands of years 
(Karson eta/., 1987). 



46 

L AURA S. L. KONG ET A L. 

45' 30' 45' 00' 

0 

km 

44' 3 0' 

Northern 
Cell 

! 
Discordant 

Zone 

Southern 
Cell( a) 

23. 30' 

23. 00' 

2. 30' 

Fig. 13. A map outlining the major morphotectonic elements of the MARK are. The across·strike limits of the rift valley floor are 
defined by a braided network of opposing scarps. The rift valley ftoor is made up of at least two spreading cells separated by a broad 
discordant zone (marked by triangles) between 23• N and 23°17' N. The volcanic constructional edifices most recently created along 
each cell are shown in black. Elongate ridges which flank the plate boundary are identified as terraces along the western rift valley 
wall (double diagonal lines) or as rift mountains (diagonal lines). We propose that these flanking ridges are extinct volcanic 
constructional edifices that were created along the floor of the rift valley during a waxing phase of magmatism. Subsequent to 
construction these volcanic ridges were partitioned by faulting to one plate boundary or the other and rafted up and out of the rift valley 

largely intact. 

This part of the median valley is characterized by 
generally low crustal magnetizations (Schulz et a/., 
1988) and was found by Purdy and Detrick ( 1986) to 
mark the boundary between relatively normal seis
mic crustal thicknesses and velocities to the south 
and thinner crust with no distinct seismic layering to 
the north. Outcrops of serpentinized peridotites and 
greenstones were found by submersible along the 
western edge of the rift valley (Casey, 1986; Karson 

eta/., 1987), Subsequent drilling at ODP Site 670 by 
the R[V JOIDES RESOLUTION penetrated over 
100m of serpentinite (Detrick, Honnorez, Bryan, 
Juteau eta/., 1988). The serpentinites show evidence 
of progressive retrograde alteration at very high 
temperatures, ductile deformation and subsequent 
hydration at progressively lower temperatures 
(Casey, 1986). The presence of these serpentinites 
suggests uplift of hydrated mantle beneath an 
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anomalously thin crustal section and/or diapirism of 
the serpentinites along major fa ults (Brown and 
Karson, 1988). 

Schouten et a/. ( 1985) have suggested the presence 
of a small ( -10- 15 km), left-lateral transform at this 
latitude based on offsets of magnetic anomalies pre
served in the older crust flanking the rift valley. 
Schulz et a/. ( 1988) demonstrated that the magne
tization high associated with the central magnetic 
anomaly is also offset left-latera lly about 8 km be
tween 23° N and 23°05' N indicating a small offset 
still exists in the zone of accretion within the present 
median valley south of 23°15' N. However, despite 
the evidence for an offset in the magnetics at this 
latitude, there is no indication of time-averaged, 
strike-slip motion along this boundary. Sea MARC I 
data show that within the present inner rift valley 
most tectonic lineaments retain their north-north
easterly orientation across this zone; transform-par
allel trends are not observed (Figure JOe). The only 
features that could be related to strike-slip faulting 
are a series of sub-parallel, oblique lineations ob
served near 23° 10' N on the western flank of the 
median volcanic ridge (Figure JOe). These lineations, 
which may be fissures formed by the influence of a 
right-lateral shear couple on the regional extensional 
stress field, are observed on the western slope of the 
southern volcanic ridge and curve to the northwest 
(295°) toward the western edge of the rift valley 
(Figure lib). The overprinting of these fissures by 
the volcanic ridge indicates they predate the forma
tion of this feature, which itself is at least several tens 
of thousands of years old. The absence of transform
parallel trends and high magnetization values to the 
east of the southern ridge may imply that the accre
tionary axis has jumped very recently leaving the 
NW-trending lineaments as a record of past shear 
couple. 

6. Discussion 

The most remarkable aspect of the Sea Beam and 
Sea MARC I data described in this paper is the 
complexity of the rift valley structure in the MARK 
area. Based on previous work in the FAMOUS 
(Ballard and van Andel, 1977; Macdonald and 
Luyendyk, 1977) and AMAR (Crane and Ballard, 
1981; Stakes et a/., 1984) rifts on the Mid-Atlantic 
Ridge, we had expected a simpler, symmetrical rift 

valley structure in cross-section with a narrow ( 1-
3 km wide) neovolcanic zone in the center of the 
median valley, flanked by marginal lows with up
lifted and block-faulted terraces on the walls of the 
rift valley. We also expected systematic variations 
along the rift valley toward the Kane Transform 
such as those proposed by Francheteau and Ballard 
( 1983). Their model predicted that the most recent 
volcanism, the most fluid lavas and the greatest 
hydrothermal activity would be associated with the 
median valley topographic high 70--80 km south of 
the Kane Fracture Zone, while a decrease in mag
matic budget and an increase in the relative impor
tance of faulting and fissuring were expected in those 
portions of the rift valley nearest the fracture zone. 

The results described in this paper, and the sub
mersible observations reported by Karson et a/. 
( 1987) and Brown and Karson ( 1988), indicate a 
complex, segmented rift valley with major changes in 
magmatic budget, tectonic style and hydrothermal 
activity along-axis at a 100-km-scale that are quite 
different than the results from these earlier studies of 
shorter ridge segments would have predicted. The 
median valley topographic high at 22°55' N in the 
MARK area is actually a relatively old feature which 
is heavily fissured and faulted, with only minor, 
recent volcanic activity. The most voluminous vol
canism, and the only evidence of hydrothermal activ
ity in the MARK area, is found along a portion of 
the rift valley only 20--30 km from the Kane Fracture 
Zone. These results suggest that the long-wavelength 
( 40--100 km) decrease in the depth of the rift valley 
floor that is associated with increasing distance from 
the large age-offset Kane Transform is a reflection of 
deep seated patterns of mantle flow and melt genera
tion. This long wavelength signal clearly cannot be 
used to predict where, at any given time, recent 
volcanism and/or hydrothermal activity may be lo
cated along the plate boundary. 

The neovolcanic zone in the MARK rift valley is 
discontinuous along-strike and appears to be associ
ated with two NNE-trending, en-echelon spreading 
cells, each displaying a distinct volcanic style, and 
each striking obliquely across the floor of the rift 
valley. While a central constructional volcanic ridge 
with marginal lows characterizes the northern rift 
valley, recent volcanic activity in the southern por
tion of the MARK area is associated with a band of 
small volcanos of varying ages that spread, in some 
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cases, across the entire width of the rift valley (e.g. 
22°55' N-23°15' N). The most anomalous feature 
discovered is a discordant zone 40-50 km south of 
the Kane Fracture Zone which lacks a well-devel
oped neovolcanic zone and flanking rift mountains, 
and which is associated with outcrops of serpen
tinized peridotite on the western rift valley floor. 

Three major factors appear to be responsible for 
the structural and tectonic complexity of the MARK 
area. The first is the segmentation of spreading in 
this area into two distinct spreading cells. This seg
mentation is clearly manifested in the regional 
bathymetry and structural fabric of the rift valley, 
but is also recorded in the flanking magnetic anoma
lies which indicate that the relative positions and 
dimensions of the spreading cells have remained 
similar along this part of the Mid-Atlantic Ridge for 
tens of millions of years (Schouten et al., 1985; 
Schulz et al., 1988). The differences observed in 
volcanic and tectonic activity within the MARK area 
may thus reflect, in part, spreading cells in different 
stages of a magmatic/tectonic cycle (Macdonald, 
1983; Pockalny et al., 1988) or relative differences in 
the importance of magmatism and tectonism within 
adjacent ridge segments (Karson et al., 1987). We 
favor the first explanation since we can recognize a 
similarity in the terrain elements developed in these 
two contiguous spreading cells with morphological 
patterns repeated off-axis that mimic the shape and 
dimensions of features found within the rift valley. 

A second factor which may have contributed to 
the tectonic complexity of the MARK area is the 
pattern of asymmetric spreading that characterizes 
this portion of the Mid-Atlantic Ridge (Schouten et 
al., 1985; Schulz et al., 1988). Over at least the past 
3 Ma this asymmetric spreading has been caused by 
a series of small (- 10 km), eastward ridge jumps 
resulting in faster spreading rates to the west 
( 14 mm yr- 1) than to the east (11 mm yr- 1). Since 
the present rift valley floor is only 10-17 km wide, 
these jumps probably occurred by a relocation of the 
neovolcanic zone within the rift floor. This episodic 
relocation of the neovolcanic zone will lead to a 
complex overprinting of volcanic and tectonic pat
terns and could partially explain the structural and 
topographic heterogeneity of the rift valley. 

Finally, the structure of the MARK rift valley is 
complicated by the presence of a small ridge-axis 
discontinuity between 23°07' N and 23°17' N. This 

boundary separates crust with distinctly different 
seismic structures (Purdy and Detrick, 1986) and 
magnetic signatures (Schulz et al., 1988), and is itself 
associated with a zone of very anomalous bathyme
try, seismic properties and geologic structure (Purdy 
and Detrick, 19&6; Karson et a/., 1987). There are, 
however, no structural relationships defined in the 
Sea Beam and Sea MARC I data to suggest that this 
kind of ridge axis discontinuity has behaved in a 
rigid fashion (e.g., a transform). Ridge-axis-parallel 
structures (e.g., ridges, troughs, scarps) within the 
rift valley do not terminate against cross-cutting 
structures that strike at a high angle to the plate 
boundary. Rather, terrain elements exhibit continu
ity into and, in some cases, across the discordant 
zone indicating it is not a boundary but an area 
across which magmatic and tectonic events associ
ated with the opposing spreading cells episodically 
cross. Terrain relationships exhibited in the rift 
mountains that flank the discordant zone indicate 
that this type of discontinuity has persisted for at the 
least one to two million years. Magnetics data, how
ever, indicate that the magnitude of this offset was 
larger at some time in the past and may have be
haved rigidly accommodating strike-slip strains 
along a narrow boundary parallel to the opening 
direction (Schulz et a/., 1988). 

This discordant zone may be analogous to those 
non-transform offsets recently described on the fast
spreading East Pacific Rise. The scale of the offset 
(-8 km), the overlap in the ridge segments and their 
associated magnetization highs, and the absence of 
any evidence of strike-slip tectonism all suggest that 
this 'zero-offset' transform or discordant zone is a 
reasonable slow-spreading ridge analogue to the 
overlapping spreading centers found on the East 
Pacific Rise (Macdonald and Fox, 1983; Lonsdale, 
1983). 

Another interesting observation of this investiga
tion is the remarkable similarity of the terrain in the 
rift valley floor with the flanking ridges of the rift 
mountains. The most striking morphotectonic fea
ture of the northern portion of the MARK rift valley 
is the long (several lOs of km), 300-800 m high ridge 
that lies along the center of the valley. This ridge, 
which is known to be a volcanic constructional 
edifice (Karson eta/., 1987), has the distinctive shape 
of a biconvex lens in plan view. At approximately the 
midpoint, the ridge is at its maximum width and its 
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width diminishes towards either end. An along
strike depth profile shows that the ridge is shallow
est near its midpoint with depths increasing steadily 
towards the ends of the ridge. This distinctive mor
phology is likely to be the product of a fissure 
eruption where melt has been delivered to a shallow 
level reservoir located beneath the central portion of 
the ridge. Once emplaced at shallow levels, some 
melt moves laterally away from the eruption center 
along extensional fissures. The distinctive biconvex 
shape of the ridge reflects the fact that, in a time
averaged sense, less melt is delivered to the distal 
ends of the eruptive fissure. 

Once created, such an eruptive construct can 
follow one of two evolutionary paths: it can be 
dismembered by normal faults with small slivers of 
the edifice incremently rafted up the rift valley walls 
(see review of these models by Macdonald, 1983); 
or can be rafted up and out of the rift valley largely 
intact without significant structural dismemberment 
by faulting. We favor the latter process based on 
the morphologic and structural relationships defined 
in our Sea Beam and Sea MARC I data. Sea Beam 
data show, for example, that the terrain of the 
western rift valley wall (e.g., the two terraces lo
cated at 23°00' N and 22°35' N), and the rift moun
tains that flank the MARK rift valley, are made up 
of broad (across-axis) and convex (along-strike) 
axis-parallel ridges that plunge and taper at each 
end. These features are remarkably similar in shape 
and dimensions to the neovolcanic ridge presently 
forming in the floor of the rift valley in the north
ern part of the MARK area. Detailed shape analy
sis indicates that the sides of these ridges which face 
the plate boundary are steeper by several degrees 
than the outward-facing slopes suggesting some 
fault control (Pockalny et at., in preparation). Sea 
MARC I data also show that significant amounts of 
uplift are located along the base of the rift valley 
wall where parcels of crust are uplifted off the rift 
floor (Figure 9). As crust moves from the base of 
the rift valley wall up into the rift mountains there 
is little differential motion between crustal parcels. 
This focusing of tectonism along the base of the rift 
is confirmed by direct observations in the MARK 
area (Karson et at., 1987) as well as other rift valley 
segments (Stroup and Fox, 1981, OTTER, 1984). 
Sea MARC I bottom profile records do indicate 
that there is some modification of the distinctive 

volcanic terrain since minor amounts of backtilting 
of crustal parcels (usually less than 5°) are docu
mented to occur as parcels are uplifted along near
vertical, small-offset normal faults. 

The striking similarity between the volcanic con
structional terrain along the ridge axis with flanking 
topography has been noted at other spreading cen
ters localities by other investigators (East Pacific 
Rise South of Tamayo- Lewis, 1979; Juan de Fuca 
Ridge - Kappel and Ryan, 1986; Kane Fracture 
Zone- Pockalny et at., 1988). Following these in
vestigators, we propose that the distinctive ridge 
flank terrain is the product of a temporally variable 
magma supply superimposed on a more steady-state 
extensional stress regime associated with the separa
tion of two large lithospheric plates. The spacing of 
the ridges ( -5-10 km) suggests an episodicity in 
major phases of magma production rates on the 
order of a few hundred thousand years. The pres
ence of intact constructional volcanic edifices pre
served on terraces on the flanks of the rift valley 
(23° N; 22°35' N) and in the rift mountains indi
cates the axis of accretion must periodically relocate 
within the 10-17 km wide inner rift valley, rafting 
these features flankward on one plate or the other. 
This observation is consistent with the overall pat
tern of asymmetric spreading, and the evidence for 
duplicate magnetic anomalies in the MARK area 
reported by Schulz et at. ( 1988). 

The intact character of the extinct eruptive vol
canic ridges that are found off-axis indicate that 
during a magmatic phase, extensional tectonism is 
largely muted by the intrusion of magma along 
fissures that form in the brittle carapace overlying 
the plate boundary. Consequently, the large 
amounts of extension and crustal stretching that 
Karson (in press) has argued for to explain the 
exposure of plutonic rocks are not applicable to this 
phase of plate boundary evolution. During a pro
longed warning phase of magmatism, however, ex
tensional tectonism could disrupt and dismember a 
thin crustal assemblage along the lines suggested by 
Karson (in press). The documented morphologic 
and lithologic spatial heterogeneity along the 
MARK rift valley and flanking rift mountains is 
thus largely the product of two spreading cells that 
evolve independently in response to the interplay 
between extensional tectonism and the episodic vari
ations in magma production rates. 
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7. Conclusions 

The combination of high-resolution bathymetric sur
veying and sidescan sonar imagery focussed on a 
-100-km long segment of the Mid-Atlantic Ridge 
has provided an exceptional data set with which to 
study the morphology and tectonics of a portion of 
this slowly accreting plate boundary. These data, 
along with interpretations of magnetic anomalies and 
submersible observations in this area, document a 
surprisingly complex rift valley structure character
ized by two distinct spreading cells separated by a 
small, zero-offset transform or discordant zone 40-
50 km south of the Kane Fracture Zone. The north
em spreading cell, immediately south of the Kane 
Transform, is characterized by a young, hydrother
mally active, constructional volcanic ridge located 
near the center of the median valley. The southern 
spreading cell, in contrast, is in a predominantly 
extensional phase with only small, isolated volcanic 
eruptions that have formed a NNE-trending band of 
fissured and faulted, small axial volcanos. These two 
spreading cells are separated by a tectonically and 
structurally anomalous zone between 23°05' N and 
23°17' N that may be a slow-spreading ridge ana
logue to the overlapping spreading centers and other 
non-transform offsets found on the East Pacific Rise. 
Despite the complexity of the MARK area, volcanic 
and tectonic activity appears to be confined to the 
10-17 km wide inner rift valley. Block faulting along 
near-vertical, small-offset normal faults, accompa
nied by minor amounts of back-tilting (generally less 
than 5°), begins within a few km of the ridge axis and 
appears largely to cease as the crust moves out of the 
rift valley. Most of these faults do not appear to be 
reactivated during the subsequent uplift of the crust 
into the flanking rift mountains, leaving construc
tional volcanic ridges formed along the rift valley 
floor preserved largely intact in the rift mountains. 
The observed cumulative fault relief is consistent 
wittl the presence of non-fault-related topography, 
such as constructional volcanic ridges, in the rift 
mountains. Mass-wasting and gullying of scarp 
faces, and sedimentation which buries low-relief 
seafloor features, are the major geological processes 
occurring outside of the inner rift valley. 
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CHAPTER 3. MICROEARTHQUAKES BENEATH THE MEDIAN VALLEY 
OF THE MID-ATLANTIC RIDGE 

NEAR THE TAG HYDROTHERMAL FIELD, 26°N 

INTRODUCTION 

A knowledge of the interplay between volcanism and tectonism within the median 

valley is central to the understanding of the crustal accretionary process at slow-spreading 

centers. Deep-towed sonar surveys, bottom photography, and submersible studies have 

shown the rift valley to be dominated by ridge-parallel fissuring and faulting, but rarely 

reveal the presence of fresh, unsedimented basalts [Ballard and van Andel, 1977; 

Macdonald and Luyendyk, 1977; Karson et al., 1987; Kong et al., 1988]. Focal 

mechanism studies have shown that faulting occurs at depths extending throughout the 

crust [Toomey et al., 1985, 1988; Huang et al., 1986; Huang and Solomon, 1988]. In 

contrast to the East Pacific Rise where recent studies indicate that a shallow magma 

chamber may exist beneath a large fraction of the ridge system [Detrick et al., 1987], 

experiments to date along the Mid-Atlantic Ridge (MAR) have found no evidence for a 

continuous or steady-state magmatic feature. The discovery of active high-temperature, 

hydrothermal vents at two locations (23°N and 26°N) along the MAR [Kong et al., 1985; 

Detrick et al., 1986; Rona, 1985; Rona et al., 1986], however, requires there to be heat 

sources within the shallow crust at least locally along parts of the ridge. The dimensions, 

shapes, and temporal character of such thermal anomalies, and their effects on tectonism 

and the state of stress within the rift valley, are as yet unknown. 

As increasing amounts of geological and geophysical data are collected, it is 

becoming apparent that the accretionary process at mid-ocean ridges varies temporally and 

spatially along-strike. A model in which the ridge axis is segmented into distinct spreading 

cells, each characterized by varying proportions of active volcanism and tectonism and each 

with an along-axis length of less than about 100 km, now appears to be appropriate [e.g., 

Francheteau and Ballard, 1983; Schouten et al., 1985; Langmuir et al., 1986; Macdonald, 

1986; Kong et al., 1988; Sempere et al., 1989]. Each segment is bounded at its distal ends 

by an along-axis depth maximum and shoals away from the deep toward a local along-axis 

minimum. The model predicts that within a given cell, the region of most recent volcanism 

and hydrothermal activity, and thus elevated isotherms, should be located beneath the local 

depth minimum, and that away from this zone the crust should be cooler and more 

tectonized, and volcanism less voluminous. 
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Bathymetric surveys over large areas of the Mid-Atlantic Ridge have revealed the 

median valley to vary remarkably at all scales in width, depth and roughness. This 

topographic variability is probably an indication that different segments along the ridge 

system are in different stages of volcanic and tectonic evolution. If we are to draw any 

conclusions about accretionary processes at slow-spreading centers we must therefore 

study a number of ridge segments, each of which may characterize an important and 

distinct stage in the transformation of magma into ocean crust. In particular, determination 

of earthquake epicenters, focal depths, and the nature of faulting along several contrasting 

segments of the Mid-Atlantic Ridge can provide important constraints on the thermal and 

mechanical structure of the crust. 

To this end, several microearthquake surveys have been conducted along the MAR 

[Francis and Porter, 1973; Francis eta/., 1977; Lilwall, 1980; Lilwall eta/., 1977, 1978, 

1980; Murray et al., 1984; Toomey eta/., 1985, 1988]. Most however, have lacked a 

large enough network of instruments to constrain hypocenters well. A study of 

microearthquakes beneath the median valley at 23°N using 10 ocean bottom hydrophones 

and seismometers has so far provided the best estimates of focal depth and mechanisms 

[Toomey et al., 1985, 1988]. In the context of the spreading cell model, the survey at 

23°N was carried out within an along-axis deep at the southern distal end of a cell [Kong et 

al., 1988]. The distribution and source mechanisms of microearthquakes implied that no 

magma chamber was present and that the entire crust beneath this portion of the median 

valley had cooled to temperatures within the brittle field of behavior. Such an inference is 

consistent with predictions that the distal end of cells are less likely to experience active 

volcanism. 

In order to investigate further the spreading cell model in the context of a slow

spreading mid-ocean ridge environment, we have collected a microearthquake and seismic 

refraction data set in the vicinity of an active hydrothermal field on the MAR near 26°N 

(Figure 1). In contrast to the magmatically quiescent, cool crust beneath the along-axis 

deep at 23°N, the ridge segment at 26°N is characterized by high-temperature, black-smoker 

chimneys on the eastern inner floor at the along-axis high [Rona, 1985; Rona et al., 1986] 

(Figures 2, 3). The geological framework at 26°N makes this an excellent locale at which 

to study the relationships between volcanism, tectonism, and hydrothermal circulation. 

In this chapter, we present the results of the microearthquake survey. Hypocenters 

for 189 earthquakes are estimated, initially using a one-dimensional (1D) velocity model 

with station corrections, and focal mechanism solutions are constructed for spatially and/or 

temporally clustered events. The effect of lateral heterogeneity on the results is then 

evaluated by comparing these locations and mechanisms with those obtained with a two-
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dimensional (2D) velocity model determined from earthquake and shot travel times. 

Seismic moments, source dimensions, and recurrence rates are also estimated. Finally, 

these observations are compared with results from microearthquake studies at other 

locations along the Mid-Atlantic Ridge. 

BACKGROUND - THE MID-ATLANTIC RIDGE AT 26°N 

A recent Sea Beam survey of the Mid-Atlantic Ridge from 24-31 °N indicates that 

the ridge can be divided into a number of en echelon segments, each 30-50 km in length 

trending -N25°E and separated by 5-25 km wide, non-transform offsets [Sempere et al., 

1989]. Along the ridge from 25°25'N to 26°20'N, three en echelon ridge segments can be 

identified, each varying in width and depth along its strike. The area has experienced a 

number of teleseismically observed earthquakes over the past 25 years, including a swarm 

of five events, located by the International Seismological Centre (ISC) (mb = 4.5- 5.1), 

that occurred while our seismic network was in operation (Chapter 5). These events, two 

of which have centroid moment tensor solutions indicating normal faulting [Dziewonski et 

al., 1986], were located within the median valley -20 km south of the network. 

At 26°N, a considerable quantity of background geological and geophysical data is 

available in the literature from the initial Trans-Atlantic Geotraverse (fAG) Project [Scott et 

al., 1974; Rona et al., 1976, 1986; McGregor et al., 1977; Temple et al., 1979; Jenkins et 

al., 1980; Rona, 1980;], as well as most recently from Sea Beam [Purdy et al., 1989; 

Sempere et al., 1989], magnetic [Tivey et al. , 1989a, b] , geochemical [Shearme et al., 

1983; Thompson et al., 1985, 1988; Lalou et al., 1990], water sample [Klinkhammer et 

al., 1986; Rona and Speer, 1989], and near-bottom camera and submersible investigations 

[Karson and Rona, 1982, 1989; Rona, 1985; Rona et al., 1986; Campbell et al., 1988; 

Eberhart et al., 1988; Zonenshain et al., 1989]. Spreading over the last 10 My has been 

asymmetric, with half-rates of 1.3 cm/yr to the east and 1.1 cm/yr to the west [Lattimore et 

al., 1974; McGregor et al., 1977]. 

The median valley at 26°N has an hourglass shape, narrowing at the along-axis 

bathymetric minimum (26°09'N) with a pronounced widening and deepening of the valley 

to the north and south (Figure 2). The walls of the median valley display a high degree of 

asymmetry, with the gentler-sloping western flank composed of a series of back-tilted (5-

100) fault terraces and steeply-dipping (60°) fault scarps ranging in height from 50 to 200 

m [Zonenshain et al., 1989]. Because the westward transition from inner floor to valley 

wall is gradual at the along-axis high, we define for ease of discussion the boundary 
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between the inner floor and western wall to be the 3.5 km contour by extrapolation from 

the more abrupt transition to the south (25°05 - 07'N, 44°54.5'W). 

In contrast, the much steeper and higher eastern valley wall is characterized by large 

amounts of mass wasting and a steplike ascent upwards with fault scarps and back-tilted 

(up to 30°) terraces hundreds of meters high and wide [Temple et al. , 1979; Karson and 

Rona, 1982, 1989]. The terraces are themselves composed of numerous smaller fault 

blocks. During submersible and near-bottom photographic transects up the eastern wall, 

Zonenshain et al. [1989] documented the exposure of gabbros, vertically-oriented sheeted 

dikes, and horizontally-lying pillow lavas in vertical succession from seafloor depths of 3.0 

to 2.4 km, and with little or no in situ deformation. These workers suggested that large

scale venical uplift was responsible for the topography. No mention however, was made 

of such an exposure of a significant fraction of a crustal section in other studies of the 

eastern wall [e.g., Rona, 1980; Rona et al., 1976]. Historically, the TAG hydrothermal 

field was the term initially applied to the region of the eastern wall adjacent to the along-axis 

high, where low-temperature hydrothermal solutions seep out along linear fault zones 

resulting in the deposition of manganese oxides, enrichment of metals in sediments, and 

anomalies in temperature and 3He in the near bottom waters [Rona, 1980]. Since 1985, the 

TAG hydrothermal field has come to describe the active, high-temperature vent field 

situated in the inner floor-2 km to the east of the neovolcanic zone at the along-axis high 

(Figure 3) [Rona, 1985; Rona et al., 1986]. 

Within the inner floor in the region of the along-axis high, the neovolcanic zone is 

characterized by a series of small volcanic edifices forming a ridge along the axis of the rift 

valley [Zonenshain et a/.,1989], including a 200-m-high elliptical feature at the southern 

end of the along-axis high (Figure 3). We will use the term "volcano" to denote this 

feature; this interpretation is based on the resemblance in height and shape of the edifice 

with seafloor volcanos mapped within the MAR median valley at 23°N [Kong et al., 1988] . 

In the analysis of the microearthquake data to follow and in Chapter 4, we note that this 

axial volcano appears to be significant as marking the southern terminus of along-axis 

variations in structural and tectonic characteristics attributed to the median valley depth 

minimum. 

Near-bottom observations in the high-temperature hydrothermal field document 

massive sulfides and active black-smoker vents (water exit temperatures> 321 °C, 

Campbell et al., 1988) atop the 55-m-high, 250-m-wide inner hydrothermal mound. If the 

mound is composed entirely of hydrothermal precipitates, this volume makes it comparable 

in size (-4 million tons) to the large sulfide ore bodies found sub-aerially, e.g., in Cyprus 

[ Costantinou and Govett, 1973]. An outer mound -580-m wide is composed of fractured 
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basalt talus interspersed with hydrothermal sediments and pillow lavas [Rona et al., 1986]. 

Submersible dives, dredges, and piston coring in the area have been used to document at 

least two prior stages of volcanism and hydrothermal activity, with the most recent basalts 

(1000 - 5000 years old based on the glassy character of the basalts and lack of sediment) 

observed near the base of the hydrothermal mound [Zonenshain et al., 1989]. 

Analysis of sea surface magnetic data show that the area of the high-temperature 

hydrothermal vent field is associated with a magnetic anomaly low (Figure 3) [Rona, 1980; 

McGregor et al., 1977; Tivey et al., 1989a,b]. A three-dimensional inversion of the data 

shows an elongated region of reduced magnetization paralleling the eastern wall at the 

along-axis high [Tivey et al., 1989a,b]. The crustal anomaly has been suggested to result 

from chemical demagnetization caused by the progressive alteration of magnetic minerals 

by hydrothermal fluids, or from thermal demagnetization resulting from slight increases in 

temperature within the magnetic source layer which raise the rock above its Curie point. 

Along with the microearthquake experiment, a 75-km-long refraction line was shot 

along the median valley axis from 25°54'N to 26°28'N. The inversion of the shot and 

earthquake travel time residuals for 2D velocity structure beneath the median valley is 

presented in Chapter 4. Higher velocities are associated with the uppermost 1-2 km of 

crust at the along-axis high than are present in the deeper portions of the median valley, and 

velocities appear to decrease below 3 km depth in the vicinity of the ridge-axis volcano and 

the along-axis high. These observations are interpreted as the seismic expression of a 

cooling magmatic intrusion beneath the along-axis high (Chapter 4). 

SEISMIC NETWORK· EXPERIMENT DESCRIPTION 

During the summer of 1985, prior to the discovery of the active high-temperature 

vent field, a seismic network consisting of seven ocean bottom hydrophones (OBHs) from 

the Woods Hole Oceanographic Institution (WHOI) and three ocean bottom seismometers 

(OBSs) from the Massachusetts Institute of Technology (MIT) was deployed for a three

week period to record earthquake activity at 26°N. The 20 x 10 km network straddled the 

median valley and eastern wall from the along-axis high southward and was configured to 

provide coverage of the known low-temperature hydrothermal field on the eastern wall 

[Rona et al., 1980], as well as the along-axis high at 26° 09'N and the 4500-m bathymetric 

deep to the south. Coverage of the deep was judged important because the majority of 

activity at 23°N was located beneath an equivalent morphological feature [Toomey et al., 

1985, 1988]. 
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The combination of the continuously-recording analog WHOI OBHs [Koelsch and 

Purdy, 1979], which provide complete records of the seismicity over the deployment 

period, with the event-triggered, high dynamic range (108 dB) digital OBSs [Mattaboni and 

Solomon, 1977; Duschenes eta/., 1981] has proven to be very successful in obtaining 

well-resolved hypocentral parameters in a previous experiment [Toomey eta/., 1985, 

1988]. The three orthogonal seismometers (vertical and two horizontals) contained in the 

OBS geophone package permit the identification of S waves which are important in 

reducing the uncertainty in the focal depth [Duschenes et al., 1983]. Because the OBH 

package floats-3m off the bottom, it can be deployed in areas of rugged topography. It is 

able to record impulsive P wave arrivals, but has a smaller total dynamic range (60 dB) 

than the MIT OBS. Both the OBH and OBS records for the July 13, 1985, swarm of 

teleseismically-located earthquakes were saturated beyond the P wave arrival, however. 

During the 23-day deployment, over 1600 distinct events were detected, and over 

400 events were well-recorded by more than 5 instruments (Figure 4). All instruments 

except one OBS recorded data of high quality. Average numbers of events well-recorded 

on the continuously-recording OBHs ranged from 8 to 24 events/day. The OBHs deployed 

within the inner floor (OBHs 1, 2, 3, 6) recorded considerably more activity than the 

OBHs (4, 5, 8) and OBSs (31, 33), which were deployed on the eastern wall (Figures 4, 
5). Typical examples of the high-quality hydrophone and seismometer data are shown in 

Figure 6. We believe this data set to be the largest, well-constrained microearthquake data 

set ever to have been collected on a slow-spreading ridge. By far the most active period 

corresponded to that of the teleseismically-located earthquake swarm (Figure 5, day 19). 

Unfortunately, these data are complicated by noise generated by the coincidental arrival in 

this area of the NOAA research vessel RN Researcher to begin camera and CID work that 

resulted in the discovery of the black-smoker vent field [Rona et al., 1985]. 

INSTRUMENT RELOCATION 

Because lateral trajectories of the free-fall instrument packages are not known, and 

instrument mislocation directly affects the quality of the estimated hypocentral parameters, 

we have used the method of Creager and Dorman [1982], as applied to microearthquake 

networks by Toomey et al. [1985], to relocate our instruments. This technique utilizes 

acoustic ranging of shots to fixed instruments to solve simultaneously for the locations and 

depths of the instruments and the locations of the ranging shots. Initial ranging shot and 

instrument drop locations were given by the GPS navigation system (± 40 m error), and 

instrument depths were read from 12kHz echo-sounding records(± 100m error). A 
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single water layer, with an average sound velocity of 1.5137 km/sec determined from a 

conductivity/temperature/depth cast at 24°N, was assumed. One-way travel times were 

read on the OBHs from a filtered (0.15- 2kHz) and rectified hydrophone channel and on 

the OBSs vertical channel (2 - 50Hz sensitivity). While the arrival times on both 

instruments can be picked to within 10 ms, there is greater uncertainty in identifying the 

correct arrival of the water wave on the OBSs due to interference effects that can occur at 

the seafloor. 

Water wave arrivals with travel times greater than 12 sand five shots having low 

signal-to-noise ratios or suspected phase misidentifications were excluded from this 

analysis. In addition, for the OBSs we have attempted to retain an even azimuthal 

distribution of shots by excluding some data along the N25°E refraction line which arrive 

from only a small range of azimuths. A total of 213 observations ( 154 travel times, 25 

initial shot locations, 9 initial instrument depths) were used to estimate 77 parameters (9 

final instrument locations and depths, 25 final shot locations). A comparison of the least 

squares estimate of x2 with that expected for a system with 136 degrees of freedom 

provided an a posteriori check of the statistical estimates. With the assumption that the 

ranging shot locations and instrument depths were better known than the uncertainty in 

travel times, we obtained a travel time picking error of 15 ms (x2 = 125), consistent with 

our a priori estimate. 

The final locations of the instruments and the shot locations are shown in Figure 2 

and given with their 1-0' formal confidence limits in Table 1. Since most of the instruments 

move laterally only about 150 m from their initial drop positions, we conclude that the 

instrument descent through the water column was nearly vertical. Furthermore, if high

precision navigation (such as GPS) is used during the instrument deployment, then it 

appears that instrument relocation results in little improvement in the locations of shots and 

instruments. The average change in latitude and longitude for the shots was 300m with 1-0' 

errors ranging from 20 - 60 m. For the instruments, the largest change in position ( 450 m) 

corresponded to the northernmost instrument (OBH 4) located on thelastem valley wall. 

This instrument was deployed using Transit satellite navigation, and its drop location could 

be expected to have a larger error. The 1-0' errors in latitude and longitude of the 

instruments ranged from 15 - 30 m with 1-a errors in depth between 8 and 80 m; the root 

mean square (rms) travel time residual was after relocation was 9 ms. 

Most of the uncertainty in instrument position is in the depth of the instrument. 

Comparison of the relocated depths with depths from the Sea Beam bathymetry collected 

over the area [Rona et al., 1986; Sempere et al., 1989], referenced to a 1.5 km/s sounding 

velocity, show an rms difference of 115m and a maximum difference of 380m. Both 
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figures are significantly larger than the formal errors in Table 1. Explanations for this 

discrepancy could be (1) that the steep topography associated with some instrument 

locations results in the underestimation of the true errors, since a small change in position 

corresponds to a large change in depth (for instance, a 1 km shift in longitude would 

correspond to over a 500 m increase in depth for OBS 33); (2) offsets in latitude and/or 

longitude of the Sea Beam map, which result from the merging of several bathymetric data 

sets collected principally by Transit satellite fixes and dead reckoning; although the mean 

lateral shift in swaths was 200m, shifts of up to 1.5 km were used (R. Pockalny, pers. 

comm., 1988); (3) uncertainties in the identification of the water wave arrival on the OBSs 

may have led to inaccuracies in the instrument depth determination; previous experiments 

have observed a consistent bias (locating to deeper depths) when using the ocean bottom 

seismometer vertical channel to read the water wave arrival; ( 4) systematic errors in travel 

times to a particular instrument may be present; and (5) vertical or lateral velocity variations 

in the water column may be present; use instead of the Matthews Tables [1939] sounding 

velocity for 26°N, 45°W shows only a 10 m/s difference in velocity compared with the 

CID estimate from 24°N, a difference which is much smaller than the 60 m/s increase 

required for a 150m increase in depth. Because station delays are determined prior to 

earthquake location, the uncertainty in instrument depths should not affect hypocentral 

locations. 

I 
HYPOCENTRAL LOCATION 

The hypocentral parameters were determined using the HYPO INVERSE computer 

program [Klein, 1978] which solves the non-linear hypocentral estimation problem through 

linear approximation and iteration until convergence. The algorithm performs a singular 

value decomposition of the travel time partial derivative matrix with respect to latitude, 

longitude, depth, and origin time, and then determines the generalized inverse. As a result, 

quantifiable error estirilates that take into account the uncertainties in the travel times can be 

determined from the calculation of the resolution and covariance matrices; parameter 

adjustments in poorly-constrained directions are damped between iterations to prevent 

solutions and errors from becoming unstable. The program assumes a one-dimensional, 

plane-layered velocity structure, and allows for the individual weighting of phases and 

specification of individual trial hypocenters. 
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Arrival Time Data 

Instrument clocks were corrected to Universal Time (UT) with the assumption of 

linear drift rates. Individual clock offsets were less than 0.03 s, with drift rates ranging 

from 0.002- 0.033 s/day. The master clocks of both instrument types were rated relative 

to WWV and found to be stable over the 3-week deployment period. The timing 

incorporated a leap second on July 1, 1985. 

Clear P wave arrival times on the OBHs and OBSs could often be read to within 

0.02 s, and S wave arrivals on the OBSs to within 0.05 s (Figure 6). S waves were read 

from unoriented horizontal seismometers on the OBSs; repicking of the SH phase on the 

transverse horizontal seismometer for 21 events representative of the seismicity over the 

deployment indicates that the average difference between the two picks (SH versus earliest 

S on the two unoriented channels) is about 0.07 s, though differences of up to 0.2 s were 

observed. We will see below that for well-recorded events picking errors of this magnitude 

do not bias the estimate of the hypocenter. Individual phases were assigned relative 

weights of 1, 0.75, 0.50, and 0.25, corresponding to picking errors of < 0.02 s, 0.02-

0.05 s, 0.05- 0.10 s, and 0.10- 0.25 s, respectively. To compensate for the greater 

uncertainty in the S arrival time, but the greater importance of the phase in determining a 

hypocenter, shear arrivals were further down weighted by a factor of 0.75 compared with 

the P arrivals. Arrival times with large residuals (> 0.5 s), presumably associated with an 

incorrect phase identification or a travel path through poorly-constrained portion of the 

velocity model, were not used. The number of arrivals for individual events ranged from 4 

to 11. 

Because the addition of S wave information results in better-constrained 

hypocentral estimates, especially for events outside the network, we investigated whether 

later-arriving phases on the OBHs could be utilized. Initial examination of a number of 

seismograms showed the common presence of a phase arriving at a time consistent with an 

S wave which was converted to a P wave (SP) at the seafloor near the instrument (see 

Figure 6a, OBHs 2-5; Figure 6b, OBHs 4,5). Comparison of predicted S - P travel times 

with the observed SP- P time, however, revealed that this phase does not always arrive at 

the S wave time expected for a constant V rfV s (Figure 7b ). In contrast to the travel time 

residuals (observed minus calculated S - P time) for OBS 31, which are small (0.06 ± 0.09 

s), average residuals using SP phases picked on the OBHs are larger and exhibit much 

scatter, ranging from 0.17 ± 0.16 son OBH 5 to 0.38 ± 0.24 son OBH 1. The larger 

differential travel times for the OBHs could correspond to a converted P waves exiting the 

subsurface at some distance from the instrument and propagating the remaining distance 
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through the water column. The variability in the observed OBH SP- P times (i.e., not a 

linear increase with range) may in part result from a locally heterogeneous velocity structure 

near the seafloor. 

Comparisons with data from other experiments recorded simultaneously by an OBS 

and a hydrophone have also shown that the shear arrival observed on the horizontal could 

not be consistently correlated with the arrival of a phase on the hydrophone channel [e.g., 

Francis et al., 1977; Rowlett and Forsyth, 1984]. We thus conclude that the phase 

observed on the hydrophone does not generally correspond to an S-to-P conversion at the 

seafloor beneath the OBH (though it may in some instances), and consequently that shear 

wave arrivals cannot be confidently picked on the hydrophone with sufficient accuracy to 

warrant their use in hypocentral estimation. 

Station delays were initially calculated by referencing the instrument to a common 

datum of 3.3 km below sea level. The initial delay was taken to be, t = .6.h I v, where 6h is 

the difference between the instrument depth and the reference datum and v is the average P 

wave velocity within the upper crust (6.5 km/s); this term represents the travel time residual 

due to the presence or absence of crustal material between the station and the datum. In 

order to account for crustal heterogeneities beneath the receiver, in addition to uncertainties 

and differences in receiver elevation with respect to the datum, final station corrections are 

detennined iteratively by locating 19 well-recorded events (all with at least oneS time) and 

adjusting the delays until the mean travel time residual for each instrument was close to 

zero. This calculation resulted in an average epicentral shift of 1 km and a 50% reduction 

in the mean travel time residual. Station corrections ranged from -0.08 s to +0.10 s (Figure 

8). The effect of S wave arrival time reading errors (from picking the S phase on the 

transverse horizontal channel as opposed to the earliest S phase on an unoriented horizontal 

seismometer, which arrived on average 0.07 s earlier) on the calculation of station 

corrections was estimated for 21 events, all with at least oneS wave arrival; absolute 

changes in station corrections were no greater than 0.01 s. Generally smaller delays are 

associated with inner floor instruments, implying larger travel times (or lower velocities) 

for paths to stations situated at greater seafloor depths; however, the observed variability 

implies that marked crustal heterogeneity exists. The smallest delays are associated with 

OBHs 2 and 4, which were located within the low magnetization region [Tivey et al., 

1989a] and near the active vent field (OBH 2). 

In computing the covariance matrix, HYPOINVERSE utilizes a user-speeified 

"picking error" which encompasses the total error introduced during the playback and 

picking of phases, correction of clocks toUT, instrument relocation, and station delay 

calculation. On the assumption that errors are uncorrelated, the total estimated error, or 
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"picking error", was 0.05 s. The a posteriori detennination of the mean rms travel time 

residuals for the 105 best-located events (with focal depth resolved) was 0.02 ± 0.01 s. 

This value is much less than the picking error (0.05 s) because of the small number of 

degrees of freedom in many hypocentral estimates and implies that the true errors are 

greater than the formal errors given by HYPOINVERSE. 

One-dimensional Crustal Velocity Structure 

Along the Mid-Atlantic Ridge, only a few refraction studies have been conducted 

within the median valley [Whitmarsh, 1975; Fowler, 1976, 1978; Fowler and Keen, 1979; 

Bunch and Kennett, 1980; Purdy and Detrick, 1986]. In an analysis of travel time 

residuals from refraction lines across the median valley at 37°N, Whitmarsh [1975] found a 

2-3 km wide axial region characterized by anomalously low layer-2 velocities and 

widespread lower velocities in layer 3. From travel time data and waveform modelling of 

additional data, Fowler [1976] proposed that the MAR inner floor at 37°N is characterized 

by a 3-km-thick crust underlain by anomalously low upper mantle velocities, and that the 

crust thickens to 6-7 km within 10 km of the ridge axis. The structure at 45°N obtained 

from synthetic seismogram modelling is similar to that at 37°N, and includes a high velocity 

layer 3B to the west of the ridge axis [Fowler and Keen, 1979] and an anomalously low 

upper mantle velocity at -6 krn depth beneath the axis, with normal mantle evolving within 

a few million years to the east of median valley [Fowler, 1978]. No evidence for a sizeable 

low velocity zone beneath the inner floor was found at 37°N or at 45°N. Bunch and 

Kennett [1980] documented a small velocity inversion (6.8 to 6.6 km/s) at 4 km depth on 

the Reykjanes Ridge at 60°N from the analysis of a reversed refraction line. In the most 

complete and best-constrained median valley seismic study to date, Purdy and Detrick 

[1986] found the structure at 23°N to be homogeneous over tens of kilometers and typical 

of simple, mature ocean crust. They observed no evidence for a magma chamber, but they 

did detect a zone of slightly lower layer-3 velocities beneath the along-axis high, which 

they interpreted as the seismic remnants of the most recent magmatic pulse along the 120-

km-long section of the ridge sampled by the refraction line. 

On the strength of the well-constrained 23°N experiment, we adopted as our 

preferred model a plane-layered compressional velocity structure derived from the Purdy 

and Detrick [1986] results (Figure 9). The use of this 1D structure, which was also used to 

locate microearthquakes at 23°N [Toomey et al., 1985, 1988], facilitates the direct 

comparison of seismicity and tectonism between these studies. It is clear, however, from 

the analysis of the travel time and amplitude data from the refraction line also collected at 
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26°N (Chapter 4) that the crustal structure is not laterally homogeneous. In a later section, 

we evaluate the adequacy of the 1D model, with station corrections, by examining the effect 

of a 20 structure (Figure 9) on the earthquake locations and fault plane solutions. We will 

show that the distribution of epicenters and nature of faulting remain essentially unchanged 

(but the absolute depths are dependent on the velocity model). We will conclude that, for 

well-recorded earthquakes, the 10 model with station corrections can satisfactorily account 

for known lateral heterogeneity. 

In order to constrain the shear wave velocity structure, we have utilized the 

technique of Francis [1976] to examine the average Vp!Vs ratio within the crust. A least 

squares fit to six differentialS- P wave arrival times results in a Vp!Vs ratio of 1.84 ± 
0.07 (Figure 7a); the data sample the crust and upper mantle over a 5 - 40 km range. While 

the ratio is consistent with laboratory results indicating Vp!V8 ratios of 1.81- 1.91 

(Poisson's ratio of 0.28 - 0.31) for crustal layers 2 and 3 [Hyndman, 1979], and within the 

range of values (1.78- 2.08) from previous MAR microearthquake studies [Francis eta/., 

1977; Lilwall et al., 1977, 1978], the ratio at 26°N is not well-constrained and may vary 

laterally and vertically throughout the region. The high V piV s ratio of 2.08 ± 0.10 

determined by Francis eta/. [1977] for 37°N has been attributed to a highly porous upper 

crust (due to high fissure and crack density), and could explain the low layer-2 velocities 

observed by Whitmarsh [1975] in this area. With an increase in pressure these cracks 

close, thereby decreasing the V rfV s ratio to average values ( 1. 73 - 1. 77) found elsewhere 

along the Mid-Atlantic Ridge. 

Starting Trial Parameters 

A standard trial epicenter corresponding to the nearest station, with a trial origin 

time of 2 s prior to the earliest arrival time and an initial focal depth of 5 km beneath the 

datum (3.3 Ian below sea level), was used as the initial solution for HYPO INVERSE. To 

avoid improper convergence of the algorithm on local minima, all events were located using 

starting focal depths of 5, 8 and 10 km and the results were evaluated for consistency. In 

most cases, the hypocenters for one starting depth were within the 95% confidence interval 

of the others. 

For events near or within the network for which solutions did not converge with 

starting depths of 5, 8, and 10 km (a total of 32 events), we fixed the depth at a value 

between 4 and 7 km equal to the average depth of nearby events. Some events northwest 

of the network on the western wall, and northeast of the network on the eastern wall, 

converge to the same solution (within 95% confidence limits) from starting depths of 5 and 
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8 km, but to an erroneously deep solution with a larger rrns residual using a 10 km starting 

depth; for these events, we used the solution with an initial depth of 5 km. Events far to 

the north and south of the network (Figure 10), for which standard trial parameters gave 

solutions showing large negative S wave travel time residuals and near-zero eigenvalues, 

were located with a fixed focal depth of 8 km below the 3.3-km datum and a starting trial 

epicenter for events to the south midway between the ISC locations for the two largest 

teleseismically-determined earthquakes; events associated with the July 13, 1985, swarm 

used a starting location given by the teleseismically-relocated hypocentroid (Chapter 5). 

For events in the median valley to the north, two iterations for location were done, first 

using the standard trial solution and second using the epicenter taken from the previous 

iteration of HYPO INVERSE. 

Solution Quality 

Epicentral and depth resolution has been shown for a network of 3 or 4 stations 

spaced 10 km apart to be best both within and just outside the network [l.ilwa/1 and 

Francis, 1978; Duschenes et al., 1983]. Resolution degrades for events located farther 

than about one focal depth in horizontal range from the nearest recording station. Of a total 

of 189 earthquakes located, 105 were within or sufficiently near the network to allow their 

focal depths to be independently resolved. Figure 11 shows a comparison of the rms travel 

time residuals obtained for a series of locations at fixed depths for events within and far 

outside the network; nns minima are clearly observed for well-recorded events (solid 

symbols and lines), but depth is not resolvable for the earthquake far to the south (open 

symbols and dashed line). 

An estimate of the uncertainties in the earthquake hypocenter can be obtained from 

the calculated hypocenter error ellipsoid. In Table 2, the 1-a vertical error ( erz) represents 

the largest value of the three semi-principal axes when projected onto a vertical line through 

the hypocenter, and the 1-a horizontal error (erh) represents the largest value when the 

error ellipsoid is projected onto a horizontal plane. 95% confidence error estimates were 

calculated by multiplying erh by 2.45 (for a system with 2 degrees of freedom) and erz by 

1.96 (for a system with one degree of freedom). Actual uncertainties may be about twice 

the formal errors since the mean nns travel time residual (0.02 s) for the 105 events with 

good depth resolution is artificially low due to the small number of degrees of freedom in 

many hypocentral estimates, being about one-half the estimated error (0.05 s) in the reading 

of arrival times. Figure 12 shows histograms summarizing the distribution of residuals and 

errors for events with free and fixed focal depths. 
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Dependence on S Wave Time, V p/V s Ratio, and lD Velocity Model 

A subset of 26 microearthquakes with at least oneS wave arrival was used to 

investigate the effect of errors in pickingS arrival times (on an unoriented horizontal 

channel versus on the rotated transverse component) and the dependence of the earthquake 

location of the S wave observation; the events chosen are representative of the seismicity 

during the deployment. As mentioned earlier, repicking of the S wave time after rotation of 

the horizontal seismometers to radial and transverse components revealed up to 0.2 s 

differences between the SH pick and that from the earliest S arrival on an unoriented 

channel. Relocation of the events using the new SH arrival times, with station corrections 

re-estimated beforehand, however, showed only small changes in hypocenter (less than 

350m average change in epicenter and depth, and less than 0.02 s in origin time). These 

hypocentral changes are less than the estimated formal errors (Figure 12). We thus 

conclude that the use of S wave arrival times picked from unoriented horizontal channels on 

the OBSs does not result in biased estimates in hypocenter. 

This subset of 26 earthquakes was also used to detennine the importance of the S 

wave observations for events within and near the network. Hypocenters determined with 

only the P wave data were on average within 400 m in epicenter and depth of the locations 

obtained with both P and S wave observations, implying that good hypocentral estimates of 

well-recorded events can be obtained using only P wave data. These results also suggest 

that an estimate of the error made in picking the S wave on unoriented horizontal 

seismometers can be determined by examining the S wave travel time residual after 

hypocentrallocation. For earthquakes recorded by OBS 31, we find that the residuals for 

events within the inner floor range between 0.04 sand -0.10 s, which is consistent with the 

time difference (mean of -0.07s) in the picks made on the oriented and unoriented 

horizontal channels. 

For 49 well-constrained events, each located with at least one S wave arrival time, 

we also investigated the effect of different 1D velocity structures on the resulting 

hypocenters. The inclusion of S with P arrivals decreases the uncertainty in focal depth but 

has little effect on the hypocenter itself (above). In order to test the influence of the shear 

velocity structure on the resulting locations, we have relocated the events with V rfV s ratios 

of 1. 7 5 and 1.95. The value of the specific ratio results in hypocentral changes that are 

smaller than the 95% error estimates for events within the network; average changes in 

epicenter, depth, and origin time were 1 km, 0.5 km, and 0.11 s, respectively. For events 

outside the array, the primary effect is to move the epicenters farther CVr/Vs = 1.75) or 



67 

closer (V rfV s = 1.95) to the network; the magnitude of the shift increases with the distance 

of the event to the nearest recording station. The maximum change was 3 km for 

earthquakes south of the array. 

The effect of the compressional velocity structure was tested by relocating the 

events using a 1D velocity model determined for the Mid-Atlantic Ridge at 37°N [Fowler, 

1976] and a VrfVs ratio of 1.84; station delays were recalculated before earthquake 

location. This model, which is characterized by a thinner crust and lesser upper mantle 

velocities, results in poorly-resolved focal depths for events outside the network, but for 

events within the network hypocentral changes are less than the 95% confidence estimates 

(average epicenter, depth, and origin time changes of 0.5 km, 0.7 km, and 0.04 s); 

although epicentrallocations were insensitive to which was P wave model was used, 

smaller formal errors in focal depths were obtained using the structure from 23°N. Hence, 

we believe that the hypocentral parameters of the well-recorded events in this study are 

independent of the specific 1D velocity model. 

EPICENTRAL AND FOCAL DEPTH DISTRIBUTION 

Hypocenters for 189 earthquakes (an average of 8.5 earthquakes/day, Figure 13) 

occurring over a 23-day period are shown in Figure 10 and tabulated in Table 2. These 

results show that there was a high level of activity beneath the median valley walls and 

inner floor to the south of the along-axis depth minimum, but that no earthquakes occurred 

immediately beneath the high-temperature hydrothermal field (Figures 3, 14). Figure 15 

reveals that the focal depths of well-resolved events cluster between 3 and 7 krn beneath the 

seafloor, with shallower depths associated with events beneath the along-axis high (Figure 

16). Shear wave arrivals were used to locate 85 of the 189 earthquakes. Well-constrained 

hypocenters located with only P arrival time data have comparable depth distributions and 

rms fits to the data but have slightly larger horizontal and vertical errors (0.89 ± 0.40 krn 

vs. 0.51 ± 0.22 krn, 0.75 ± 0.40 vs 0.50 ± 0.10 km, respectively, Figure 12). The mean 

rms residual for all events was 0.04 ± 0.04 s; for 105 events with focal depth a free 

variable the nns residual was 0.02 ± 0.01 s, and for 84 events with focal depth held fixed 

the rms residual of 0.07 ± 0.05 s (Table 3, Figure 12). Earthquakes (both with free and 

fixed depth) located with S arrivals had a rms residual of 0.05 ± 0.03 s and those located 

with only P arrivals had an rms residual of 0.04 ± 0.05s. The average travel time residual 

to all instruments for all events was 0.01 ± 0.18 s (n=1,111, Figure 12), with the residuals 

for events with good focal depth resolution clustered tightly around zero (0.00 ± 0.06 s, 

n=662). 
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The earthquake activity can be grouped into seven regions (Figure 10): (1) 27 

events occurring beneath the inner floor at the along-axis high (H); (2) 11 events located 

beneath a local elliptical bathymetric high (volcano) at the ridge axis (V); (3) 15 events 

associated with the along-axis inner floor depth maximum (D, seafloor depths > 4.1 km); 

(4) 28 events occurring beneath the steeper eastern valley wall (E); (5) 56 events associated 

with the western inner floor/wall transition zone (W); (6) 15 events located to the south of 

the network in the area of the July 1985 teleseismically observed earthquake swann (S); 

and (7) 18 events located to the north of the network (N). In general, no temporal 

correlation in seismicity was observed, though several swann sets (typically 2-4 events 

within an hour) were located. 

Inner Floor Seismicity 

Microearthquake hypocenters for events occurring beneath the inner floor of the 

median valley, defmed nominally as events within 2-2.5 km of the ridge axis (seafloor 

depths -3.7 km at the along-axis high and depths> 4.1 km to the south, Figure 14), show 

considerable variations in their spatial characters. In general, locatable activity defines an 

approximately linear trend parallel to the N25°E trend of the ridge axis. The variation in 

focal depth along the ridge axis from the seafloor depth minimum southward into the 

deeper portions of the median valley is shown in Figure 17. From this figure, we can see 

that the maximum depths of earthquakes beneath the inner floor appear to progressively 

increase as seafloor depth increases. A series of cross-axis sections at the locations of the 

along-axis high, volcano, and along-axis deep is shown in Figure 18. 

Inner Floor at Along-axis High 

The shallowmost recorded activity occurred beneath the along-axis high region 

(26°09'N) (Figure 17). Focal depths range from 2.2 to 5.8 km below the seafloor (Figure 

16). Well-resolved depths between 2.2 and 3.4 km were obtained for five earthquakes 

(two at 26°09'N, average depth = 2.6 ± 0.5 km; a swann of three to the south at 26°07'N, 

average depth = 3.3 ± 0.2 Ian) using S wave arrival times. No locatable events occurred in 

the immediate vicinity of the high-temperature hydrothermal vent field (Figure 3); the 

closest events were located within the inner floor about 3.5 km to the southwest (July 1, 

2341UT) and about 3 km to the southeast beneath the base of the eastern wall (July 10, 

1325UT), at depths of 5.8 km and 5.2 km, respectively. 86% of the events with good 

depth resolution were located at depths ~ 3.5 km. 
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The profusion of earthquakes located only with P wave arrival times, events 

recorded primarily by only those OBHs located within the median valley, suggests that a 

comparatively large number of small earthquakes characterize the along-axis high area. 

This is also supported by the larger numbers of events that were detected by OBHs 2 and 3 

(1660 events, 74 events/day; 1496 events, 70 events/day, respectively) located atop the 

high than by OBHs 1 and 6 in the deeper portions of the median valley (1187 events, 56 

events/day; 1323 events, 64 events/day, respectively), 

Inner Floor at Ridge Axis Volcano 

A cluster of 11 earthquakes, including a swarm of seven events within 1.5 hours 

(July 10, 0212UT - 0333UT, average depth = 5.5 ± 1.0 Ian}, occurred almost directly 

beneath the ridge-axis volcano (Figures 3). Six of the swarm events (with epicenters< 

1km in horizontal range from OBH 1) have well-resolved focal depths between 5.5 and 5.9 

Ian below the seafloor, and 9 of 10 events (one event was located with a fixed focal depth} 

have depths from 4.8 to 6.7 Ian (Figures 17, 18b). The similarity of the waveforms and S 

- P times of two other events recorded by OBS 33 within the swarm time period, as well as 

a peak in the total number of events recorded per day on OBH 1 (Figure 5, day 15), 

suggest that the located earthquakes are but a small part of the swarm population. 

Inner Floor at Along-axis Deep 

Earthquakes located south of 26°05'N in the along-axis deep define a linear trend 

approximately parallel to the N25°E trend of the median valley (Figure 14). Focal depths 

average 5.4 ± 1.0 Ian, and range from 3.7 to 7.3 Ian below the seafloor (Figures 16, 17, 

18c ). The focal depths for the three shallowest events located farthest to the south (Figure 

17) are not reliable and were excluded from the average estimate because both are located 

outside the network and have spuriously small vertical errors compared with errors for 

closer events. 

Eastern and Western Wall Seismicity 

Considerable activity, defining trends generally parallel to the ridge axis, is 

associated with both median valley walls adjacent to the along-axis high (Figure 14). Focal 

depths range from 3.5 to 6.8 km below the seafloor. 
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Eastern Wall 

Along the eastern wall within the network (Figure 14), the 12 well-constrained 

events adjacent to the along-axis high have focal depths from 4.4 to 6.2 km (Figure 18a, 

b), and two events near OBS 33 (July 10, 1904UT; July 16, 0456UT) have depths of 5.8 

and 6.3 km (Figure 18c ). Earthquake hypocenters do not appear to defme a single fault 

plane with depth. Although significant topographic relief is present so that no one plane

layered strucnrre is adequate, we believe that these events are well-resolved because they 

occurred within the network and appropriate station corrections have been applied. Of the 

10 other earthquakes to the north of the network along the eastern wall, only four have 

depths that can be independently constrained. Changes in the local velocity structure in this 

area outside the network and north of the along-axis high may be the cause of the poor 

resolution of focal depth. 

Western Inner Floor I Wall Transition 

The most active region during the 3-week deployment was on the western portion 

of the inner floor and beneath the adjacent walls. Of the 56 events within this region, good 

focal depth resolution was obtained for 40 earthquakes, including 17 events located with an 

S arrival. Events along the gentler sloping western wall in the along-axis high region were 

primarily located within 5 km of OBH 3 (instrument at high, x= 10 km, Figure 18a), and 

have depths of 3.5 to 5.7 km. Those closer than 3.5 km to the _ridge axis appear to have 

occurred at shallower depths (4.0 ± 0.3 km) than those farther away (4.8 ± 0.4 km) 

(Figure 18a). Three events (July 6, 1029UT; July 7, 1723UT; July 8, 1503UT) were 

located at distances more than 2 km greater than their estimated focal depths, and their 

depths therefore have large uncertainties. 

EARTHQUAKE LOCATION BY RMS GRID SEARCH 

The determination of earthquake locations and the construction of error ellipsoids 

from the rotated covariance matrix in HYPO INVERSE can give misleading results, 

especially with the use of sparse seismic networks in regions with locally heterogeneous 

velocity. In order to investigate whether the non-linearity is severe, we have used an rms 

travel-time-residual, grid-search technique [Rowlett and Forsyth, 1984] to determine 

earthquake hypocenters and nns residual confidence maps showing more realistic patterns 

of the true error volume (Figure 19). Rrns residuals, weighted by the quality of the arrival 
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time readings as used in the HYPOINVERSE locations, are calculated at 1 km intervals in 

latitude and longitude for a 30 x 30 horizontal grid at eight depth levels (1 to 8 km at 1-km 

intervals) using the plane-layered model adopted in the previous section. Station 

corrections are included to account for station elevation and uncertainties in velocity 

structure and travel times. The best estimate of the hypocenter corresponds to the location 

of the smallest nns travel time residual in the grid volume. 

Comparison of hypocentral parameters estimated by the inversion of the travel time 

data, with those determined by the rms grid-search method show that most epicenters and 

depths differ by less than the grid spacing (1.1 ± 0.8 km and 0.7 ± 0.6 km respectively, 

Figure 20). Figure 19 shows an example of the distribution of rms residuals for two 

earthquakes using first the observed arrival time data and then noise-free, synthetic data 

calculated by assuming the HYPO INVERSE hypocenter. The virtually identical locations 

of the rms mini~ as well as the general agreement between the orientations of the residual 

contours and the HYPOINVERSE error elipse, demonstrate that the two methods are 

providing equally acceptable solutions. Because the network is fairly regular in instrument 

spacing, and iteratively-estimated station corrections have been used to account for travel 

time anomalies beneath the instruments, we conclude that problems with non-linearity in 

the estimation of realistic error ellipses appear to be negligible. 

Location uncertainties can be estimated by considering confidence contours of the 

rms residual, though the statistically-estimated level of confidence lacks a true physical 

correspondence [Rowlett and Forsyth, 1984]. The residual associated with the 'Y% contour 

can be written as 

where RM1N is the minimum weighted rms residual within the grid, N is the number of free 

parameters, M is the number of observations, and F follows the F distribution. 

Statistically, we can write the expected value for RMIN for N parameters and M 

observations as [(M-N) I N]l/2, but this appears to give 95% confidence contours that are 

too large(± 7 km for R95% = 0.17 s, event June 27, 0758UT in Figure 19) since 

instrument spacing (-5 km) would be less than the estimated error. We therefore take RMIN 

to be the minimum calculated rms residual from the forward modelling when we compute 

the estimated error in the hypocenter. 

The use of a probability representation of the error has the advantage of permitting 

both the seismicity and associated error to be quantitatively described by a single parameter 
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[Rowlett and Forsyth, 1984; Cessaro and Hussong, 1986]. By simply assigning a 

probability of occurrence per unit area, based on the 50% and 95% confidence levels for 

the rms residual (0, 0.50, or 0.95 depending on whether the grid space lies outside, or 

within the 50% or 95% contour), and then summing over all grid squares, we can 

graphically contour the level of seismicity taking into account the magnitude of error 

associated with the travel time data, station geometry, and crustal structure. Figure 21 

shows the epicentral distribution for our experiment calculated for a fixed focal depth of 5 

km using only events with more than 5 observations. The contours represent values of the 

summed probability for each non-zero grid square normalized by the total probability for 

the area. A comparison with the distribution of grid search and HYPOINVERSE 

epicenters shows that values of the summed probability> 7.4, describing regions with 

0.05 events/km2, correspond to regions with well-resolved hypocenters or high levels of 

activity, and conversely, areas with values between 2 (0.01 events/km2) and 7.4 are 

regions in which a lower level of seismicity is present, or resolution of hypocentral 

parameters is poor. 

EFFECT OF CRUSTAL HETEROGENEITY ON HYPOCENTERS 

In order to assess the adequacy of using a 1D velocity model with iteratively

determined station corrections to estimate hypocenters, we have relocated all well-resolved 

earthquakes using a 2D velocity structure derived in Chapter 4. Our primary goal is to 

evaluate whether the patterns of seismicity during the experiment, particularly the 

apparently shallower focal depths beneath the along-axis high and the lack of recorded 

earthquakes beneath the hydrothermal field, are robust with respect to uncertainties in 

crustal structure. 

The model we use is derived from the tomographic inversion of travel time 

residuals from 32 shots and 57 earthquakes to seven instruments and encompasses the 

median valley from the along-axis high southward to the deep (Chapter 4). Velocity is 

parameterized at three nodal columns along axis (high, volcano, deep); in each column 

velocity is specified at depths of 0, 1, 3, and 5 km below a 3.6 km datum. The major 

features of this model (Figures 9, 22) are (1) significantly higher velocities within the 

shallowmost crust beneath the volcano and along-axis high region than beneath the deep, 

where low seafloor velocities characteristic of young oceanic crust are observed; (2) a 

decrease in velocity by more than 1.5 km/s from 3 to 5 km depth beneath the ridge-axis 

volcano; and (3) a complete crustal section (including a Moho) constrained only for the 

crust beneath the deep, where a crustal thickness of - 5 km is observed. Because some 
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events occur at depths greater than 5 km beneath the inner floor high and valley walls 

where velocities are unconstrained, we consider two simple models: one in which 

velocities in the halfspace below 5 km jump discontinuously to 8.33 km/s beneath the 

volcano and high (model A), and a second in which velocities at 5 km are extended to depth 

(model B). Hypocenters located with these models should thus represent the two extremes 

of mislocation since we expect that velocities likely increase with depth below the volcano 

and high, but a step increase to mantle velocities is not probable. Use of model A results 

in minimum and model B in maximum changes in focal depth, or later and earlier origin 

times, respectively, for events greater than 5 km in depth. In addition, we assume that the 

median valley velocity structure extends beneath the eastern wall. Errors in the travel times 

and hypocenters of this approximation, which we know to be untrue from the comparison 

of P wave travel times from shots to instruments in the median valley and atop the eastern 

wall, are minor since typically only one or two arrival times are affected for the median 

valley events (our primary focus), and the travel time increase is probably at most only 

-o.2 s for ranges up to 15 km (Chapter 4); relocation of several earthquakes in which P 

wave travel times to OBH 5 and OBS 31, located on the crest of the wall furthest from the 

ridge axis, are increased 0.2 s (0.35 for S wave times) results in epicentral and depth 

changes ( < 1 km) that are within the 95% confidence limits of the hypocenters obtained 

with models A and B. 

The method we use to invert the P and S wave travel times for hypocenter employs 

a generalized inverse method and involves the singular value decomposition of the 

hypocentral partial derivative matrix. The program utilizes an algorithm and weighting 

scheme similar to that of HYPO INVERSE. Quantitative estimates of the solution quality 

are obtained from the covariance matrix, and the simplified horizontal (erh) and vertical 

(erz) errors, as defmed by HYPO INVERSE, are determined so that results are directly 

comparable. Travel times were calculated using a computationally-efficient, approximate 

ray tracer [Thurber, 1981] for a velocity structure parameterized by a set of grid points 

arbitrarily spaced in the x, y, and z directions; the velocity at any point along the ray path is 

determined by the linear average of the eight surrounding nodes weighted by the point's 

proximity to the node. S wave travel times were calculated using a V rfV s ratio of 1.84, as 

determined earlier. Station corrections were not used since travel times are computed with 

respect to the instrument's elevation above the datum and for a laterally-varying structure. 

The changes in epicenter and depth upon relocation of the 105 earthquakes with 

good focal depth resolution using the 2D structure are shown for models A and B in 

Figures 23 and 24. In general, the patterns of seismicity remain unaltered, implying that a 

one-dimensional structure which includes station corrections provides an adequate measure 
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of the hypocentral distribution of well-recorded earthquakes at 26°N. Figures 23 and 24 

show that the seismicity can still be characterized according to source location (as was done 

in Figures 10, 16, 17, and 18). Most importantly, from the examination of the along-axis 

depth distribution (Figure 24, top panels), we conclude that the obsetvation of an increase 

in maximum focal depth with the deepening and widening of the median valley is 

independent of the assumed structure, and from Figure 23 that the crust in the immediate 

vicinity of the hydrothermal area remains free of activity. Note also that although these 

general patterns of seismicity are robust, the absolute depths of the events are dependent on 

the structure. Variations in structure with distance from the ridge axis, which are not 

accounted for by the 2D along-axis model, result in hypocentral biases for events on the 

periphery of the network and beneath the eastern wall. A consistent translation in 

hypocenters can be expected for events on the periphery of the network since azimuthal 

coverage is incomplete. Because the 2D model contains regions of higher velocities than 

the 1D structure, the translation of events beneath the western median valley is toward the 

network. Well-recorded events beneath the eastern wall are also translated eastward toward 

the wall-deployed instruments. This shift is likely not real, but arises because the true 

crustal velocities (as suggested by the travel times from shots to instruments on the wall, 

Chapter 4, and those used in the 1D model) are lower than those used in this 2D model. 

The average change in epicenter and focal depth using models A and B was 1. 7 ± 
1.0 km and 1.6 ± 0.7 km (both eastward), and 0.1 ± 1.1 km (shallower) and -1.21 ± 1.6 

km (deeper), respectively (Table 3). These changes are comparable to the 95% confidence 

errors in horizontal and vertical position from the solutions obtained with the 1D model. 

The average change in origin time was 0.2 ± 0.2 s (earlier) and 0.0 ± 0.2 s using models A 

and B, respectively. Since most of the events are located within the upper 5 km of crust, 

hypocenters using models A and B are determined by the same crustal structure (generally 

higher velocity than that at 23°N, Figure 9) and result in increases in focal depth (with 

origin time unchanged, model B) or earlier origin times (with depth unchanged, model A). 

For earthquakes below 5 km, simple calculations show the percentage of travel time 

contributed by rays travelling within the half-space to be small (10-20% for a 6-km deep 

event 12 km from the receiver). The hypocentral differences illustrate the tradeoff between 

origin time and focal depth implicit in the algorithm for locating earthquakes; in our 

experiment, a 0.2-s change in origin time maps into a 1.2 km change in focal depth. 

Closer examination of the median valley hypocentral distribution reveals that the 

largest changes in earthquake depth occur beneath the along-axis deep (1.6- 1.8 km deeper 

for the 2D models, Table 4, Figure 24); in this region, velocities are greater than those 

assumed in the 1D model. Overall, the cluster beneath the ridge axis volcano remains, but 
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it moves -1 km to the east and -500 m deeper (using model B. Figure 24b). Events near 

the western inner floor-wall transition show the largest change in epicenter, a 2-km eastern 

shift toward the network and inner floor (Figures 23, 24). Events beneath the eastern wall 

move upward (Figure 24a, model A). which is opposite in sense to all other focal depth 

changes. These observations result from our assumption that velocities within the inner 

floor extend indefinitely off axis. which is not likely since travel times from shots within 

the inner floor to instruments on the wall show measurable differences (Chapter 4). 

FOCAL MECHANISMS 

Individual and composite double-couple focal mechanisms were constructed from 

impulsive first motion observations of well-recorded events. The polarities of the OBHs 

and the vertical components of the OBSs were determined from the water wave arrivals of 

the closest ranging shots to the instruments. For OBH 5 and 8, both located on the valley 

walls, the impulsive high-amplitude first motion water arrivals from shots centered within 

the median valley were used since arrivals from the closest ranges shot "downslope" to the 

instrument appeared to be contaminated by refracted energy. The angles of emergence and 

azimuths from the source to the receivers determined by HYPOINVERSE were used to plot 

the first motions on an equal-area projection of the lower focal hemisphere. Orthogonal 

fault planes were determined by fmding the best fitting set of nodal planes, judged visually. 

which maximized the placement of small amplitude arrivals ("x" symbol in focal sphere 

plots) near nodal planes and impulsive first motions centrally within compressional and 

dilatational quadrants. Figure 25 shows the locations of events used in the construction of 

selected composite fault plane solutions for the inner floor and flanking walls (Figures 26-

31 ); Table 5 gives the event times and nodal plane orientations for the composite 

mechanisms. 

Figure 32 summarizes the diversity of fault mechanisms derived from the 

construction of double-couple fault plane solutions for spatially-clustered events. Beneath 

the inner floor, normal faulting on near-vertical or sub-horizontal planes striking parallel to 

the ridge axis is suggested. In addition, reverse or thrust faulting appears to be associated 

with a swarm of events beneath the axial volcano. A number of inconsistent first motions, 

presumably due to a 90° phase shift at a reflecting boundary within the crust, however, 

attest to the complexity of the inner floor faulting. In a later section, we will demonstrate 

that these fault plane solutions appear to be robust with respect to uncertainties in the 

velocity structure. 
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Inner Floor 

Composite focal mechanisms for three groups of events (Hl, H2, H3) within the 

inner floor near the along-axis high indicate faulting along steeply dipping, or sub

horizontal, planes trending approximately parallel, Nl2°E to N35°E, to the median valley 

(Figure 26). Although most arrivals are dilatations, impulsive dilatational first motions 

located centrally on the focal sphere (see for example H2, OBHs 2 and 3), coupled with 

compressional arrivals at the periphery, suggest that a near-vertical and sub-horizontal set 

of focal planes is appropriate. Later analysis of the effects on the takeoff angle and azimuth 

of a two-dimensional structure shows that the nodal plane orientations are reasonably well

constrained with respect to variations in structure. 

Focal mechanism solutions for eight events beneath the volcano can be divided into 

two groups, with the difference resulting from a phase reversal for arrivals at OBH 2, 

situated near the active, high-temperature hydrothermal vents (Figure 27). Compressional 

arrivals at OBH 1 rule out normal faulting mechanisms. Four events can be flt with a 

reverse faulting mechanism (Vl), with planes trending N28°E, parallel to the ridge. In 

constrast, because arrivals to OBH 2 are dilatational instead of compressional, we cannot flt 

any double couple mechanism to the other four events (V2). However, if we ignore the 

OBH 2 observations, two of which have small amplitude fust motions, then the same 

thrust mechanism can be flt to these events. 

In the along-axis deep, although good azimuthal coverage exists, there is 

uncertainty as to whether reverse faulting or normal faulting on either near-vertical or sub

horizontal planes characterizes the region (Figure 28, Dl, D2). Compressional arrivals at 

OBHs 1 and 6 preclude a conventional normal faulting mechanism. Construction of 

composite and single event mechanisms for other events in this region also result in non

unique sets of nodal planes. Consideration of ray incidence angles using a heterogeneous 

velocity structure (below) does not resolve the ambiguity in the faulting mechanism. 

Eastern and Western Valley Walls 

Two composite focal mechanism solutions (Figure 29, El, E2) are consistent with 

normal faulting beneath the eastern valley wall. For three events within 2 km of each other 

at the base of the eastern wall near OBH 2 (depths of 4.5 and 5.2 Ian, E2), the preferred 

mechanism is consistent with normal faulting along a plane dipping -50° towards the valley 

and striking N53°E. Similarly, normal faulting along a plane striking N42°E and dipping 

6()0 to the NW characterizes three other events at the base of the eastern wall (Figure 29, 
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El), but a reverse faulting mechanism cannot be excluded by the avialable data. For the 

normal faulting mechanisms, the strikes of both sets of focal planes are subparallel to the 

local trend of the eastern wall. 

First motion observations for earthquakes beneath the western portions of the inner 

floor and adjacent wall near the along-axis high are consistent with normal faulting (Figure 

30). The profusion of consistent, unambiguous first motion data suggests a common 

mechanism for large subsets of the events from this area (Wl). On the western portion of 

the inner floor along-axis high, two sets of fault planes can be fit equally well to the first 

motion observations (W2, W3). The north-south striking planes, rather that those trending 

northwest-southeast, are preferred because of their consistency with the trend of the 

seismicity. For all three composite mechanisms, we suggest that it is the high-angle plane 

dipping toward the axis, rather than the low-angle plane dipping away, that is the actual 

fault plane for these events. The limited azimuthal coverage and the lack of knowledge 

about the local velocity structure specific to the earthquake source area, however, 

contributes to an uncertainty in the ray takeoff angles, and thus in nodal plane orientations, 

that is larger than for events within the network. 

The close similarities in the first motion data for earthquakes at the western 

wall/inner floor transition zone (Figure 30, Wl, and possibly W2 and W3) with fault plane 

solutions for inner floor events at the along-axis high (Figure 26, Hl, H2, H3) suggests a 

consistent faulting mechanism (normal faulting along planes dipping steeply toward the 

valley) for earthquakes beneath the median valley in the along-axis high region. In 

contrast, normal faulting along moderately dipping planes striking N500E (Figure 31, WD) 

is suggested by a composite solution for three events at the base of the western valley wall 

in the region of the along-axis depth maximum (26°04'N, 44°54W). 

EFFECT OF CRUSTAL HETEROGENEITY ON FOCAL MECHANISMS 

To evaluate the effect of earthquake mislocation on the focal mechanism solutions 

for the major groups of activity, we have determined changes in the positions of first 

motion observations on the focal sphere when the earthquakes are relocated with 2D 

models A and B. Note that our test models represent extremes bracketing the probable 

structure at depths greater than 5 km, and thus the probable magnitude and sense of change 

lies somewhere between those obtained with these models. In addition, in order to evaluate 

more easily the robustness of each fault plane solution, we have also plotted along with the 

relocated data the preferred set of nodal planes determined from the locations and ray 

parameters obtained with the lD structure. 
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The reanalysis of the first motion data with a 2D structure results in no major 

changes in the nature of faulting (Figures 33-37). The eastward and downward 

translations of the hypocenters do cause the first motion observations to move to the east 

and toward the center of the focal sphere, resulting in most cases only in changes in fault 

dip (~ 20°), but the type of faulting (normal, reverse) appears robust because the locations 

of diagnostic first motion observations (dilatational or compressional first arrivals to 

instruments located above the sources) do not change substantially. 

Examination of Figures 33-37 reveals that no change in either the type of double

couple mechanism or in the orientations of the nodal planes is required for first motion data 

mapped onto the focal sphere with 2D model A (8.33 km/s velocity within the halfspace 

below 5 km). This is because the changes in focal depth (Figure 24a), which influence the 

steepness of the ray takeoff angle from the source, are small. Although the mapping of 

first motion data from earthquakes beneath the western median valley and walls to OBHs 1, 

2, and 3 show translations of up to 30° to the southeast (Figures 33, 37), the sense of 

movement serves only to confirm that the mechanisms are characterized by normal faulting 

(dilatational arrivals are now more centrally located within the focal sphere). 

First motion observations for earthquakes located with 2D model B, characterized 

by slower velocities beneath the volcano and high at depths of 5 km and greater, show 

larger changes in their mapped positions due to the greater focal depths (Figure 24b ), but 

these changes are still not sufficient to alter the type of faulting inferred from the solutions 

obtained with the 1D model. A shoaling in the dip of the high-angle nodal planes by -zoo 
for mechanisms beneath the along-axis high (Figure 33) and ridge-axis volcano (Figure 34) 

is suggested, however, because of the eastward movement of the epicenters. 

To summarize, in general we find that faulting beneath the along-axis high is 

characterized by normal faulting along near-vertical, or sub-horizontal, planes striking 

parallel to the ridge (Figure 33). Reverse or thrust faulting remains associated with the 

swarm of events beneath the volcano, since compressional arrivals at OBH 1 move 

insignificantly (Figure 34); a mechanism constructed using model B requires changes in 

fault plane dip by -zoo. The type of faulting describing activity beneath the inner floor deep 

remains ambiguous, although a compressional arrival at OBH 1 continues to rule out 

normal faulting along moderately dipping planes (Figure 35); the larger uncertainties in the 

hypocentral estimates (larger and more variable changes in hypocenter are seen upon 

relocation, Figures 23, 24, Table 4) result in a number of inconsistent first motions, and as 

a consequence we cannot confidently fit a pair of orthogonal nodal planes to the data. 

Faulting beneath the eastern wall is also still consistent with normal faulting (Figure 

36), but the orientations of the nodal planes are not well-constrained because only one set 
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of compressional arrivals is observ~ (OBH 5). On the basis of the consistency among 

composite mechanisms constructed for events beneath the eastern wall, we believe that 

normal faulting characterizes this region. However, we note that these solutions lack the 

conclusive evidence (clear dilatational arrivals located centrally within the f~'\l sphere) to 

establish this inference finnly. 

Although the events beneath the western wall I inner floor transition lie outside the 

network, and are thus susceptible to location biases resulting from the limited azimuthal 

range of the arrival time data, the observation of dilatational arrivals near the center of the 

focal sphere (OBHs 1, 2, 3 in Figure 37a; OBH 3 in Figure 37b) strongly suggests normal 

faulting beneath this region. However, the orientations of the nodal planes for mechanisms 

W2 (and also W3) remain uncertain. The similarity in mechansims for events in Figure 37 

with those characterizing the inner floor (Figure 33) suggests that all of these events reflect 

normal faulting along relatively high-angle inward-facing, or near-horizontal outward

facing, planes. The first motion data using model A (Figure 37a) can be better fit with a 

high-angle nodal plane that dips less steeply by perhaps 10°. 

EARTHQUAKE SOURCE PARAMETERS 

Estimates of the seismic moment Mo. source radius r, average fault slip u, and 

average stress drop llcr, using the seismic source theory of Brune [1970, 1971] were 

calculated from the low-frequency spectral level 0o and comer frequency f0 read from OBS 

and OBH amplitude spectra. Hanks and Wyss [1972] have shown in a comparison of 

source parameters determined from teleseismic P and S wave data and field observations 

that the Brune model spectra can be used to obtain reliable estimates for these quantities 

from P waveforms. b-values describing the size distribution of microearthquakes were 

determined from the seismic moments of well-constrained events within or near the 

network. 

Low-frequency Spectral Level and Corner Frequency 

Displacement spectra for P and S waves recorded on the vertical seismometer by 

OBSs 31 and 33, both of which showed good coupling characteristics to the seafloor, were 

calculated by correcting for instrument response and waveform attenuation following Trehu 

and Solomon [1983]. Computation of OBH water displacement spectra, accomplished by 

correcting for instrument response and attenuation and assuming P waves incident as plane 

waves at the seafloor, followed Toomey et al. [1988]. The P and S spectra were calculated 
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using 1- and 2-s time windows starting at 0.1 and 0.2 s before the phase arrival time, 

respectively. No dependence of f0 on slant range from the source to receiver, and no 

difference between estimates from P and S waveforms, was observed, suggesting that the 

assumption of a constant attenuation factor (Qp = Qs = 500) is adequate. To minimize the 

Q uncertainty however, we picked f0 only on the instrument closest to the source (OBHs 1, 

2, or 6), since the high-frequency content is maximized for closer instruments. An 

example of the amplitude spectrum for an event recorded by OBH 2, along with the no and 

f0 estimates, is shown in Figure 38. Average no values could usually be picked to within a 

factor of 2 to 3 for the 26°N data. The far-field displacement spectra show properties 

typically predicted by earthquake rupture models [e.g., Aid, 1966; Haskell, 1969; Brune, 

1970], with amplitudes which are constant at low frequencies(< f0 ) and decay at f-2 at 

higher frequencies (> f0 ); f0 was picked as the frequency corresponding to the intersection 

of the no level and the line with a slope of f-2 at higher frequencies. 

events within the network was observed. 

Seismic Moments 

In order to investigate possible correlations with earthquake location (high, deep, 

volcano, valley walls) and/or instrument, and to obtain the best estimate, through 

averaging, of the earthquake size for each event, we examined spectra for all earthquakes 

recorded on OBHs 1, 2, and 6, and for all earthquakes located with an S arrival recorded 

on OBHs 3 and 5, in addition toP and S spectra on OBSs 31 and 33. This resulted in a 

very large data set (492 Mo estimates) describing 170 earthquakes. 

Seismic moments were calculated from the formula [Brune, 1970, 1971] 

where p and V are the density and wave velocity at the source, respectively, xis the 

distance from the source to the receiver, and no is the low frequency spectral amplitude. 

The quantities p and V were taken to be average values for density (2.9) and velocity (V p = 

6.5 krn/s, Vp!Vs = 1.84) within the crust. K, a correction factor for the interaction of a 

plane wave at the seafloor [Ergin, 1952], was calculated for a typical range of incidence 

angles (20° to 30°) using plausible velocities and densities logged from ODP Leg 106 and 

109 drill cores at 23°N [Shipboard Scientific Party, 1988], and taken to be 1.6 and 0.8 for 

P and S waves, respectively. R is the radiation pattern correction factor, varying from 0 to 
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1, for an observation on a given instrument assuming a double-couple fault mechanism 

[Aki and Richards, 1980]. Because of_ the uncertainty in the precise orientations of the 

nodal planes, we used general mechanisms which describe the nature of faulting associated 

with each epicenter (normal or reverse faulting on steeply dipping (o = 70°) or moderately 

dipping (0 = 50°) planes); the strike is constrained to be N25°E, parallel to the median 

valley. Exceptions were events to the south of the array, which were assigned a normal 

faulting mechanism ($8 = N01 °E, o = 46°, and A.= 248°) based on the Harvard moment 

tensor solution for the large earthquake at 1854UT on July 13, 1985 [Dziewonski eta/., 

1986]; no correction (R = 1) was made for events to the north of the network since their 

locations and mechanisms are poorly constrained, resulting in a minimum estimate of Mo. 
Moments were not estimated from near-nodal records (R S 0.05). 

In order to arrive at an objective estimate of the size of an event, especially in an 

area of crustal heterogeneity, we calculate an average value for Mo. weighted by the quality 

of the no estimate; weights of 1, 0.5, and 0.33, corresponding to reading errors of 0.2, 

0.5, and 1.0 log units, respectively, were assigned to each 0 0 pick. The number of data 

for a single event ranged from 1 to 9. Although a few estimates for a single event differ by 

more than a factor of 10, probably due to incorrect radiation pattern corrections, most Mo 
estimates are within a factor of 3 to 5 of each other (Figure 39). Comparison of Mo 
estimates using different instruments revealed no correlation with receiver, suggesting that 

the best objective estimate of Mo is obtained by taking an average. 

Moments for 170 earthquakes ranged from 4 x 10 17 to 6 x 10 22 dyn em, with 

75% of the earthquakes between 2 x 10 18 and 6 x 10 19 dyn em (Figure 40a, Table 6). 

Examination of the earthquake size distribution by location (Figure 40b) showed that the 

largest events were those to the south of the network, associated with the July 13, 1985, 

teleseismically-recorded earthquake swarm. The figure also shows that moments for 

earthquakes recorded only by the OBHs (P wave times only), of which the majority 

occurred beneath the along-axis high and western wall (see also seismicity in Figures 3 and 

14), to be generally smaller than those events recorded by OBS 31 atop of the eastern wall. 

Comparison reveals also that no significant correlation of Mo with source location for 

events within the network was observed. 

Source Dimension, Fault Slip, and Stress Drop 

Using the Brune model we estimated a source dimension by calculating the radius 

of an equivalent circular source from the formula 
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r=d 
~ 

where Vis the P wave velocity at the source, f0 is the comer frequency, and cis a constant 

equal to about 0.2 [Sato and Hirasawa, 1973]. 

Several other source parameters were calculated from the estimates of Mo and r. 

Brune [1970, 1971] derived the expression for the average stress drop ~a to be 

Also, Mo can be related to the average slip across a fault by 

Mo u=-
j.JA 

where Jl is the shear modulus, and A is the fault area [Keilis-Borok, 1959; Aki, 1966], 

here taken to be m2. 

Source dimensions, stress drops, and fault slip magnitudes for 27 well-constrained 

events (for which confident estimates of f0 could be obtained) that were used in the 

construction of focal mechansims (events in Figures 26-31), ranged from 0.1 - 0.3 km, 0.1 

- 5 bar, and 0.02 - 0.4 mrn, respectively (fable 6). Events beneath the inner floor at the 

along-axis high and the western inner floor/wall transition tended to have smaller moments 

(average 9.6 x 10 18 dyn em) and were characterized by smaller stress drops(< 2 bar) and 

fault displacements ( < 0.2 mrn) than were calculated for events beneath and near the 

volcano, along-axis deep, and eastern wall (average 8.6 x 1019 dyn em). 

b-values 

The distribution of events by seismic moment is shown by plotting the logarithmic 

cumulative number N of earthquakes greater than Mo versus Mo for 136 earthquakes 

located within or near the network. The slope of a linear fit to the data then yields the so

called "b-value," described by the relation log N(Mo) = a - bMo. Higher b-values indicate 

larger numbers of small events and fewer large ones; studies have suggested that high b

values describe volcanic environments where small earthquakes may accompany the 

injection of magma or result from thermal-contraction-induced cracking of a cooling 

intrusion [Minakami, 1960; Scholz, 1968; Wyss, 1973; Brandsdottir and Einarsson, 1979; 
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Foulger and Long, 1984]. For events within or near the network with M 0 ~ 1Ql8.5 (so as 

to avoid a bias resulting from incomplete sampling of small earthquakes), linear regression 

gives a b-value of 1.02 ± 0.08 (Figure 4la). Closer examination of b-values associated 

with earthquakes in particular source regions indicates, however, a variation ranging from 

0.6 to 1.5 (Figure 41 b). Earthquakes beneath the inner floor depth minimum and adjacent 

walls appear to be associated with higher b-values (H: 1.1 ± 0.1, n = 27; W: 1.5 ± 0.1, n = 

54; E: 1.2 ± 0.1, n = 28) than events beneath the deeper portions of the inner floor to the 

south (V: 0.9 ± 0.1, n = 11; D: 0.6 ± 0.1, n = 15). We believe the effect of earthquake 

mislocation on Mo and b is likely to be minor overall because most events with measured 

moments occurred within or near the network. Since a 1 km change in epicenter and focal 

depth (such as might occur using the model B structure) results in a consistent increase in 

Mo (on average by a factor of 3 to 4), which is within the estimated error, we believe the b

values estimated with the 1D model to be insensitive to earthquake mislocation. 

DISCUSSION 

The distribution of hypocenters and the diversity of fault types associated with 

earthquakes beneath the inner floor and walls suggest a spatially variable tectonic state for 

the ridge segment at 26°N. These variations are presumably a signature of the depth region 

over which brittle failure occurs and are a consequence of along-axis changes in the thermal 

structure and state of stress. In the following discussion we compare the observations 

26°N with results of other microearthquake studies and attempt to place the seismic 

observations in the context of a kinematic spreading cell model describing accretionary 

variations in the vicinity of a ridge-crest hydrothermal field. 

Fault Geometry 

The observation of source mechanisms suggesting high-angle or sub-horizontal 

faulting beneath the inner floor high at 26°N (Figure 32), as well as at 35°N [Murray et al., 

1984] and 45°N [Ulwall, 1980], implies that the geometry of faulting beneath portions of 

the inner floor may be fundamentally different from that which describes earthquake 

activity a few kilometers off-axis. Although normal faulting associated with the valley 

walls may be responsible for the rift flank topography, microearthquakes within the inner 

floor, especially beneath the along-axis high, may in contrast result from other processes, 

including thermal stresses induced by the cooling of hot rock, or hydraulic fracture 

(cracking) resulting from hydrothermal circulation or magma migration. The presence of an 
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active high-temperature hydrothermal field strongly suggests that thermal stresses may be 

important, especially in the region of the along-axis high. The observation of dilatational, 

rather than compressive first motions (which would .be expected for an expanding fluid

filled crack, Chouet and Julian, 1985), to instruments atop the high suggests that fracture 

induced by the recent intrusion of a sizeable magma body is unlikely, and the propagation 

of shear waves across the median valley (e.g., Figure 42) also appears to preclude the 

existence of a large zone of molten material. 

When interpreted together with normal faulting at more conventional dip angles 

beneath the eastern wall, near-horizontal fault planes beneath the central inner floor might 

suggest listric faulting along fault planes which become less steep toward the ridge axis (to 

the west). The presence of a shallow heat source, whose roof lies sub-parallel to the 

seafloor, may produce horizontal slip near the brittle-ductile transition [Byerlee, 1968]. 

Alternatively, an interpretation of the mechanisms in terms of high-angle normal faulting 

might suggest that faulting beneath the inner walls is at lower dip angles because of 

subsequent rotation of fault blocks away from the axis during extension [Angelier and 

Colletta, 1983]. The observation of back-tilted fault terraces with dip angles of up to 30° 

atop the eastern wall [Karson and Rona, 1982, 1989] is permissive of both interpretations. 

We lack an independent measure to ascertain which of these mechanisms is more likely. 

The reverse fault mechanisms of events beneath the ridge axis volcano at 26°06'N, 

44°51.5W (Figure 32) cannot be explained by extension along the ridge axis. These 

mechanisms and aspects of the distribution of seismic activity, however, can be 

qualitatively explained by the release of thermal stress formed by the juxtaposition of hot 

and cool rock. In Figure 43, we superimpose the seismic structure determined in Chapter 4 

on the along-axis profile of earthquake focal depths. The inferrred low velocity zone 

beneath the volcano and the along-axis high (stippled area in Figure 43), based on the 

seismic observations from this chapter and Chapter 4, is comparitively aseismic but is 

limned by regions of high rates of seismicity. Tensional crack formation resulting from the 

thermal contraction of a cooling intrusive body has been used to explain anomalous focal 

solutions for small magnitude earthquakes beneath the Hengill geothermal field in Iceland 

[Foulger and Long, 1984]. If we assume the most recent intrusion at 26°N occurred 

laterally from the high (rather than by vertical ascent), then the lateral contraction upon 

cooling would lead to tension cracking or normal faulting within the region of greatest 

volume change but would put the overlying and underlying material (e.g., beneath the 

volcano) under horizontal compression, leading to reverse faulting. 

Microearthquake studies of active rifting and eruptive episodes in Iceland [Klein et 

al., 1977, Brandsdottir and Einarsson, 1979], where subaerial mapping of fissures can 
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often be used to infer a preferred fault plane, reveals a hypocentral distribution and range of 

faulting characteristics broadly similar to the results from 26°N. During a deflation episode 

of the Krafla volcano in 1977, Brandsdottir and Einarsson [ 1979] found hypocenters of 

well-resolved events to cluster between 3- and 4-km depth near the top of the inferred 

magma chamber [Einarsson, 1978]; composite fault plane solutions suggested normal or 

reverse faulting along steeply dipping planes with fault plane strikes that were more 

variable than suggested by the trends of surface fissures and faults. In a study of a large 

earthquake swarm along the Reykjanes Peninsula in 1972, Klein et al. [1977] document a 

number of anomalous events near a region of low seismicity characterized by 

nonorthogonal nodal planes. The mechanisms constructed for individual events have 

reduced dilatational quadrants and were located very close to earthquakes described by 

steeply-dipping normal faults, suggesting that either a non-double-couple seismic source 

(such as from dike injection) or small-scale velocity heterogeneities were present The 

conclusions of both studies imply that earthquake swarm activity in association with active 

tectonism and volcanism results in a diversity of faulting types because of the presence of a 

locally variable thermal structure that is superimposed on an extensional environment 

[Mogi, 1963]. By analogy, we note that a similar diversity of faulting types might also be 

expected at 26°N, especially in the vicinity of the hydrothermal field where local variations 

in pore pressure and rock strength are apt to be large. 

Along-strike Variation in Focal Depth 

The apparent deepening of microearthquake hypocenters southward from the along

axis high into the deeper portions of the median valley compares similarly with the depth 

distributions from two well-constrained microearthquake studies which were carried out 

within a morphological along-axis depth maximum (23°N, [Toomey et al., 1985, 1988]) 

and minimum (35.3°N, [Murray et al., 1984]) (Figure 44). Microearthquakes beneath the 

inner floor at 23 °N were in general located between 4 and 8 km below the seafloor and 

were characterized by normal faulting along planes dipping at 300 or more. This region is 

characterized by a velocity structure and crustal thickness typical of normal young ocean 

crust [Purdy and Detrick, 1986] and was interpreted by Toomey et al. [1985, 1988] as a 

volcanically quiescent region that has experienced continuous extension without magmatic 

intrusion for at least 104 years. In addition, b-values for earthquakes beneath the along

axis deep in both this study and at 23°N are comparable (0.6 ± 0.1 and 0.8 ± 0.2, 

respectively). On the basis of the similarity in focal depth distribution, b-values, and 

velocity structure at 23°N with those observed beneath the deeper portions of the median 
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valley at 26°N, we speculate that the crust beneath the inner floor deep at 26°N is presently 

characterized by ongoing extension and lacks recent sizeable intrusions of magma. 

Although two instruments were located less than 10 krn from the along-axis depth 

minimum during the experiment at 23°N, only one poorly-constrained event was located 

there, suggesting a paucity of tectonic faulting beneath the along-axis high region. The 

generally low activity during the experiment was consistent with the interpretation that this 

region represented the locus of the most recent magmatic injection, as suggested by the 

zone of lower layer-3 velocities found by Purdy and Detrick [1986]. From a 

microearthquake survey centered about the inner floor, along-axis high near 35.3°N, 

Murray et al. [1984] suggested a thinner seismogenic zone. The preferred composite fault 

plane solution and hypocentrallocations for a swarm of 11 events at 3-5 Ian depth indicated 

high-angle or very low angle normal faulting, although reverse faulting was possible. Both 

the depth distribution and the type of faulting found at 35°N are similar to the inner floor 

activity observed beneath the along-axis high at 26°N. These results suggest that along

axis highs may be characterized by generally shallower seismic activity than along-axis 

deeps. Such an inference is in accord with generally higher temperatures beneath the axial 

highs. The maximum depth of earthquakes along axis likely marks the transition from 

brittle fracture to more ductile behavior, crust below this zone deforms aseismically at 

temperatures in excess of about 400°C [Chen and Molnar, 1985]. Substantiation of such a 

working hypothesis will require much longer deployments and investigation of a number of 

other ridge segments, however, since microearthquake observations over only a two- to 

three-week period may not characterize the long-term behavior of the ridge. 

In addition, the presence of an active, high-temperature, black-smoker field atop the 

along-axis high at 26°N is an indicator that the thermal structure probably plays a major role 

in determining the spatial distribution of hypocenters and thus the extent of brittle failure. 

Along the faster-spreading East Pacific Rise (EPR), the general aseismicity and the shallow 

depths inferred for the few locatable ridge-axis microearthquakes [Riedesel et al., 1982; 

Lilwall et al., 1981] have been used as evidence supporting the existence of only a thin 

brittle zone overlying the inferred magma chamber. From multichannel seismic profiling 

[Detrick eta/., 1987] and tomographic imaging [Burnett eta/., 1989; Toomey eta/., 1989] 

of a zone of low velocities along the EPR between 9 and 13°N, this lid could be as thin as 

1.5 km. Over a period of 3 weeks, Riedesel et al. [1982] reported the occurrence of only 

11 small earthquakes (Mo-1017 dyn em), with maximum depths of 2-3 km, located in the 

vicinity of the black-smoker field at 21 °N on the EPR. Along the MAR at 26°N, the lack of 

seismic activity beneath the hydrothermal field, and the shallowness of the earthquake 

activity beneath the along-axis high during our experiment, bears some resemblance to the 
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observations on the EPR at 21 °N. We interpret the volume lacking seismic activity beneath 

the hydrothermal field at 26°N as a region of hot, unfractured rock which is predominantly 

solid but may still possess small pockets of melt 

Hydrothermal Circulation at the Along-axis High 

No clear consensus presently exists as to the maximum depth of hydrothermal 

circulation along mid-ocean ridges, or the conduits along which the water travels or the 

efficiency of cooling. The discrepancy between measured values of the conductive heat 

flow at the ridge crest and those predicted by thermal models for the cooling of the oceanic 

lithosphere imply that the contribution of hydrothermal convection to cooling is substantial. 

In a numerical simulation of convective cooling at a slow-spreading ridge environment, 

Fehn and Cathles [1979] found that the presence of high permeability zones, such as 

created by faults and fissures, would greatly increase the rate at which hot rock cools. 

Strens and Cann [1982, 1986] and Lowell and Rona [1985] have modelled the formation 

of large sulfide bodies using upflow and downflow zones of faults and sets of fractures. 

Large metallic sulfide bodies, such as might be found at 26°N [Rona et al., 1986], could 

only be generated by the deep circulation of water through hot rock (not a magma chamber) 

under a favorable geometry of fault-controlled conduits, or by the tapping of additional heat 

from a magma body [Strens and Cann, 1986]. These studies suggest that the intensity of 

high-temperature hydrothermal activity is a function of the ability of seawater to tap the heat 

source beneath the seafloor, and that locations favorable for the efficient penetration of 

water would be along faults. Their inferences are consistent with the occurrence of high

temperature vent fields in conjunction with fissures along the East Pacific Rise [e.g., 

Heldnian et al., 1984; RISE Project Group, 1980] and Mid-Atlantic Ridge [Detrick et al., 

1986]. 

Analysis of oxygen isotope data from the Samail Ophiolite in Oman suggests that 

two hydrothermal convective systems, each independent of the other, must have existed 

during the time of crustal accretion [Gregory and Taylor, 1981 ]. The upper system was 

characterized by high water I rock ratios (i.e., a large amount of water is required to 

produce a given amount of the ol8Q isotope) and operated with open seawater circulation 

within the upper 3 km of the crust over the ridge-axis magma chamber, while the lower one 

developed at the periphery of the chamber interacting with the layered gabbros at depth 

under high temperatures (>400°C) and in a closed system (low water I rock ratios). The 

two systems only come into contact at the edges of the chamber where solidified rock can 

fracture, thereby permitting pathways for the interaction of olSO-depleted, deep water with 
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a18Q-enriched, pillow lava water and formation of the intermediary waters describing the 

mid-level sheeted dikes. The depletion of o18Q in the gabbros relative to a18Q values of 

primary magmas, which can result from high-temperature hydrothermal alteration, 

represents evidence that seawater penetrated to depths greater than 5 km into the 8 km 

crustal section. 

In the context of the high-temperature vent field at 26°N, we suggest that the 

formation of the field near the base of the eastern wall is a direct consequence of water 

movement along fault planes formed by the dip-slip faulting that characterizes 

microearthquake activity beneath the wall (Figure 43b). The normal faults, which strike 

subparallel to the ridge axis and dip at -50° toward the inner floor, provide permeable 

pathways along which heated water (perhaps> 400 oc according to Gregory and Taylor 

[1981]) can return rapidly and efficiently to the surface, where it exits at still high 

temperatures from black-smoker chimneys and fissures. The penetration of water into hot 

rock can result in the substantial extraction of heat since thermal contraction provides an 

efficient mode of tapping the thermal energy from the rock by producing a rapidly 

advancing crack front [Lister, 1977, 1983]. This scenario is essential for the formation of 

high-temperature vent fields, for at slower upflow rates (such as through a randomly

cracked crust), mineral precipitation and clogging of the discharge zone results in lower 

temperature alteration [Sleep, 1983]. The low-temperature hydrothermal activity observed 

on the eastern wall [Rona eta/., 1976] would also be consistent with this scenario since in 

general the discharge zones (faults) on the wall are located farther from the inner floor heat 

source. 

The occurrence of earthquake activity, albeit only two events, at depths> 5 km 

within -3 km of the mapped vent field suggests that faults could extend to these levels and 

thus allow water to penetrate to depths consistent with those inferred from the o18Q values 

of gabbros in the Samail ophiolite [Gregory and Taylor, 1981]. Such a setting for 

hydrothermal activity, in which the major conduits for water flow are along faults, would 

account for the low values of magnetization associated with the crust beneath the eastern 

wall and hydrothermal field (either through the alteration of magnetic minerals upon contact 

with the hot water or by raising the temperature of the source volume above the Curie point 

[150-200 °C, Irving, 1970; Johnson and Atwater, 1977] for remanent magnetization) 

observed by other authors [Rona, 1980; McGregor et al., 1977; Tivey et al., 1989a, b]. 
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The 26°N Spreading Cell 

The variation in focal depth along the axis and the reasonable inference of a heat 

source beneath the along-axis high suggests that the ridge segment at 26°N may, to a first 

approximation, fit the spreading cell model first proposed to describe along-axis variations 

in accretionary processes by Francheteau and Ballard [1983]. This model attempted to 

explain topographic, volcanic, tectonic, and hydrothermal variations in ridge crest 

processes relative to distances from major ridge-axis discontinuities (in the original case, 

transform faults). Based on observations along the East Pacific Rise, Galapagos Spreading 

Center, and Mid-Atlantic Ridge, the authors proposed that the most likely site for the 

presence of an axial magma chamber and the profuse effusion of fluid lavas with a 

minimum of surficial fissures, is at the along-axis topographic high. This high would be 

found at some distance from the cooling effects of transform faults and other 

discontinuities. Where the magma chamber is best developed, isostatic uplift by the 

bouyant magma is the greatest, and the crustal lid is expected to be the thinnest, thus 

resulting in the greater likelihood that water could tap into the heat from the magma 

chamber to form high-temperature, black -smoker vent fields. 

The immense increase in geophysical surveys, principally the collection of high

resolution Sea Beam bathymetry, of the Earth's mid-ocean ridge system over the last 10 

years has resulted in the recognition of shorter-wavelength spatial and temporal variations 

in the volcanic and tectonic morphologies along the ridge axis [e.g., Macdonald et al., 

1984, 1988; Schouten et al., 1985; Langmuir et al., 1986; Kong et al., 1988; Kuo and 

Forsyth, 1988]. Along the slowly-spreading Mid-Atlantic Ridge, a number of recent 

investigations have documented an en echelon segmentation of the ridge into individual 

spreading cells up to 90 km in length from regional geophysical (seismic, magnetic, 

gravity) and morphological (Sea MARC I, Sea Beam) surveys of extended lengths of ridge 

(100- 1000 km) [Purdy and Detrick, 1986; Brown and Karson, 1988; Kong et al., 1988; 

Kuo and Forsyth, 1988; Schulz et al., 1988; Lin et al., 1990; Sempere et al, 1989]. These 

detailed studies have led to only modest changes to the model proposed by Francheteau and 

Ballard [1983]. 

In the current version of the spreading cell model for slow spreading ridges, the 

most likely locale in which to find elevated crustal and/or mantle temperatures is at locally 

high regions of the inner floor. While thermal considerations appear to preclude the steady

state existence of magma chambers at slow spreading rates [Sleep, 1975], several seismic 

studies have found anomalous velocities, possibly related to recent intrusive episodes, 

beneath the along-axis high region of the median valley inner floor [Whitmarsh, 1975; 
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Fowler, 1976; Purdy and Detrick, 1986; Chapter 4] . Gravity studies suggest that mantle 

preferentially upwells in discrete plumes centered within each spreading cell (or that crustal 

thickness decreases significantly from sites of gravity anomaly minima toward the ridge

axis discontinuties) [Kuo and Forsyth, 1988; Lin eta/., 1990]. 

We suggest additionally that the microearthquake evidence, especially when 

integrated with the available geological and geophysical data for 26°N, provide an 

exceptionally detailed documentation of along-axis variations in the accretionary processes 

within a distinct spreading cell along a slow spreading, mid-ocean ridge. With the caveat 

that microearthquake focal depths observed over short time intervals give only an 

instantaneous view of the state of stress, we speculate that the along-axis variation in the 

rriaximum depth extent of microearthquake activity is mapping a brittle/ductile transition 

zone, and that its shallowest point occurs at the along-axis inner floor high. The presence 

of an active high-temperature hydrothermal field, beneath which the crust appears aseismic, 

the finding of lower seismic velocities (Chapter 4), and requirement of a heat source to 

effectively erase the nonnally-polarized crustal magnetization beneath the vent field, are 

consistent with the hypothesis that the along-axis high, situated approximately midway 

between two ridge-axis discontinuties [Sempere et al., 1989], represents the most likely 

site for recent volcanism along this spreading segment. In addition, higher b-values, which 

are often correlated with active volcanic environments [e.g., Minakami, 1960; Brandsdottir 

and Einarsson, 1978], were obtained for earthquakes in this region. Away from the high, 

to the south, earthquake focal depths increase to depths extending to the base of the crust 

We contend, by analogy with the volcanically-quiescent ridge segment centered at 22°45'N 

[Toomey et al., 1988], that this region is characterized primarily by crustal extension 

devoid of significant magmatic activity. 

CONCLUSIONS 

Over a period of 23 days, over 500 events were recorded by a 20 x 10 km network 

of OBHs and OBSs in the median valley of the Mid-Atlantic Ridge at 26°N. Hypocenters 

were determined for 189 earthquakes of that set (for an average of 8.5 earthquakes/day); 

good resolution of focal depth was obtained for 105 of these events. The high seismicity 

level translates to 0.2 events/km2 for a 30 x 20 Ian area centered about the ridge axis. 

Almost all events occurred at depths between 3 and 7 Ian beneath the seafloor (average of 

4.7 ± 1.1 km). Seismic moments ranged from 1017 to 1022 dyn em with 75% of the 

events between 2 x 1018 and 6 x 1019 dyn em. Source radii, stress drops, and fault 

displacements for well-constrained events used in the construction of focal mechansims 
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ranged from 0.1 - 0.3 km, 0.1 - 5 bars, and 0.02 - 0.4 mm, respectively; inner floor events 

beneath the along-axis high and the western inner floor and wall tended to have smaller 

moments, stress drops ( < 2 bar), and displacements ( < 0.2 mm) than events beneath the 

volcano, along-axis deep, and eastern wall. A b-value for seismic moment of 1.0 was 

found for all earthquakes near the network. From the determination of hypocenters and 

source parameters for major groups of earthquakes beneath the median valley and adjacent 

walls, we can identify several primary characteristics of the observed microearthquake 

activity at 26°N: 

( 1) None of the locatable microearthquakes occurred beneath the high-temperature, 

hydrothermal field at 26°08'N, 44°49'W. The closest events were 3- 3.5 km 

away at depths greater than 5 km below the seafloor. 

(2) Within the inner floor, events located beneath the along-axis high region 

occurred at shallower focal depths (18 of21 earthquakes have depths< 3.5 km) 

than those beneath the along-axis deep 15 km to the south (average 5.4 ± 1.0 

km with none less than 3. 7 km depth). Near the along-axis high, focal 

mechanism solutions suggest near-vertical or sub-horizontal faulting along 

planes striking parallel to the median valley. In addition, reverse or thrust 

faulting is suggested for a swarm of earthquakes <Mo = 3 x 1Ql8 - 3 x t()20 dyn 

em) located in a cluster 5-6 km beneath a 200-m-high volcanic edifice. 

(3) Seismicity along the valley walls defmes a broad zone of activity trending 

parallel to the ridge axis. This zone was widest adjacent to the along-axis high 

during our experiment First motion observations are consistent with normal 

faulting along inward-dipping planes trending subparallel to the local trend of 

the valley walls. 

(4) A higher b-value (1.1 - 1.5) was associated with events beneath the along-axis 

high and the adjacent eastern valley walls than for events to the south beneath 

the along-axis, inner floor deep (0.6). The high b-values result from the high 

level of small earthquake activity characterizing the transition from the inner 

floor to the western walls, which was by far the most active region during the 

experiment. . 



92 

The distribution of hypocenters and the diversity of fault types associated with 

earthquakes beneath the inner floor and walls suggests a spatially variable tectonic state for 

the ridge segment at 26°N. In particular high-angle or sub-horizontal faulting beneath the 

inner floor high imply that faulting at the ridge axis in this region is fundamentally different 

from that which describes earthquake activity a few kilometers off-axis. The variations are 

presumably a signature of heterogeneity in the depth region over which brittle failure 

occurs, and are a consequence of along-axis changes in the thermal structure and state of 

stress. The presence of an active high-temperature hydrothermal field strongly suggests 

that thermal stresses may be dominant, especially in the region of the along-axis high. 

We suggest that at present the hydrothermal activity and deposition of massive 

sulfides is being sustained by heat generated by a recent magmatic intrusion (not a large 

molten body). The inference is based on the lack of seismicity beneath the black smoker 

field, the shallow focal depths ( < 4 km) of inner floor seismicity, higher b-values 

associated with the along-axis high events, the presence of a low velocity zone 3 km 

beneath the along-axis high region (Chapter 4), the anomalous faulting mechanisms 

including reverse faulting associated with an earthquake swarm below the low velocity 

region, and severe attenuation of the first-arriving compressional energy for shots whose 

ray paths traverse the high below 3 km depth (Chapter 4). The apparent lack of seismicity 

of the hydrothermal area is also consistent with the hypothesis that the crust there may be 

locally hotter, perhaps due to more recent volcanism, than the neovolcanic zone at the ridge 

axis. 

We interpret the along-axis variation in the maximum depth extent of 

microearthquake activity as mapping the variability in the depth to the brittle/ductile 

transition zone. The presence of an active high-temperature hydrothermal field, the lack of 

seismic activity beneath the vent field, the finding of a body of low seismic velocity 

(Chapter 4), and the requirement of a heat source to reduce the magnetization of the crust 

beneath the vent field, are consistent with the hypothesis that the along-axis high is the site 

of most recent magmatism along this spreading segment. Away from the high, to the 

south, earthquake focal depths increase to depths extending to the base of the crust From 

the similarity in focal depth distribution, b-values, and velocity structure at 23°N with those 

observed beneath the deeper portions of the median valley at 26°N, we speculate that the 

crust beneath the inner floor deep at 26°N is presently characterized by ongoing extension 

and lacks recent sizeable intrusions of magma. 

In the context of the high-temperature vent field at 26°N, we suggest that the 

formation of the field near the base of the eastern wall is a direct consequence of water 

movement along normal faults that characterize microearthquake activity beneath the wall. 
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The normal faults provide penneable pathways along which heated water can return rapidly 

and efficiently to the surface, where it exits at still high temperatures from black-smoker 

chimneys and fissures. 
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FIGURE CAPTIONS 

Figure 1. 

Figure 2. 

Figure 3. 

Figure 4. 

Location of the TAG area at 26°N on the Mid-Atlantic Ridge. Also shown is 

the MARK area near 23°N south of the Kane Fracture Zone that was the 

subject of studies by Purdy and Detrick [1986] and Toomey eta/. [1985, 

1988]. Tectonic framework from Klitgord and Schouten [1986]. 

Sea Beam bathymetric chart of the experiment area at 0.25 km contour 

interval, from Sempere et al. [1989]. The locations of ranging shots used 

for instrument relocation and of refraction shots are shown by triangles. 

The seismic network consisted of seven ocean bottom hydrophones (circles) 

and two ocean bottom seismometers (squares). The shape of the median 

valley (nominally seafloor depths> 3.5 km) varies along axis, widening 

and deepening south and north of the vicinity of the active high-temperature 

hydrothermal field (hourglass). 

Detailed Sea Beam bathymetry of the inner floor at the along-axis high; 

depths greater than 3.5 km (inner floor) are contoured at an interval of 0.02 

km and depths shallower than 3.5 km (valley walls) are contoured at 0.10 

km intervals. The 200-m-high inferred volcano (cross-hatched area) is 

located on the axis of the neovolcanic zone (dashed line). Stippled area 

delineates the region of low magnetization, with heavy stippling showing 

the lowest values [Tivey eta/., 1989a]. Microearthquake epicenters within 

the inner floor are indicated by closed circles and triangles, with larger 

symbols representing events with good focal depth resolution. The crust in 

the vicinity of the high-temperature hydrothermal field was inactive over the 

deployment period. The circular distribution of epicenters beneath the 

volcano may not be real because 1-a errors in epicenters for individual 

events are 0.3 km. 

Cumulative number of events detected by more than four instruments over 

the deployment period. Median valley receivers (OBHs 1, 2, 3, 6) recorded 

much higher levels of activity than instruments deployed on the walls 

(OBHs 4, 5, 8; OBSs 31, 33). The smaller numbers of events detected by 

the OBSs are in part due to the event detection scheme (OBSs were 
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triggered and recorded digitally while the analog OBHs recorded 

continuously). See Figure 2 for instrument locations. 

Histograms showing the total numbers of events recorded per day (dashed 

lines) on each instrument during the deployment The levels of seismicity 

are comparable to those observed at 23°N on the MAR by Toomey et al. 

[1985, 1988]. Solid line histogram indicates events that were located 

(Figure 10). 

Examples of seismograms for two earthquakes. Vertical bars indicate the 

arrival times of impulsive P waves on the OBH and OBS vertical 

components, and of the S waves on the OBS horizontal components. For 

each event, seismograms (water pressure on the OBHs and ground 

displacement on the OBSs) are scaled to the same maximum amplitude. 

Compressional arrivals have upward first motions, and dilatational first 

motions are down for all instruments except OBH 4, whose polarity is 

reversed. Event time is given in Julian day, hour, and minute (UT). 

(a) Differential S wave arrival times versus differential P wave arrival times 

fur events simultaneously recorded by both OBSs. The slope of the linear 

regression fit to these points gives an estimate of the V plY s ratio. S wave 

times were picked on the transverse horizontal component after rotation. 

(b) SP- P times (picked on the OBHs) and S- P times (from OBS 31, 

using the transverse horizontal component to identify the S wave arrival) 

versus range. Large residuals and a high degree of scatter for the OBH 

data, as compared with the OBS data, imply that the most prominent SP 

phase on the OBH does not always correspond to an S-to-P conversion 

immediately beneath the OBH. The solid line shows the calculated S - P 

time for a uniform V pN s ratio of 1.84. 

Iteratively-determined station delays used in the estimation of hypocentral 

parameters with the lD velocity model. The variability is not a simple 

function of instrument depth and is an indication of the magnitude of crustal 

heterogeneity. Note that the delays for OBHs 2 and 4, which are located 

near the active black-smoker field and region of anomalously low 

magnetization, are negative, implying that lesser travel times are required. 
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The dashed line corresponds to the datum used for instrument and 

earthquake locations. 

Velocity models used in the location of earthquakes at 26°N. The 1D model 

for 23°N is shown as a bold solid line, and the 2D model for 26°N 

(parameterized at three nodal columns along-axis, with nodes at depths of 0, 

1, 3, and 5 km below a 3.6-km datum) is shown with symbols and light 

solid lines. Two 2D models were considered, one in which velocities at 5 

km extend downward indefinitely (solid line), and one in which velocities 

jump discontinuously to 8.33 krn/s below 5 km (dashed line). 

Distribution of located seismicity. Solid circles represent earthquake 

epicenters, with the larger symbols representing events for which focal 

depths could be resolved. Open circles show the locations of the OBHs, 

open squares show OBSs, and the hourglass indicates the location of the 

black-smoker field. Epicenters of large earthquakes determined 

teleseismically by the ISC for the period 1964-1989 ~e plotted as crossed 

hexagons. A pie diagram (lower right) shows the percentage of events that 

were located in each region. Abbreviations for regions in figure correspond 

to those used in Table 2. Box outlines area shown in Figure 14. Locations 

of many of the events well to the south (S) of the network are poorly 

constrained (e.g., those aligning along an azimuth of N315°E) since only P 

arrival times were used. 

Rms travel time residuals for earthquake locations at various fixed depths. 

Whereas clear minima are associated with events with good depth resolution 

(solid lines and symbols), the focal depth for an event far outside the 

network cannot be constrained because no clear minima are indentifiable. 

Event time is given in Julian day, hour, and minute. Region codes are from 

Figure 10. 

Distribution of residuals and errors, divided into events for which focal 

depth was independently resolvable (FR) and ones for which depth was 

fixed (FIXD), for the 189 earthquakes located during the deployment. In 

general, events with fixed depths are characterized by larger rms residuals 

and epicentral errors. Vertical errors for events located with an S wave 
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arrival (FRPS) were on average less than those in which only P wave data 

(FRP) were used. 

Summary of the number and cumulative number of earthquakes located per 

day. Over the deployment period, the daily number of locatable events 

varied from 1 to 12, averaging 8.5 events per day. 

Distribution of microearthquake epicenters located using a 1D velocity 

model with station corrections (from Table 2). Events are divided into those 

with at least oneS wave observation (P + S) and those with only P wave 

times (P). Good resolution of focal depth (larger solid circles and 

triangles) was obtained for almost all of the earthquakes near or within the 

network. Sea Beam bathymetry is contoured at an interval of 0.1 km. 

Major groups of activity discussed in the text are epicenters beneath (1) the 

inner floor topographic high (seafloor depths -3.7 km, events within 2.5 

km of depth minimum at 26°09.25'N, 44°51'W); (2) an inferred ridge-axis 

volcano (delineated by the 4.0 km contour at 26°06'N, 44°51.5'W); (3) the 

inner floor deep (seafloor depths > 4.1 km); and ( 4) the western and eastern 

median valley walls outside the inner floor (seafloor depths< 3.7 km). See 

Figure 3 for details of the seismicity in the along-axis high region (area 

within dashed lines). Solid lines show locations of along- and cross-axis 

sections (Figures 17 and 18). 

Distribution of focal depth, subdivided into events located with at least one 

S wave arrival and those located with only P arrivals, for 105 earthquake 

hypocenters estimated with a 1D velocity model. The mean and standard 

deviation of focal depth was 4.7 ± 1.1 km. Sea Beam bathymetry was used 

to correct the focal depth below a 3.3-km datum to depth below the 

seafloor. Almost all events occurred between 3 and 7 km beneath the 

seafloor. 

Focal depth (with respect to seafloor) distribution according to earthquake 

source location (see Figure 10 for categorization). Beneath the inner floor 

(high, volcano, deep), the shallowest events occurred beneath the along

axis high region. The error shown represents the average value for all 

earthquakes with resolvable depths. 
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Distribution of focal depths for events along the axis of the median valley 

inner floor south of the inner floor high. See Figure 14 for location of 

profile A-AA. Epicenters within 2 km of A-AA are included. Hypocenters, 

along with their 95% error bars, are projected onto a vertical plane for 

events located with at least oneS wave time (solid circles) and those located 

with only P wave times (open circles). The uncertainties in the depths of the 

three shallowest events beneath the deep may be considerable since the 

events occurred outside the network. Squares show the locations of inner 

floor instruments projected onto the section. 

Focal depth variation across-axis at three locations corresponding to (a) the 

along-axis median valley high, (b) the ridge-axis volcano, and (c) the along

axis deep. Events with epicenters up to 3 km from the profile are included. 

Symbols are as explained in Figure 17. See Figure 14 for locations of 

profiles B-BB, C-CC, and D-DD. 

Rms travel time residual maps versus latitude and longitude for two 

microearthquakes. The focal depth for each is fixed at the depth estimated 

by HYPO INVERSE. On the left are residuals computed from the observed 

arrival time data, and on the right are residuals determined from noise-free 

synthetic data at the same station locations as the observations. Latitude and 

longitude values are in kilometers from an arbitrary origin. The minima 

obtained from real data show little difference from HYPO INVERSE 

solutions (which are at (41 km, 48 km) for an event on June 27, 0758UT, 

and (34 k:m, 39 k:m) for an event on July 2, 0145UT). The concentric 

nature of the elliptical contours implies that for well-recorded events in this 

study, non-linearity of the location problem is not a major source of 

uncertainty, and the error ellipses from HYPO INVERSE are good 

approximations to the true epicentral uncertainty. 

Magnitudes of hypocentral differences for all events with resolved focal 

depths computed from HYPOINVERSE and the 10 velocity model with 

station corrections with those obtained with the rms grid-search method (1-

km grid spacing). Minimal differences imply that the two methods are 

giving equally acceptable solutions. The largest differences in epicenter are 
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for events to the west of the network. DX is the horizontal distance 

between the two epicenters, and DZ is the difference in focal depth. 

Probability distribution of seismicity at 26°N. The rms grid-search 

technique permits the assignment of a probability of occurrence to all grid 

squares, thus giving a quantitative measure of not only the level of 

seismicity but also the quality of the estimated hypocenter. Values of the 

summed probability greater than 7.4 correspond to areas of high activity or 

well-constrained epicenters. See text for further explanation. The seismic 

network (solid symbols: circles-OBHs; squares-OBSs) is shown for 

reference. A star shows the location of the hydrothermal field. 

Two-dimensional velocity model used to evaluate the robustness of the 

hypocenters obtained with a 1D structure. Velocity is parameterized at 12 

nodes arranged in three columns along the ridge axis; the vertical structure at 

each nodal column is shown in Figure 9. 

Changes in epicenters of 105 events upon relocation with 2D models A 

(8.33 km/s half-space) and B (velocities at 5 km depth extend indefmitely 

downwards) for all earthquakes for which focal depth was a free parameter. 

Locations of the OBHs and OBSs are indicated by solid squares. 

Epicenters relocated with the 2D model are plotted with open circles, with a 

line tracing the change from the location obtained with the 1D model. The 

hydrothermal field is located at 26°8.5'N, 44°49.5W. The ridge axis 

volcano is located at 26°06'N, 44°51.5'W. See text for discussion. 

Changes in focal depth for 105 events relocated with (a) model A and (b) 

model Bare shown projected onto a vertical plane along (top) and across 

(bottom) the median valley. Symbols are as in Figure 23. Changes in focal 

depth with model A are small because most of the effect is assigned to 

changes in the origin time, whereas those from model B are larger because 

origin times remain the same. The depths shown are with respect to a 

datum at 3.3 km depth below sea level. The locations of activity discussed 

in the text are: ridge axis (-10 km across-axis); along-axis high (19-24 km 
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along-axis); volcano (15 km along-axis); along-axis deep (<13 km along

axis). 

Locations of events used in the consouction of selected composite focal 

mechanisms (Figures 26-31 , 33-37). Earthquake symbols as in Figure 14, 

except for the events occurring in a swarm beneath the volcano where 

closed (Vl) and open (V2) symbols are used to differentiate between 

mechanisms. H1, H2, and H3 are groups of events beneath the inner-floor 

along-axis high, Dl and D2 are groups of events beneath the along-axis 

deep, Eland E2 are groups of eastern wall events, W1, W2, and W3 are 

groups of events near the western wall at the along-axis high, and WD are 

events near the western wall adjacent to the inner floor deep. Large open 

symbols denote OBH (circles) and OBS (square) instruments, and the 

hourglass symbol shows the location of the hydrothermal field. 

Composite focal mechanisms for events beneath the inner floor at the along

axis high (Hl, H2, H3). See Figure 25 for event locations. Open circles 

correspond to dilatational arrivals, solid circles to compressions, and "x" 

symbols denote small-amplitude arrivals (interpreted as arrivals near nodal 

directions or showing high attenuation). Smaller symbols indicate less 

certain observations. Solid lines show the orientations of the preferred set 

of nodal planes, and dashed lines show equally plausible solutions. 

Numbers on the focal sphere denote instruments recording key groups of 

observations (as discussed in text). Normal faulting along either near

vertical or sub-horizontal planes is indicated. Event times artd nodal plane 

orientations are given in Table 5. 

Composite focal mechanisms for a swarm of events occurring beneath the 

ridge axis volcano (Vl, V2). Compressional arrivals at OBH 1 suggest 

reverse or thrust faulting (Vl), but a phase reversal (from compression to 

dilatation) for rays arriving at OBH 2 near the hydrothermal field is required 

for the four events in the V2 group in order to fit a similar thrust 

mechanism. See Figure 25 for event locations and Figure 26 for 

explanation of symbols. Event times and nodal plane orientations are given 

in Table 5. 
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Composite focal mechanisms for events beneath the inner floor deep (D 1, 

02). Both normal (solid) and reverse (dashed) fault planes can be fit, but 

neither solution offers a perfect fit to the data. Although good azimuthal 

coverage exists, there is ambiguity in the detenninations of the mechanism. 

See Figure 25 for event locations and Figure 26 for explanation of symbols. 

Event times and nodal plane orientations are given in Table 5. 

Composite focal mechanisms for events beneath the eastern valley wall (El, 

E2) at the along-axis high. Events are consistent with normal faulting, but a 

reverse fault can be fit to the data comprising mechanism El. 

Compressional arrivals at OBH 5 are crucial for constraining the geometry 

of one plane. See Figure 25 for event locations and Figure 26 for 

explanation of symbols. Event times and nodal plane orientations are given 

in Table 5. 

Composite focal mechanisms for events associated with the western median 

valley walls (Wl, W2, W3). Normal faulting along planes parallelling the 

ridge are suggested, though northwest-trending nodal planes are possible 

(W2, W3). See Figure 25 for event locations and Figure 26 for explanation 

of symbols. Event times and nodal plane orientations are given in Table 5. 

A composite focal mechanism for events associated with the western wall 

adjacent to the along-axis deep (WD) suggests normal faulting along 

moderately dipping planes. See Figure 25 for event locations and Figure 26 

for explanation of symbols. 

Summary of observed types of faulting inferred from focal mechanisms 

obtained with the 10 velocity model. Beneath the inner floor, high-angle 

(or sub-horizontal) normal faulting is suggested, but reverse faulting is seen 

beneath the axial volcano and normal faulting along planes dipping near 45° 

characterizes events beneath the eastern wall. 

Changes in first motion observations for events beneath the along-axis high 

upon relocation with 20 models A and B (mechanism H2). Only the 

preferred set of nodal planes obtained with the 10 structure is shown for 

simplicity (solid lines). Event locations are shown in Figure 25, and 
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symbols are as in Figure 26. Dotted lines connect the locations on the focal 

sphere obtained with the 2D model (circles) with those obtained with the lD 

model. Observations at OBHs 2, 3, and 4 move toward the center of the 

focal sphere upon relocation and make the dip of the high-angle nodal 

planes less steep by -20°. Event times and nodal plane orientations are 

given in Table 5. 

Changes in first motion observations for events beneath the volcano upon 

relocation with 2D models A and B. Compressional arrivals still preclude 

normal faulting. The movement of observations toward the east on the focal 

sphere for mechanism Vl results in the shoaling of the eastward-dipping 

plane and steepening of the westward-dipping plane (by -20° for each 

plane). Event locations are shown in Figure 25 and symbols are the same 

as in Figures 26 and 33. Event times and nodal plane orientations are given 

in Table 5. 

Figure 35. Changes in first motion observations for events (D2) beneath the along-axis 

deep upon relocation with 2D models A and B. No double couple 

mechanism can fit all of the observed data. The nature of faulting, while 

suggestive of high-angle normal or reverse faulting, remains ambiguous 

even after event relocation. Compressional arrivals at OBH 1 (at azimuth -

280°) and 6 preclude normal faulting along moderately dipping planes. 

Chain dash lines show an alternate set of fault planes. Event locations are 

shown in Figure 25 and symbols are the same as in Figures 26 and 33. 

Event times and nodal plane orientations are given in Table 5. 

Figure 36. 

Figure 37. 

Changes in first motion observations for events beneath the eastern wall 

upon relocation with 2D models A and B (mechanism E2). Although 

normal faulting along planes parallelling the local bathymetry is consistent 

with the data, the availability of only one set of compressional arrivals 

precludes well-constrainted orientations of the nodal planes. Event 

locations are shown in Figure 25 and symbols are the same as in Figures 26 

and 33. Event times and nodal plane orientations are given in Table 5. 

(a) Changes in first motion observations for events beneath the western wall 

at the southern end of the along-axis high upon relocation with 2D models A 



Figure 38. 

Figure 39. 

Figure 40. 

Figure 41. 
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and B (mechanism Wl). OBH 1 dilatational arrivals move eastward, 

making the inference of normal faulting more robust (b) Changes in first 

motion observations of western inner floor/wall events upon relocation with 

2D models A and B (mechanism W2). High-angle normal faulting on 

inward facing faults is suggested, but the preferred orientations of the nodal 

planes (north-south or northwest trending) remains uncertain even after 

event relocation. Chain dash lines show an alternate set of fault planes. 

Event locations are shown in Figure 25 and symbols are the same as in 

Figures 26 and 33. Event times and nodal plane orientations are given in 

Table 5. 

Example of an amplitude spectrum corrected for instrument response and 

attenuation recorded by the OBH 2 for an event beneath the eastern wall on 

July 10, 1325UT; the seismogram for this event is shown in Figure 6b. 

Conversion of pressure to equivalent seafloor displacement is described in 

the text. The low-frequency spectral level no and the f-2 decay at higher 

freqencies (> f0 ) are shown by the solid lines. 

(a) Differences in Mo estimated from P and S waves at OBS 31. (b) 

Differences in Mo between the average value determined from the OBHs 

and that from P waves at OBS 31. The Mo ratio is the ratio of the larger Mo 

estimate divided by the smaller Mo detennination. 

(a) Distribution of seismic moment Mo for 170 earthquakes located with the 

1D model. (b) Distribution ofMo according to source location. The 86 

earthquakes located with only P wave data possess smaller Mo values than 

the 84 events located with both P and S wave data. 

(a) Plot of the cumulative number of events greater than a given Mo. A 

linear fit to the data (log10 Mo > 18.5, open circles) yields a b-value of 1.02 

± 0.08 for 136 events within or near the network (events far to the north 

and south of the network are excluded). (b) b-value by earthquake source 

location. Higher b-values are associated with the along-axis high (open 

symbols: inner floor- H; western floor/wall transition- W; eastern wail

E) than with events beneath the deeper portions of the median valley 

(stippled circles: volcano- V, solid squares: inner floor deep- D). 
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Seismograms from shots on the western side of the median valley to OBSs 

31 and 33 located atop the eastern wall. The rays from these shots sample 

the upper 1-2 km of the low velocity region imaged by delay time 

tomography. Shear wave arrivals can be clearly identified, implying that 

large regions of partial melt are not present Seismograms are scaled to a 

common maximum amplitude. Event time is given as Julian day, hour, and 

minute (UT). 

Cartoon showing possible relationships between tectonic and volcanic 

processes operating beneath the median valley near 26°N. Earthquake 

hypocenters are from Figures 17 (with the addition of three swarm events 

located at 26°07'N, 44°52.25'W and exclusion of the shallowmost two 

events within the deep) and 18, and the two-dimensional P-wave velocity 

structure (solid lines, 1 km/s contour interval) is from Chapter 4. Stippled 

area shows the location of the low velocity region. Question marks 

represent portions of the model that are not constrained by the seismic data. 

(a) Along-axis within the inner floor. Brittle failure at 3 and 6 km depths 

beneath the volcano suggest a thinning of the low velocity zone away from 

the high, with cooling of this intrusive body contributing compressive 

thermal stress to the over- and underlying regions of cooler pre-existing 

crust Earthquake activity within the inner floor deep to the south may 

extend to the base of the crust. 

(b) Across-axis in the vicinity of the inner floor high. The lack of seismic 

activity in the crust beneath the hydrothermal field and the shallow 

seismicity at the high, together with the identification of a region of lower 

velocities and severe attenuation of waveform amplitudes beneath the 

volcano and along-axis high, suggest the presence of a recent magmatic 

intrusion, but efficient shear wave propagation through the low velocity 

zone (Figure 42) and the occurrence of microearthquakes within this region 

implies that large portions cannot be molten. The across-axis extent of the 

intrusion is constrained by the locations of seismicity beneath the walls and 

the observation of impulsive P wave energy at all ranges for rays sampling 

the eastern inner floor and wall to OBH 4 (see Figure 5 in Chapter 4). 

Much of the microearthquake activity near the high may result from rapid 

cooling at the top of the high-temperature body; the cooling is a 
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consequence of hydrothennal circulation through the 3-4 km of crust in this 

region. The black-smoker vent field (hourglass symbol) is inferred to result 

from the rapid upflow of heated water from depth along fault-controlled 

conduits. 

Cross section of inner floor hypocenters along-axis (from Figure 17) with 

the range of reported focal depths (stippled areas) found for inner floor 

events at 23°N [Toomey et al., 1985, 1988] and 35°N [Murray et al., 1984]. 

The latter two studies, which were conducted at an along-axis deep and an 

along-axis high, respectively, show good agreement with the depth 

distribution observed beneath their along-axis counterparts in the median 

valley at 26°N. 
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TABLE 1. Relocated Instrument and Shot Positions 

Instr Latitude Longitude Location Error Ellipse (1-cr) Dep!h Depth Error Station 
ON ow min,km maj,km azimaj,0 km km Delay, s 

1 26 5.54 44 51.71 00015 00020 111.3 30666 00012 0000 
2 26 7076 44 49.41 00015 00022 12007 30509 00020 -0008 
3 26 9.40 44 50023 00016 00024 107.4 30647 Oo017 0004 
4 26 9072 44 46091 00016 00028 128.4 30046 00021 -0008 
5 26 5o65 44 47.31 00015 00022 150o4 2o234 00026 0004 
6 26 1.49 44 52090 O.Q15 00026 11700 40335 00008 0000 
8 26 4o05 44 54029 00016 Oo019 113.3 30670 00016 Oo06 

31 26 7057 44 45068 00027 00030 15602 20394 00076 Oo08 
33 26 3.47 44 48075 00021 00028 164.5 30328 00028 0010 

Shot Latitude Longitude Location Error Ellipse (1-cr) 
ON ow min,km maj, km 0 0 0 

azunaJ, 

2323 26 8o86 44 53.43 00019 00024 5806 
1 26 6083 44 54.42 00020 Oo026 17309 

15 26 4o89 44 55048 00021 00029 15409 
32 26 2.38 44 55.49 O.Q17 00030 14308 
47 26 0090 44 53056 00017 00033 11408 

109 26 1.55 44 50o02 O.Q17 Oo024 9005 
135 26 4o09 44 46o62 Oo020 00024 1506 
151 26 6o11 44 44o84 Oo019 00030 16906 
207 26 8023 44 43083 Oo023 Oo036 16500 
230 26 10o39 44 46.49 Oo019 Oo038 131.0 
254 26 10o47 44 50o36 Oo019 00030 9908 
313 26 7o93 44 50031 O.Q18 Oo025 120.3 
327 26 5079 44 50073 00018 00026 12909 
332 26 5006 44 51.01 O.Q17 00025 134o0 
337 26 4o32 44 51.37 Oo017 Oo025 133o6 
342 26 3o60 44 51.73 O.Q17 00025 12207 
347 26 2087 44 52o15 O.Q17 00026 11807 
352 26 2o16 44 52o53 O.Q17 00025 11807 
357 26 1.42 44 52o94 O.Q17 00028 115.4 
402 26 Oo68 44 53.31 O.Q18 Oo033 11205 
407 25 59o97 44 53o73 Oo019 Oo036 112o0 
412 25 59o23 44 54o14 O.Q17 00039 11307 
417 25 58o51 44 54o54 O.Q18 00042 113.4 
422 25 57o77 44 54087 00019 00053 10606 
427 25 57o03 44 55o22 00021 Oo058 103o9 
432 25 56032 44 55068 Oo096 Oo520 29803 
437 25 55o60 44 56o07 Oo096 Oo583 298.3 
442 25 54o85 44 56.47 Oo115 00644 298o3 
447 25 54o16 44 56085 Oo115 Oo745 298.3 

1706 26 10058 44 49o35 Oo151 Oo203 29906 
1711 26 11.39 44 48o87 00097 00223 299o6 
1716 26 12017 44 48.34 Oo097 00223 29906 
1726 26 13072 44 47.30 Oo086 00233 299o6 
1731 26 14o05 44 46.48 Oo086 Oo284 29906 
1736 26 14010 44 45o53 Oo086 0.406 29906 
1741 26 14o18 44 44o55 00086 0.477 29906 
1746 26 14o62 44 43o84 Oo097 Oo714 29906 
1751 26 15.40 44 43o39 00097 00611 299o6 
1756 26 16o24 44 42o92 Oo097 Oo652 29906 
1801 26 17003 4442047 00097 00734 299o6 
1811 26 18063 44 41.56 00097 Oo814 299o6 
1816 26 19o36 44 41.15 Oo097 1.038 29906 
1821 26 20015 44 40070 00116 1.017 299o6 
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1826 26 20.90 44 40.27 0.097 0.835 299.6 
1831 26 21.65 44 39.85 0.077 0.915 299.6 
1836 26 22.39 44 39.43 0.095 1.147 299.6 
1841 26 23.09 44 39.02 0.129 1.375 299.6 
1846 26 23.85 44 38.60 0.170 1.555 299.6 
1851 26 24.59 44 38.17 0.095 1.171 299.6 
1856 26 25.31 44 37.76 0.118 1.318 299.6 
1901 26 26.02 44 37.36 0.095 1.196 299.6 
1906 26 26.72 44 36.97 0.095 1.170 299.6 
1911 26 27.46 44 36.54 0.077 1.079 299.6 
1916 26 28.37 44 36.03 0.271 0.484 299.6 
2040 26 18.06 44 41.89 0.116 0.936 299.6 
2131 26 12.74 44 47.57 0 .086 0.192 299.6 
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TABLE 2 . Eart hquake Hypocenters 

ORIG IN TIME LAT LONG 080 SF OBSF NOR MAG ocs RMS ERH ERZ 
YR MOA HRMIN SEC REGION (N) (W) km km km S deg km sec km km 

85 626 752 46.78 H 26 9 . 22 44 51.04 3.49 3 . 76 3.0 4 0 248 1.4 0 . 00 0.7 0.6 
85 626 846 13 . 04 w 26 11 . 68 44 51 .31 5.27 3 .52 5 . 1 6 1 325 4.7 0.02 0.9 0.5 
85 626 1048 43 . 39 H 26 9 . 40 44 51 . 24 3.75 3 .76 3 . 3 7 0 237 1. 7 0.04 0 . 5 0 . 3 
85 626 1230 40.57 w 26 10.67 44 51.86 5.00 5 0 305 3.6 0 . 03 1. 2 POC 
85 626 1249 27 . 81 w 26 9.34 44 53.17 5.23 3.58 5 . 0 6 0 255 4 . 9 0.03 0.9 0.8 
85 626 1255 43 . 33 s 25 52.61 45 1.29 8.00 6 0 345 21 . 6 0 . 08 1. 7 POC 
85 626 1438 34.69 w 26 9.22 44 52 . 43 5.95 3 .54 5 . 7 4 0 275 3 . 7 0 . 01 1.8 1.0 
85 626 1443 19.76 w 26 9.25 44 53 . 19 5 .54 3 .60 5 . 2 6 0 256 4 .9 0 . 02 0.9 0 . 5 
85 626 1447 26.88 w 26 8.94 44 52.79 5 .40 3 . 66 5 . 0 11 2 243 4.3 0.03 0.3 0 . 6 
85 626 1525 24.66 w 26 9 .03 44 52 . 74 5 .31 3 . 64 5.0 11 2 245 4 . 2 0.04 0 . 3 0 . 6 
85 626 2215 1.07 w 26 8.20 44 52 . 95 5 .05 3 . 83 4.5 4 0 245 5 .e 0 . 00 1 .0 1.2 
85 626 23 2 23 . 56 w 26 7 . 56 44 53 . 38 5 . 04 3 . 80 4 . 5 8 1 224 4 .7 0 . 03 0 . 4 0 . 6 
85 626 2318 12.64 w 26 10.05 44 51.95 4 . 79 3 . 52 4 . 6 8 1 273 3.1 0 .04 0.6 0 . 5 

85 627 758 45 . 21 E 26 7 . 93 44 48 . 27 4.76 3 . 56 4.5 10 2 149 2 .0 0.06 0 . 2 0.4 
85 627 820 21 . 76 w 26 11.04 44 51 . 02 4.38 3 . 68 4 . 0 6 0 279 3.4 0.02 1. 2 0 . 5 
85 627 651 34.34 w 26 11.75 44 52 . 16 s . 0e 4 0 298 5 . 5 0 .02 2 .5 POC 
85 627 930 39 . 20 w 26 4 . 40 44 53 . 96 5.92 3 . 87 5.4 6 0 174 0.8 0 .03 0.8 0 . 5 
85 627 14 9 58 . 04 0 26 3.51 44 52.55 5 . 00 4 0 190 3 .8 0.04 2.4 POC 
85 627 16 0 6 . 48 w 26 7.65 44 53.38 5.11 3 . 74 4.7 50 243 4 . 8 0.02 0 .7 0.7 
85 627 1625 26 .23 E 26 7 .21 44 48 . 41 5.23 3 . 56 5 .0 8 1 68 2 . 0 0 . 03 0.2 0.6 
85 627 1829 4 1. 16 E 26 9.86 44 45.48 5.00 8 1 281 4 . 3 0 .08 0.9 POC 
85 627 1855 57.43 H 26 6 .98 44 52 . 17 3 . 80 3.96 3 . 1 8 1 182 2 . 8 0 . 03 0 .3 0.6 
85 627 1913 4. 11 w 26 8.88 44 52 . 28 5.00 4 0 272 5 . 2 0 . 11 1.6 POC 
85 627 1925 27.68 H 26 6.93 44 52 .03 4 . 15 4 .02 3 .4 11 2 177 2.7 0.04 0 .2 0 . 5 
85 627 1945 54.88 E 26 10.00 44 45 .27 5.00 5 1 286 4.6 0 . 06 1.0 POC 
85 627 1950 11 . 56 H 26 7.02 44 52.33 4 .07 3 .96 3.4 9 1 187 3 . 0 0.03 0.3 0 . 5 
85 627 1959 46.45 E 26 10 . 08 44 45.01 5.00 7 1 292 4 . 8 0 . 10 0 .9 POC 
85 627 20 8 25.90 w 26 10 . 79 44 53.86 5.00 4 0 307 10 . 4 0.14 0.5 POC 
85 627 2258 58.54 w 26 4 . 67 44 54 . 09 7 .00 4 0 232 1.1 e . 02 0 .8 POC 

85 628 148 50.78 H 26 8 . 51 44 51.57 3 . 67 3.80 3 .2 6 0 205 2.8 0.01 0 . 4 0.7 
85 628 251 47 . 71 H 26 9 . 52 44 51 . 01 3 .34 3.76 2 .9 7 1 252 1.3 0.02 0.7 0.6 
85 628 1156 41.58 H 26 9 . 21 44 50 . 99 3 . 45 3 .76 3.0 5 0 243 1 . 3 0.01 0.6 0.4 
85 628 1449 4.13 w 26 7 . 64 44 52 . 96 5 .05 3.93 4 .4 4 0 235 4 . 5 0.00 1 . 2 0 . 8 
85 628 15 1 18.87 E 26 5.86 44 49 . 05 6 .23 3 .36 6 .2 5 0 193 3 . 5 0.01 0.8 0.8 
85 628 1820 27 . 36 N 26 16.41 44 40 . 31 8 .00 6 0 345 16.6 0 . 13 2. 2 POC 
85 628 1942 58.10 N 26 14 . 96 44 45.23 8 .00 9 1 325 10.1 0 . 15 0 .9 POC 
85 628 2034 21 . 44 s 25 53.35 45 2 . 30 8.00 6 0 346 21 . 8 0 . 17 1 . 7 POC 
85 628 2358 0.06 E 26 6.45 44 48.50 5 .00 4 0 125 2 . 5 0.05 0 .3 POC 

85 629 013 25.70 N 26 15 . 46 44 51.29 8 .00 4 0 322 11.4 0 . 03 0.8 POC 
85 629 1849 48.04 0 26 4.06 44 52.89 6 . 66 4 . 16 5 . 8 7 1 118 2 . 3 0.03 0.4 0 .7 
85 629 2139 25.48 s 25 52.52 45 1.19 8.00 6 0 349 21.6 0 . 06 2.3 POC 
85 629 2154 11 . 93 s 25 51.72 45 0.18 8 .00 6 0 350 21.8 0.07 2 . 3 POC 
85 629 2228 22.24 N 26 15.72 44 51.27 8.00 50 323 11.9 0 . 08 0 .9 POC 

85 630 143 11 .79 w 26 11 . 62 44 51.32 5 . 00 4 0 319 4.6 0 .03 2 . 4 POC 
85 630 4 7 8 . 13 w 26 9.32 44 53.45 5 . 62 3 . 58 5 . 3 9 1 258 5.3 0.04 0.7 0.3 
85 630 621 35 . 16 w 26 10 . 60 44 51.57 4.70 3.63 4 .4 5 0 279 3.2 0 . 02 1.5 0.6 
85 630 643 15 .64 H 26 10.34 44 51.14 5.00 4 0 273 2 . 4 0.00 1 .0 POC 
85 630 1048 19.10 E 26 9 . 27 44 46.03 s.00 5 1 257 3 . 3 0 . 04 0 . 8 POC 
85 630 1052 27 . 39 N 26 17.84 44 41 . 98 8 . 00 9 1 336 17.1 0 . 13 1 . 2 POC 
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65 630 1133 4. 10 N 26 14.63 44 45 . 07 6.e0 4 0 331 12 .9 0 . 07 1.0 POC 
65 630 1142 42. 13 N 26 14 .66 44 44.71 6 . e0 5 0 347 13 . 7 0 . 16 2.1 POC 
65 630 1523 16 . 76 w 26 11.33 44 51 . 23 4.30 3.60 4.0 8 1 286 4.0 0.02 1.0 0.5 
65 630 1656 35.84 H 26 8.72 44 51 . 67 5.56 3.70 5 . 2 4 0 234 2.7 0 .01 0.9 0 .7 
65 630 1637 0 .81 N 26 16.29 44 48 . 21 8.00 50 336 13 . 3 0 . 16 1.2 POC 
65 630 2044 22 .06 s 25 53.63 45 2.79 6.00 4 0 346 22.0 0 .01 2.6 POC 
65 630 2144 4.15 0 26 3.92 44 53.56 4.50 4 . 10 3 . 7 7 0 111 1.2 0.02 0.4 0.5 
85 630 2318 22.85 E 26 7.82 44 46.53 3 . 91 2 . 78 4.4 5 1 161 1.5 0 .01 0.6 0 .9 

85 701 0 9 10 . 69 E 26 10.00 44 44 . 66 5 . 00 8 1 296 3.6 0.05 0.6 POC 
85 701 229 16 . 10 w 26 6 .27 44 54.14 5 . 81 3.88 5.2 9 1 224 4.1 0.03 0 . 5 0.3 
85 701 628 54.88 N 26 15 .71 44 43.02 8.00 5 1 339 15.8 0 . 12 1.5 POC 
85 701 8 9 19 .57 s 25 52.48 45 1.08 8.00 7 0 344 21 .6 0 . 05 1 .5 POC 
85 701 1125 15.25 H 26 9 .21 44 51. 27 3.39 3 . 76 2.9 s 0 231 1 .8 0 . 01 0 .9 1.2 
85 701 2341 13.44 H 26 7.45 44 50.57 6.45 3 . 90 5.8 5 0 161 2 .0 0 . 01 0 .4 1 . 2 

85 702 1 2 11.93 H 26 9 .47 44 50.72 3 . 43 3 . 70 3.0 6 0 234 0 .9 0 . 01 0.6 0 . 3 
85 702 145 38.33 0 26 2.88 44 52 . 67 6.49 4.41 5 .4 9 1 129 2 .6 0 . 04 0 .5 0 . 5 
85 702 333 9.24 0 26 2.33 44 53.35 8.60 4 . 66 7 . 2 8 1 182 1. 7 0 . 04 0.6 0.8 
85 702 513 5 . 16 w 26 12.34 44 50.83 5 . 00 4 0 296 5.6 0 . 02 0.5 POC 
85 702 1022 29.11 s 25 50.96 44 58.91 8 . 00 4 0 350 22.0 0 . 06 2 . 1 POC 
85 702 1036 20 . 64 w 26 10.72 44 51 . 88 4.89 3.52 4.7 9 1 264 3 .7 0 . 03 0 . 6 0.2 
85 702 1059 13 . 37 w 26 10 .53 44 51 . 31 5 . 00 5 0 212 2.6 0 . 03 1 . 0 POC 
85 702 1536 49 . 91 w 26 9.91 44 51.65 4 . 03 3.68 3 .7 9 1 250 2 .5 0.02 0.4 0.4 
85 702 1759 7.08 0 26 1.25 44 53 . 30 7.00 6 0 286 0.9 0.02 0.5 POC 
85 702 1819 15 . 78 H 26 9.41 44 50.62 3.32 3 . 70 2 .9 6 0 232 0.7 0 . 01 0.5 0.3 
85 702 1921 43.82 s 25 53.12 45 1.98 8 . 00 6 0 346 21 .1 0 . 08 1 .8 POC 

85 703 440 30.72 w 26 9.01 44 52 . 55 4 . 79 3.62 4 . 5 5 0 256 3.9 0 .01 0.8 0 . 7 
85 703 721 5.53 w 26 7.72 44 53. 31 5.20 3.74 4 .8 8 1 224 4.9 0 .04 0 . 4 0 . 7 
85 703 1342 11.02 H 26 9.52 44 51 . 01 3 . 54 3 .76 3.1 5 0 254 1.4 0 .01 0 . 8 0 . 4 
85 703 1637 5.25 w 26 9.64 44 51.38 4 . 29 3.77 3 . 8 s 0 258 2.0 0 .01 1.0 0 .4 
85 703 1825 59 . 85 w 26 4.58 44 56.76 5 . 00 4 0 293 4 . 3 0.10 0.4 POC 
85 703 2143 54.08 s 25 54.90 45 4 . 59 8 . 00 1 0 344 23.0 0.01 1.7 POC 
85 703 2251 42 .01 0 26 4 .02 44 52.48 6 . 80 4.34 5 . 8 6 0 202 3.0 0.00 0 . 7 0 .8 
85 703 2337 37.20 N 26 15 . 80 44 48 . 47 8.00 6 0 331 11.6 0.08 0 .8 POC 
85 703 2341 48.73 E 26 9 .09 44 44.89 5.00 6 1 276 3.2 0 . 08 0.7 POC 

85 704 120 48 . 19 H 26 8 .77 44 51.31 3.54 3.70 3 . 1 8 0 201 2 . 1 0 . 03 0.5 0.6 
85 704 140 48.79 w 26 8 .27 44 53.47 5 . 23 3.68 4.9 5 0 239 5 .8 0 . 02 1.0 1.4 
85 704 9 4 37 .97 w 26 9 . 86 44 52.42 4.87 3 . 48 4.7 9 1 255 3.8 0 . 03 0.8 0.2 
85 704 1041 0 . 17 E 26 9 . 95 44 45.21 5.50 2.92 5.9 7 1 288 2 .9 0 . 02 0 . 8 0.4 
85 704 1322 19 .92 w 28 10.13 44 52 . 40 5.29 3 . 43 5 . 2 6 0 211 3 .9 0.02 1.1 0.5 
85 704 1528 59 . 64 w 26 9.09 44 53.07 4.60 3.83 4 . 3 8 0 250 4 .8 0.02 0 . 7 0.6 
85 704 1555 24 . 25 E 26 7.05 44 47 . 32 3 . 50 2.78 4.0 9 1 111 2.8 0.03 0 . 2 0.6 
85 704 1917 40.96 H 26 9.18 44 50 . 44 2.70 3 . 73 2.3 6 0 226 3 . 2 0 .02 0 . 4 0 .7 
85 704 1928 27.36 w 26 10.08 44 52 . 66 4.86 3.42 - 4.7 9 1 259 4 . 3 0.03 0.6 0.3 
85 704 1934 18 . 18 w 28 10 .33 44 52.22 5 . 11 3 . 40 5 .0 8 1 260 3 . 8 0 . 02 0.5 0.4 

85 705 536 0.45 v 26 8.20 44 51 . 94 3.69 4.02 3.0 4 0 224 1.4 0 . 01 0.9 0.4 
85 705 817 5 .72 v 26 5.74 44 51.83 6.38 3.90 5.8 9 1 148 0 .5 0 . 02 0.3 0.8 
85 705 638 10 .33 N 26 13 .29 44 49 . 78 8 . 00 5 1 328 8.2 0 . 12 1.2 POC 
85 705 16 4 51 .08 w 26 7 .44 44 53 . 19 4.91 3.94 4 . 3 6 0 216 4 .3 0.02 0.6 0 .4 
85 705 1718 27.08 w 26 10 . 10 44 52.16 5 . 00 4 0 308 6 .3 0.05 0 . 5 POC 
85 705 1828 27.50 E 26 5.96 44 48.86 6 . 04 3.30 6.0 7 1 117 2.6 0.02 0.4 0.8 

85 708 018 37.39 E 28 7 . 14 44 46 . 88 5.00 4 0 197 2.9 0.01 0.5 POC 
85 708 131 40.23 N 28 17 .09 44 52 . 45 8 . 00 5 0 330 18.1 0.09 1.0 POC 
85 708 343 48 .47 H 26 9 .55 44 51.29 4 . 00 4 0 261 4 . 8 0 .01 1 • 1 POC 
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85 706 542 10.51 s 25 53.32 45 5.40 8.00 7 1 349 25.8 0.06 1.9 PDC 
85 706 6 6 11.67 s 25 53.29 45 5.06 8.00 8 1 347 25 . 4 0.05 1.7 PDC 
85 706 615 54.38 s 25 53.75 45 4.86 8.00 8 2 346 24.6 0.07 1.5 PDC 
85 706 626 14.95 s 25 53.86 45 2.92 8.00 50 351 21.9 0.06 2.4 PDC 
85 706 642 52.73 s 25 51.23 45 3.84 8.00 8 1 348 26.4 0.05 2.0 PDC 
85 706 756 57.62 E 26 5 .56 .... 47.14 5.45 2.58 6.2 4 0 268 0.3 0.00 1.1 1. 2 
85 706 935 7.53 H 26 9 . 90 44 50.78 5.00 4 0 303 1.4 0.01 0.8 PDC 
85 706 1029 28.58 w 26 12.52 44 50.54 3.96 3.56 3.7 9 1 288 5.8 0.03 0.8 0.3 
85 706 1310 35 . 19 E 26 6.28 44 47.74 5 . 21 2.78 5 . 7 8 1 138 1.4 0.04 0.3 0.6 
85 706 2038 19 . 98 N 26 14.10 -44 45 . 65 8.00 8 1 319 8.4 0.07 0.8 PDC 
85 706 2048 13.73 E 26 6.71 .... -47.38 5.14 2.74 5.7 5 0 110 2.0 0.01 0.5 1.0 

85 707 053 16.88 s 25 -4-4.84 -45 10.90 8.00 9 1 352 43.0 0.10 2.-4 PDC 
85 707 234 58.2-4 E 26 10.26 .... -45.70 3.77 3.28 3.8 6 1 281 2.3 0.03 0.8 0.4 
85 707 432 23.01 N 26 14.40 44 51.76 8.00 5 1 331 9. 7 0.14 1.1 PDC 
85 707 731 53.67 0 26 4.61 .... 52.62 7.00 4 0 152 2.3 0.09 0.8 PDC 
85 707 843 57.97 H 26 9.51 .... 51.01 2.70 3.76 2.2 8 1 237 4.2 0.05 0.4 0.9 
85 707 11 H 28.79 0 26 1.81 .... 54.66 -4.47 -4.28 3.5 6 0 309 -4.3 0.03 1.6 0.5 
85 707 1723 59. H w 26 10.88 -44 51 .22 3.75 3.7-4 3.3 8 1 264 6.6 0.01 0.5 0.5 
85 707 1957 49.91 s 25 53.61 -45 2.65 8.00 6 0 347 21.9 0.01 1. 8 PDC 
85 707 21 2 57.65 H 26 8.76 44 51.75 5.00 5 0 236 2.8 0.02 0.6 PDC 

85 708 035 32.21 w 26 8.-41 44 53.40 5.-43 3.65 5.1 • 0 284 6.1 0.00 2.5 1 . 1 
85 708 249 39.87 0 26 0 . 23 .... 54.37 5.07 4.43 3.9 8 1 312 3.4 0.04 0.8 0.3 
85 708 529 25.35 w 26 10.10 .... 51.46 5.00 5 0 266 2.5 0.03 0.9 PDC 
85 708 71-4 51.07 w 26 8.04 .... 52.73 5 . 72 3.82 5 . 2 4 0 237 4.8 0.01 1.0 1.3 
85 708 847 11 . 14 H 26 9.87 .... 50.37 -4.76 3.60 4.5 s 0 256 0.9 0.00 0.8 0.6 
85 708 929 -4.79 D 26 1.39 44 54.41 6.22 4.30 5.2 9 1 277 2.5 0.03 0.7 0.-4 
85 708 957 1-4.32 0 25 59.-47 .... 55.54 -4.61 4.20 3.7 8 1 323 5.8 0.03 0.6 0.2 
85 708 1357 5.19 E 26 6.26 44 48.86 5.71 3.33 5.7 6 0 104 2.8 0.03 0.3 0.7 
85 708 15 3 11 . 53 w 26 11.01 .... 52.01 5.86 3 .48 5.7 7 1 268 8.8 0.02 0.8 0.3 
85 708 2225 58.82 s 25 52.36 45 0.90 8.00 4 0 344 21.6 0.03 2.1 PDC 

85 709 051 39.25 w 26 9.89 -44 51.72 -4.22 3.64 3.9 6 0 250 2.7 0.02 0.9 0.-4 
85 709 327 37.01 H 26 10.63 44 49.50 4.00 s 0 263 2.6 0.20 0.7 PDC 
85 709 524 59.75 H 26 8.75 44 50.69 s.00 4 0 197 1.4 0.01 0.9 PDC 
85 709 1023 40.38 w 26 7.83 .... 52.79 5.00 4 0 235 4.7 0 .01 0.9 PDC 
85 709 1044 4.58 s 25 -48.42 45 10.09 8.00 8 1 351 37 . 5 0.04 3.0 PDC 
85 709 11 1 22.48 s 25 51 .09 44 59.88 8.00 6 0 3-48 22.6 0.09 2.8 PDC 
85 709 22 3 28.75 E 26 10.37 -44 -46.21 -4.60 3.H 4.5 8 1 275 1. 7 0.03 0.7 0.3 

85 710 023 34.21 w 26 10.86 .... 51.08 4 . 22 3.74 3.8 6 0 276 3 .1 0.02 1.2 0.5 
85 710 120 ... 11 s 25 54.67 -45 -4.39 8.00 7 0 3-44 23.0 0.01 1.-4 PDC 
85 710 212 10.44 v 26 6.03 .... 51.63 6.40 3.92 5 . 8 9 1 1-49 0.9 0.01 0.3 0.5 
85 710 223 56.06 v 26 5.99 .... 51.65 6.36 3.94 5.7 9 1 1-49 0.9 0.02 0.3 0.5 
85 710 229 21.22 v 26 5.67 -44 51.38 5.45 3.90 4.8 7 1 132 0.6 0.05 0.3 0.6 
85 710 233 45.67 v 26 5.96 44 51.65 6.55 3.94 5.9 8 1 1-48 0.8 0.01 0.3 0.5 
85 710 240 18.25 v 26 5.98 44 51.52 6 . 38 3.94 5.7 11 2 1-45 0.9 0.02 0.2 0.5 
85 710 245 -47.42 E 26 5.32 -44 50.-42 s.00 4 0 191 2.2 0.02 0.9 PDC 
85 710 252 51.29 v 26 5.89 .... 51.36 6.-46 3.90 5 .9 7 1 157 0.9 0.03 0.3 0.-4 
85 710 333 8.20 v 26 5.85 -44 51.35 6.13 3.90 5.5 6 0 153 0.9 0.02 0.7 0.5 
85 710 7 5 39.20 w 26 3.80 -44 54.11 7.35 3.90 6.8 7 0 179 0.6 0.02 0.9 1.0 
85 710 1150 22.70 H 26 9.79 -44 50.82 3.99 3.76 3.5 s 0 258 1.3 0.03 0.9 0.3 
85 710 1325 -49.66 E 26 7 . 29 .... -48 . 9-4 5.56 3.66 5.2 9 1 79 1 . 1 0.03 0.3 0.6 
85 710 1525 23.53 E 26 9.60 H H.87 5.-46 2.80 6.0 7 1 286 3.4 0.03 0.8 0.-4 
85 710 1648 0.31 N 26 1-4.30 44 42.41 8.00 4 0 342 11.3 0.09 1.9 PDC 
85 710 1654 57.05 0 26 3.00 44 51.50 6.98 4.16 6.1 6 0 166 3.6 0.02 0.5 1 .4 
85 710 17 1 23.14 w 26 9.67 44 53.42 5.18 3 .-42 5.1 9 1 261 5 .3 0 .02 0.5 0.7 
85 710 1816 -47.63 w 26 8.24 44 52.71 5.58 3.78 5.1 .. 0 240 4.7 0 .01 1 . 1 1.7 
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85 710 19 4 11.55 E 26 3.24 44 49.49 6 . 53 3.56 6.3 9 1 171 1.3 0.03 0.5 0.4 

85 711 733 34 . 58 s 25 53.25 45 2.18 8.00 7 0 346 21.8 0.14 1.7 PDC 
85 711 1037 9.10 w 26 9.88 44 51 .38 3.96 3.78 3.5 9 1 247 2.2 0.01 0.6 0 .2 
85 711 15 3 0.75 w 26 8.20 44 52.50 5.43 3 . 76 5.0 4 0 255 4.3 0.00 1 .2 1.6 
85 711 1523 56.16 D 26 5.02 44 52 .98 5.90 4.12 5.1 8 1 158 2 .4 0.02 0 . 5 0.3 
85 711 1542 48.64 D 26 3.16 44 53 .07 6 . 78 4 . 42 5.7 8 1 136 2 . 6 0.05 0.3 0.6 
85 711 18 6 34 . 79 N 26 16.02 44 45.10 8 .00 6 0 336 12.1 0.23 1 . 1 PDC 

85 712 334 33.77 s 25 56.90 44 58.51 8.00 8 1 340 12.7 0.07 1.3 PDC 
85 712 959 6.64 H 26 9.52 44 51.15 3 . 70 3.76 3.2 7 0 239 1.6 0.02 0.5 0.3 
85 712 1450 42.78 w 26 9.43 44 53.73 5.33 3.47 5.2 1 0 261 5.8 0.02 0.8 0 . 8 
85 712 1956 12.83 v 26 5.98 44 51.96 7 . 46 4.02 6 . 7 5 0 233 0 . 9 0 . 01 1.4 1.9 
85 712 2051 43.55 v 26 6 . 01 44 51.44 6 . 40 4 0 112 1.00.01 1.1 PDC 

85 713 332 51.24 s 25 48.47 44 57.13 8.00 50 349 25 . 1 0.11 2.3 PDC 
85 713 732 18.89 E 26 9.32 44 46.74 5.65 3.00 6.0 6 1 171 0 . 8 0.02 0.7 1.0 
85 713 813 29.09 w 26 9.29 44 52.68 5.00 4 0 281 4.1 0.02 1.1 PDC 
85 713 14 5 37.74 w 26 9 .82 44 51.78 4.45 3.62 4 .1 8 1 264 2.7 0.01 0 .8 0.4 
85 713 1520 13.90 E 26 8.53 44 48 . 04 5 . 48 3.40 5.4 7 1 162 2.8 0.02 0.3 0 . 6 
85 713 1627 43.12 s 25 53.27 45 2.35 8.00 4 0 351 22.0 0.07 2.9 PDC 
85 713 1819 13 . 21 s 25 51.53 45 0.05 8.00 6 0 347 22.0 0.08 2.2 PDC 
85 713 1848 17.77 s 25 48.77 45 2.67 8.00 6 1 351 36.0 0.03 0.4 PDC 
85 713 1854 14.89 s 25 46.27 45 3.19 6.40 8 1 350 33.0 0.08 3 . 6 PDC 
85 713 19 7 2 . 93 s 25 50 . 31 45 3.53 6.40 8 1 349 27.3 0 . 06 3.2 PDC 
85 713 1939 12.88 s 25 49.51 45 3.10 6 . 40 7 1 351 28.0 0.11 2.6 PDC 
85 713 2032 8 . 68 s 25 49.42 44 59.55 8.00 6 1 348 25.0 0.10 2.5 PDC 
85 713 2049 55.11 s 25 51 . 00 45 3.15 8.00 8 1 348 25.9 0 . 05 2.1 PDC 

85 714 042 29 . 95 s 25 52.95 45 2.68 8 . 00 7 351 22 . 8 0 . 06 2.5 PDC 
85 714 214 35 . 73 s 25 55.10 45 4.73 8.00 6 1 351 29 . 1 0.04 2.6 PDC 
85 714 1327 15.64 H 26 10.06 44 51.16 3.87 3 . 76 3.4 5 0 269 2.0 0 .01 1.2 0.4 
85 714 1347 24. 60 s 25 50.86 45 4 .81 8.00 1 1 352 28.0 0.e5 2 .8 PDC 

85 715 1120 6.28 N 26 16.12 44 42.55 8.00 5 333 13 . 9 0 . 10 1.3 PDC 
85 715 1321 20.42 N 26 15 . 86 44 41 . 63 8 .00 6 342 16.8 0.08 1.4 PDC 

85 716 456 59 . 33 E 26 2 . 99 44 49.72 6.47 4.00 5.8 5 287 5.7 0.02 1.0 0.5 

REGIONS: E - EASTERN WAll 
W - WESTERN INNER FLOOR/WALL 
H - INNER FLOOR, ALONG-AXIS HIGH 
D - INNER FLOOR, ALONG-AXIS DEEP 
V • INNER FLOOR, VOLCANO 
S - SOUTH OF ARRAY 
N - NORTH Of ARRAY 

DBD DEPTH BELOW DATUM (3.3 km) 
SF SEAflOOR DEPTH (USI NG SEA BEAM BATHYMETRY) 
DB Sf DEPTH BELOW SEAFLOOR 
NOR NUMBER Of WEIGHTED ARRIVALS (P+S,S) 
MAG IAAX II.4UI.4 AZIMUTHAL GAP 
DCS DISTANCE TO CLOSEST STATION 
RMS ROOT MEAN SQUARE TRAVEL TIME RESIDUAL 
ERH HORIZONTAL ERROR (FROM 1-SIGIAA ERROR ElliPSOID) 
ERZ VERTICAL ERROR (FROM 1-SIGIAA ERROR ElllPSIOO) 
PDC POOR DEPTH CONTROL 



TABLE 3. Earthquake Location Residuals and Errors 

Number 
of 

earthquakes 

rms, s 

erh.km 1,2 

erz, Jan 1.2 

~ Epicenter, Jan 3 

~ Depth, Jan 3 

~ Origin time, s 3 

1 Enors are 1a 

All, 1D 
Depth free, 1D 
Depth fixed. 1D 

189 
105 
84 

0.04 ± 0.04 
0.02 ± O.Ql 
0,07 ± 0.05 

1.05 ± 0.72 
0.69 ± 0.37 
1.48 ± 0.73 

0.62 ± 0.33 

2 erh = Horizontal enor, erz = Vertical error 

120 

Depth free, 2D 
(8.33 lcrn/s half space) 

Model A 

105 

0.06 ± 0.04 

0.76 ± 0.90 

0.63 ± 0.55 

1.74 ± 1.04 

0.10 ± 1.08 

0.19 ± 0.18 

3 11 =Difference in hypocentral estimates between solutions with 10 and 20 strucwres 

Depth free, 2D 
(velocities extend below 5 km) 

ModeiB 

105 

0.06 ± 0.05 

0.70 ± 0.73 

0.78 ± 0.56 

1.64 ± 0.73 

-1.19 ± 1.57 

0.02 ± 0.17 
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TABLE 4. Hypocentral Changes for Major Groups of Activity 
with the 2D Structure relative to the 1D Model 

Earthguake Veloci~ Number A Euicenter, A Deuth, 
Location Model of Events km km 

High A 21 1.51 ± 0.55 0.02 ± 0.49 

B 21 1.50 ± 0.61 -0.84 ± 1.15 

Volcano A 10 1.10 ± 0.53 0.11 ± 0.58 

B 10 1.28 ± 0.45 -0.61 ± 0.71 

Deep A 8a 1.03 ± 1.16 -1.79 ± 0.87 

B 9b 1.95 ± 1.09 -1.68 ± 2.30 

Eastern Wall 1.12 ± 0.79 

A Origjn Tim~. 
i 

0.23 ± 0.07 

0.12 ± 0.14 

0.20 ± 0.04 

0.01 ± 0.13 

0.00 ± 0.12 

-0.01 ± 0.31 

0.08 ± 0.13 A 

B 

18 c 

18 c 

1.41 ± 0.92 

1.64 ± 0.72 0.16 ± 1.15 -0.05 ± 0.13 

Western Median A 2.13 ± 0.94 -0.02 ± 0.92 0.26 ± 0.17 

Valley /Wall B 1.71 ± 0.72 -2.03 ± 1.07 0.02 ± 0.15 

• a Excludes events 7n/lll4UT and 7/8/0249UT (erh > 2 km), 7/8/0957UT (erh, erz > 2 Ian), 
7/10/1654UT (erz > 2 Ian). 

b Excludes events 7/3/l251UT (erz > 2km), 7n/1114UT (erh > 2 km), 
7/8/0957UT (erh, erz > 2 km). 

c Excludes event 7/16/0456UT (erz > 2 km). 
d Excludes event 6/l6/0846UT (erh > 2 km). 
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TABLE 5. Focal Mechanism Events and Nodal Plane Orientations 

Focal Events Used Nodal Plane 
Mechanism Month, day. origin time (UT) Orientation 

HI 6(28 025I, 7/02 OI02, 7/02 I8I9, 7/04 I9I7, NI2°E0°E 
7/07 0843 

H2 6(26 0752, 6(26 1048, 6(28 OI48, 6(28 025I, Nl7°E 80°SE, N26°E l0°NW 
6(28 1156, 7/01 1125, 7/02 0102, 7/02 I8I9, N12°EO~ 
7/03 I342, 7/04 OI20, 7/04 I9I7, 7/07 0843, 
7/12 0959 

H3 6(27 I855, 6(27 1925, 6(27 1950 N35°E 100NW, N35°E 80°SE 

VI 7/10 02I2, 7/10 0223, 7/10 0229, 7/IO 0252 N28°E 24°NW. N28°E 66°SE 

V2 7/05 06I7, 7/IO 0233, 7/10 0240, 7/I2 1956 N28°E 24°NW, N28°E 66°SE 

DI 7/02 OI45, 7/03 225I, 7/11 I542 N42°E 28°SE, N62°E 65°NW 
N02°E 20°W, N500E 75°SE 

D2 7/02 OI45, 7/08 0929, 7/11 I542 N46°E 700NW, N46°E 20°SE 
N40°E 600SE, N52~ 32°NW 

WI 6(26 22I5, 6(26 2302, 6(27 I600, 6(28 1449, N02°E 65°SE, NI2°E 25°W 
7/03 072I, 7/04 OI40, 7/05 I604, 7/08 0035, 
7/08 0714, 7/10 1816, 7/11 1503 

W2 7/02 I536, 7/09 005I, 7/11 I037, 7/13 I405 N36°E 65°SE, N48°E 25°NW 
N75°W 400SW, N05°W 70°NE 

W3 6/26 1438, 6/26 I443, 6(26 I447, 6/26 I525 N05°W 64°E, N30°E 28°NW 
N48°W 300SW, N32°W 60°NE 

E1 6/28 1501, 7/05 1828, 7/08 I357 N42°E 600NW, N48°E 300SE 
N04°E 300W, N35°E 62°SE 

E2 6(21 0158, 6(21 1625, 7/IO I325 N53°E 50°NW, N79°E 42°S 

WD 6(21 0930, 6(29 1849, 7/10 0705 N36°E 55°NW, N50°E 35°SE 
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TABLE 6. Seismic moments and Source Dimensions 

Origin time Region Mo. fo. r, 6<J, U, Instr 
Yr, mo, day, hr, min, s dyncm Hz km 1m mm 

85 626 752 46.78 H 3.0 X 10 -19 8 0.16 0.3 0.03 2 
85 626 846 13.04 w 2.0 X 10 -19 
85 626 1048 43.39 H 9.1 X 10-18 9 0.14 0.4 0.03 2 
85 626 1230 40.57 w 4.3 X 10 -18 
85 626 1249 27.81 w 2.7 X 10 -19 
85 626 1438 34.69 w 1.5 X 10 -18 
85 626 1443 19.76 w 3.2 X 10 -19 
85 626 1447 26.88 w 8.4 X 10 -18 
85 626 1525 24.66 w 2.7 X 10 -19 
85 626 2215 1.07 w 6.1 X 10-18 5 0.26 0.1 0.02 1 
85 626 2302 23.56 w 2.0 X 10-20 
85 626 2318 12.64 w 1.1 X 10 -19 
85 627 758 45.21 E 3.3 X 10 -19 10 0.13 5.0 0.4 2 
85 627 820 21.76 w 3.3 X 10 -19 
85 627 851 34.34 w 9.8 X 10 -18 
85 627 930 39.20 w 5.0 X 10 -18 
85 627 1409 58.04 D 8.3 X 10 -18 
85 627 1600 6.48 w 2.2 X 10-19 10 0.13 2.0 0.1 1 
85 627 1625 26.23 E 2.1 X 10-19 10 0.13 2.0 0.2 2 
85 627 1829 41.16 E 3.0 X 10 -19 
85 627 1855 57.43 H 2.1 X 10-20 9 0.14 4.0 0.3 1 
85 627 1913 4.11 w 1.8 X 10 -19 
85 627 1925 27.68 H 4.5 X 10 -19 10 0.13 3.0 0.2 1 
85 627 1945 54.88 E 1.5 X 10 -19 
85 627 1950 11.56 H 7.8 X 10 -19 10 0.13 4.0 0.3 1 
85 627 1959 46.45 E 3.0 X 10 -19 
85 627 2008 25.90 w 1.4 X 10 -19 
85 627 2258 58.54 w 2.8 X 10 -18 
85 628 148 50.78 H 3.5 X 10 -18 10 0.13 0.5 0.04 2 
85 628 25147.71 H 2.1 X 10 -19 
85 628 1156 41.58 H 3.5 X 10 -18 8 0.16 0.4 0.04 2 
85 628 1449 4.13 w 8.1 X 10 -18 10 0.13 1.0 0.1 1 
85 628 1501 18.87 E 9.4 X 10 -18 10 0.13 2.0 0.1 2 
85 628 1820 27.36 N 8.9 X 10 -18 
85 628 1942 58.10 N 1.4 X 10 -19 
85 628 2358 0.06 E 2.7 X 10 -18 
85 629 13 25.70 N 2.1 X 10 -18 
85 629 1849 48.04 D 8.7 X 10 -19 11 0.12 4.0 0.3 6 
85 629 2228 22.24 N 2.0 X 10 -18 
85 630 143 11.79 w 2.4 X 10 -18 
85 630 407 8.13 w 4.8 X 10 -19 
85 630 621 35.16 w 8.5 X 10 -18 
85 630 643 15.64 H 4.3 X 10 -18 
85 630 1048 19.10 E 8.7 X 10 -18 
85 630 1052 27.39 N 2.2 X 10-19 
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85 630 1133 4.10 N 1.6x 1o-t8 
85 630 1142 42.13 N 7.2 X 10 -18 
85 630 1523 16.76 w 6.5 X 10 -19 
85 630 1656 35.84 H 1.7 X 10 -18 
85 630 1837 0.81 N 3.6 X 10 -18 
85 630 2144 4.15 D 7.0 X 10 -18 
85 630 2318 22.85 E 2.6 X 10 -18 
85 701 9 10.69 E 3.1 X 10 -19 
85 701 229 16.10 w 5.4 X 10 -19 
85 701 628 54.88 N 1.1 X 10 -19 
85 701 1125 15.25 H 1.6 X I0 -19 8 0.16 2.0 0 .2 2 
85 701 2341 13.44 H 2.8 X 10 -18 
85 702 102 11.93 H 9.1 X 10 -18 
85 702 145 38.33 D 2.7 X 10 -19 
85 702 333 9.24 D 5.5 X 10 -19 
85 702 513 5.16 w 1.4 X 10 -19 
85 702 1038 20.64 w 4.3 X 10 -19 
85 702 1059 13.37 w 4.3 X 10 -18 

85 702 1536 49.91 w 3.3 X 10 -19 
85 702 1759 7.08 D 8.8 X 10 -18 
85 702 1819 15.78 H 9.7 X 10 -18 8 0.16 1.0 0.1 2 
85 703 440 30.72 w 6.5 X 10 -18 
85 703 721 5.53 w 6.2 X 10 -18 
85 703 1342 11.02 H 2.5 X 10 -1 8 

85 703 1637 5.25 w 4.5 X 10 -18 
85 703 1825 59.85 w 2.7 X 10 -18 
85 703 2143 54.08 s 1.7 X 10 -20 
85 703 2251 42.01 D 7.7 X 10 -18 
85 703 2337 37.20 N 1.7 X 10 -18 
85 703 2341 48.73 E 1.0 X 10 -18 
85 704 120 48.19 H 6.2 X 10 -18 7 0.19 0.3 0 .03 2 
85 704 140 48.79 w 1.1 X 10 -19 10 0.13 1.0 0.1 1 
85 704 904 37.97 w 1.3 X 10 -19 
85 704 1041 0.17 E 1.1 X 10 -19 
85 704 1322 19.92 w 1.4 X 10 -19 
85 704 1526 59.64 w 9.2 X 10 -18 

85 704 1555 24.25 E 1.5 X 10 -19 
85 704 1917 40.96 H 1.3 X 10 -19 
85 704 1928 27.36 w 5.6 X 10 -19 
85 704 1934 18.16 w 4.1 X 10 -19 
85 705 536 0.45 v 1.9 X 10 -18 
85 705 617 5.72 v 3.8 X 10 ~20 
85 705 638 10.33 N 2.6 X 10 -18 
85 705 1604 51.08 w 5.6 X 10 -18 

85 705 1718 27.08 w 3.5 X 10 -18 

85 705 1828 27.50 E 9.0 X 10 -18 11 0.12 2.0 0.2 2 
85 706 18 37.39 E 1.8 X 10 -18 

85 706 131 40.23 N 5.1 X 10 -18 
85 706 343 48.47 H 3.9 X 10 -19 
85 706 542 10.51 s 4.2 X 10 -20 
85 706 606 11.67 s 1.2 X 10 -20 
85 706 615 54.38 s 7.9 X 10 -20 
85 706 642 52.73 s 1.8 X 10 -20 
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85 706 756 57.62 E 5.6x 10·17 
85 706 935 7.53 H 2.3 X 10 ·18 
85 706 1029 28.58 w 4.9 X 10· 19 
85 706 1310 35.19 E 5.0 X 10 ·18 
85 706 2038 19.98 N 2.2 X 10-19 
85 706 2048 13.73 E 9.9x 10-17 
85 707 53 16.88 s 4.1 X 10 -20 
85 707 234 58.24 E 1.1 X 10 -19 
85 707 432 23.01 N 3.0 X 10 -18 
85 707 731 53.67 D 2.7 X 10 -18 
85 707 843 57.97 H 3.7 X 10 -19 
85 707 1114 28.79 D 2.8 X 10 -19 
85 707 1723 59.14 w 1.7 X 10 -20 
85 707 2102 57.65 H 7.6 X 10 -18 
85 708 35 32.21 w 1.8 X 10 -19 
85 708 249 39.87 D 1.2 X 10 -20 
85 708 529 25.35 w 3.6 X 10 -18 
85 708 714 51.07 w 1.7 X 10 -18 
85 708 847 11.14 H 4.0 X 10 ·18 

85 708 929 4.79 D 2.0 X 10-20 9 0.14 3.0 0.3 6 
85 708 957 14.32 D 3.2 X 10 -19 
85 708 1357 5.19 E 4.7 X 10 -18 
85 708 1503 11.53 w 2.6 X 10 -19 
85 709 327 37.01 H 1.6 X 10 -19 
85 709 524 59.75 H 1.4 X 10 ·18 

85 709 1023 40.38 w 1.8 X 10 -18 
85 709 1044 4.58 s 1.3 X 10 -20 
85 709 2203 28.75 E 1.8 X 10 -19 
85 710 120 4.11 s 1.7 X 10 -19 
85 710 212 10.44 v 9.5 X 10 -19 
85 710 223 56.06 v 1.4 X 10 -20 10 0.13 2.0 0.2 1 
85 710 229 21.22 v 7.0 X 10 -18 
85 710 233 45.67 v 2.7 X 10 •20 10 0.13 3.0 0.2 1 
85 710 240 18.25 v 6.5 X 10 -19 
85 710 245 47.42 E 4.2 X 10 -18 
85 710 252 51.29 v 5.2 X 10-18 10 0.13 0.4 0.03 1 
85 710 333 8.20 v 3.1 X 10 ·18 

85 710 705 39.20 w 4.9 X 10 -18 10 0.13 1.0 0.09 6 
85 710 1150 22.70 H 2.7 X 10 •18 

85 710 1325 49.66 E 1.7 X 10 -19 10 0.13 3.0 0.2 2 
85 710 1525 23.53 E 1.0 X 10 -19 
85 710 1648 0.31 N 2.3 X 10 -18 

85 710 1654 57.05 D 8.6 X 10 -18 
85 710 1701 23.14 w 9.3 X 10 -19 
85 710 1816 47.63 w 2.5 X 10 -18 9 0.14 0.5 0.04 2 
85 710 1904 11.55 E 8.2 X 10 -18 

85 711 1037 9.10 w 2.5 X 10 -19 
85 711 1503 0.75 w 2.2 X 10 -18 7 0.19 0.2 0.02 1 
85 711 1523 56.16 D 2.2 X lO -20 
85 711 1542 48.64 D 6.6 X 10 · 18 

85 711 1806 34.79 N 5.8 X 10 •18 

85 712 334 33.77 s 5.4 X 10 -20 
85 712 959 6.64 H 2.0 X 10 -19 
85 712 1450 42.78 w 3.3 X 10 -19 



85 712 1956 12.83 
85 712 2051 43.55 
85 713 732 18.89 
85 713 813 29.09 
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CHAPTER 4. TWO-DIMENSIONAL VELOCITY STRUCTURE 
ALONG THE MID-ATLANTIC RIDGE 

NEAR THE TAG HYDROTHERMAL FIELD, 26°N 

INTRODUCTION 

A fundamental issue in understanding mid-ocean ridge processes is to resolve 

the manner by which upwelling mantle material is transformed into ocean crust at the 

ridge axis. The creation of oceanic lithosphere, which appears petrologically variable 

along-axis, from mantle source material that is presumably homogeneous, requires 

spatial and temporal variability in the accretion process. A common explanation for the 

petrological and geochemical signatures of basalts dredged from the ocean floor 

includes the presence of a shallow crustal magma chamber where low-pressure 

fractionation can occur. The mid-ocean ridge magma chamber, while also supported 

by analogies with subaerial volcanos and ophiolitic assemblages, has nonetheless 

escaped direct seismic detection until recently [e.g., East Pacific Rise, McClain eta/., 

1985; Detrick eta/., 1987]. Questions as to its dimensions, along-axis continuity, and 

temporal longevity, especially at slow spreading centers, remain largely unanswered. 

The discovery within the last few years of high-temperature hydrothermal vent 

fields on the slow-spreading Mid-Atlantic Ridge [Kong eta/., 1985; Rona eta/., 1985] 

implies that heat sources must be present at least locally in order to fuel the high heat flux of 

black smoker vents. Strens and Cann [1982, 1986] have evaluated the conditions under 

which shallow hydrothermal circulation at active black smoker systems can form large 

volcanogenic ore deposits, such as are inferred at 26°N and are found in Cyprus; their 

model, based on lateral heat conduction and turbulent heat extraction along fault-controlled 

conduits, requires the presence of an underlying heat source, such as a magma chamber, to 

sustain the circulation and precipitation of sulfides. 

Along the Mid-Atlantic Ridge (MAR), only a few seismic studies have focussed 

exclusively on the axis of accretion, and of these none have unambiguously imaged a 

crustal magma chamber [Whitmarsh, 1975; Fowler, 1976, 1978; Fowler and Keen, 1979; 

Bunch and Kennett, 1980; Purdy and Detrick, 1986]. Because of the 1-2 km seismic 

wavelengths and poor spatial sampling that characterize these studies, however, small 

zones of low velocity or high attenuation beneath the median valley would not be 

resolvable. Whitmarsh [1975] used travel time residuals from two refraction lines across 
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the median valley as evidence for a 2-3 km wide, axial low velocity zone (3.2 km/s) 

situated within the upper 2.5 km of crust at 37°N, while Fowler [1976] proposed a 3-km

thick crust underlain by anomalously low upper mantle velocities (7 .2 km/s) from travel 

time data and synthetic seismogram modelling of refraction data, also at 37°N. At 45°N, 

the propagation of shear waves across the median valley precluded the existence of a 

sizeable zone of high attenuation [Fowler, 1978; Fowler and Keen, 1979]. Bunch and 

Kennett [1980], using synthetic seismograms, documented a small velocity inversion (6.8 

to 6.6 km/s) at 4 km depth on the Reykjanes Ridge at 60°N. In the best-constrained study 

of median valley seismic strucutre to date, Purdy and Detrick [ 1986] found the axial 

structure at 23°N to be homogeneous over tens of kilometers and typical of simple, 

relatively mature ocean crust. They observed no evidence for a steady state magma 

chamber, but they did image a zone of slightly lower layer-3 velocities beneath an along

axis bathymetric high, which they interpreted as the seismic remnants of the most recent 

magma pulse along the 120-km-long section of ridge sampled by the refraction line. 

Tomographic inversion of shot and earthquake travel time residuals for two-dimensional, 

across-axis median valley structure beneath a morphological deep south of the along-axis 

high showed a narrow zone (less than 10 km wide, 1-5 km depth) of slightly lower 

velocities (by several percent) centered at the ridge axis [Toomey et al., 1988]; the low 

velocities were interpreted as the seismic expression of the most recent site of magma 

injection within the inner floor deep. 

During the summer of 1985, a combined microearthquake and seismic refraction 

experiment was carried out in the median valley of the Mid-Atlantic Ridge at 26°N (Figure 

1) with the intent of investigating the mechanical and structural properties of young ocean 

crust at a hydrothermally-active, slow spreading center. The geologically well-studied 

ridge segment at 26°N [e.g., Rona et al., 1976, 1986; McGregor et al., 1977; Rona, 1980; 

Karson and Rona, 1989; Thompson et al., 1985; Zonenshain et al., 1989] provides an 

excellent locale at which to investigate the relationships between tectonism, volcanism, and 

hydrothermal circulation, and the effect of these processes on the seismic velocity structure 

beneath the median valley. The presence of high-temperature black-smoker vents also 

establishes this area as one of the more probable sites identified to date (along with the 

hydrothermal field at 23°22'N) at which to find a seismically-detectable magma chamber at 

a slow spreading center. 

In this chapter, we report results from the explosive refraction line and from the 

tomographic inversion of P wave travel time residuals for seismic velocity structure in the 
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vicinity of the hydrothennal field. The analysis of the microearthquake data was presented 

in Chapter 3. In the first part of this chapter, we document the travel time and amplitude 

evidence for seismic heterogeneity beneath the median valley. This is followed by one

dimensional (lD) travel time inversion and amplitude modelling of the refraction data south 

of the along-axis inner floor high to explore plausible plane-layered structures associated 

with the different receivers. The second part of this chapter presents laterally-varying P 

wave velocity models of median valley structure obtained from the tomograi,>hic inversion 

of P wave travel time residuals from shots and earthquakes. These results are evaluated in 

light of the data resolution and spread in the resolving kernel and the assumptions imposed 

in the analysis, and then interpreted in terms of models of crustal accretion. 

EXPERIMENT LOCATION 

The 7 5-km refraction line was shot along the axis of the median valley between 

25°54'N and 26°28'N to a 20 xlO km network of seven ocean bottom hydrophones 

[OBHs, Koelsch and Purdy, 1979] and two ocean bottom seismometers [OBSs, Mattaboni 

and Solomon, 1977; Duschenes eta/., 1981]. The network encompassed the high

temperature black-smoker field at the along-axis depth minimum, as well as the deeper 

portions of the inner floor to the south (Figure 1 ). In total, 44 charges (27 kg, - 1.5 km 

shot spacing) were shot along the northern and southern limbs of the refraction line, and an 

additional13 ranging shots (7 kg) were detonated in the vicinity of the network. The mean 

detonation depths were 10.4 m and 6.1 m for the 27 kg and 7 kg shots, respectively. 

In addition to the travel time and amplitude analysis of the refraction line for P wave 

velocity structure beneath the inner floor south of the along-axis high, we used travel time 

residuals from refraction and ranging shots within and close to the network, along with 

travel time residual data from the microearthquakes (Chapter 3), to tomographically invert 

for two-dimensional, along-axis structure. 

DATA REDUCTION 

Shot instant corrections, which account for the fact that shot times are recorded 

by a hydrophone towed 50 m behind the ship, were typically - 0.2 s. Receiver clock 

corrections were calculated assuming linear drift rates (0.002- 0.033 s/day) from pre

and post-deployment time checks against ship clocks. All times, including a leap 
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second on July 1, 1985, were corrected to Universal Time (UT). Most crustal arrivals 

could be picked to within 0.02 s (2 samples) on the low frequency (2-40 Hz), high 

gain hydrophone channels on the OBHs or the vertical channel on the OBSs. The 

overall reading error for both water waves and crustal first arrivals, including 

uncertainties introduced by the playback and picking of phases, clock correction toUT, 

and instrument location, was estimated to be 0.04 s. 

Instrument and shot locations near the network were determined by the formal 

inversion method of Creager and Dorman [ 1982] using Global Positioning System 

(GPS) navigation fixes and direct water wave travel times (Chapter 3). The technique 

utilizes acoustic ranging of shots at a range of azimuths to fixed instruments to solve 

simultaneously for the locations and depths of the instruments and the locations of the 

ranging shots. Final shot and instrument locations have formal one-standard-deviation 

errors of± 30 m. 

In order to improve upon the locations of the remaining explosive shots, which 

are little constrained by the above inversion method because of their long ranges and 

narrow range of azimuths, we employed a grid search technique using the available 

direct water wave data to estimate the best location for each shot by minimization of the 

root mean squared (rms) travel time residual. Direct water wave arrivals were read on 

the OBHs from a filtered (0.15 - 2 kHz) and rectified hydrophone channel digitized at 

100Hz, and on the OBSs from the vertical channel (1-60Hz sensitivity) sampled at 

120Hz. A constant water velocity layer (a sounding velocity of 1.5137 km/s 

computed from a CID water sampling cast at 24°N) was assumed Because of the 

rugged topography, direct water wave arrivals were not observed on all instruments 

from all shots. 

Two iterations for shot location were carried out, the frrst using a 3-km-wide 

square grid (100-m spacing) centered around the GPS or Transit satellite location of the 

shot, and the second employing a smaller, 1.5-km grid (50-m spacing) centered around 

the location from the first iteration. In the fmal step, an additional constraint, imposed 

on the farthest shots for which rms residuals did not yield a robust location in the 

northwest-southeast direction (Figure 2), was that all shots for each line occurred along 

the same azimuth, defined as follows. For the south line the azimuth (N28.3°E) was 

determined by a least squares fit through the locations obtained with the Creager and 

Dorman [1982] methcxL while for shots north of26°15'N the azimuth (N29.60£) was 

obtained by a fit to the small-grid relocations. Uncertainties in shot locations, from the 
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0.04-s travel time error for the water waves, were estimated from spline fits to the rms 

residuals versus position along azimuths parallel and perpendicular to the shot line 

direction. The average error in shot location along the azimuth of the refraction line 

was 119m. 

The substantial effects of seafloor topography on crustal P wave travel times 

were removed by computing travel time and range corrections for each shot to each 

receiver using an improved version of the water path method described by Purdy 

[1982]. Estimates of the range dependence of the ray parameter were uti.lized to correct 

both the range and travel time of each data point to the seafloor. The ray parameter was 

estimated from a cubic sp.line fit to the travel time data for the refraction lines, and from 

the average shot-receiver range and corresponding estimated velocity at the ray turning 

depth for the remaining ranging shots. A ray parameter uncertainty of 0.03 s/km was 

determined from an examination of the travel time curves and consideration of 

reasonable ray parameters (velocities) at ray turning points. 

Because of the distribution of receivers and the large topographic variations in 

the study area (over 1 km of relieO, ray entry points beneath the shots can in some 

cases be offset by more than 2 km from the ship track. This renders the conventional 

one-dimensional bathymetry recorded by the shooting ship inadequate for the 

determination of accurate topographic corrections. To overcome the two

dimensionality of the shot-receiver configuration, we have used the complete three

dimensional representation of the seafloor topography provided by the Sea Beam 

bathymetry [Sempere et al., 1989], gridded at 150-m spacing with linear interpolation 

between data points, to determine the ray entry point along the shot-receiver azimuth 

for the estimated ray parameter. Typical corrections were 2.5 - 3.0 s in travel time, 

with an estimated error of 0.07 s assuming a± 0.03 s/km uncertainty in the ray 

parameter. 

REFRACTION LINE ANALYSIS 

In this section, we present amplitude and travel time evidence for crustal 

heterogeneity beneath the median valley in the vicinity of our experiment site (Figure 

1). A plot of all water-path-corrected times from shots to the south of the along-axis 

high to instruments in the network shows a wide scatter (up to 0.8 s) in the water-path

corrected travel times (Figure 3), indicating that substantial variations in velocity are 
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required beneath the median valley. Figure 4 reveals that P-waves traversing the 

region of the along-axis high (to OBHs 2 and 3) have reduced travel times at 5- 15 km 

range that are up to 0.4 s less than those to instruments in the deeper portions of the 

median valley to the south (OBHs 1, 6, and 8) or atop the eastern wall (OBH 5; OBSs 

1 and 3). At these ranges, rays tum within the topmost 3-4 km of crust, implying that 

higher velocities are associated with the upper crust in the region of the along-axis 

high. Amplitudes of compressional first arrivals beyond 19 km range at receivers 

located atop the along-axis high (OBHs 2 and 3; Figures 5a,b, 6) are severely 

attenuated, suggesting a decrease in velocity at depths greater than about 4 km. The 

observation of high-amplitude arrivals at comparable ranges at an instrument deployed 

on the eastern wall only 5 km to the east (OBH 4; Figures 5c, 6) indicates that the 

heterogeneity may be local in nature and confined to the inner floor. 

Examination of the water-path-corrected, reduced travel times from the northern 

limb of the refraction line show travel time variations of up to 0.6 s out to ranges of 25 

km (Figure 7a). These variations, which correspond to systematically larger travel 

times to OBHs 1 anq 6 compared to times to OBHs 2 and 4 (Figure 7b ), are consistent 

with lower velocities within the uppermost 3 km of crust beneath the along-axis deep 

region to OBH 6, and north of the along-axis high to OBH 1. Northern limb 

seismograms to OBHs 1 and 6, as compared to OBHs 2 and 4, also display 

significantly smaller P wave amplitudes out to 20 km range (Figure 8). Although these 

variations are qualitatively consistent with the inferences made from data from the 

southern limb, shot locations (and thus topographic correction calculations) and travel 

times (because of the lower signal to noise ratio of the P waves at far ranges) have 

larger uncertainties. For these reasons, we have chosen not to examine in detail 

variations observed from the northern limb data. 

Southern Limb of Refraction Line 

Record Sections -Amplitude Observations 

The seismograms to OBH 4, located on the eastern wall just to the north of the 

along-axis high region, display high signal to noise ratios at all ranges (Figure 5c). 

The amplitude-range variations are similar to those observed within the MAR median 

valley at 23°N by Purdy and Detrick [1986], which is characterized by steep layer-2 
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velocity gradients underlain by shallow layer-3 gradients and a distinct mantle 

transition zone. OBH 4 seismograms show lower amplitudes at 17-18 km due to 

slightly increasing velocities at mid-crustal depths and high amplitudes, suggestive of a 

Moho triplication, from 20-25 km range (Figure 5c). The amplitude patterns, which 

are consistent with a normal oceanic crustal column only a few kilometers off the ridge 

axis, constitute evidence that oceanic crust evolves to a relatively mature structure 

within 0.4 My at this latitude on the MAR. The observation of high-amplitude first 

arrivals extending to ranges beyond 25 km is not typical of normal oceanic crust, and 

suggests the presence of heterogeneities at depth. 

In contrast, rays which traverse the median valley to OBHs 2 and 3, located 

atop the shallower portions of the along-axis high where the high-temperature 

hydrothermal field is situated, show low signal to noise ratios, and are severely 

attenuated beyond 18-19 km range (Figures 5a,b, 6). No consistent refracted arrival 

times could be picked over these ranges (Figure 5a), and certainly no Moho triplication 

is observed (Figure 5a,b). The low amplitude, emergent phases contrast sharply with 

the impulsive arrivals at OBH 4, which is located less than 5 km to the east 

The data recorded by OBHs 1 and 8, located within the along-axis inner floor 

deep, show high signal to noise ratios with high amplitudes out to 15 km, 

characteristics typical of steep layer-2 velocity gradients within the upper crust (Figures 

6, 9). Both record sections show the appearance of lower crustal or upper mantle 

velocities (- 8 km/s) at relatively short ranges(- 15 km). 

Travel Time Patterns 

Compilation of the refracted wave travel time data indicates that substantial, and 

systematic, seismic heterogeneity exists within the crust at 26°N (Figure 3). That 

consistency is seen among travel times of shots to spatially-clustered receivers (Figure 

4) implies, however, that some lateral heterogeneity in structure may exist at length 

scales of 5 km or less. Cubic splines, constrained so that slopes decrease with 

increasing range, can be fit to the data groups shown in Figure 4 with rms deviations 

of 0.10 s (along-axis high), 0.06 s (along-axis deep), and 0.08 s (eastern wall). 

Within the median valley, velocity-depth functions were obtained for OBHs 1 and 3 

from the inversion of the spline-fit travel time curves (Figure 10). The simple plane

layered models, which serve only as starting models for the amplitude modelling in the 
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next section, are shown in Figure 11. Velocities in the uppermost crust were 

approximated by a linear gradient using the method of Ewing and Purdy [1982]. 

Because of the scatter in the travel times at ranges > 21 km to OBH 3 (see Figure 4 ), 

the velocity-depth function below 3 km is unconstrained. 

Comparison of the travel times (Figure 4) and velocities (Figure 11) reveals 

three first order observations: (1) Travel times associated with paths traversing the 

crust beneath the inner floor along-axis high (OBHs 2, 3) are significantly less than the 

times for rays which sample the crust beneath the deeper portions of the median valley 

to the south (OBHs 1, 6, 8). The variations, up to 0.4 s for travel times of- 1 sin the 

5-15 km range to instruments a few kilometers apart, indicate that systematic 

differences in velocities exist along the median valley axis. At these ranges, rays turn 

in the topmost 3-4 km of crust, suggesting much higher average velocities exist in the 

upper crust beneath and to the north of OBH 1. It is worthwhile to mention at this time 

that OBH 1 is located on a 200 m conical feature situated within the neovolcanic zone 

(see Figure 3 in Chapter 3 for location). The coincidence of this edifice, probably a 

small volcano, with the mapped velocity anomaly will be discussed in more detail later. 

(2) No mantle phases(- 8 km/s) are observed in the travel time data (Figure 4), or 

waveform data (Figures 5a,b ), to OBHs 2 and 3 out to 30 km range. In the next 

sections, we will show that a velocity decrease with depth near OBH 1 is required to 

explain the lack of strong, coherent P wave arrivals beyond 19 km range to OBHs 2 

and 3, as well as the travel time observations to instruments within the inner floor. (3) 

Travel times to OBHs 2 and 3 atop the along-axis high are also resolvably shorter than 

those to instruments on the eastern wall (Figure 4b ), though the contrast is not as 

striking as with the structure beneath the along-axis inner floor deep. 

Amplitude Modelling - Median Valley South of Along-Axis High 

In this section, we present WKBJ seismograms [Wiggins, 1976; Chapman, 1978] 

that satisfactorily fit both the amplitude patterns and P wave travel time data observed by 

OBH 3 (Figures 4a, Sa) and OBH 1 (Figures 4a, 9a). The plane-layered models, which 

represent average velocity structures, are significantly different even though their ray paths 

sample crustal volumes only a few kilometers apart In determining the models, our goal 

was to fmd the simplest structures (hence with only 2 or 3layers, Figure 12, Table 1) 
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consistent with the major amplitude - range patterns in each record section; because of the 

known heterogeneity and limited spatial sampling (- 1.5 km), as well as topographically

induced focussing and partial detonation uncertainties, no attempt was made to match shot

to-shot amplitude variations. For each instrument, two possible models are presented, one 

in part derived from the inversion of travel times from each refraction line (models lA-ld; 

3A,3B-ld), and the second motivated by the results of the two-dimensional tomographi~ 

inversions of shot and earthquake travel time residuals (models 1A-2d, 3A-2d). We 

introduce the results from the tomographic inversions in order to explore the effects of a 

low velocity zone on the travel times and amplitudes, and to compare the structure 

estimated from the analysis of travel times to a single instrument with that independently 

estimated from the inversion of travel time residuals from a number of sources to a number 

of receivers. 

OBH3 

The important features modelled for the OBH 3 record section are the sharp cutoff 

in amplitude beyond 19 km (Figures 6, 13b) and the lack of Moho velocities out to 30 km; 

the amplitude maximum at- 14 km was not modelled since it is observed only on a single 

shot. The travel times and high-amplitude first arrivals can be matched by a two or three 

layer upper crust which has positive velocity gradients to 2.7-3.1 km depth (Figure 13a). 

Relatively steep velocity gradients (- 1.3 s-1) in the upper kilometer of crust and gentler 

gradients (layer 2/3,0.3- 0.7 s-1) down to 3 km depth are required to fit the curvature of 

the travel time curve; the shallower layer 2/3 gradients act to decrease the amplitudes with 

range (3B-1d model, Figure 13b). Below these depths, however, velocities cannot 

increase since this results in significant amounts of energy in the 20-30 km range (3A-1d 

model, Figure 13b). 

The introduction of a low velocity layer would further decrease the amount of first

arriving energy. This hypothetical model, 3A-2d, is instructive in predicting the magnitude 

of travel time delay that might be expected from a layer of lower velocities. Figure 13c 

shows the calculated travel time curve, WKBJ seismograms, and ray paths for a 7 km crust 

containing a 2.7 km thick low velocity layer from 3.1 to 5.8 km depth. Because of the 

positive velocity gradient which is introduced below 5 km (1.2 s-1), rays tum at 

increasingly shorter ranges with decreasing ray parameter resulting in high amplitude, 

refracted arrivals delayed 0.3 - 0.4 s over the 20 - 25 km range. The synthetic 
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seismograms in Figure 13c show only the major features, as the WKBJ approximation 

breaks down in the presence of sharp velocity gradients and in shadow zones [Wiggins, 

1976; Chapman, 1978]. Examination of the observed travel times to OBHs 2 and 3 

(Figures 4a) clearly shows that such a delay may exist, though the shot to shot arrival time 

variations over this range suggest that heterogeneity is present. The lack of a coherent set 

of delayed phases also implies that a layer of low velocities cannot extend continuously 

along-axis and, furthermore, that the along-axis extent of the low velocity is probably not 

more than 5-10 km since Figure 13c shows that coherent phases can be generated from a 

low-velocity layer with an along-axis continuity of< 10 km (i.e., coherent arrivals in the 

20-28 km range). This inference is confmned by the higher velocities found at depth to 

the south from the refraction analysis of travel time data at OBH 1, and the two

dimensional velocity variations resolved by the tomographic inversions. 

OBHJ 

The primary characteristics of the structure south of OBH 1, which describes the 

average crust beneath the deeper portions of the median valley, are the greater travel times 

(than to OBH 3) to 20 km range (Figure 4a), the appearance of lower crustal or mantle 

velocities at -15 km range (Figure lOb), and the generally high amplitudes throughout 

(Figure 9a). While the amplitude - range pattern is similar to that observed at OBH 3, the 

distinguishing feature of the OBH 1 data is the much lower velocities over the upper 3 km 

of crust required to match the travel times (Figure 12). 

The two.models, again based on synthetic seismogram modelling using starting 

velocity models from the refraction-line travel time inversion (1A-1d, Figure 14b) and from 

the tomography inversions (1A-2d. Figure 14c), both require much lower velocities in the 

upper 2.2 -2.5 km of crust than were needed by the OBH 3 data. Model1A-1d contains a 

1.7 s-1 velocity gradient in the upper kilometer followed by successively shallower 

gradients (1.1 s-1, 0.7 s-1) to 5.2 km. Model1A-2d, which used the tomographic results 

as a starting base, includes higher velocities within the uppermost 0.7 km of crust in order 

to satisfy the travel time data. The one-dimensional structure obtained from the refraction 

line data is consistent with the travel time data and mean velocity structure found by Pwdy 

and Detrick [1986] for the upper 2.5 km within th~ median valley at 23°N (Figure 11 ). The 

low seafloor velocity, and the steep gradient in the upper kilometer of crust, in contrast 

with a more gradual increase in velocity to 6 km/s over the next 1 - 1.5 km (Figure 12), 
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appear to be common characteristics of layer 2 structure in young oceanic crust [see Figure 

9 in Spudich and Orcutt, 1980a; Bratt and Purdy, 1984; Purdy and Detrick, 1986]. 

Both models require velocities in excess of 7.4 krn/s (maximum velocity estimated 

by the refraction line travel time inversion, Figure 11) in order to match the travel times and 

curvature of the T-X curve. The generally high-amplitude refracted arrivals to OBH 1, 

rather than an amplitude minimum at - 15 km that would result from gentle layer 3 

gradients [Purdy and Detrick, 1986], are consistent with a steady increase in velocity with 

depth (0.7 s-1) below 2.5 km depth. 

Summary of Refraction Analysis 

The comparison of data from the southern limb of the refraction line to receivers 

located within the median valley at 26°N reveals that young oceanic crust cannot be 

adequately characterized by a simple, laterally homogeneous velocity structure. The 

consistency in amplitude and travel time patterns among spatially-clustered instruments 

does suggest, however, that some degree of homogeneity exists and that one-dimensional 

structures are at least locally valid (at 5-10 km length scales). These observations imply 

that the variations are systematic, and possibly related to the crustal accretion processes 

responsible for the formation of the active hydrothermal field. 

The most striking feature of the refraction data set is an along-axis variation in the 

structure of the crust beneath the inner floor. Substantially lesser travel times, or higher 

velocities, appear to be associated with the uppermost 3 km of crust at the along-axis high. 

The structure at this locality requires a decrease in velocity at depth to explain the lack of 

coherent energy over the 19 - 30 km range to OBHs 2 and 3. Travel times (OBH 5, OBS 

31) and amplitudes (OBH 4) to instruments a few kilometers to the east on the valley wall 

do not show such a variation, implying that the seismic structure varies perpendicular to, as 

well as along the ridge axis. The upper crust beneath the deeper portions of the inner floor 

is characterized by steep gradients in the upper kilometer and appears to be typical of young 

oceanic crust found at many mid-ocean ridge locales. 

TOMOGRAPHIC INVERSION FOR P WAVE VELOCITY STRUCTURE 

In order to explore further the nature of the inferred along-axis seismic 

heterogeneity, we have carried out formal tomographic inversions for two-dimensional 
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(2D) P-wave velocity structure beneath the median valley at 26°N. By enlarging our source 

data set to include both the southern limb and portions of the northern limb of the refraction 

line and the ranging shots, as well as travel time residuals from microearthquakes, we are 

able to resolve along-axis variations in velocity. 

The technique we use to solve for the velocity structure employs travel time residual 

data from shots and earthquakes whose locations are fixed throughout the inversion 

[Toomey et al., 1988], and is a modification of a simultaneous earthquake relocation and 

velocity inversion method first developed by Thurber [1981, 1983, 1984]. The procedure 

incorporates an approximate three-dimensional ray tracer (ART2), enabling efficient 

computation of travel times for a velocity structure parameterized by an arbitrary 

distribution of grid values. The use of fixed earthquake hypocenters as sources is 

motivated by the limited number of explosive shots (up to 35) and receivers (up to 7); a 

simultaneous earthquake and velocity inversion would not be possible since at most only 

three travel time observations could be used to constrain the velocity structure after 

hypocentral estimation. As a consequence, the underlying assumption throughout, which 

later analysis shows is reasonable, is that the earthquake locations we use are "close" to 

their true locations so that travel time variations due to source mislocation are independent 

of small velocity perturbations. A review of the solution technique, including methods 

used to evaluate solution quality, is presented in the Appendix. 

We begin this section with a discussion of the input parameters to the tomographic 

inversion, including the selection of an appropriate configuration of sources and receivers 

and parameterization of the velocity model. Using this source/receiver configuration, we 

present a 2D velocity model describing the average crustal structure beneath the median 

valley south of the along-axis high. Evaluation of the contribution of each source type and 

the effects that different source and receiver combinations have on the solution show, 

however, inconsistencies among some well-resolved nodal velocity estimates. 

Examination of the effects of earthquake source mislocation on the solution indicate that the 

spurious values result from tradeoffs in velocity estimates with changes in hypocenter 

caused by unmodelled structural variations at depths below that resolvable by the shot data 

alone, or out of the crustal volume described by the lD model with station corrections. The 

inversions indicate that the best crustal model, the one which is most consistent with the 

velocities estimated from the shot data and which results in the highest reduction in data 

variance and best travel time fit, is obtained by using only the centermost events along the 

ridge axis and earthquake hypocenters relocated with a 2D structure which better 
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approximates the true structure. Because of the likely presence of heterogeneity in three 

dimensions, velocities may still be biased by hypocentral errors. 

Input Parameters 

Travel Time Data Set 

Figure 15 shows the source (32 shots, 69 earthquakes) and receiver (7 instruments) 

distribution for the tomographic inversions (a total number of 532 observations) used in the 

following discussion. The explosive source data set, which consists of accurately-located 

ranging and refraction shots for which P wave arrivals could often be picked to within 0.02 

s, includes only shots whose ray paths sample the inner floor; these include median valley 

shots up to 10 krn to the north and south of the network. Tests show that the inclusion of 

shots at farther ranges helps to constrain the crustal structure at depth, but does not 

significantly affect the velocity estimates at shallow depths. 

The earthquake sources (Figures 15 and 16) are those events with the best 

constrained locations. Hypocenters were independently calculated using a plane-layered 

structure with station corrections determined iteratively from a subset of well-recorded 

events (Chapter 3). The 69 earthquakes were culled from the full data set (185 events) by 

eliminating those events (1) whose ray paths sampled the rift mountains; (2) whose focal 

depths could not be resolved by the network - these events often were located outside the 

network; and (3) whose change in epicenter and depth, after relocation with only the inner 

floor network, was larger than the average one-standard-deviation (1-cr) errors using the 

fu119-station network. For the ?-station configuration of Figure 15, the earthquake 

locations have nominal 1-cr fonnal errors of 0.85 ± 0.40 km in the horizontal direction and 

0.73 ± 0.42 km in the vertical direction. We will see in a later section that these 

hypocenters can be taken as "close" estimates of the true locations, and that for the given 

model parameterization, the resulting Earth model is independent of source mislocation. 

A vertical cross section along the axis (Figure 16) suggests a general shoaling of 

earthquake focal depths toward the along-axis high and a relative paucity of shallow crustal 

events. Qualitatively, such a distribution means that the earthquake sources by themselves 

will not resolve the shallow structure since all rays will sample this volwne to a comparable 

degree. The inclusion of explosive sources, which can independently resolve the 

uppermost crust, are thus crucial for a meaningful inversion for velocity structure. 
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Velocity Model Parameterization 

On the basis of the available source and receiver configurations for the experiment, 

including features constrained by the refraction line (above), we opt to solve for the along

axis, median valley crustal structure. In a later section we assess the effects of a three

dimensional structure on the solution. We seek a configuration of velocity nodes that can 

satisfactorily represent the velocity heterogeneity beneath the median valley at 26°N. 

Because our data set is fmite and less than ideal, we want to select a set of parameters 

which can be resolved by the travel time observations. The 5-10 km heterogeneity length 

scale documented by the 1D refraction line analysis suggests that a 3-nodal-column 

parameterization might be appropriate. Such a model parameterization will implicitly seek 

to determine average anomalies beneath our instruments, and so to a first approximation the 

tomographic inversion will extract velocity perturbations to an initial structure from the 

station corrections. This is an important point because it explains why travel time residuals 

from fixed-location earthquakes can be used to provide independent information on the 

velocity structure we wish to resolve. Because the inversion uses data from a range of 

azimuths, infonnation on the patterns of the structural heterogeneity not parameterized by 

the 1D model with station corrections can be extracted. 

We use as· our preferred initial model a layered structure which is approximately 

confonnal to the seafloor (Table 2). Velocities in the upper 3 Ian are from inversion 0 

(Table 3) which employed a one-dimensional starting model (Figure 17a) from the median 

valley at 23°N [Purdy and Detrick, 1986] and the 21 explosive sources within 5 Ian of the 

network; comparison of the structures obtained with the 1D and 2D starting models show 

that the solutions are not sensitive to the initial model, however. From structural models 

for young ocean crust [Spudich and Orcutt, 1980a], we fixed the nodal depths at 0, 1, 3, 

and 5 km beneath the seafloor in an attempt to characterize regions of high vertical gradients 

with a minimum number of parameters. The nodes at 0 and 1 km depth are needed to 

model the steep velocity gradients often found in the shallowmost crust. Using the criteria 

outlined below, with the above depth parameterization, we then performed a series of trial 

inversions with different numbers of along-axis nodal columns (Table 3, inversions 1-3) to 

determine an optimum horizontal node spacing. 

A consideration in optimizing the model parameterization is to ensure that each 

parameter is not influenced by neighboring nodes, i.e., reflects a localized average. To 
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investigate this, we examine the resolution matrix R. For an underdetermined problem, 

where m (number of velocity nodes) is greater than k (number of linearly independent 

parameters), off-diagonal elements of the resolution matrix will in general be non-zero 

[Wiggins, 1972]. Thus, we also seek a parameterization which results in a o-like resolving 

kernel. The node number-grid spacing (in krn) map for the 3-nodal-column case is shown 

in Figure 18, and examples of the averaging vector for each node are shown in Figure 19 

for (a) inversion 1 using earthquake and shot sources, (b) inversion 4 using shot sources 

only, and (c) inversion 5 using earthquake sources only. 

The discussion in the Appendix suggests the optimal nodal configuration can be 

determined by examining plots of the derivative weight sum (DWS), spread, and resolution 

for a number of possible along-axis parameterizations. Figure 20 shows that the DWS and 

resolution decrease, and spread correspondingly increases, as the number of along-axis 

velocity parameters increases (see Figure 15 for nodal spacing and data distribution). From 

this series of plots, we can see that high resolution with minimal spread and smoothly 

varying DWS characterizes the 3-nodal-column parameterization (5 krn spacing, A nodes in 

Figure 15), whereas the 5 and 7 nodal column cases (2.5 km and 1.7 krn spacing, Band C 

nodes) are marked by progressively poorer resolution, larger spread, lower DWS, and in 

general increasingly larger degrees of scatter among the values. 

Examination of the spread and resolution reveals a clear break, most clearly seen in 

the plots of resolution versus spread and DWS versus spread in Figure 20, that delineates 

well-resolved from poorly-estimated parameters. For the data in inversions 1-3, the 

threshold values for well-constrained velocity (plotted as dashed lines in the figure) were 

empirically taken to be 0.8 for the diagonal element of the resolution matrix, and 60 for the 

spread function value at a particular velocity parameter; for later inversions which use fewer 

data, resolution and spread threshold values will be lower and higher, respectively. In 

addition, evaluation of the potential number of degrees of freedom for the system (traceR) 

shows the percentage of linearly independent parameters (kIm) decreases noticeably as the 

number of nodes increases from 12 to 28 (83% to 54%). Combined with increases in 

spread, this implies that a finer parameterization is not leading to a better estimate of 

velocities since averaging over adjacent nodes now occurs. On the basis of these results, 

we chose the 3-nodal-column configuration to be the optimal model parameterization; plots 

of the averaging vector (Figure 19a) show that these velocity parameters are well-resolved, 

generally-localized averages. 
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Trial inversions using a three-dimensional median valley parameterization (3 nodal 

columns along-axis, 2 across-axis) indicate that the available data do not allow the 

determination of meaningful solutions. This can also be qualitatively inferred from the 

distribution of earthquakes (Figure 15); the non-uniform arrangement results in the 

coupling of high and low values of resolution for some across-axis, nodal pairs. The low 

number of degrees of freedom (DOF, k=14, m=24) and large spread further suggest that 

such a parameterization does not add information to the model estimate. 

Average 2D Median Valley Structure 

The results of the two-dimensional inversion for the along-axis velocity structure 

beneath the median valley in our experiment area, using 32 shots and 69 earthquakes 

recorded by 7 stations (total of 532 observations, Figure 15), are shown in Figures 21 and 

22, and Table 3 (inversion 1 ). Examination of Figure 19b shows that most velocity 

parameters (nodes 5-10) represent localized averages and are not affected by adjacent 

nodes. The final rms travel time residual, rmsr, was 0.12 s after 5 iterations with a 63% 

reduction in variance (Table 3). Initial travel time residuals show substantial negative 

delays associated with the shot travel time data (Figure 23), suggesting that velocities are 

on average faster than in the initial model. After inversion, the mean travel time residual 

was 0.02 ± 0.12 s. Although the shot residuals are much reduced, a slight bias is still 

observed; we will see later that this bias results from errors in the assumed earthquake 

hypocenters and that upon relocation of the events with a better estimate of the velocity 

structure, both shot and earthquake residuals after inversion show a zero mean with small 

variance. 

The mean standard error in the estimation of a velocity parameter (the square root of 

the diagonal elements of the covariance matrix), expressed as a percent deviation from the 

starting model, was 2%, which corresponds to- 0.15 krn/s. In a comparison using 

synthetic data, Thurber [ 1981] found that the actual velocity errors were only weakly 

correlated with the standard error, and that the mean absolute error was nearly twice the 

mean standard error. From this result, we take our estimated average velocity error to be -

4% or - 0.3 km/s. As can be seen in Figure 22, the estimated velocity structure is well

resolved below a depth of 1 km, with resolution> 0.8 and spread much less than 60; the 

smoothly varying DWS shows that the nodes are more or less uniformly sampled. 
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The two-dimensional model (Figures 21 and 22, Table 4) shows four major 

resolvable features: (1) Significantly higher velocities are associated with the shallowmost 

crust beneath the volcano and along-axis high than are found in the deepest portions of the 

median valley. (2) A region of higher velocities (-7 km/s, Av = 0.6 km/s) is located at 

shallower levels (- 3 km) beneath the axial volcano than beneath the deep. (3) Beneath the 

axial volcano, velocities decrease directly below this level and are at least 1 km/s less than 

the starting model at a depth of 5 km. These lower velocities are not present beneath the 

along-axis deep but may extend beneath the along-axis high. The data do not constrain the 

thickness of the low velocity region. ( 4) A crustal thickness of 5 km is inferred from the 

observation of mantle velocities (8.1 km/s) beneath the along-axis deep. 

Features 1, 2, and 4 can be resolved by the shot data alone (Figure 24, inversion 

4), while feature 3, which describes patterns at depth beneath the volcano and along-axis 

high, is dependent on the earthquake travel times. The imaging of a velocity decrease 

below 3 k.m beneath the volcano is consistent, however, with the observed attenuation of P 

waves to OBHs 2 and 3 beyond 19 km range. A fifth observation, that mid-crustal 

velocities beneath the along-axis high appear to also be low, is inconsistent with results 

from inversions using only shot ·data (inversions 0, 4; Tables 4, 5), suggesting that the 

earthquake sources sampling these nodes are spuriously biasing the estimated structure. In 

a later section, we assess the quality of the earthquake locations, and suggest that by 

winnowing the source data set to those closest to the ridge axis and reestimating the 

hypocenters with a 2D model, we arrive at a more consistent estimate of the crustal 

structure. 

Tests of Robustness 

Contributions of Shot and Earthquake Data 

In order to assess the contribution of the shot and earthquake sources to the 

inversion solution, we have compared the above solution with inversions using only shots 

(Figure 24, Tables 3 and 5- inversion 4), and then only earthquake data (Figure 25, Table 

3 - inversion 5). From Figure 26, which sununarizes the relationships between the data 

and resolution, we can see that as the ray density (DWS) near a node decreases, the 

resolution ofthe parameter decreases. However, as resolution (or spread) is a function of 

the distribution of data, rather than its quantity, nodal parameters can be well-resolved with 
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a small amount of data which unifonnly samples the target volume. This is demonstrated 

in Figure 26 by the high resolution and low spread values associated with the lower DWS 

for the shot data set and the 58-source subset of the data (inversion 6), and can also be 

inferred from the source distribution (Figures 15 and 27). Conversely, lower resolution 

and higher spread, resulting from highly variable ray density, characterize the inversion of 

earthquake travel time residuals only (inversion 5). 

As reviewed above, inversion 4 using only shot data can independently resolve 

most of the major velocity heterogeneities. The 32 shots have an initial rms residual of 

0.32 s, which is re<;t~ced to 0.13 s (83% variance reduction) after four iterations (fable 3). 

The tomographic inversion allows the use of a larger data set and thus estimates a two

dimensional, along-axis structure that builds upon the preliminary conclusions from the 

refraction analysis. We note, for future comparison, the existence of well-resolved 7 km/s 

velocities at 2.5 km depth beneath the volcano and along-axis high; this observation is 

consistent with the travel times from the southern limb of the refraction line to OBH 3. 

Comparison of the velocities from inversion 4 with that from inversion 1, as well as from 

inversions 2-3 and 7-11 which also utilize earthquake and shot sources, suggests biases in 

the assumed hypocenters which map into incorrect estimates for the velocity(< 6 km/s) at 3 

km depth beneath the high; examination of the source distribution reveals that the 

responsible events are those located beneath the western median valley at the along-axis 

high, since ray paths from these events would densely sample the upper crust in this area. 

The results of inversion 5 using earthquake data illustrate the necessity of 

constraining the upper crustal structure with accurately-located source data (i.e., shots). 

Since the earthquakes occur at mid-crustal depths (Figure 16, DWS in Figure 25), all ray 

paths sample predominantly the same upper crustal section, thereby leading to velocity 

perturbations within the upper 3-4 km which are poorly constrained (see Figure 25, 

resolution). This can also be predicted by examining the resolving kernels of the shallow 

nodes (Figure 19c); the observation of significant off-diagonal components associated with 

nodes 1-8 implies that these parameters cannot be well-resolved. Comparison with Figure 

24 shows that inversion 5 results are not consistent with those estimated by inversion 4 

(slower rather than faster velocities are found). From inversion 5, we conclude that the use 

of a clustered set of earthquake sources will produce misleading and spurious model 

estimates unless independent data are incorporated to constrain crucial model parameters. 
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Source Dependence 

We also investigated the dependence of the final model on the quantity of sources 

used in the inversion by varying the number of shots and earthquakes used. Figure 27 

shows the source distribution for each test, and Figures 28 and 29 contrast the inversion 

solutions utilizing only the 21 shots nearest the network and the 37 best-constrained 

earthquakes (originally located with an S-wave arrival, Chapter 3; Table 3- inversion 6), 

with an inversion using all available earthquakes (91 events) and the 32 shots (fable 3-

inversion 7). 

Qualitative comparison of the source distribution (Figures 15 and 27) and their 

respective DWS plots (Figures 22, 28 and 29) indicate that the addition of source data does 

not significantly increase the amount of independent information available for the model 

estimate. While the DWS is largest for inversion 7 and smallest for inversion 6, the areas 

of well-resolved velocities (spread < 60) are unaltered by the inclusion or exclusion of 

travel time data because the ray path geometry of the target volume remains essentially 

unchanged. Also, initial and fmal rms residuals, variances, and variance reductions are 

comparable (Table 3 - inversions 1, 6, 7). Visual comparison of the three velocity models 

suggests that additional data, which in general only increases the ray path density for a 

given node rather than expand the spatial sampling, does not alter the patterns of velocity 

heterogeneity. From an examination of the spread and resolution, we see that all three 

models represent equally satisfactory estimates of the velocity structure beneath the median 

valley, but again velocities at the 3-km-deep node beneath the high are low(< 6.5 km/s) 

compared with those inferred from the shot data(> 7 km/s). Inversion 6 suggests that the 

use of only the best-constrained events minimizes the effects of biased hypocentral 

estimates on the model. We cannot determine whether the observed smoothing of 

variations with an increase in data is a result of better spatial sampling (and thus a truer 

estimate of the actual structure) or a result of increases in source uncertainty (leading to 

greater travel time scatter and smaller perturbations in velocity). 

Receiver Dependence 

In order to assess the dependence of the model on the configuration of receivers, 

we compared inversions using shot and earthquake data recorded by five- and six-station 

networks (Figure 30) that excluded instruments located at the base of the eastern wall. 
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Earthquake sources, located with 5 or 6 OBHs (inversions 8 and 9, respectively), were 

culled in the same way as for the ?-instrument sources. Inversions with these data resulted 

in compact resolution (Figures 31 and 32) and similar reductions in variance and rms 

residual as for the ?-station inversions (Table 3- inversions 1, 8, 9). The inclusion of 

travel time data only to five instruments yields a virtually identical velocity structure 

(compare Figures 21, 22 with Figure 32), resolving all features using only 372 

observations (versus 532 to 7 instruments). This inversion is also characterized by a lower 

initial rms and variance since the travel times to eastern-wall stations with larger 

uncertainties are not used. Although times to the excluded instruments help to constrain the 

structure at depth beneath the along-axis high, this appears to be of second-order 

importance compared with the higher velocities at 3 km beneath the volcano and the 

decrease in velocity below this region. Note again the lower(< 6 krn/s) velocities at 3 km 

beneath the high. 

We conclude from the above tests of robustness that the structure determined in 

inversion 1 is robust with respect to the configuration of sources and receivers employed. 

By varying the number of sources and receivers, we have shown that at well-resolved 

nodes the 20 model shown in Figure 21, parameterized by three along-axis nodal columns 

(5 km spacing), represents a valid estimate of the average variations in velocity beneath the 

median valley near and south of the high-temperature hydrothermal field. This result does 

not imply that the velocity estimates themselves are correct, only that the solution is 

independent of the source/receiver configuration. Biases in the hypocenters (and thus the 

travel time residual observations), which can result from the inability of the 10 model to 

adequately represent the true structure, can lead to the determination of incorrect, though 

well-resolved, velocities especially in seismically heterogeneous areas. In the next section, 

we evaluate the effect of earthquake mislocation on the model and conclude that in our 

study earthquake hypocentral errors do not significantly affect the model estimate, though 

spurious estimates for some well-resolved nodes are observed. We will argue that 

tradeoffs in velocity for these nodes are minimized if we use only inner floor sources 

within 4 km of the ridge axis, and earthquake hypocenters re-estimated with a 20 model 

that better describes the along-axis structure. 
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Effect of Earthquake Mislocation on Model Estimate 

Conditions for Unbiased Estimates of Hypocenters 

In an earlier discussion, we stated that implicit in the use of fixed earthquake 

locations for structural inversion is the assumption that the estimated hypocenters are 

"close" to their true locations. We saw in the Appendix that travel time variations due to 

small source mislocations are independent of velocity perturbations along the ray path, 

being a function only of the velocity and takeoff angle at the source. The definition of 

"small" or "close" is dependent on the model parameterization, or spacing between nodes. 

For instance, in the simplest case consider the determination of the velocity within a 

rectangular area using a single travel time observation (Figure 33a). Clearly, the velocity 

will be perfectly resolved as long as the observation is located within the rectangle; an 

observation need only be located somewhere within the rectangle to be considered "close." 

If now the rectangle is divided into two squares (Figure 33b), only the left square will be 

constrained and the right square unresolved; the size of the "close" box has been halved. 

For the nodal configuration in our experiment, a "small" source mislocation, or 

"closeness," can be defined approximately as one-half the grid dimensions (2.5 km in Y 

and 1 km in Z). Since partial derivatives are weighted linearly according to the ray path's 

distance from a node, "small" ray path or source errors will change little the proximity of 

the path to the node, and thus estimated velocity adjustments are not likely to change 

significantly. 

The magnitude of source mislocation is in part a function of the adequacy of a one

dimensional model and station corrections in representing a heterogeneous structure. To 

the extent that travel time variations can be attributed to velocity anomalies beneath the 

stations rather than near the source, and that the use of well-recorded earthquakes will 

result in good estimates of instrument travel time corrections, errors in hypocenter should 

be minimal. In other words, if the velocity variations we seek through tomographic 

inversion (as parameterized by the spacing between nodes) are equivalent to the length 

scales of heterogeneity represented by the station corrections (i.e., the spacing between 

instruments), then the earthquake locations determined by the one-dimensional method will 

be "close" to the true hypocenters. In addition, if the heterogeneity is not too severe (so 

that station corrections do not correspond to averaging over the entire ray path), or is 

relatively systematic (so that errors are of similar magnitude and sense), then the patterns of 
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heterogeneity, at least in a two-dimensional case, are independent of source mislocation. 

We will see that this is the case for the earthquakes in our experiment and that the 

hypocenters located with a layered velocity structure are "close" to the true locations so that 

velocity perturbations for most of the nodes are not affected. 

Relocation of Earthquakes 

In order to quantify the effect of velocity heterogeneity on the earthquake locations, 

we have relocated the events using the two-dimensional structure estimated from the 

tomography and refraction analysis. The inversion method incorporates the 

computationally-efficient ART2 ray tracer [Thurber, 1981] and gives quantitative estimates 

of the solution quality by performing a singular value decomposition of the partial 

derivative matrix. The velocity model we use is based on inversion 1 (Table 3, Figure 21); 

seafloor velocities within the along-axis deep and at the volcano, which were not resolved 

by the inversion, were estimated by linear extrapolation from the seafloor velocity atop the 

high assuming isovelocity contours conformal to the 5 krn/s contour. In addition, the 

model assumes that velocities at 5 km extend downward indefinitely. Since we expect that 

velocities likely increase with depth below the volcano and along-axis high, focal depths of 

earthquakes in the halfspace may be overestimates. Station corrections were not used since 

travel times are now calculated with respect to stations at their correct elevations and with a 

2D crustal structure. 

The relocation of the 69 earthquakes indicates a systematic shift in epicenters to the 

east (1.6 ± 1.0 km, Figure 34a) and increases in focal depth (1.1 ± 1.3 km, Figure 35a); 

origin time changes were small (0.03 ± 0.18 s earlier). Changes in the travel times 

(Figures 35b, 36) were typically< 0.2 s, [e.g., -0.04 ± 0.13 s (OBH 6, n=61), to 0.08 ± 
0.20 s (OBH4, n=45)]. The 1-o epicentral and depth uncertainties were 1.1 ± 1.1 km and 

1.0 ± 1.3 km, respectively. The lack of a variation in travel time differences along axis 

(Figure 35b), or a significant correlation in average differences with instrument (Figure 

36), results in systematic changes in location since on average all travel time observations 

are affected similarly. The increase in focal depth can be explained largely by the higher 

upper crustal velocities (see perturbations in Figure 24 ), which act to "push" hypocenters 

consistently away from the receivers (i.e., deeper). Larger epicentral shifts were associated 

with the deeper events since faster velocities persist throughout the crustal column beneath 

the deep (Figure 34b ). Because we are seeking a median valley structure which varies only 
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along axis (and not across), the eastward translation of epicenters approximately 

perpendicular to the ridge axis does not significantly alter the geometry of ray paths. The 

observed translation implies that the relative locations of events are better known than their 

absolute locations, and is a manifestation of the nonuniqueness of earthquake location 

algorithms, especially in the presence of 3D heterogeneity. 

Comparison of the earthquake hypocenters determined with the lD model 

(including station corrections) with those obtained with the 2D model reveals the two 

estimates to be generally consistent at the 95% confidence level (horizontal and vertical 

errors for the lD case are 2.1 ± 1.0 km and 1.4 ± 0.8 km, respectively), implying that the 

1D locations represent "close" estimates of the true locations. Eberhart-Phillips [1986], in 

a comparison of northern California earthquakes located by the 3D simultaneous inversion 

of earthquake and refraction data using Thurber's method with locations estimated using a 

1D velocity model with station corrections, found similar differences in epicenter and depth 

(1-2 km). Her conclusion, which was based on the evaluation of 170 earthquakes and a 

64-station network, was that the 3D method would only provide more accurate estimates if 

the variations in velocity could be constrained over distances smaller than the spacing 

between stations. Since in this study we seek seismic heterogeneities at wavelengths 

approximating the distances between stations, our use of the 1D model to estimate 

hypocentral parameters of well-recorded hypocenters appears to be adequate. 

Relationship between Source Location and Model Estimate 

As a fmal exercise, we explore the effect potential errors in earthquake source 

location will have on the estimate of the two-dimensional velocity structure. In inversion 

10, we use instead the relocated hypocenters determined above along with the 32 shots to 

determine the laterally-varying structure. Note that the new earthquake data set includes 

travel time observations which differ by up 0.2 s (but have a zero mean), corresponding to 

epicentral and depth changes of typically up to 3 km. The change in hypocenters (i.e., 

increase in focal depth upon relocation) is attributed largely to the faster velocities over the 

upper 3-4 km of crust beneath the along-axis high and volcano (and the upper 5 km beneath 

the deep). Because much of this structure can be independently constrained by the shot 

data (see velocity perturbations and resolution in Figure 24), we are justified in reestimating 

the earthquake hypocenters with the above structure; the larger rmsi and mean initial travel 

time residuals of the shots (0.32 s and -0.24 s, respectively) compared with those for the 
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earthquakes (0.11 s and -0.03 s, respectively) (Table 3, Figure 23a) also imply that the 

shot data contribute largely to the 2D model estimate. 

Comparison of inversion 1 with inversion 10 (Figure 37, Table 3) indicates little 

change in the patterns of velocity heterogeneity along the ridge axis, but shows several 

significant differences in the estimated velocities at the 3 km depth nodes beneath the 

volcano and high. Although both models are equally well-resolved and show compact 

resolution matrices, the much higher velocities (by 0.7 km/s) at these nodes in inversion 10 

demonstrate the dependence of the velocity estimate on the assumed hypocenter. The 

velocity inconsistencies, which result from biased hypocentral estimates for earthquake 

sources beneath the western median valley at the along-axis high, suggest the presence of 

velocity variations in three dimensions (i.e., away from the ridge axis, as well as along

axis). Because these events occurred outside the network, and as such are susceptible to 

travel time anomalies unaccounted for by the assumed station corrections, we must pay 

careful attention to which sources we use in the tomographic inversion. In the next section, 

we examine tomographic solutions using only the innermost earthquake sources in order to 

finally arrive at a 2D model that minimizes the effects of using earthquake locations that 

could be biased. 

Minimization of 3D Effects - Inner Floor 2D Model 

Inversion 11- Shots and Earthquakes (obtained with 1D Model) 

In the above analyses, we suggested that the use of earthquakes to the west of the 

network may be biasing the velocity estimates of the node at 3 km depth beneath the high 

and volcano. In particular, it was noted that the bias could be due to the use of events 

farthest from the ridge axis, which could sample dissimilar crustal structures, or the use of 

biased earthquake locations, which could result from inadequacies in the 1D model used to 

estimate the hypocenters. 

In order to explore the fonner scenario, we narrowed the across-axis aperture of the 

sampling volume, and performed an inversion using only inner floor shots and earthquakes 

closer to the ridge axis than 4 km (inversion 11, Table 3). The distribution of the 59 

sources for this inversion is shown in Figure 38, and the results in Figure 39. Comparison 

with inversion 1 (Figures 21, 22), which uses 101 median valley sources, shows no 

change in the patterns of heterogeneity or in the estimates of velocity (all along-axis 
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velocities were within 0.3 km/s of each other for the nodes at 1, 3, and 5 km depth), 

though lower values of resolution are associated with inversion 11 because fewer data are 

used. Based on these results, we conclude that the travel time residuals of events to the 

west, as well as to the east, of the inner floor events do not introduce a bias to the model 

estimate. 

Inversion 12 - Slwts and Earthquakes (obtained with 2D Mode/) 

The second possible cause of the velocity-hypocenter tradeoff evidenced in Figure 

37 is investigated by relocating the inner floor earthquakes using a 2D structure derived 

from inversion 11. Unconstrained velocities at the seafloor were again replaced by 

extrapolating from the seafloor velocity at the along-axis high assuming velocity contours 

conformal to the 5 krn/s contour. The earthquake source data were further culled by 

removing 5 events for which the relocation yielded poor convergence or little constraint on 

some hypocentral parameters. 

Using 23 shots and 31 earthquakes with re-estimated locations, we carried out a 

tomographic inversion for two-dimensional structure beneath the inner floor (inversion 12). 

Circular reasoning is avoided because we attribute most of this 2D structure to information 

provided by the shot travel time residuals, which are much larger than the earthquake 

residuals (Figure 40a). Our hypothesis here is that by using only the centermost events, 

and relocating the earthquakes using a 2D structure that better describes the along-axis 

structure than the 1D model with station corrections, we have minimized the number of 

biased hypocenters and thus the number of spurious velocity estimates. That the relocated 

earthquakes may be less biased is suggested by the more consistent initial travel time 

residuals for inversion 12 (Figure 40a), as compared with those for inversion 1 where -0.2 

s residuals to OBH 4 appear as outliers (Figure 23a). Hence, we argue that the inversion 

12 model we compute (Figures 41, 42, Tables 3, 6) represents the best estimate of the 

average structure beneath the inner floor south of the along-axis high. Threshold values of 

0.7 and 125 for good resolution and minimal spread, respectively, were determined from 

an examination of the averaging vector for each velocity parameter. 

As can be seen by the comparison of Figures 24 and 41 and Tables 5 and 6, 

inversion 12 results in a structure that is consistent at well-resolved nodes with that 

estimated using the shot data (inversion 4), suggesting that hypocentral biases in at least the 

upper crust have been reduced. Because the shot data do not constrain the model at depths 
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below 3 km beneath the volcano and high, the model in these regions may still be biased, 

i.e., variations in three dimensions are being mapped unpredictably into two-dimensional 

variations; the smaller area enclosed by the 6 krn/s contour at 5 km depth beneath the 

volcano, as compared to that found in inversion 11, for instance, suggests that tradeoffs in 

velocity with hypocenter are still present though the magnitude of the tradeoff is unclear. 

For this reason, we cannot constrain with confidence the lowest velocity attained at depth 

beneath the volcano, other than to say that it may be as low as 5.5 krn/s (Table 4, inversion 

1); the attenuation of waveform amplitudes beyond 18 krn range on OBHs 2 and 3 (Figure 

5a,b) constitutes independent evidence that velocities do decrease below 3 km, however. 

Effect of 3D Structure on Inner Floor Earthquake Locations 

Although we have attempted to minimize the effects of hypocentral bias on the 

model estimate by using only the innermost events closest to the ridge axis, there remains 

the possibility that lateral variations in structure (away from the axis) may contribute 

significantly to the tradeoffs in velocity observed at depth. To explore the effect of a three

dimensional velocity structure on the earthquake locations, we relocated the 36 inner floor 

events using hypothetical structural models, parameterized similarly by three along-axis 

nodal columns, in which velocities increase and/or decrease with distance from the ridge 

axis; velocities determined from inversion 12 were used for ridge-axis values with seafloor 

velocities replaced following the same criteria as in the previous relocations. In each of the 

three test models, the structure beneath the rift mountains was assumed to be 

homogeneous. 

Within the inner floor, three models were considered, one in which velocities 

symmetrically increased away from the ridge axis, one in which velocities decreased from 

the axis, and a third in which velocities increased away from the ridge axis at the along-axis 

deep and decreased away from the axis at the locations of the volcano and along-axis high. 

Physically, these models would describe velocity increases with the reduction in the large

scale porosity as fissures and pore spaces become sealed within the crust, decreases in 

velocity as recently extruded and intruded material becomes tectonized, and a combination 

of the two processes which might be active beneath the inner floor south of the along-axis 

high. Evidence for systematic changes in velocity with distance from the ridge axis have 

been documented by a number of authors [e.g., Christensen and Salisbury, 1972; McClain 

et al., 1985; Purdy and Detrick, 1986; Purdy, 1987; Toomey et al., 1988; Harding et al., 
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1989]. The magnitudes of the velocity changes were based on the results obtained within 

the MAR median valley at 23°N, where up to a 1 km/s increase in velocity over a 6-km 

horizontal distance from the ridge axis was resolved from a tomographic inversion of P 

wave travel time residuals [Toomey et al., 1988]; we have used their results for the 

variations to the west of the axis, which are larger, since we want to investigate a limiting 

case scenario. 

Comparison of the hypocenters obtained with these models with the locations 

estimated with the 2D model in the previous section, reveals epicentral and depth shifts of 

less than 1 km, and changes in origin time of less than 0.1 s. The differences are much 

less than those found from the comparison of locations estimated with the 1D and 2D 

models previously. By analogy with the conclusions of earlier tests, which were based on 

larger hypocentral changes, shifts in hypocenter observed with the 3D model should not 

result in significant changes in the velocity model estimate when the travel time residuals 

are tomographically inverted for structure. We thus conclude that for the inner floor source 

data set, lateral variations in structure with distance from the ridge axis will not affect the 

model estimate; we recognize, however, that small localized heterogeneities of significant 

magnitude could affect the solution, but we lack observational evidence requiring such 

anomalies. 

Summary of Tomographic Inversions for 20 Structure 

After exhaustive tests to investigate the effects of the starting velocity model, source 

type, source/receiver configuration, and earthquake mislocation on the solution, we 

conclude that the best and most consistent P wave model is obtained from inversion 12. 

This inversion employs travel time residuals recorded by a ?-instrument network, and 

explosive and earthquake sources closest to the ridge axis with earthquake hypocenters 

located with a 2D structure, to estimate the velocity at three nodal columns situated at the 

along-axis deep, the ridge-axis volcano, and the along-axis high. Such a configuration 

minimizes the effects of hypocentral biases in the model estimate, though tradeoffs in 

velocity with changes in hypocenter may still be present at 5 km depth beneath the volcano 

and high. The source distribution results in good resolution of all velocity nodes, except 

the 5-km-deep node beneath the along-axis high, within the crust; because of the paucity of 

sources whose ray paths sample the deeper crustal levels beneath the high, the velocity 
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estimated for this region is not as well-constrained. Inversion 12 (Figure 41, Table 6) 

reveals four first order observations about the patterns of along-axis seismic heterogeneity: 

(1) The shallowmost crust (upper 1 km) beneath the volcano and along-axis high is 

characterized by significantly higher velocities (5.3 km/s) than are associated 

with the upper crust in the deepest portions of the median valley (3.7 km/s). 

(2) The depth to the 7.2 km/s velocity contour is 1 km shallower beneath the 

volcano (at 3 km depth) than beneath the along-axis deep to the south (at- 4 km 

depth). 

(3) Velocities beneath the volcano decrease by 1.2 km/s from 3 to 5 km depth. 

This low velocity region, which is characterized by shallow velocity gradients 

(0.6 s-1), is not present beneath the along-axis deep but appears to extend 

northward under the along-axis high. The shot data are not able to constrain the 

depth extent of the lower velocities. 

(4) The crust beneath the along-axis deep appears to be typical of normal young 

oceanic crust [e.g., Purdy and Detrick, 1986], with a mantle velocity of 8.25 

km/s observed at 5 km depth. 

Observations 1, 2, and 4 can be independently resolved by the shot data alone (Figure 24, 

inversion 4), while observation 3, which describes patterns at depth beneath the volcano 

and along-axis high, is dependent on the travel time residuals from earthquakes. We note, 

however, that the imaging of a velocity decrease below 3 km is consistent with the 

attenuation of first-arriving energy from explosive shots to OBHs 2 and 3 beyond 19 km 

range. 

DISCUSSION 

Variability of Seismic Layer 2 - Seafloor Velocities 

Seismic layer 2 is characterized by P wave velocities ranging from 2.0 km/s 

upwards to 5.6 krn/s, and is thought to consist of pillow lavas and sheet flows underlain by 
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dikes with a total thickness of less than 3 km [Basaltic Volcanism Study Project, 1981]; 

laboratory-measured velocities of basalts can range up to 6.4 krn/s [Christensen and 

Salisbury, 1972, 1973]. Together with lithological analogies with ophiolites [e.g., 

Peterson eta/., 1974; Christensen and Smewing, 1981], a number of seismic 

investigations [Bratt and Purdy, 1984; Harding eta/., 1989] and physical property studies 

of dredged or drilled rock samples [Hyndman and Drury, 1976; Anderson eta/., 1982] 

have led to the proposal that layers 2A, 2B, and 2C correspond to high- to low

permeability basalt extrusives that grade into sheeted dykes. 

Mid-ocean ridge seismic studies have documented a wide range of seafloor 

velocities [e.g., Whitmarsh, 1975; Spudich and Orcutt, 1980a, b; Ewing and Purdy, 1982; 

McClain et al., 1985; Purdy and Detrick, 1986; Purdy, 1987; Burnett et al., 1989; Harding 

et at., 1989], but because water wave arrivals from sea surface sources often mask 

refracted energy from the shallow seafloor, the description of seismic layer 2 from 

conventional refraction studies (such as in this study) must be viewed as an average 

integrated over sublayers 2A, 2B, and 2C. Several recent investigations, however, have 

been able to successfully resolve the nature of layer 2A. From the results of an experiment 

using near-bottom seismic sources (50 m shot spacing) and receivers, Purdy [1987] 

reported the presence of low seafloor velocities (2.1 krn/s underlain by a 4 s-1 gradient over 

the upper. 200 m) at the ridge axis of the Mid-Atlantic Ridge at 23°N (Ocean Drilling 

Program site 648), and inferred seafloor porosities of 30-50% for layer 2A from the 

comparison with laboratory velocity measurements of basalt recovered at the site. In a 

detailed study of expanding spread data (50 m sort bins for each shot) at 13°N on the East 

Pacific Rise (EPR), Harding et al. [1989] documented a thin layer ( < 200m) of low 

seafloor velocities (2.3 - 3.0 krn/s), which they proposed to be correlated with the relatively 

permeable aquifer (bulk porosity- 13%) of pillow lava rubble, breccia, and fractured crust 

comprising layer 2A within Deep Sea Drilling Project hole 504B drilled in 6.2 My crust in 

the Pacific [Anderson et al., 1982, Becker et al., 1982]. 

Overall, the uppermost crust is characterized by steep velocity gradients (up to 5.5 

s-1) which describe rapid increases in velocity (to> 5 krn/s) over the upper kilometer of 

crust The increase has been attributed to the transition into less-porous material [Hyndman 

and Drury, 1976; Spudich and Orcutt, 1980a]; for instance, drilling results from hole 504B 

suggest that the layer 2N2B transition is characterized by a decrease in the bulk porosity (to 

8%) [Anderson eta/., 1982]. Studies show that seismic velocities in the shallowmost crust 

are controlled primarily by the large-scale porosity, or extent to which low velocity 
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materials such as water or sediments are able to fill voids created by fracturing and cracking 

[O'Connell and Budiansky, 1974; Spudich and Orcutt, 1980a; Christensen, 1984; Shearer, 

1988]. At the ridge axis on the fast spreading EPR, the generally high velocities (> 5 km/s) 

characterizing the uppermost crust are suggested to correspond to regions of recent 

volcanism that have yet to experience the fracturing that increases porosity and lowers 

seafloor velocities with distance from the axis [McClain et al., 1985; Harding eta/., 1989]. 

Conversely, the generally lower velocities ( < 4 krn/s) found along the slow spreading MAR 

are caused by a highly fissured crust where tectonic forces dominate with fewer episcxles of 

volcanism [Keen and Tramontini, 1970; Whitmarsh, 1975; Purdy and Detrick, 1986]. 

Under such a scenario, the decrease in layer 2 velocities to the south away from the 

along-axis high and hydrothermal field near 26°N suggests a more fractured or porous crust 

with low seafloor velocities beneath the inner floor deep (V p = 3.73 km/s), and a more 

consolidated crust with higher seafloor velocities (5.34 km/s) beneath the volcano and 

along-axis depth minimum. The lower velocities within the upper 1 km of crust beneath 

the deep (Vp < 4.5 km/s) are consistent with those found along the ridge axis at 23°N 

[Purdy and Detrick, 1986; Purdy, 1987] (Figure 43), where no low velocity zone was 

observed. In contrast, the higher velocities from 0.5- 1.2 km depth (Vp > 4.5 km/s) near 

the active high-temperature hydrothermal field and overlying the low velocity region appear 

to be similar to those characterizing the EPR ridge axis at 13°N [Harding et al., 1989], 

where an axial low velocity zone and hydrothermal activity are well-documented. If we 

hypothesize that the higher velocities describe recently-extruded basalts or intruded dikes 

(i.e., tectonic fracturing is minimal and the large-scale porosity small), then it is inferred 

that the most recent volcanism along the median valley at 26°N occurred in the along-axis 

high region. In a slow spreading environment where magmatic activity appears to be less 

robust, layer 2A velocities at 26°N can be thought of as indicators of the length of time 

since the last episode of magmatic accretion, with velocities decreasing as the proportion of 

tectonic fissuring and thus large-scale porosity increases (after the cessation of volcanic 

activity). By this view, hydrothermal circulation and cracking of young oceanic crust, 

which would lower velocities somewhat, has only a secondary effect on the seismic 

structure of the Mid-Atlantic Ridge compared with extensional tectonism. 

Seismic anisotropy, in which the fast direction is perpendicular to the spreading 

direction, has been used to explain the sinusoidal variation with azimuth in P wave travel 

times and the arrival of horizontally polarized shear waves before vertically polarized shear 

waves for shot data sampling 6-my-old crust in the equatorial Pacific [Stephen, 1985]. The 
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observed anisotropy is inferred to result from the preferred orientation of large-scale 

fractures and fissures in upper layer 2. Because the imaged velocity structure in this study 

was obtained by using only the innermost well-recorded shots, most ray paths are nearly 

along the ridge axis. We believe that the observed velocity variations cannot, therefore, be 

attributed to anisotropy. 

Variability in Depth to Layer 3 

Seismic layer 3 is defined as a region of shallow velocity gradients with P wave 

velocities ranging from 6.5 km/s to 7.5 km/s [Basaltic Volcanism Study Project, 1981]; 

integration of seismic studies, dredging programs, and laboratory measurements of rock 

velocities suggests that layer 3A is probably composed of gabbro, or its metamorphosed 

counterparts, and that velocities are relatively uniform (Vp -7.2 km/s), while layer 3B 

velocities are intermediate between laboratory velocities for gabbro and peridotite (V p- 8.2 

km/s) and may possess higher velocity gradients [Christensen and Salisbury, 1975; 

Hyndman and Drury, 1976; Spudich and Orcutt, 1980a]. From ophiolite studies, layer 3A 

may encompass the transition from sheeted dikes to coarse-grained isotropic gabbros, and 

layer 3B may correspond to deeper-lying layered gabbros and ultramafic cumulates near the 

seismic Moho [Peterson, 1974]. 

The depth to the top of the low velocity zone at 26°N is about 3 km beneath the 

volcano and along-axis high (V p = 7.2 krn/s at 3 km depth). Based on laboratory-derived 

velocities and typical refraction line estimates for seismic layer 3, we suggest that the lid at 

3 km depth is located within the high-level gabbroic intrusives of layer 3. Since our model 

parameterization has nodes at depths of only 1, 3 and 5 km, we are not able to constrain the 

depth at which velocities first decrease, but synthetic seismogram modelling of the 

refraction line is consistent with a velocity inversion at about 3 km. Beneath the along-axis 

deep, the depth to the 7.2 krn/s velocity contour is about 4 km. The 1 km shoaling toward 

the region of inferred most-recent volcanism (at the along-axis high) is similar to the 

variation observed along a 50 km section of the Northern Symmetric segment of the Juan 

de Fuca Ridge, where the thickness of the layer over the ridge axis low velocity zone 

shoals from 3.5 to 3.0 km, also toward the along-axis high [Christeson et al., 1989; G. 

Christeson, pers. comm., 1990] (Figure 44, light dashed lines). 

If we interpret the depths to low velocity zones as relative indicators of magmatic 

activity, then we may hypothesize that the most likely locale for the eruption of basalt onto 
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the seafloor would be in an area where the lid is the thinnest, i .e., where the intrusion 

comes closest to the seafloor, thicker lids would describe regions where magmatic activity 

is less recent (temporal variability), or regions where magmatic activity is less robust 

(spatial variability). In our experiment, the thinnest lid is found in the along-axis high 

region where the youngest basalts do appear to be located [Rona et al., 1986; Zonenshain et 

a/., 1989], and the highest seafloor velocities are found. Similarly, the larger depth to the 

7.2 km/s velocity contour beneath the along-axis deep (about 4 Ian) implies that magmatic 

activity is less recent (or not as common) and that extensional tectonism presently 

dominates in this region, an inference which is consistent with the conclusions of the 

microearthquake study (Chapter 3). Furthermore, by this scenario we would interpret the 

large lid thickness (4 km) and small velocity inversion observed at 59°N on a locally 

shallow portion of the MAR [Bunch and Kennett, 1980] as an area where a longer period 

of time (than at 26°N) has elapsed since the last magmatic intrusion (Figure 44). 

The above hypothesis is reasonable if we also consider the converse, that in areas 

where recent extrusion has occurred, such as along the faster spreading EPR, we would 

expect the lid to be the thinnest. Observational evidence indicates that depths to the low 

velocity zone at 13°N on the EPR [Harding et al., 1989] are indeed shallower (1.3- 2.2 Ian 

below the seafloor) than those observed both along the Juan de Fuca Ridge and at 26°N and 

59°N on the MAR (Figure 44 ). 

Low Velocity Zone 

The inference from geochemical evidence that magma mixing and low-pressure 

fractionation are common processes [e.g., Bryan et al., 1977, 1981; Rhodes et al., 1979; 

Langmuir et al., 1986], the mapping of magma chamber-like boundaries in ophiolites 

[Pallister and Hopson, 1981; Casey and Karson, 1981; Nicolas et al., 1988], and the 

documentation of low velocity anomalies at depths of- 3 Ian depth beneath subaerial 

volcanos in Hawaii, Iceland and Oregon [Thurber, 1984; Toomey and Foulger, 1989; 

Achauer et al., 1988, respectively] make it reasonable to propose the existence of magma 

chambers at volcanically-active spreading centers. The imaging of a zone of very low P

wave velocities at depths of 1.5 to 2 km below the seafloor on the fast-spreading EPR 

comprise the first widely accepted observations of mid-ocean ridge magma chambers 

[Orcutt et al., 1976; McClain et al., 1985; Detrick et al., 1987; Burnett et al., 1989; 

Harding et al., 1989; Toomey et al., 1989]. Strong reflections from the top of the chamber 
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at 9°N [Hale et al., 1982] and at 13°N, where significant attenuation of compressional wave 

energy beyond 11 km is also observed [Detrick et al., 1987], suggest the presence of a 

layer of significant melt fraction. From the analysis of expanding spread data gathered at 

four locations both along and up to 10 km from the ridge axis at 13°N, Harding et al. 

[1989] fmd a low velocity body with a half-width of at least 6 km. They infer that this 

body is composed almost entirely of hot rock, however, with only a thin layer of partial 

melt (less than 4 km in width and 1 km in thickness) at the top of the chamber required to 

satisfy the multi-channel reflection data of Detrick et al. [1987] and Mutter et al. [1988]. 

The region of lower velocities at depth beneath the volcano and along-axis high 

imaged in this study appears to be a robust characteristic of the seismic structure near 26°N 

on the slow spreading Mid-Atlantic Ridge. The severe attenuation in the first arriving 

energy past 19 km range to instruments atop the along-axis high is consistent with a 

velocity inversion below 3 km depth, but the propagation of shear waves from shots whose 

ray paths traverse the median valley to OBS 31 atop the eastern wall implies that large 

amounts of melt are not present in at least the upper portion of the low velocity zone 

(Chapter 3). In addition, the variability in the reduced travel times over the 19-30 km range 

from shots along the southern limb of the refraction line to instruments atop the along-axis 

high indicates that the low velocity layer is not continuous along the ridge axis. If we 

assume that earthquakes result from brittle failure, then we can use the distribution of focal 

depths to delineate regions where the crust appears to be more brittle or ductile (at least over 

the deployment period). The occurrence of earthquakes at 3 km depth at the top of the low 

velocity zone and at 6 km depth below the region of decreasing velocity constrains the 

maximum thickness of the low velocity zone to be about 3 Ian at this latitude (Chapter 3, 

Figure 43). 

The gentle velocity gradients describing the region of low velocities beneath the 

volcano and along-axis high are consistent with the characteristics of seismic layer 3A 

[Spudich and Orcutt, 1980a], but the velocities are much lower than those conventionally 

measured for gabbro in the laboratory at room temperature (Vp -7.2 krn/s). This suggests 

the presence of a zone of elevated temperatures, which acts as the heat source for the active 

high-temperature black smoker vent field. For a linear temperature dependence of velocity 

of -6 x 104 km/s?C (as measured by Christensen [1979] over 25-300°C and 3-8 kbar), a 1 

km/s decrease in velocity would correspond to a nominal temperature anomaly of more than 

1500°C, yielding a temperature well in excess of the solidus temperature for crustal 

material. The zone cannot contain substantial pockets of partial melt, however, since shear 
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waves appear to propagate through this region. Furthermore, if we assume that the basalts 

erupted on the seafloor originated from within a chamber, then we see that the observed 

velocities (Vp = 5.5- 6.0 krn/s) are much higher than laboratory-measured velocities for 

basaltic melts [Vp < 3 km/s, Murase and McBirney, 1973; Manghnani et al., 1986]. One 

possible explanation is that the temperature derivative of P wave velocity increases 

significantly in magnitude as the solidus temperature approaches, but this possibility 

remains to be verified experimentally for oceanic gabbros. 

Several other plausible lithologies are consistent with the observed velocities, but a 

scenario in which the low velocity region represents the seismic expression of a cooling 

intrusion appears to be the simplest and most reasonable interpretation. Alternatively, the 

velocities observed at 5 km depth could correspond to a stock of plagiogranite within layer 

3 [Vp = 4.8- 5.9 krn/s, Christensen, 1977], such as found at the uppermost levels of a 

chamber in ophiolites; structural mapping within ophiolites suggests a thickness of less 

than 1 km [Casey and Karson, 1981; Christensen and Smewing, 1981], which is thinner 

than that implied near 26°N. Laboratory velocities of serpentinites range from 4.5 to 6.5 

km/s [Christensen, 1972], but are more commonly found associated with the valley walls 

[e.g., Karson eta/., 1987], which provide pathways for the interaction of seawater with 

peridotite, than beneath the ridge axis. Lastly, the observed velocities could correspond to 

a layer of basalt located deep within the crust, but no geological or structural evidence for 

such an occurrence exists in the literature. 

Along the Mid-Atlantic Ridge, several refraction studies have presented evidence 

for crustal intrusive bodies, or anomalously thin crust beneath the median valley. Fowler 

[1976], using synthetic seismograms, proposed the existence of only a 3-km-thick crust 

underlain by an anomalously low 7.2 km/s upper mantle at the ridge axis at 37°N; the 

propagation of shear waves across the ridge axis, and gradual decrease in amplitudes with 

range beyond 20 km were used to argue that no sizeable magma chamber could be present 

While the 3 km crustal thickness for 37°N is comparable to the depth of the 7.2 km/s 

velocity contour beneath the volcano and along-axis high at 26°N, no decrease in velocity 

was required at 37°N. A refraction study at 45°N [Fowler, 1978] yielded similar results to 

those found at 37°N, with an absorptive zone within the upper mantle, but again no large 

crustal magma chamber. 

Beneath the along-axis high at 23°N on the MAR, Purdy and Detrick [1986] found 

a 15-km zone of slightly lower velocities at the base of layer 3 (0.5 s-1 from 3- 6.5 km 

depth, -0.4 s-1 from 6.5- 8.5 km depth), which they interpreted as the seismic remnants of 
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the last magmatic intrusion along the 120 km section of ridge south of the Kane Fracture 

Zone. Similarly, Bunch and Kennett [1980] observed a small velocity inversion (giving 

rise to a 6.6 km/s isovelocity layer from 4-5.6 km depth) at an along-axis high region at 

59°30'N on the MAR, which they attributed to a region of elevated temperatures at the ridge 

axis. The results of the two experiments represent the best seismic evidence (other than 

this study) supporting the presence of a crustal low-velocity zone on the MAR. A 

comparison of the anomalous volumes with that at 26°N (-0.3 s-1 from 3-5 km depth over a 

distance of- 12 km) shows much similarity in the gradient structure and along-axis extent 

of these zones. In particular, it is suggested that shallow velocity gradients within the 

lower crust that extend over 10-15 km lengths of the ridge axis may seismically characterize 

magmatic intrusions on the slow-spreading Mid-Atlantic Ridge. Differences in velocity and 

depths to the anomalous zone could describe a spatially-variable distribution of active 

magmatism along the ridge, or alternatively a temporally-variable accretionary process in 

which differences are a function of the length of time since the last intrusive event. 

Along-axis Structural Variations in Crustal Accretion 

The determination of the seismic velocity structure along a 25-km section of the 

inner floor south of the along-axis high near 26°N reveals systematic changes in velocity 

over distances of 5 km or less. We interpret the heterogeneity as evidence that crustal 

accretion is not a steady-state process along slow spreading Mid-Atlantic Ridge, but varies 

within the inner floor. At 26°N, the seismic and geologic data document preferred regions 

of active crustal construction as well as locales where tectonism is most important. 

Integration of the crustal structure with the results of the microearthquak:e survey 

(Chapter 3) suggests that the most recent locus of magmatic activity is concentrated at the 

along-axis high region where the hydrothermal field is located. The imaging of a low 

velocity zone, whose lid is situated at about 3 km depth, beneath the volcano and along

axis high, and an absence of microearthquak:e activity within this zone are consistent with 

the presence of a volume of hot rock (Chapter 3, Figure 43); the propagation of S waves 

through this region precludes the existence of a large body of partial melt (Chapter 3). If 

we interpret the earthquakes at 3 km depth and at 6 km depth beneath the volcano as 

resulting from thermal contraction at the edges of the thermal anomaly, then the low 

velocity zone may be thought of as a 3-km-thick cooling intrusion within seismic layer 3 

(Chapter 3, Figure 43). In contrast, both the velocity structw·e and focal depth distribution 
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of earthquakes suggest the crust beneath the along-axis deep to be characteristic of normal 

young oceanic crust such as found beneath a similar morphological deep at 23°N by Purdy 

and Detrick [1986] and Toomey et al. [1985, 1988]. The low seafloor velocities indicate 

that the inner floor deep near 26°N is dominated at present by extension. The systematic 

decrease in seafloor velocities away from the inner floor high appears to describe 

seismically the transition from active accretion at the along-axis high to active tectonism 

within the inner floor deep. 

CONCLUSIONS 

Results from travel time and waveform modelling analysis of the seismic refraction line 

and tomographic inversion of shot and earthquake travel time residuals for P wave structure 

show variations, over wavelengths of 5-10 km, in the along-axis seismic velocity structure. 

The structural variations imply that crustal accretion at slow spreading centers is not a steady 

state process, but appears to be localized at present beneath the shallowest along-strike portion 

of the inner floor. 

Higher velocities (by more than 1 km/s) are associated with the upper 1-2 km of crust 

at the along-axis high than with the crust in the deepest portions of the median valley. It is 

inferrred that the variation is a result of more recent volcanic activity in the along-axis high 

region, as compared with the along-axis deep where tectonic fissuring has created a highly 

porous crust characterized by lower seafloor velocities. The crust beneath the along-axis deep 

appears to be typical of normal young oceanic crust, and is characterized by low seafloor 

velocities with mantle velocities observed at 5 km depth. 

Further, we image a low velocity zone centered beneath an axial volcano and 

extending under the along-axis high. From 3 to 5 km depth within this zone, velocities 

decrease from 7.2 km/s to 6.0 km/s. The presence of an active high-temperature 

hydrothermal field atop the along-axis high, together with the observations of lower P 

wave velocities, the absence of microearthquake activity greater than 4 km depth, and the 

propagation of S waves through the crust beneath the volcano and along-axis high (Chapter 

3), suggest that the low velocity zone corresponds to a region of hot rock with no 

seismically-resolvable pockets of partial melt. The shallow velocity gradients describing 

the low velocity volume appear to be characteristic of inferred zones of magmatic intrusion 

on the MAR. The depth to the velocity inversion (about 3 km) is comparable to that 

observed along the Juan de Fuca Ridge, smaller than that found at 59°N on the MAR, but 
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less than that seen on the fast-spreading EPR. Such a correlation with spreading rate may 

imply that the amount of magma available at each location is spatially variable, or that the 

differences in lid thickness are describing the temporal evolution of magmatic intrusions 

beneath mid-ocean ridges. 
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Appendix. Seismic Tomography Method and Theory 

For a given set of body-wave travel times from a set of sources to receivers, we 

seek the Earth model which best satisfies our observations. Our goal is to determine the P

wave velocity structure which minimizes the travel time residuals and at the same time 

maximizes the model resolution. An observation is related to the velocity structure by the 

travel time functional, 

T =1 V(r) -l ds = .f .1si I V(r) 
path 1 =1 (1) 

where Tis the travel time from a source to a receiver, and V(r) is the velocity at some point 

r (x,y,z). In the discrete formulation, .1si is an element of arc length along a path described 

by N segments. Our convention in the Appendix will be that vectors are underlined and 

matrices are in bold face. In this study, the method of solution involves the inversion of 

travel time data from both shots and earthquakes for velocity structure. Because of the 

finite number of sources and receivers, we choose to hold the earthquake locations fixed 

throughout the inversion. This assumes that the earthquake hypocenters are sufficiently 

"close" to their true locations so that travel time perturbations resulting from errors in 

source location are small and do not affect the estimates of the velocity structure. 

Hypocentral Partial Derivatives 

To understand this assertion, we use a variational argument to derive an expression 

for the change in travel time, oT, relative to the spatial hypocentral parameters for a small 

change in the source location. Following Lee and Stewart [1981] and Thurber [1981], we 

can write in general 

aT aT aT 
o T=-ox+-oy+-oz 

ax ay az (2) 

In order to find aT/ax, aT;ay, and aT/dz, we introduce a new parameter q and 

reparameterize the travel time functional (1), letting r be a function of q. An increment of 

the path may be written 
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(3) 

where the dot represents differentiation with respect to q. Further, we can then write 

T= f wdq 

where 

Since Fermat's principle states that the travel time is stationary for close ray paths, the 

change in travel time due to a small change in hypocenter can be written 

1 l

receiver 
aw aw aw aw . aw . aw . 

oT = ow dq = ( ax ox + a oy + az oz + ax ox + ~ oy + az oz ) dq 
path source Y Y 

Integration by parts results in 

l

receiver 
= [aw ox + aw oy + aw oz]receiver - ( _d_ a~ - aw ) ox dq 

ax. ay az source dq ax ax source 

l

receiver lreceiver 
aw aw aw aw - ( f-a-- a) oy dq - ( f- az - az-) oz dq 

ource q Y Y source q 

For a minimum time path, the integrals vanish (equating the integrands to zero gives 

Euler's equations), and since the receiver location is fixed, the travel time variation 

simplifies to 

oT = [aw ox+ aw oy + aw oz] 
ax. ay az source ( 4) 
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From (2), (3), and (4), we can write the spatial hypocentral partial derivatives as 

aT_ [ 1 dx] 
ax v ds source (5) 

aT -[..L dy] 
ay v ds source 

aT_ [ 1 ctz] 
az v ds source 

Note that (5) states that the travel time variation due to a small perturbation in source 

location is dependent only on the velocity and direction cosines at the source, and is 

independent of velocity anomalies along the ray path and path of integration. Pavlis and 

Booker [1980] and Spencer and Gubbins [1980] have used this result to justify the 

separation of the earthquake location problem from the velocity perturbation determination, 

thereby reducing the computational effort to the inversion of two much smaller matrices and 

making the iterative simultaneous inversion algorithm tractable. 

Estimation of Velocity Perturbations 

The general procedure for estimating velocity perturbations to an initial model from 

observed travel time residuals is through the iterative solution of a linearized system of 

equations. For an assumed velocity model, travel time residuals are calculated by solving 

the forward problem for known source-receiver combinations. The travel time partial 

derivatives with respect to each velocity parameter are computed next, and linear inverse 

theory is used to obtain a set of parameter adjustments and a new estimate of the velocity 

model. This process is repeated until convergence is achieved, in this case specified by an 

F test of the ratio of iteration step variances to determine if reductions in variance are 

significant at the 95% level. Because the use.of a finite set of n data to estimate a discrete 

set of m velocity parameters, which describe a naturally continuous function, will almost 

always lead to the poor resolution of some model parameters, the problem in general will 

be underdetermined. However, as long as n > m, the problem is also overconstrained and 
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no unique solution can be found. A discussion of the method of damped least squares and 

the tradeoff between model resolution and covariance for the undeterdetermined, 

overconstrained problem has been presented by Wiggins [1972] and Jackson [1972, 

1979]. The Levenberg-Marquardt technique, which is used in this study, has been 

historically employed in seismic tomography studies to damp spuriously large perturbations 

associated with poorly constrained parameters [Aki and Lee, 1976; Crosson, 1976a,b; 

Thurber, 1983, 1984]. 

Velocity Model Parameterization and Calculation of Travel Times 

In the Thurber [1981] method, the Earth model is parameterized by a discrete set of 

velocities on a three-dimensional grid. The representation is general, i.e., nodes can be 

spaced irregularly, thus enabling all scales of heterogeneity to be investigated by choosing 

an appropriate grid size and spacing. The velocity at any position, r. is defined as a linear 

average of the surrounding nodal velocities, 

8 

v (r) = L wi (I) vi 
i = 1 (6) 

where Vi represents a nodal velocity and Wi is a weighting function defined by the physical 

distance between the point and each ncx.ie. This parameterization allows the specification of 

a continuous velocity field (gradient description) from the nodal velocities. In this study, 

the ability to specify the velocity model at three points along-axis that are of morphological 

and geological interest, and at depths which approximate changes in crustal gradients, 

makes this representation superior to the constant layer [Crosson, 1976a, b] and uniform 

block [Aki and Lee, 1976] parameterizations. 

The problem of determining accurate travel times through a three-dimensional 

structure has typically been approached through three-dimensional ray tracing techniques 

using either an initial value [Lee and Stewart, 1981] or boundary value formulation 

[Pererya eta/., 1980]. Because these methcx.is are rather time-consuming, especially in an 

iterative simultaneous inversion problem, Thurber [1981] has developed a computationally 

efficient and fast approximate ray tracing routine (ART2) which can calculate accurate travel 

times over local distances. The travel time error, -0.01 ± 0.01 s for simple ray paths at 
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distances < 35 km, is often much less than the estimated picking error(± 0.04 s for shots, 

± 0.05 s for earthquakes in our study). ART2 calculates the predicted time by seeking the 

minimum travel time from a family of times computed for a large number of arcs and semi

circular paths from the source to the receiver through the parameterized three-dimensional 

velocity model. 

Velocity Partial Derivatives 

In the forward problem, travel time residuals are obtained from the calculated and 

observed data. To build the medium partial derivative matrix, we need an expression for 

the change in travel time due to a small perturbation in velocity. Following Thurber 

[1981], we define the travel time residual, b, as 

and seek to satisfy the equation 

Combining (7) and (8) we have 

b = Tobs- Teale 

Tobs- <Teale+ .1T calc, !l.v) = 0 

mdf 
b = .1T ca£,6.v = L ;- .1Vj 

j =1 OVj 

(7) 

(8) 

(9) 

where .1T calc, !l.v depends on the sum of all travel time variations associated with each of 

them nodal velocity perturbations .1vj. An expression for dT I dvj derived from the 

differentiation of (1) can be written as 

(10) 

In the discrete form, we use the Thurber [1981] model parameterization (6) and substitute 

into (10) to get 
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N 

= L -~s i Wj IV (r) 2 

i =1 (11) 

where the ray path is composed of N arc length segments ~Si. From ( 11) we can see that 

the travel time perturbations with respect to each velocity perturbation depend on the 

velocity, V(I), along the ray path. In the inversion, velocity perturbations at each step are 

limited to 0.5 krn/s to maintain the first order linearity assumption. 

Solving the Linear System of Equations 

In matrix form, the inverse problem can be cast in the form 

A~x=.Q (12) 

where A is an [n x m] matrix of medium partial derivatives, ~ is an [m x 1] model vector 

of velocity adjustments, and his an [n x 1] data vector of travel time residual observations. 

The normal equations will also include components of random (reading error, clock 

uncertainties) and non-random (parameterization inadequacies) error, but for simplicity they 

are excluded in the following discussion. We seek solutions to (12) by finding the inverse 

of A, so 

(13) 

An informative technique for determining A-1, which provides information on the solution 

stability and parameter resolution and error, is through the singular decomposition of A 

[Lanczos, 1961]. In general, A can be decomposed into 

A= US VT (14) 
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where U and V are [n x n] and [m x m] matrices of eigenvectors that span the data and 

model spaces, respectively, Sis an [n x m] diagonal matrix whose diagonal elements 

correspond to the eigenvalues or singular values of the system, and T denotes transpose. 

In addition, U lJf = V VT = I (identity matrix), and the eigenvectors are orthogonal to 

each other and of unit length. The solution, ~. is then written as 

Ax = U S-1 VT Q. (15) 

where U S-1 VT is known as the generalized inverse or Moore-Penrose operator, and here 

the diagonal elements of S-1 are the reciprocals of the diagonal elements of S. The 

generalized inverse operator is equivalent to a classical least squares operator for n > m, 

and m = k, where k is the number of linearly independent parameters. However, since in 

practice the problem is underdetennined, the matrix S-1 will not be full rank, and m > k. 

In this case, where near-zero or zero-valued eigenvalues exist, use of the generalized 

inverse will lead to spuriously large velocity adjustments for poorly constrained model 

parameters [Crosson, 1976a]. 

In order to avoid solution instability resulting from near-zero singular values [Aki 

and Lee, 1976], most seismic tomography studies utilizing discrete model spaces have 

employed the Levenberg-Marquardt method of damped least squares. By minimizing the 

weighted sum of travel time residuals and solution vectors, the normal system of equations 

and corresponding solution becomes 

(16) 

~ = V [(S2 + A2 I)-1 S] UT J2 (17) 

where a damping parameter, A, is now intrcx:luced [Levenberg, 1944; Marquardt, 1963]. 

The inclusion of A2 in the inversion has the effect of mcx:lifying the eigenvalue spectrum so 

that small eigenvalues do not produce large perturbations, while for large eigenvalues the 

addition of A2 changes little the magnitude of the adjustment. Wiggins [1972] has utilized 

a sharp eigenvalue cutoff, rather than the damping filter, with similar results. 

The choice of A is motivated by the desire to obtain stable solutions with reasonable 

variances and is often chosen by trial and error. The tradeoff between covariance and 

resolution is a well-known prcx:luct of the damping parameter magnitude in problems where 
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m > k. Resolution is maximized for A = 0 at the expense of larger covariances, while for 

large A, travel time residuals are minimized but parameter resolution decreases. The use of 

a damping parameter also decreases the potential number of degrees of freedom k, since 

smoothing of the singular values occurs [Wiggins, 1972]. 

Evaluation of Solution Quality 

Resolution and Covariance Matrices 

The singular value decomposition technique enables one to examine the solution 

quality quantitatively through the construction of the resolution and covariance matrices 

[Wiggins, 1972; Jackson, 1972, 1979]. The matrices are functions of the data kernel and a 

priori information (not the actual data), and as such give measures of how well a model and 

distribution of data will be able to estimate an Earth structure. For the method of damped 

least squares, the resolution matrix R, which examines the effect adjacent nodes have on 

the model parameterization, is defined as, 

R = V [(S2 + A2 1) -1 S2] VT (18) 

In the ideal case, R = I implies that the model is perfectly resolved by the given data 

kernel. However, in reality the rows of the resolution matrix, or resolving kernels, never 

take on a o-like appearance. Wiggins [1972] proposes the term "compact" for R- I, and 

Backus and Gilbert [1967, 1968] and Menke [1984] define a scalar spread S(rj). or 

averaging vector, which quantitatively describes the compactness of the resolution matrix. 

The trace of the resolution matrix can be used as an estimate of the potential number of 

degrees of freedom (DO F) of the system. The covariance matrix is defined as 

C = V [(S2 + A_2 1)-1 S]2 VT (19) 

and maps the way data error affects the estimates of the model parameters. The tradeoff 

between resolution and covariance can be examined by following the behavior of the jth 

velocity parameter while varying the damping parameter. 
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Derivative Weight Sum (DWS) and Spread Function 

An optimal model parameterization can be arrived at by examining the derivative 

weight sum (DWS) and spread function to ensure that velocity nodes are adequately 

sampled by the available source-receiver ray paths. The DWS gives a quantitative 

representation of ray density near the jth node [C. H. Thurber, pers. comm., 1988; 

Toomey and Foalger, 1989] 

NE NS i 
DWSj= I, I, Wj(U ds 

k = 1 P =1 path (20) 

where Wj(r) is the linear weighting function defined earlier for the velocity at a point r. NE 

is the number of events, and NS is the number of stations. For an ideal data kernel and 

model, the DWS, which is dependent on the incremental arc length ds, will be smooth and 

slowly varying. This will lead to a minimum of poorly sampled nodes and thus avoid 

solutions containing spurious nodes of unperturbed velocity (which are products of the 

damped least squares algorithm for near-zero singular values). 

A quantitatative measure of compactness is given by the Backus-Gilbert scalar 

spread function, S(rj). of the jth velocity node [Backus and Gilbert, 1967, 1968; Menke, 

1984] 

NN 

S(r~=lrj l-1 L WjkRjk2 

k =1 (21) 

where I rj I is the magnitude of the jth row in R (the averaging vector for the jth velocity 

parameter), Rjk is an element of the resolution matrix, Wjk is a weighting function that 

depends of the physical distance between the jth and kth nodes, and NN is the number of 

nodes. For a compact matrix where the contribution of velocity at neighboring nodes is 

minimal, S(rj) will be small since S(rj)= 0 if R = I. 
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FIGURE CAPTIONS 

Figure 1. 

Figure 2. 

Figure 3. 

Location of the refraction and microearthquake experiment near 26°N. 

Sea Beam bathymetry is contoured at an interval of 0.25 km [Sempere et 

al., 1989]. Locations of refraction line and ranging shots are shown by 

triangles, instruments by open symbols (31 and 33 are ocean bottom 

seismometers); instrument numbers discussed in the text are indicated, 

and symbols are keyed to travel times in Figures 3, 4, and 7. The shape 

of the median valley inner floor (nominally seafloor depths > 3.5 km) 

varies along axis, widening and deepening south and north of the high

temperature hydrothermal field (hourglass). 

Examples of direct water wave rms travel time residuals calculated at 50-

m intervals, and contoured at 0.01 s intervals for values less than 0.1 s 

and at 0.1 s intervals for greater values. The best estimate of shot 

location corresponds to the minimum residual. The location of the shot 

on the left (a ranging shot within the network which was also located by 

the Creager and Dorman [1982] method) can be estimated with good 

confidence, while the location of the shot on the right (located far to the 

south) is poorly constrained in the northwest-southeast direction. 

Compilation of water-path-corrected, reduced travel times from the 

southern limb of the refraction line to instruments in Figure 1 (symbols 

correspond to the instrument recording the arrival). Errors include 

contributions from uncertainty in the determination of the water path 

correction and reading error. The observations sweep out a large swath 

(- 0.8 s wide) with range, indicating that a single, simple, one

dimensional velocity model cannot describe in detail the seismic 

structure in this area. Closer examination shows the presence of 

systematic differences between spatially-clustered instruments (Figure 

4). 



Figure 4. 

Figure 5. 

Figure 6. 
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Comparison of travel times from the southern limb of the refraction line 

to spatially-clustered stations. Symbols are keyed to instruments 

recording the phases in Figure 1. (a) Travel times to instruments atop 

the along-axis high (OBHs 2, 3) are up to 0.4 s less than times to 

instruments within the deep (OBHs 1, 6, 8) in the 5-15 km range. Rays 

at these ranges tum in the topmost 3-4 km suggesting that the shallow 

crust to the north of OBH 1 is characterized by substantially higher 

velocities than are found at similar levels beneath the along-axis deep. 

(b) Travel times to instruments atop the eastern wall (OBH 5, OBS 31) 

are also resolvably larger than those to the instruments atop the high. 

Record sections (8 krn/s reduction velocity) for the southern limb of 

refraction line to (a) OBH 3, (b) OBH 2, and (c) OBH 4. Waveform 

amplitudes on the low-gain, low-frequency channel are severely 

attenuated in the 19 - 30 km range to OBHs 2 and 3 as compared to 

those to OBH 4, located only 5 km to the east on the eastern wall (see 

Figure 1 for locations). The cutoff in first-arriving energy constitutes 

evidence for a decrease in velocity below 3-4 km depth (see waveform 

modelling and tomographic inversions for further discussion). Only the 

water delay correction (i.e., no range correction) has been applied for all 

record sections displayed in this chapter. Waveform amplitudes are 

scaled linearly with range. The seismograms are truncated at the arrival 

of the water wave. 

Normalized power on the low-gain, low-frequency channel versus 

water-path-corrected range. The power is calculated as the square of the 

amplitude, normalized to the largest value for each instrument, for a 

0.25 s window following the P-wave arrival time (from the low gain 

channel). There are striking differences in the power - range trends to 

OBH 4 on the eastern wall compared with those to instruments within 

the valley (OBHs 2 - circles, 3 - triangles, 1 - squares, 6 - diamonds, 

and 8- stars). The amplitude cutoff seen in Figure 5 for OBHs 2 and 3 

is quite sharp and distinct 



Figure 7. 

Figure 8. 

Figure 9 . 

Figure 10. 

Figure 11. 
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Water-path-corrected, reduced travel times from northern refraction line 

shots to spatially-clustered stations. Symbol types are keyed to 

intruments recording the phases in Figure 1. (a) The observations 

sweep out a large swath(- 0.6 s wide) with range, suggesting along

axis crustal heterogeneity. (b) Travel times for rays which traverse the 

along-axis high to instruments within the along-axis deep (OBHs 1 -

large closed circles, 6 - small closed circles) are up to 0.6 s larger than 

times for rays sampling the inner floor north of the along-axis high 

(OBHs 2, 4, open symbols) for ranges out to 20-25 km. 

Record sections (8 krn/s reduction velocity) for northern limb of 

refraction line to (a) OBH 4, (b) OBH 2, (c) OBH 1, and (d) OBH 6. P 

wave amplitudes on the low-gain, low-frequency channel are attenuated 

out to a range of 19 km range to OBH 1 as compared to those to OBHs 

4 and 2 (see Figure 1 for locations). The relative lack of frrst-arriving 

energy to OBH 1 could result from a velocity decrease with depth. Only 

seismograms from shots north of the network are displayed. See Figure 

5 for plotting parameters. 

Record sections (see Figure 5 for plotting specifications) from southern 

limb shots to (a) OBH 1 and (b) OBH 8located within the along-axis 

deep. The limited amount of data show high signal to noise ratios and 

velocities approaching 8 krn/s at short ranges(- 15 km). 

Cubic spline fits (constrained so that velocity increases with depth) to 

the travel time data recorded at (a) OBH 3 and (b) OBH 1. The water

path-corrected travel time data are plotted versus range with reduction 

velocities of 8 km/s. The spline fit to data of OBH 3 (range to 21 km) 

has an rms deviation of 0.04 s and that to OBH 1 has an rms deviation 

of 0.06 s. Inversions of these data for velocity versus depth are given 

in Figure 11. 

Plane-layered velocity-depth functions obtained from inversions of the 

splines fit to travel time data displayed in Figure 10. These functions 



Figure 12. 

Figure 13. 

231 

describe the average structure associated with arrivals to OBH 3 (along

axis high, light lines) and OBH 1 (along-axis deep, heavy line). 

Comparison shows that the shallow crust sampled by rays to OBH 3, 

corresponding to the region beneath the high and volcano, is 

characterized by higher velocities than those beneath the deep (to OBH 

1), which compares well with the average structure for the median 

valley at 23°N [Purdy and Detrick, 1986; dashed line]. 

Velocity-depth functions which fit both the travel time and amplitude 

data at OBHs 1 and 3. The solid lines show the solutions based on the 

travel time inversion and amplitude modelling of the refraction line data. 

The dashed lines show the solutions derived from amplitude modelling 

using as starting models the velocities (at volcano, high) from the 

tomographic inversions. The two alternative models for each structure 

are very similar. 

(a) Summary of velocity-depth functions investigated for OBH 3. The 

plane-layered inversion solution is shown for reference. All models to 3 

km depth produce essentially identical travel times; the amplitude-range 

variations caused by the structure below 3 km are used qualitatively to 

reject model 3A -ld (b), and to predict the amount of travel time delay 

for a low velocity layer (3A-2d) (c). Ray tracing shows that rays tum 

within the upper 3 km at ranges less than 15 km. 

(b) Observed waveforms (top) and WKBJ seismograms for two models 

derived from the travel time inversion of the refraction line. Model 3A-

1d, which was based on spline-fit times to 30 km, clearly cannot match 

the waveforms in the 20 to 25 km range, whereas with model 3B-1d 

constant or decreasing velocities below 2.7 km can match the observed 

low amplitudes beyond 19 km. An exponentially-damped cosine 

function, cos (27tft) exp [- (27tft I y) 2] with f = 6 Hz and 'Y = 5, is used 

as the source time function. Waveform amplitudes are normalized to the 

largest trace and scaled linearly with range. 

(c) Hypothetical model (3A-2d) which predicts the effect on the travel 

times, amplitudes, and ray path geometry for a layer of lower velocities 
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below 3.1 km. Travel times (solid lines) will be delayed by- 0.4 s; 

stars represent the observed times. Rays entering the low velocity layer 

are delayed and focussed beyond 20 k:rn (as seen in the synthetic 
' 

seismograms). See (b) for WKBJ seismogram calculation procedure 

and display parameters. 

(a) Observed waveforms to OBH 1 within the median valley. The 

seismograms at ranges less than 10 km possess very high amplitudes, 

including saturation beyond the flrst arrival, and were excluded. (b) 

Model 1A-1d based on the travel time inversion of the refraction data, 

and (c) 1A-2d based on the tomography results, flt the observed data 

equally well (in part because there are so few data). (d) Ray tracing 

indicates that rays turn within the upper 4 km at ranges< 15 k:rn. See 

Figure 13b for WKBJ seismogram calculation procedure and display 

parameters. 

Distribution of sources (32 shots, 69 earthquakes) and receivers (6 

OBHs, 1 OBS) used in the tomographic inversions for two-dimensional 

velocity structure. The solid line shows the location of the along-axis 

proflle in Figure 16. Inversions were performed using 3 (nodes A), 5 

(nodes A and B), and 7 (nodes A and C) columns of along-axis nodes 

spaced 5, 2.5, and 1.7 km apart, respectively (Table 3, inversions 1-3). 

In the 3-nodal column configuration (A, diamonds), a velocity 

parameter was placed within the along-axis deep, at the ridge-axis 

volcano (hidden by symbols for earthquake sources and an instrument), 

and at the along-axis high. See text for distribution of nodes with 

depth. 

Focal depth distribution for earthquake sources shown in Figure 15. All 

events are shown projected onto the vertical plane with 1-cr errors. 

Earthquakes which were originally located with an S-wave arrival 

(Chapter 3) are shown with a solid circle at the hypocenter. Solid 

squares show the locations of instruments. Because of the lack of 
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shallow crustal events, travel times from earthquakes alone cannot be 

used to invert for the full velocity structure. 

Starting models for the tomographic inversions. (a) A plane-layered 

model from 23°N [Purdy and Detrick, 1986] was first used to determine 

the shallow structure using the 21 closest shots. (b) The starting model 

for all subsequent runs is a two-dimensional model (Table 2) which is 

approximately subparallel to the seafloor and constrained at shallow 

levels by inversion 0 using the 1D starting model and the 21 closest 

shots. 

A table of node numbers for the 3-nodal-column model parameterization 

versus distance along-axis (Y) and with depth (Z). Node numbers are 

used in Figure 19 and in the text. 

Pictorial representation of each row of the resolution matrix for (a) 

inversion 1, (b) inversion 4, and (c) inversion 5. Each perspective plot 

shows the magnitude of the diagonal element as well as the values at 

adjacent nodes. A velocity parameter is uniquely-resolved if it has a 

compact averaging vector (a b-like nodal value with near-zero adjacent 

values). For example, the solution from inversion 1 is well-resolved at 

all nodes except 1 and 2. 

Comparison of the DWS, resolution, and spread for inversions 1-3 

(using 3, 5, and 7 along-axis nodal columns, respectively). Resolution 

is greatest and spread smallest for the 3-nodal column configuration 

(solid circles) suggesting that this represents the optimal number of 

columns. A threshold value for well-constrained nodal velocities can be 

determined by examining the behavior of the resolution, spread, DWS, 

and averaging vector (Figure 19) as nodal density is increased. The 

empirically-derived values (dashed lines) for the data from this 

experiment are 0.8 for resolution and 60 for the spread function. 
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Two-dimensional velocity model determined for inversion 1. The 

bathymetry along-axis is shown at the top with arrowheads placed at the 

locations of nodal columns. Velocity is contoured at 0.5 krn/s intervals. 

A region of higher velocities is observed at 3 km depth beneath the 

volcano, and velocity decreases below this depth level. Velocities 

within the shallowmost crust beneath the volcano and along-axis high 

are greater than those at similar depths within the along-axis deep. 

Velocity perturbations(+= faster velocities) relative to the 2D starting 

model (Figure 17b, Table 2), resolution, DWS, and spread for 

inversion 1 in Figure 21. This model is well-resolved with compact 

resolution, but comparison with inversion 4 (Figure 24) shows that 

velocities at 3 km depth beneath the high are spurious. 

Instrument travel time residuals for each source (1 - 69 are earthquakes, 

70- 101 are shots): (a) relative to the starting model in Figure 17b and 

Table 2, and (b) upon convergence to the final velocity model in Figure 

21 and Table 3. The initial skewness in residuals, especially in the shot 

data, is removed as the residuals map into perturbations in velocity from 

the initial structure. The dashed line shows the mean for all data. 

Inversion 4 results (Table 5) using 32 shots, 7 instruments, and 3-nodal 

columns (see Figure 15 for source-receiver distribution). For an 0.8 

resolution cutoff value, we see that the shots alone can resolve most of 

the major variations in velocity (high shallow crustal velocities beneath 

the high and volcano with lower velocities in the deep, high velocities (> 

7 km/s) at 3 km depth beneath the volcano, and a 5 km thick crust 

beneath the deep). 

Results from inversion 5 using only earthquake travel time data from 69 

events, for a 3-nodal-column, ?-instrument configuration (see Figure 15 

for source-receiver distribution). In contrast to Figure 24, resolution is 

poor throughout the imaged area and contradicts the sense of 

perturbations at shallow depths from inversion 4. The lack of a uniform 
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distribution of sources with depth (see Figure 16) does not allow any 

constraint on the shallow structure and leads to spurious perturbations in 

velocity. 

Variation in DWS, resolution, and spread with number and type of 

sources for the ?-instrument and 3-nodal column configuration. 

Although the number of sources is less (DWS is less) than for inversion 

1 (filled circles), inversion 6 (open circles) still yields well-resolved 

estimates since the data distribution is uniform. This is also true for 

inversion 4 (crosses), but the lack of observations which sample deep 

into the section prevents good resolution of all velocity parameters. The 

69-earthquake run (inversion 5, triangles), characterized by large 

spread, low resolution, and a large scatter in values, illustrates a case 

where the data cannot resolve the model. The empirically-derived cutoff 

values for good resolution are shown by dashed lines. 

Source and receiver (6 OBHs, 1 OBS) distributions used in the 

tomographic inversion for two-dimensional velocity structure using (a) 

58 sources (inversion 6: 21 shots, 37 earthquakes) and (b) 123 sources 

(inversion 7: 32 shots, 91 earthquakes). Inversions were performed 

using 3 nodal columns spaced 5 km apart and different numbers of 

earthquakes. The source distribution shows good azimuthal coverage 

for both runs. Inversion results are shown in Figures 28 and 29. 

Inversion 6 results using a 58-source data set with a 3-nodal column, 7-

instrument configuration (see Figure 27a for source-receiver 

distribution). The data provide good resolution with low spread. The 

velocity structure shows the same patterns of heterogeneity as in Figure 

21 with higher absolute velocities and a more distinct high velocity 

body. 

Results from inversion 7 using 123 sources with a 3-nodal column,?

instrument configuration (see Figure 27b for source-receiver 

distribution). The data result in a compact resolution matrix similar to 
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inversion 1 (see spread in Figure 21), and a general smoothing of the 

velocity variations and perturbations. However, the patterns of 

heterogeneity remain consistent with inversions 1 and 6. 

Source and receiver configurations used in the tomographic inversion 

for two-dimensional velocity structure parameterized by three nodal 

columns using (a) 5 instruments (inversion 8, 84 sources) and (b) 6 

instruments (inversion 9, 97 sources). Results are shown in Figures 31 

and 32. 

Variation in resolution and spread with the number of instruments used 

in the inversion for 2D structure. The plot indicates that all model 

estimates will be equally well-resolved. This can also be inferred from 

the source distributions in Figures 15 and 30, which show very little 

difference. The empirical threshold value is shown by the dashed line. 

Inversion results using 3-nodal columns and (top panels) 84 sources to 

5 instruments- inversion 8, and (bottom panels) 97 sources to 6 

instruments- inversion 9. See Figure 30 for source-receiver 

distributions. The well-resolved structure from inversion 8 is nearly 

identical to that from inversion 1 (Figures 21 and 22), and shows that 

the elimination of the instruments on the eastern wall does not 

significantly affect the velocity determination. 

Cartoon illustrating, for a simple case, the effect of source mislocation 

on velocity estimation. In (a), velocity will be perfectly resolved as long 

as the observation is within the rectangle (which defmes the closeness 

criterion for this case). In (b), the closeness criterion has been halved to 

the size of the square. The effect of errors in source location on the 

estimate is thus dependent on the model parameterization. 

(a) Changes in epicenter upon relocation of the 69 earthquakes using 7 

instruments and the 2D model determined tomographically (modified for 

unconstrained seafloor velocities in the deep and at the volcano). 
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Epicenters moved an average of 1.6 ± 1.0 km to the southeast. The 

translation is a manifestation of the nonuniqueness in the earthquake 

location problem. Squares show the locations of receivers. Lines 

connect the locations obtained from the 1D model with station 

corrections to those obtained with the 2D model (open circles). The 

volcano is located at 26°5.9'N and 44°51.6'W. (b) The scalar change in 

epicenter DX, was typically less than 3 km, with slightly larger shifts 

associated with the deeper events. DX is plotted at the focal depths, 

relative to a 3.3 km datum, estimated with the 1D model. 

Hypocentral changes along the ridge axis upon relocation with 7 

instruments and the 2D model. (a) Most events showed an increase in 

focal depth (1.1 ± 1.3 km) with the largest shifts associated with 

earthquakes beneath the along-axis deep and western portion of the 

median valley. The swarm of earthquakes beneath the volcano (at 15 

km range and 7 km depth) moved only minimally. Symbol explanation 

given in Figure 34. (b) The change in the travel time DT to OBH 1, 

which was situated atop the axial volcano (mean = -0.03 ± 0.18 s, 

dashed line). DT, plotted at the focal depth obtained with the 1D model 

(3.3 km datum), does not appear to be correlated with distance along

axis, and is typically less than 0.2 s. Positive DT values correspond to 

larger travel times, and thus increases in focal depth. 

Changes in travel time versus focal depth for receivers atop the axial 

volcano (OBH 1, mean= -0.03 ± 0.18 s), within the deep (OBH 6, 

mean= -0.04 ± .13 s), atop the high (OBH 3, mean= -0.07 ± 0.18 s), 

and on the eastern wall to the north (OBH 4, mean = 0.08 ± 0.20 s). 

The mean changes (dashed lines) for each instrument show a slight 

correlation with location, but the scatter is so large that this is not 

significant. DT is plotted at the focal depth, relative to a 3.3 km datum, 

obtained with the 1D model. 

Comparison of the velocity structure determined using earthquakes 

located with the lD model (top panels, inversion 1) with the structure 
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obtained using earthquakes relocated with the 2D model (bottom panels, 

inversion 10). The patterns of velocity variation along the ridge axis 

remain the same in spite of source location shifts of up to 5 km. 

Source and receiver configuration used in the tomographic inversion for 

2D velocity structure using only inner floor events within 4 km of the 

ridge axis (inversion 11 : 23 shots, 36 earthquakes). Result is shown in 

Figure 39. 

Results from inversion 11 using inner floor events (23 shots and 36 

earthquakes located with the lD model). This figure should be directly 

compared with Figures 21 and 22. The use of only inner floor events 

results in little difference in the overall patterns of velocity heterogeneity 

in areas with good resolution; a velocity decrease with depth below 3 

km beneath the volcano, higher upper crustal velocities in the along-axis 

high region, and normal young ocean crust beneath the along-axis deep 

appear to be robust characteristics of the centermost region beneath the 

median valley. 

Instrument travel time residuals for inversion 12 (1 - 31 are earthquakes, 

32- 54 are shots). (a) Residuals relative to the 2D starting model in 

Figure 17b and Table 2 (mean= -0.14 ± 0.17 s, dashed line). (b) 

Residuals upon convergence to the final 2D model in Figure 41 and 

Table 6 are much reduced and cluster tightly near zero (mean= 0.01 ± 
0.09s, dashed line). 

Two-dimensional velocity model from inversion 12 using inner floor 

events, with earthquake locations re-estimated with the 2D model. See 

Figure 21 for plotting specifics. This structure is consistent with the 

velocities suggested by the refraction line and those estimated in 

inversion 4 (shot data). Higher velocities are imaged beneath the 

volcano with velocities decreasing below this region. 
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Velocity perturbations relative to the 2D starting model, resolution, 

DWS, and spread for inversion 12 in Figure 41. The resolved structure 

is consistent with inversion 11 (same set of earthquakes located with the 

1D structure, Figure 39), suggesting that for well-resolved regions 

errors in hypocentrallocation are independent of the estimated velocity 

structure. Inversion 12 is consistent with the shot data (inversion 4), 

but we acknowledge that tradeoffs in velocity at depth with hypocentral 

changes probably cause the shrinking of the area enclosed by the 6 km/s 

contour at 5 km depth. 

Comparison of seismic layer 2 velocity-depth functions from this study 

(1D models for deep-OBH 1 and high-OBH 3, bold solid lines) with 

those determined for the East Pacific Rise at 13°N [dashed lines-Harding 

et al., 1989], and the Mid-Atlantic Ridge at 23°N [solid line-Purdy and 

Detrick, 1986; squares-Purdy, 1987]. Higher velocities from 0.25 km 

to 1.25 km depth are present both in the along-axis high region at 26°N 

on the MAR and at the ridge axis the EPR at 13°N. See text for 

discussion. 

Comparison of depths to the top of the low velocity zone in this study 

(resolved nodes at volcano-inversion 12, bold solid line), at 59°N on the 

MAR [light solid line-Bunch and Kennett, 1980], on the Juan de Fuca 

Ridge [light long dashed lines-at along-axis high, light short dashed 

lines-in deeper portions away from high, G. Christeson, pers. comm., 

1990], and at 13°N on the EPR [bold dashed lines-Harding et al., 

1989]. The lid thickness is shallowest on the fast-spreading East Pacific 

Rise. See text for discussion. 
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Table 1. One-dimensional P Wave Velocity Models 
Derived from the Southern Limb of the Refraction Line 

OBH3: Model3B- 1d Model3A- 2d 

Vp, km/s Vp, km/s 

Layer Thickness nm Bottom Thickness Top Bottom 

1 0.80 4.30 5.40 0.90 4.30 5.45 

2 1.00 5.40 6.10 2.20 5.45 6.65 

3 0.90 6.10 6.40 

OBH1: Model1A- 1d Mode11A - 2d 

Vp, km/S Vp, krn/s 

Layer Thickness nm Bottom Thickness IQ12 Bottom 

1 1.00 3.00 4.70 2.50 3.50 6.10 

2 1.20 4.70 6.00 3.00 6.10 8.15 

3 3.00 6 .00 8.15 
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Table 2. Starting Two-Dimensional P Wave Velocity Model 

for Tomographic Inversions 

Bounding ncxle Deep Volcano 

-200km Okm 5km 

Bounding ncxle 

-200k:m 2.50 2.50 2.50 

Ok:m 2.50 2.50 3.25 

1km 4.00 4.00 4.85 

3km 6.00 6.00 6.30 

5km 6.90 6.90 7.00 

Bounding node 

200km 8.00 8.00 8.00 

High Bounding ncxle 

lOkm 200km 

2.50 2.50 

3.40 3.40 

5.00 5.00 

6.40 6.40 

7.10 7.10 

8.00 8.00 
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Table 3. Tomographic Inversion Summaries 

# instr #sources rmsi (sec) s2i (sec2) Variance 
Inversion # obs #iter reduction 

#nodes a shot I eq rmsr (sec) s2r (sec2) (%) 

Ob 7 21 106 3 0.29 0.087 79 
3 21 I -- 0.14 0.018 

1 c 7 101 532 5 0.19 0.039 63 
3 32 I 69 d 0.12 0.014 

2C 7 101 532 5 0.20 0.040 65 
5 32 I 69 d 0.12 0.010 

3C 7 101 532 5 0.20 0.040 66 
7 32 I 69 d 0.12 0.013 

4C 7 32 169 4 0.32 0.100 83 
3 32 I -- 0.13 0.016 

5C 7 69 363 4 0.11 0.011 50 
3 -- I 69 d 0.08 0.006 

6C 7 58 314 4 0.19 0.037 62 
3 21 I 37 d 0.12 0.014 

7C 7 123 645 5 0.19 0.035 57 
3 32 I 91 d 0.12 0.015 

gc 5 84 372 3 0.17 0.027 56 
3 32 I 52d 0.11 0.012 

9C 6 97 480 5 0.20 0.041 63 
3 32 I 65 d 0.12 0.015 

we 7 101 532 5 0.20 0.041 77 
3 32 I 69 e 0.10 0.010 

uc 7 59 316 4 0.21 0.044 64 
3 23 I 36d 0.12 0.016 

12C 7 59 291 5 0.22 0.047 .. 83 
3 23 I 31 e 0.09 0.008 

a Number of nodal columns along-axis (3, 5, 7 nodes correspond to spacings of 5, 2.5, 1.7 ian). 
In each column, nodes are placed at 0, 1, 3, and 51an depth. 

b 1D starting velocity model. See text for details. 
c 2D starting velocity model (Table 2). See text for details. 
d Earthquake hypocenters determined with 1D model and station corrections 
e Earthquake hypocenters determined with 2D model 
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Table 4. Two-Dimensional P Wave Velocity Model from Inversion 1 

Bounding node Deep Volcano High Bounding node 

-200km Okm 5km lOkm 200km 

Bounding node 
-200km 

2.50 2.50 2.50 2.50 2.50 

0 km-v, km/s 2.50 3.73 2.23 5.40 5.40 
llv, km/s 1.23 -1.02 2.00 

DWS 234 229 1078 
Res 0.50 0.19 0.87 

Spread 82 163 5 

lkm 4.00 3.93 5.31 5.83 5.00 
-0.07 0.46 0.83 
1513 1039 1999 
0.85 0.87 0.92 
47 51 14 

3km 6.00 6.21 6.98 5.74 6.40 
0.21 0.68 -0.66 
1937 1970 2046 
0.90 0.91 0.90 
39 17 24 

5km 6.90 8.09 5.54 6.24 7.10 
1.19 -1.46 -0.86 
1363 1232 842 
0.94 0.88 0.82 

11 21 33 

Bounding node 
200km 8.00 8.00 8.00 8.00 8.00 
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Table 5. Two-Dimensional P Wave Velocity Model from Inversion 4 

Bounding node Deep Volcano High Bounding node 

-200 km Okm 5km 10km 200km 

Bounding node 
-200km 

2.50 2.50 2.50 2.50 2.50 

0 km-v, km/s 2.50 3.79 2.59 5.00 5.40 
~v. km/s 1.29 -0.66 1.60 

DWS 161 91 488 
Res 0.38 0.11 0 .82 

Spread 108 206 10 

1km 4.00 3.90 5.18 5.51 5.00 
-0.10 0.33 0.51 
860 392 779 
0 .84 0.77 0 .84 
48 69 31 

3km 6 .00 6.00 7.44 7.46 6.40 
0 1.14 1.06 

1114 680 659 
0.87 0.80 0.83 
46 49 54 

5km 6.90 8.23 6.04 6.95 7.10 
1.33 -0.96 -0.15 
968 203 28 
0 .93 0.43 0.03 
54 219 329 

Bounding node 
200km 8.00 8.00 8.00 8.00 8.00 
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Table 6. Two-Dimensional P Wave Velocity Model from Inversion 12 

Bounding node Deep Volcano High Bounding node 

-200km Okm 5km lOkm 200km 

Boundin~ode 
-200 

2.50 2.50 2.50 2.50 2.50 

0 km-v, km/s 2.50 4.00 2.61 5.40 3.40 
t.v, km/s 1.50 -0.64 2.00 

DWS 172 120 549 
Res 0.55 0.14 0.84 

Spread 99 270 6 

1 km 4.00 3.73 5.34 5.34 5.00 
-0.27 0.49 0.34 
979 504 949 
0.76 0.78 0.76 
99 61 106 

3km 6.00 6.32 7.19 6.90 6.40 
0.32 0.89 0.50 
1401 1097 1085 
0.86 0.84 0.75 
69 40 124 

5km 6.90 8.25 5.96 6.27 7.10 
1.35 -1.04 -0.83 
1146 690 366 
0.93 0.77 0.57 
19 62 140 

Bounding node 
200km 8.00 8.00 8.00 8.00 8.00 
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Figure 1 
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CHAPTER 5. UPPER MANTLE P AND S WAVE DELAYS 
BENEATH THE MID-ATLANTIC RIDGE NEAR 26°N 

INTRODUCTION 

Although both theoretical and petrological models for the creation of oceanic 

lithosphere and generation of fresh basalt on the seafloor require decompression melting of 

mantle material and ascent of the more buoyant melt [Green eta/., 1979; McKenzie, 1984; 

Johnson et al., 1990], in general the geological and geophysical discrimination of the 

upwelling region along slow-spreading ridges has not been well-established. The depth 

and dimensions of a low velocity region which may characterize the upwelling and its 

spatial continuity along the ridge axis, as well as any temporal variability, are relatively 

poorly constrained. A temporal variation in the melt delivery process is predicted by a 

recently-developed mid-ocean ridge model which incorporates buoyancy and plate-driven 

flow to explain the observation of a narrow neovolcanic zone at the ridge axis [Scott and 

Stevenson, 1989]. In this model, steady-state melt generation and ascent appear to break 

down at slow spreading rates, thus resulting in episodic upwelling in such regions. 

While published investigations attempting to measure delay times cannot 

unambiguously attribute their results to anomalies beneath the ridge because the seismic 

wavelengths (> 100 km) of the teleseismic arrival time data used in the studies are much 

greater than, for example, the width of the median valley [e.g.,- 20 km, Kong eta/., 

1988], they represent the only observations which seek to calibrate average Earth travel 

times for a mid-ocean ridge setting. Investigations to date have found in general the slow

spreading Mid-Atlantic Ridge (MAR) to be characterized by anomalously low P and S 

wave velocities. Shear and surface wave studies in the vicinity of mid-ocean ridges have 

shown there to be zones of high-attenuation and/or low shear wave velocity beneath parts 

of the MAR [Girardin and Poupinet, 1974; Weidner, 1974; Duschenes and Solomon, 

1977; Forsyth, 1977; Kuo et al., 1987; Sheehan and Solomon, 1988, 1989; Grand, 1989]. 

Estimates of the extent of the anomalous velocities within the upper mantle range from a 

few tens of kilometers to 100 km in width at depths down to 250 km beneath the ridge crest 

[e.g., Solomon, 1973; Solomon and Julian, 1974; Weidner, 1974; Grand, 1989]. 

P wave delay studies also document positive residuals, suggesting the presence of 

lower velocities within the upper mantle. Differences in P-wave travel time residuals from 

a South American earthquake to ocean bottom seismometers in the Vema transform (11 °N) 
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suggest the existence of a zone of lower velocites associated with the ridge [Rowlett and 

Forsyth, 1979]. Tryggvason [1964] and Long and Mitchell [1970], using relative travel 

time differences between stations, have documented positive upper mantle P-wave travel 

time residuals suggesting lower velocities beneath Iceland. The low velocity zone reported 

by Francis [1969b] from the differences in P and S-wave residuals from MAR earthquakes 

near Iceland to stations in Iceland and Greenland (.1 ~ 22°) may extend to 250 km depth 

and to widths out to 300 km, but probably includes both a ridge upper mantle contribution 

and a delay due to the island and hot spot proximity. 

Differential body wave travel time residuals (PP-P, SS-S), interpreted as arising 

from the upper mantle in the vicinity of the bounce point of the surface-reflected phase, 

generally indicate positive residuals and thus lower upper mantle velocities relative to older 

oceanic lithosphere and to average Earth models [Dorbath and Dorbath,1981; Girardin, 

1980; Kuo et al., 1987; Sheehan and Solomon, 1988, 1989; Woodward and Masters, 

1988, 1990]. An advantage of these studies is that travel time errors due to errors in the 

estimation of hypocentral parameters and to crustal and mantle heterogeneities beneath the 

source and receiver cancel because of the similarity of their ray paths, and thus the 

observed residual can be assumed to describe anomalies below the bounce point. 

In this paper, we present the first direct measurement of teleseismic P and S wave 

delays from an earthquake on a spreading center. The simultaneous characterization of a 

swarm of MAR earthquakes recorded for the first time both locally by a network of ocean 

bottom instruments and teleseismically by land-based seismic stations provides a unique 

opportunity to calibrate teleseismic travel times for a mid-ocean ridge source. We have 

employed a multiple event relocation technique to estimate epicenters and origin times from 

teleseismic travel times using an average Earth model and standard station corrections. 

Data from the local seismic network are used to determine the true locations and origin 

times and to document an epicentral bias inherent in teleseismic locations for the MAR 

earthquakes. Corrections to the teleseismically-determined origin time for the epicentral 

bias and for crustal structure are then calculated, and the resulting difference in origin time 

is taken to represent the average P-wave upper mantle delay over the range of observed ray 

parameters. The absolute S-wave delay relative to an average Earth model is also measured 

by calculating the travel time residuals of long period SH-waves. Finally, we compare P 

and S-wave travel time delays at 26°N with the results of other delay studies along the 

MAR. 
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JULY 1985 EARTHQUAKE SWARM 

The Mid-Atlantic Ridge near 26°N where the earthquake swarm occurred is 

characterized by asymmetric spreading over the last 10 My, with rates faster to the east (1.3 

cm/yr) than to the west (1.1 cm/yr) [Lattimore and Rona, 1974; McGregor et al., 1977]. 

Along the ridge from 25°25'N to 26°20'N, three en echelon ridge segments can be 

identified (see Figure 1 for locations), each varying in width and depth along its strike. 

The variation is most pronounced south of 26°10'N, where substantial widening and 

deepening of the median valley occurs over distances of a few tens of kilometers. 

Teleseismically-located earthquake activity of the past 25 years appears to be concentrated 

at regular intervals (40-50 km) along the ridge axis (Figure 1). 

The swarm of five earthquakes (at 1854, 1900, 1907, 1909, and 1939UT, with mb 

= 4.4-5.0) located by the International Seismological Centre (ISC) occurred near 25°50'N 

on the Mid-Atlantic Ridge during a one hour time span on July 13, 1985. The earthquakes 

appear to have occurred in the region of the along-axis depth minimum of the ridge segment 

(Figure 1). Centroid moment tensor solutions for two of the largest events (1854UT, 

1909U1) indicate normal faulting along moderately dipping planes (0 = 46° or 48°, and 22° 

or 69°, respectively) striking subparallel to the trend of the ridge axis (cp = 1°, 195°), with 

Mo = 1.9 and 2.4 x 1Q24 dyn-cm, respectively, and source-time function half-durations 

equal to 1.9 s [Dziewonski et al., 1986]. 

LOCAL DATA and HYPOCENTRAL DETERMINATION 

The earthquake swarm was recorded locally by an ocean bottom seismic network of 

seven ocean bottom hydrophones (OBHs) and one ocean bottom seismometer (OBS) in 

place during the summer of 1985 to study the microseismicity and style of tectonism near 

the TAG hydrothermal field (Chapter 3) (Figure 1). Individual instrument locations and 

depths ( CJ = ± 25 m) were determined acoustically using the method of Creager and 

Donnan [1982]. The 10 x 20 km network spanned the median valley and steeper eastern 

wall in the vicinity of the along-axis high and TAG hydrothermal field, and was located 

about 20 km to the north of the earthquake swarm (Figure 1). 

Hypocentral parameters were determined for three earthquakes (1854, 19CJ7, 

1939UT) using the HYPOINVERSE algorithm [Klein, 1978]. Locations for the other 

events in the swarm could not be calculated because the first arrivals from those 
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earthquakes were buried in the long, high amplitude codas of immediately preceding 

events. Seismic signals from later-arriving compressional and shear phases were saturated. 

Individual picks were assigned relative weights based on their quality according to the 

criteria adopted for the microearthquake survey (Chapter 3). The total estimated error 

introduced during playback and picking of phases, correction of clocks to WWV, and 

calculation of station delays was 0.07 s for the 1854UT and 1907UT earthquakes; a 0.05 s 

error was assigned to the 1939UT event because of the higher signal-to-noise ratios of the 

first arrivals. The number of arrival time data ranged from 6 to 8. Figure 2 shows 

examples of seismograms recorded by the ocean bottom-network for two earthquakes 

associated with the swarm. The arrival of the P-wave first at OBH 6, followed later in time 

by arrivals at instruments farther north, establishes the earthquakes to be south of the 

network. 

Because of the importance of the S-wave arrival in determining the earthquakes' 

distance from the network, we have paid special attention to the picking of the phases on 

the transverse horizontal component of the OBS assuming an approximate N220°E azimuth 

from the source to the receiver. Figure 3 shows seismograms of earthquakes associated 

with the 1985 swarm that were recorded by OBS 31. S-wave arrivals, easily distinguished 

by their high amplitudes and lower frequencies, could be unambiguously identified for 

almost all events, the exception being the 1854UT earthquake where the S-wave pick was 

based on a frequency change on the horizontal channel (due to its saturation) at a time 

shortly after higher amplitude SV energy arrived on the vertical channel. Consistency 

among the S-P times (4.9-5.8 s to OBS 31 for 13 of 16located earthquakes) suggests that 

the events occurred in the same general area. 

Local Velocity Model 

Earthquakes were located using the plane-layered, compressional-wave median 

valley structure used in Chapter 3. The model contains normal mantle velocities (8.0 km/s) 

and no upper mantle low velocity zone (model MAR, Figure 4). Station corrections were 

calculated from well-recorded earthquakes within the local seismic network. The shear 

velocity structure is derived from the P-wave structure using a constant ratio Vp!Vs of 1.84 

(Chapter 3), obtained from data sampling the crust and upper mantle over a 5-40 km 

horizontal range. The ratio is consistent with laboratory results (Vp!Vs = 1.81-1.91) for 

crustal layers 2 and 3 [Hyndman, 1979], and is within the range of values (1.73-2.08) 
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from previous MAR microearthquake studies [Francis eta/., 1977; Lilwall et al., 1977, 

1978], and the range (1.74-2.12) determined by combining sub-Moho P and/or S-wave 

velocities from refraction experiments and surface wave studies [Hart and Press, 1973; 

Weidner, 1974; Steinmetz et al., 1977; Purdy and Detrick, 1986]. 

Because of the limited data set used in establishing the local V r/V s ratio (six 

observations, only one of which samples the upper mantle), we estimate a range of 

possible values in order to compute more realistic uncertainties in the hypocentrallocation. 

The range of values <Vr/Vs = 1.78-1.97) was obtained by taking a weighted average, based 

on the relative percentage of ray paths in the crust (55%) and mantle ( 45% ), of the V r/V s 

ratio at 26°N and possible mantle V r/V s ratios. Although the calculation of V r/V s ratios 

with P and S-wave velocities from different areas is not strictly valid, we have estimated 

extrema on V plY s with such estimates in order to expand the range of possible values since 

only a few studies have yielded measures of both velocities in the mantle beneath the ridge 

[i.e., Fowler, 1976, 1978]. The maximum Vp!Vs was thus determined using the highest 

Vp and lowest Vs found along the MAR (Vp = 8.3 krn/s, Steinmetz et al. [1977]; Vs = 3.9 

krn/s, Weidner [1974]). We adopted as the minimum mantle ratio that calculated from 

velocities measured in peridotites sampled in the Bay of Islands ophiolite [Salisbury and 

Christensen, 1978], since this case corresponds to one of zero melt; the ratio, V plY s = 

1. 71, is smaller than the smallest observed mantle V piV s ( 1. 7 4 ). 

Initial Hypocentral Parameters 

Focal depth cannot be resolved because the distance between the earthquake 

epicenters and the nearest observing station is large compared with the network aperture 

(20 km). We therefore fix the focal depth to be at the base of the crust (6.4 km); shallower 

focal depths result in epicenters which are closer to the network (by -Q.9 Ian for a 1 Ian 

shallower focal depth, Figure Sa). Tests of the location procedure using different assumed 

starting locations, including ISC epicenters and estimates from the teleseismic relocation 

analysis (see below), reveal that the final epicenter is insensitive to the starting location at 

the 95% confidence level (Figure 5b). The epicentral confidence limits were obtained from 

the rotation of the covariance matrix from the inversion into the principal coordinates of the 

solution, and conversion of the standard error (square root of the eigenvalues) to that 

corresponding to a system with two degrees of freedom at the 95% level. Changes in 

origin time using the different starting locations were less than 0.03 s. 
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Hypocentral Uncertainties 

For the given P and S wave velocity structure, the largest formal errors in the 

locally-derived locations result from the relatively narrow network aperture (10 km in the 

NW-SE direction versus 20 km in the NE-SW direction) and the significant range of the 

network from the sources (> 25 km); the least constraint is in the shortest aperture (NW

SE) of the network. Because the events occurred outside the network, the distance of 

earthquake from the network depends on the S wave arrival time, and as a result the 

epicenter is very sensitive to the V r/V s ratio utilized in the location algorithm. Tests show 

that an increase of 0.05 in the V r/V s ratio shifts the epicenter closer to the network by less 

than 3 km along the azimuth of the greatest spatial dimension of the seismic network 

(Figure 5c) and increases the origin time by ....0.3 s. 

We take into account below the effect this uncertainty has on the locally-derived 

parameters. The estimated total uncertainty in epicentrallocation and origin time for V r/V s 

= 1.78-1.97, including calculated formal errors, is -16 km along an azimuth of -N35°E 

and -1.7 s in origin time, of which epicentral uncertainties to the northeast of the nominal 

location CVr/Vs = 1.84) are -35% larger than those to the southwest; errors in the 

northwest-southeast direction remain essentially constant over the entire range. For 

simplicity, the sample standard deviation around the mean origin time uncertainty for the 

adopted Vr/Vs range (....0.6 s), which is added to the formal standard error, is adopted as 

the origin time uncertainty, though we note that the true error for the adopted range in 

V piV s is skewed. 

TELESEISMIC DATA and HYPOCENTRAL DETERMINATION 

P-wave travel times from five well-recorded events published by the ISC constitute 

the data that were included in the teleseismic locations. Closer inspection of the ISC travel 

times and locally-recorded seismograms for the 1939UT event revealed the occurrence of 

two separate earthquakes about 5 s apart; a location for the earlier, smaller event was 

estimated from the local data, but could not be determined from the teleseismic data because 

of poor station coverage. Numbers of arrivals per event at epicentral distances greater than 

20° ranged from 7 to 185, with good azimuthal station coverage only for the two largest 

events (1854UT, 1909UT). 
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We employed the method of Jordan and Sverdrup [1981] to solve for the 

hypocentroid (the average location of the earthquake cluster), and for the associated cluster 

vectors or differences between the individual event and the hypocentroid. The use of the 

hypocentroidal decomposition theorem allows the decoupling of the cluster vector 

estimation problem from the hypocentroid determination, thus maximizing use of the 

available data and providing a computationally-efficient algorithm for multiple-event 

location. The technique is especially advantageous for the analysis of small, sparsely

recorded earthquakes. 

We include an additional nine events in the area (for a total number of earthquakes 

relocated equal to 14) in order better to estimate ray path corrections which then improve 

the resolution of the relative locations of the earthquakes. The epicentroid of the cluster is 

computed using travel time data with residuals s; 3 s (s; 10 s for the first iteration). Upon 

convergence, cluster vector corrections are then calculated from the path-corrected 

residuals, with flagged data excluded from the determination. Iteration of the process 

continues until residuals are normally distributed. In the analysis, 91% (946 arrival times) 

of the reported ISC data was used in estimating the epicentroid; the 1854UT cluster vector 

utilized 90% (164 times) of the reported data. In order to minimize hypocentral biases 

introduced by errors in theoretical travel times calculated from radially-symmetric average 

Earth models, we have used the Herrin [1968] travel time tables (Figure 4) with 

Dziewonski and Anderson [1983] azimuth-dependent station corrections for the inversion; 

use of station corrections is warranted for the calculation of an absolute source delay. 

Choice of the azimuth-dependent corrections is based on the premise that the static 

corrections account for near-receiver heterogeneities in the crust and upper mantle, while 

the azimuthal component corrects for lower mantle heterogeneities. This assumption is in 

agreement with results from the redetermination of the static corrections and simultaneous 

estimation of lower mantle corrections by Dziewonski [1984]. Because the number of 

ridge sources used by D ziewonski [ 1984] to calculate the corrections for our study area 

(20-30°N) was greater than 20, we assume that the station corrections are unbiased 

estimates. However, it is important to note that the published corrections (typically < 1 s) 

are probably underestimates of the actual magnitude of the heterogeneity because of the 

'low-pass filtering' effect inherent in the estimation algorithm when applied to long period 

data. Tests in which only station elevation corrections were included show a -5 km 

southwestward epicentroid perturbation and a ....0.2 s earlier origin time (reflecting the 
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magnitude of the elevation corrections), because the large positive delays beneath European 

stations are not accounted for. 

We also computed the P-wave origin time delays relative to the isotropic 

Preliminary Reference Earth Model [PREM, Dziewonski and Anderson, 1981] and the 

Jeffreys-Bullen [1940] (JB) travel time tables. Use of the slower JB travel time tables leads 

to origin times -2.6 s earlier, and a -3 krn northwestward epicentral shift, from the 

parameters estimated with the Herrin [1968] tables. For all Earth models, travel times are 

corrected for ellipticity [Dziewonski and Gilben, 1976] and weighted inversely to the 

precision of the reported arrival time. A standard error of 0.5 s was assigned to ISC data 

reported to within 0.1 s, and an error of 1.0 s was assumed for times reported to the 

nearest second. On the basis of the maximwn depth extent of MAR microearthquakes 

[Toomey et al., 1985; Chapter 3], the centroid depths determined from body waveform 

studies of large MAR earthquakes [Huang et al., 1986; Huang and Solomon, 1988], and 

surface wave data [Weidner and Aki, 1973], we fix the focal depth to be 10 km, 

corresponding to approximately 6-7 km below the seafloor. Relative epicentrallocations 

are insensitive to depth errors of less than 5 km. Trial starting values for origin times and 

epicenters were taken from the ISC solutions. 

The largest component of formal uncertainty in the teleseismically-determined 

locations, as represented by the azimuth of the major axis of the error ellipsoid, is generally 

in the NW-SE direction. This corresponds to the direction of least constraint for the given 

distribution of observing stations (there were very few stations to the southeast). Because 

of the less than ideal data coverage and inadequacies in the assumed Earth model, 

hypocenters determined using teleseismic P wave times may be systematically biased. 

An examination of the data importance provides a quantitative estimate of the 

contribution of a particular travel time observation to the solution, and gives an idea of the 

magnitude of the random uncertainties. Because the data importance is linearly related to 

the partial derivative matrix, it will be greatest for an observation (or direction) in which the 

change in travel time with respect to the hypocentral coordinates is the greatest. Figure 6 

shows that the largest contribution to the solution is from stations to the northeast of the 

swarm (in Europe), and that in general over 70% of the solution results from information 

supplied by northern hemisphere data. This is also the direction from which most of the 

observations come. Thus, in this case, the estimation of parameters using an uneven 

distribution of observing stations, combined with the existence of heterogeneities 
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unmodelled by the assumed travel time table and/or station corrections, results in a large 

northward bias of the teleseismically-estimated hypocenters. 

COMPARISON of HYPOCENTRAL ESTIMATES 

Independently-determined hypocentral parameters, along with their estimated 

errors, are shown in Figure 7 and listed in Table 1. Also plotted are the epicenters of 16 

additional earthquakes located by the local network, half of which were associated with the 

swarm. The relocation of the earthquakes using teleseismic data results in large shifts in 

epicenter (8.1 ± 4.2 km with no consistent azimuthal direction of change) and origin time 

(2.6 ± 0.7 slater) from the hypocenters published by the ISC (10 km focal depth). The 

local estimate for the best-constrained event (1854UT) is 10.8 km south of the ISC 

epicenter with an origin time 2.8 s earlier. 

Comparison of the hypocenters estimated by both local and teleseismic networks 

reveals the teleseismically-determined epicenters to be located 14-20 km to the north of the 

locally-determined epicenters (Figure 7). We interpret the epicentral bias to be an artifact of 

the uneven global station distribution and departures of the actual travel times from those of 

the assumed Earth model, that is, we assume that the locally-determined epicenter and 

origin time are better estimates of the true source. A northward epicentral bias of 

teleseismically-located North Atlantic earthquakes has been documented by a number of 

authors. A recent compilation of large earthquakes along Atlantic transforms by Bergman 

and Solomon [1988] indicates that ISC locations, which utilize the JB travel time tables, are 

biased to the north of the transform fault zone by 5-15 km; seismic network bias maps 

computed by Lilwa/1 and Underwood [1970] suggest an epicentral bias of similar 

magnitude and direction. Phillips eta/. [1979] have demonstrated that with the use of a 

more realistic mid-ocean ridge velocity model, north and central Mid-Atlantic Ridge 

earthquakes are shifted to the southeast by -4 km. 

Further evidence for a teleseimic epicentral bias, rather than a local bias, is found by 

examining the OBS 31 S wave arrivals. If the bias were due to the local network 

estimation algorithm, S wave arrivals should be 1.5-2.0 s earlier, which is clearly not 

justified by the waveforms (see Figure 3). Alternatively, a V rfV s ratio greater than 2.20 

using the arrival times adopted would be required for the bias to be locally-derived; if one 

attributes all the error to either the crustal or mantle V rfV s• then much higher P wave and 

lower S wave velocities (by more than 20%) are required. Although this is possible, no 
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obseiVational evidence exists for such a variation in the crust or upper 5-l 0 km of mantle 

near26°N. 

The azimuthal distribution of data importance (Figure 6) also shows a smaller east

west asymmetry in that about 60% of the solution is contributed by stations located to the 

west of the hypocentroid, and that to the east the major concentration of stations and 

importance is in Europe. This would lead to a smaller westward bias in the global 

epicentral estimates, although this is not resolvable because of the larger uncertainties in the 

east-west direction of both the local and teleseismic estimates. The location by ISC of other 

large, well-recorded MAR earthquakes close to the ridge axis [Huang eta/., 1986], 

however, suggests that the longitudinal bias is small. 

P WAVE DELAY 

To estimate a P wave delay for the upper mantle, we calculate the difference 

between the teleseismically-determined and true origin time, where we assume that the true 

epicenter is given by the local estimate. The difference in origin time represents a direct 

measure of the average upper mantle P-wave travel time delay, over the obseiVed epicentral 

distances (seismic wavelength~ 100 km), associated with the Mid-Atlantic Ridge near 

26°N. Positive delays indicate velocities slower and negative delays velocities faster than 

an average Earth model. In order to account for the epicentral bias and use of a continental 

(rather than an oceanic) crust in the the teleseismic estimate, we compute corrections to the 

origin time. We use the first swarm earthquake (1854UT), since this is the best 

teleseismically-constrained event for which we also have local data. Table 2 lists the 

corrections which we need to make to the teleseismically-determined origin time. 

The use of biased velocity model, such as the Herrin [1968] Earth model which 

contains a thicker crust, introduces a systematic error in the hypocenter which must be 

taken into account. The thicker crust, for shallow earthquakes, results in theoretical travel 

times which are larger than the actual travel times, and thus estimated origin times that are 

anomalously early or epicenters that are biased toward the largest concentration of seismic 

stations. Since the velocity structure implicit in the travel time tables of Herrin [1968] used 

to estimate the swarm epicenters from teleseismic data contains a 40-km-thick crust typical 

of continental regions rather than a 5-7 km thick oceanic crust [Purdy and Detrick, 1986], 

we compute a correction to the teleseismically-determined origin time for a typical thickness 

of oceanic crust. To do this, we replace the Herrin [1968] continental crust (6.00 km/s, 
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6.75 krn/s) from the Moho to a depth of 40 k.m below the sea surface with Herrin [1968] 

upper mantle material (8.05 krn/s). For an oceanic crustal thickness of 5-7 km with water 

depths of 3-5 k.m (average Moho depth about 10 km below sea level), the origin time 

correction for a ray leaving the source at a takeoff angle of 65° is + 1.02 s, a correction 

which should be added to the origin time. The corrections to the PREM and JB models, 

each calculated by replacing crustal velocities with an upper mantle velocity over the 

remaining thickness of model crust, are +0.58 sand +0.90 s, respectively. 

Initial comparison of the hypocentral parameters estimated by the local and 

teleseismic networks showed there to be little difference in origin time ( +0.00 ± 0.21 s for 

1854UT earthquake), but there was a 20-km northward bias in the epicenter determined 

from teleseismic data using the Herrin [1968] tables (Figure 7). To calculate the origin time 

correction for this bias, we fix the epicenter of the earthquake to that estimated by the local 

network and solve for the origin time which best fits the teleseismic arrival time data. For a 

20 km northward bias, the correction to the initial origin time is -0.73 ± 0.15 s (Figure 8). 

Imprecise knowledge of the average V rfV s ratio near 25°50'N will introduce uncertainties 

in the magnitude of the location bias. For the estimated range of probable V rfV s ratios 

(1.78-1.97, 23-12 km bias), the correction to teleseismically-determined origin time would 

range from -0.80 to -0.44 s, which adds an additional -o.2 s of uncertainty to the bias 

correction (making it -0.73 ± 0.35 s); note that the error in the bias correction (0.35 s) 

represents the sum of the formal origin time error from the inversion and the origin time 

uncertainty resulting from the probable V rfV s range since the variances are not linearly 

independent. 

The total correction to the teleseismically-determined origin time for a Herrin [1968] 

Earth model, after correction for uneven station distribution and a more realistic crustal 

thickness, is +0.29 ± 0.38 s. The resulting average upper mantle P-wave origin time 

delay, taking into account the formal error and uncertainties in the V rfV s ratio used in the 

local-network estimate(± 0.80 s), is +0.29 ± 0.88 s, so that corrected travel times 

calculated with a Herrin [1968] velocity structure are only slightly too long. Hence, we 

conclude that there is no resolvable P-wave delay associated with the upper mantle near 

25°50'N. The lack of a delay suggests that the Herrin [1968] upper mantle velocity 

structure, on average for arrivals over the distance range 21° to 94°, appears to be a good 

approximation to the average upper mantle along this segment of the Mid-Atlantic Ridge. 

The P-wave origin time delays relative to the isotropic PREM and the JB models are +0.22 

± 0.90 s and -2.39 ± 0.91 s, respectively. 
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S WAVE DELAY 

Several studies have documented a large S wave delay, perhaps in the range of +4 

to+ 10 s relative to the JB travel time tables [Girardin and Poupinet, 1974; Duschenes and 

Solomon, 1977], in the observed shear wave arrival time with respect to the theoretical 

travel time. In order to investigate whether low S wave velocities are present beneath the 

Mid-Atlantic Ridge near 25°50'N, especially in light of the small P-wave delay found 

above, we have measured the shear wave travel time delays for the 1854UT event We 

estimate the arrival times by modelling the SH waveforms using the method of Nabelek 

[1984], and finding a best fit of the synthetic and observed waveforms. In addition to the 

arrival time, the formal waveform inversion technique also solves for the best-fitting double 

couple point source, which can be compared with the published moment tensor solution 

derived from longer period Global Digital Seismic Network (GDSN) data [Dziewonski et 

al., 1986]. 

Long-period P and SH-waves recorded at epicentral distances of /Yt. = 38 to 65° and 

azimuths of N38°E to N311 °E by WWSSN (Worldwide Standardized Seismic Network, 

dominant period -15 s) and GDSN (dominant period -30 s) stations were used to invert for 

focal mechanism, scalar seismic moment, and source-time function, in addition to arrival 

time. Centroid depth was fixed at 10 km below the sea surface because of the lack of clear, 

unambiguous depth phases in the P waveforms. The near-source velocity structure 

consists of a water layer (V p = 1.5 km/s, 4.0 km thickness from bathymetric maps at 26°N) 

and crustal layer (Vp = 6.40 km/s, Ys = 3.70 km/s, 6.0 km thick) over a mantle halfspace 

(V p = 8.00 km/s, V s = 4.30 km/s), with an attenuation parameter oft* = 1.0 and 4.0 s for 

the P and S waveforms, respectively. In general, formal errors in the inversion solution 

for ridge earthquakes are at best ± 5° in angular coordinates and ± 30% in seismic moment 

at the 2o (95%) confidence level [Huang et al, 1986]. 

In spite of the limited data set (3 P waveforms; 11 S waveforms), source 

parameters could be determined with relatively good confidence; estimates of the double 

couple orientation ( q, = 9° ± 2°, o = 45° ± 1 o, A. = 281° ± 2°) and scalar seismic moment <Mo 
= 1.7 ± 0.1 x 1024 dyn-cm) are in agreement with the published centroid moment tensor 

solution [Dziewonski et al., 1986]. The formal errors quoted above probably 

underestimate the true errors because of the less than ideal station distribution and signal-to-
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noise ratios of some of the waveforms. Figure 9 shows a comparison of the observed and 

synthetic long-period SH waves for the 1854UT earthquake. 

From the waveform inversion, we obtain shear wave travel time residuals between 

our "observed" arrival time and the theoretical arrival time. The predicted arrival time is 

calculated from the Jeffreys-Bullen [1940] S wave travel time tables, ellipticity corrections 

of Dziewonski and Gilbert [1976], and our best estimate of the hypocenter from this study. 

Station corrections were not applied, since published estimates show little consistency 

amongst each other, and precision in phase identification (for ISC S wave times) can often 

be comparable to the station correction. The averageS wave travel time delay, with respect 

to the JB tables, is +3.1 ± 2.0 s for the 1854UT earthquake (+3.9 ± 2.0 s relative to the 

isotropic PREM S-wave model). The delay is not sensitive to hypocentral mislocation; 

errors in the local-network origin times resulting from uncertainties in the assumed velocity 

structure (V rfV s ratio) result in average delays which are within 0.4 s of each other. 

Calculation of the JB S-wave travel time delay using 14 arrival times reported by 

the ISC results in a much smaller average of+ 1.0 ± 2.2 s ( + 1.8 ± 2.2 s relative to PREM). 

It is quite likely that the traditional "eyeball" picks of the arrival times reported to ISC 

correspond to the earlier-arriving SV phase, whose amplitudes are larger for normal

faulting events, leading to a smaller delay (by perhaps as much as several seconds) than 

that measured by the waveform-fitting method. Figure 10 shows comparison histograms 

of the S wave residuals, relative to the JB tables, calculated by the two methods. Because 

of the possible misidentification of the SH phase for arrival times reported to the ISC, we 

consider the S wave delay estimated from arrival times determined from the waveform 

inversion to be better estimates of the true delay. 

DISCUSSION 

Comparison with Other Studies 

The lack of a significant P wave delay suggests that the Herrin [1968] upper mantle 

is good estimate of the average upper mantle velocity structure near 25°50'N, and 

furthennore, that no seismically-resolvable region (i.e.,> 100 km in extent) of low P wave 

velocities exists in the upper mantle below the earthquake source. We fmd that the P delay 

for 26°N to be on average much smaller, by perhaps 1 s or more relative to the Herrin 

[1968] Earth model, than reported by other investigators [e.g., Girardin, 1980; Dorbath 
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and Dorbath, 1981; Woodward and Masters, 1990]. Although the positiveS wave travel 

time delay indicates that lower S wave velocities than appropriate for the average Earth may 

be present, the small magnitude of the delay suggests that the ridge segment near 25°50'N 

may not be underlain by as large a low velocity anomaly as earlier studies have indicated 

for other regions of the MAR [e.g., Girardin and Poupinet, 1974; Weidner, 1974; 

Duschenes and Solomon, 1977; Steinmetz et al., 1977; Rowlett and Forsyth, 1979; 

Dorbath and Dorbath, 1981; Grand, 1989; Sheehan and Solomon, 1989]. 

By measuring the differential residual between the direct-arriving and reflected P 

wave arrival, several authors have found equivalent one-way, upper mantle P wave delays 

(-0.8 s to +1.0 s relative to the ill tables [Girardin, 1980; Dorbath and Dorbath, 1981]) 

which are more than 1.5 s larger than the -2.4 s m delay observed for 26°N (Figure 11). 

The use of a common datum for comparison (5 krn below sea level) by Dorbath and 

Dorbath [1981] introduces an additional +0.6 s error (+0.3 s one-way) in their average 

value since MAR depths are typically -3.5 krn; they also use arrival times reported by the 

ISC, whose errors may be large. The Girardin [1980] delay includes corrections (± 0.4 s) 

to the ill P residuals for epicentral distance. Both values plotted in Figure 11 include the 

above corrections to facilitate a more direct comparison with the 26°N delay. Woodward 

and Masters [1990] fmd an average one-way PREM delay, corrected for seafloor age at the 

reflection point, of+ 1.7 ± 1.0 s for PP-P data in the vicinity of the MAR between 20° and 

30°N. Their delay, relative to the isotropic PREM model is also much larger than the +0.2 

s PREM delay for 26°N (Figure 12). With similar assumptions, Rowlett and Forsyth 

[1979] have used residual differences in teleseismic P-wave delay times (ill travel time 

residuals from+ 1.3 s to + 1.8 s) from an earthquake in southern Peru to ocean-bottom 

instruments within the Vema Transform ( 11 °N) to argue for the existence of a narrow zone 

of partial melting, perhaps less than 25 km wide within the shallowmost 60 km of mantle, 

that might be associated with the ridge. 

Results from Mid-Atlantic Ridge S wave delay studies show that larger positive 

travel time residuals, or lower velocities, are found beneath the ridge crest. Woodward and 

Masters [1990] find an average, one-way PREM S delay, corrected to zero age, of +4.1 ± 

2.2 s for MAR SS-S reflection points between 20° and 30°N; their delay is consistent with 

the 3.9 ± 2.0 s s PREM delay for 26°N (Figure 12). In contrast to the +3.1 ± 2.0 sill 

delays found at 26°N, Girardin and Poupinet [1974] and Duschenes and Solomon [1977] 

measure S-wave travel time residuals ranging from +4 s to + 10 s using MAR earthquake 

sources (Figure 11). The 4.4 s average delay found by Girardin and Poupinet [1974] uses 
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ISC data whose source depths are probably too deep (by 10-30 km), leading to predicted 

travel times which are too short and residuals which are too large (by -2 s for a 20 km 

depth error). However, because their data set includes a large number of non-ridge, 

transform events, the reported delay may underestimate the true ridge-mantle signature. 

The +8-10 s residuals reported by Duschenes and Solomon [1977] have estimated 

uncertainties of -2 sand include station corrections, which may bias the estimate if 

sampling includes stations overlying very slow, or fast, crust and upper mantle. It is 

important to note that implicit in the S delays determined in both studies is a component of 

P delay since ISC epicenters determined exclusively from P-wave data were used; thus, the 

trueS delay will be larger than the observed value, though only slightly since its magnitude 

is likely to be much larger than the P delay (by perhaps a factor of four [Doyle and Hales, 

1967; Hales and Roberts, 1970; Woodward and Masters, 1988]). 

Along-axis Variation in Upper Mantle Velocities? 

The observation of only a small P wave delay near 25°50'N compared with those 

reported in other studies of the MAR suggests that active mantle upwelling (i.e., its low 

velocity signature) may vary spatially and/or temporally along strike. Closer examination 

of differential PP - P and SS - S travel time residuals between 20 and 30°N along the Mid

Atlantic Ridge shows there to be a wide scatter in the magnitudes and signs of the residuals 

[Dorbath and Dorbath, 1981; Sheehan and Solomon, 1989; Woodward and Masters, 

1990], implying that a significant amount of heterogeneity may occur along the ridge. Over 

the latitudinal range 20-30°N (L\ = 59-98°), age-corrected PP-P residuals collected by 

Woodward and Masters [1990] exhibit a local minimum, +0.1-0.3 s average one-way 

delays, at 25-27°N (Figure 12). While the scatter in their data set is often 1-2 s for bounce 

points that lie close to one another, the general variation in their one-way travel time 

residuals, ranging from +3.5 s to +0.1 s, suggests that the large scale upper mantle 

upwelling process may vary over length scales of at least 1000 km. SS-S travel time 

residuals reported by Sheehan and Solomon [1989], which include the Woodward and 

Masters [1990] S wave data, also exhibit a latitudinal variation with a minimum near 26°N. 

Recently collected Sea Beam and gravity data along the MAR from 28-31 °N indicate 

a correlation of mantle Bouguer gravity lows with along-axis depth minima, suggesting that 

low-density mantle material (-50-100 km in width) may be located beneath these locally 

high areas along the ridge [Lin et al., 1990]. In contrast, the occurrence of the 1985 
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earthquake swarm in the vicinity of an along-axis high (Figure 1) suggests that that portion 

of the ridge is characterized by a cold, brittle oceanic crust. Thus, if the gravity anomalies 

at 28-31 °N can be assumed to describe upper mantle processes (rather than variations in 

crustal thickness), then the observation of higher seismic velocities (small P-wave delay) 

near 26°N implies a variation in the melt generation and/or emplacement process. 

Unfortunately, no gravity data were collected during the Sea Beam survey from 24-28°N. 

A model for melting, magma migration, and circulation due to plate spreading and 

density-driven flow proposed by Scott and Stevenson [1989] predicts that at slow 

spreading rates steady-state upwelling cannot exist, and behavior becomes episodic with 

periods of rapid magma ascent separated by times of little melting and more brittle 

behavior. The occurrence of teleseismically-recorded earthquakes at constant intervals 

along the ridge (e.g., 25°30'N, 25°50'N, and 26°10'N, Figure 1), and the lack of a large P 

wave anomaly beneath the earthquake swarm would be consistent with a scenario in which 

little melt presently exists. Moreover, if the MAR between 25 and 27°N is cooler (higher 

velocities), and the ridge from 28°N to 31 °N is hotter due to the active upwelling of mantle 

material (slower velocities), then this would be qualitatively consistent with the long 

wavelength(~ 1000 km) variation in P-wave and S-wave delay times which Sheehan and 

Solomon [1989] and Woodward and Masters [1990] observe. 

Long-wavelength variations in other geophysical (residual elevation, free air 

gravity) and geochemical parameters (major and trace element concentrations) have been 

suggested to arise from upper mantle temperature variations resulting from proximity to a 

hot spot [Anderson et al., 1973; Sclater et al., 1975; Dick et al., 1984; Johnson et al., 

1990]. For example, the MAR near the Azores hot spot is anomalously shallow (by up to 

1200 m) in comparison with the ridge to the south [Sclater et al., 1975]. Dick et al. [1984] 

found a correlation between the geoid and an enrichment in the element Cr from dredged 

peridotites as the Azores hot spot is approached, and Johnson et al. [1990] found 

incompatible element depletions and compatible element enrichments in clinopyroxenes 

associated with the Bouvet and Marion hot spots. The spatial variations occurred over 

1000-3000 km wavelengths. While our data cannot address whether a variation does occur 

or not, the delays for 26°N, which are lower than those found elsewhere in the Atlantic, are 

consistent with the latitudes at which the zero residual in elevation is seen (minimum in 

elevation variation) [Sclater et al., 1975], and with the distances from hot spots (the MAR 

at 26°N is -2000 km from the Azores) at which petrological minima/maxima have been 

observed [Dick et al., 1984; Johnson et al., 1990]. 
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Anisotropic Mantle Upwelling Beneath Mid-Ocean Ridges? 

The observation of much smaller P wave delay, but only slightly smaller S wave 

delay, compared with other studies, suggests that the travel times for ray paths sampling 

the upper mantle beneath the ridge near 26°N may be affected by an anisotropic structure. 

Assuming a P wave mantle velocity of 8.1 krn/s and that variations occur only within the 

uppermost 200 km of mantle, we fmd that a travel time delay of +0.3 s (26°N delay) 

requires only a very small decrease in velocity(< 1 %); such a variation corresponds to a 

temperature anomaly of about 200°C [assuming iJVrfiJT = -4 x 1Q4 km/s?C, Kumazawa 

and Anderson, 1969]. In contrast, a +2 s P wave delay [e.g., Woodward and Masters, 

1990; Figure 12] would require a 7% velocity decrease resulting in an unreasonably large 

temperature change of about 1500°C, and thus could indicate the involvement of a much 

greater thickness of mantle or the presence of significant amounts of partial melt. On the 

basis of this comparison, we would interpret the smaller P wave delay found in this study 

as evidence that the upper mantle near 26°N is underlain by cooler temperatures than 

observed along other parts of the MAR. Calculation of the temperature effect resulting 

from the observed S wave delay at 26°N, however, is not compatible with this conclusion 

since S wave delay of +3 s would require a 0.3 krn/s decrease in V8 and a 1000°C nominal 

temperature anomaly [assuming a PREM upper mantle v s of 4.7 km/s, and av sfdT = -3 X 

1Q-4 km/s?C, Kumazawa and Anderson, 1969]. This paradox leads us to propose a 

model for mantle upwelling in which P wave anisotropy results in a smaller than expected 

travel time delay. 

If there is indeed active and continuous upwelling beneath the MAR near 26°N, and 

the observed S delay is typical for the mantle along the MAR, then an alternative but more 

complex hypothesis is that the P-wave signature associated with the elevated temperatures 

and partial melting is largely erased by an anisotropic velocity structure. High-temperature, 

low stress laboratory experiments involving uniaxially-deformed olivine crystals and 

polycrystals indicate that anisotropy can result from the preferred orientation of the olivine 

a-axis parallel to the direction of maximum stress through subgrain rotation and grain 

boundary migration during syntectonic recrystallization [Ave'Lallemant and Carter, 1970; 

Toriumi, 1984]. Along-axis variations in the magnitude of anisotropy, however, are 

necessary if the long-wavelength variation in P-wave delay from 20-30°N (Figure 12) is 

real. 
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The observation of only a small P delay beneath the ridge can be explained by body 

wave anisotropy (with the fast direction vertical) in which olivine crystals are rotated to 

create a vertically-lineated mantle fabric by mantle upwelling at the ridge axis (Figure 13a). 

Raleigh [1967] has found that slip in the [100] direction along the (010) glide plane is the 

preferred slip mechanism at high temperatures (>1000°C). While Francis [1969a] has used 

this evidence to suggest that sulrhorizontal mantle flow in the direction of plate-spreading 

away from the ridge axis can explain the P-wave anisotropy observed off-axis in the Pacific 

[Morris et al., 1969], upwelling of mantle material at the ridge axis may also lead to a 

realignment of crystals parallel to the ascending flow and velocity anisotropy such that the 

fast direction is now oriented in a vertical plane along the ridge (Figure 13b). Moreover, 

because compressional wave velocities are much more dependent on the wave propagation 

direction than shear waves [.6 V p = 2.2 km/s versus .6 V s = 0.2 km/s between the fastest and 

slowest propagation directions, Kumazawa and Anderson, 1969], an anomalously small P 

delay, combined with a more "normal" S delay, could be a indicator of olivine anisotropy. 

The percentage of aligned olivine may be a gauge of the extent of anisotropy present in the 

upper mantle. 

If we assume that a delay of-2 s represents the mean P wave delay along the MAR 

[e.g., Woodward and Masters, 1990; Figure 12] and that all anisotropy is confined to the 

upper 200 km of mantle, then we may calculate the amount of velocity anisotropy required 

to account for only a 0.2 s observed PREM P delay at 26°N. The calculation shows that P 

wave velocities would have to be 7% higher in order to seismically erase a low-velocity 

source anomaly. Comparison with petrofabric data from ultramafic ophiolitic assemblages 

reveals that this degree of compressional wave anisotropy is commonly observed in 

massifs with strongly-oriented olivine fabrics [Christensen, 1984]. A further prediction for 

the presence of an anisotropic upper mantle beneath the ridge would be the observation of 

shear wave splitting for waves propagating along or across the ridge axis; vertically

arriving SV and SH waves travel at about the same velocity and would not separate (see 

standard deviations about mean velocities in Figure 13b). Because ray paths from 

earthquakes in the swarm to OBS 31 probably do not sample deep enough into the mantle 

to sense such a variation, we are not able to test this prediction using particle motions of 

shear waves recorded by the local network. 
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SUMMARY and CONCLUSIONS 

A 1985 swann of Mid-Atlantic Ridge earthquakes recorded by a local ocean-bottom 

seismic network has provided the first opportunity to calibrate teleseismic travel times from 

a mid-ocean ridge seismic source and to investigate upper mantle delay times beneath a 

spreading center. Using local data from a network of ocean-bottom hydrophones and 

seismometers centered on the ridge at 26°05' N, and teleseismic data obtained from the 

ISC, we have made two independent estimates of the epicenters and origin times for two of 

the earthquakes in the swann. Comparison of the hypocentral estimates for two of the 

simultaneously-recorded events shows a 14-20 km northward epicentral bias of the 

teleseismically-located events. Mter correction for the bias and for an oceanic crustal 

thickness, comparison of origin times for one of the largest of the swann earthquakes 

shows there to be no resolvable P wave delay ( +0.3 ± 0.9 s) with respect to a Herrin 

[1968] Earth upper mantle. We interpret this to mean that the Herrin [1968] travel times are 

a good model for the average upper mantle beneath this segment of the Mid-Atlantic Ridge. 

A P wave origin time delay of +0.2 ± 0.9 s and -2.4 ± 0.9 s was found using the isotropic 

PREM and Jeffreys-Bullen [1940] models, respectively. Measurement of the S wave delay 

for the same event shows there to be a positive delay (3.1 ± 2.0 s) relative to the Jeffreys

Bullen [1940] travel time tables (3.9 ± 2.0 s relative to the isotropic PREM S wave model). 

The lack of large origin time delays near 26°N, as has been widely observed 

elsewhere, indicates that substantial regions of low-velocity upper mantle material (i.e., > 
100 km in extent) are not present near 26°N. The small P delay is consistent with the 

latitudes of differential travel time residual minima observed along the MAR between 20°N 

and 30°N [Sheehan and Solorrwn, 1989; Woodward and Masters, 1990], suggesting that 

the amount of low-velocity mantle material present beneath the ridge axis varies over 

distances of at least 1000 km. The observation near 26°N of an unexpectedly small P 

delay, which does not require resolvably lower velocities ("cool" upper mantle), in a region 

where the S delay does suggest low velocities (consistent with an upper mantle temperature 

anomaly of l000°C assuming the anomaly is confined to the uppermost 200 km) can be 

explained by olivine compressional wave anisotropy (fast velocity direction vertical) in 

which crystals are realigned by an ascending mantle. The P wave anisotropy that would be 

required required to account for the travel time discrepancy is consistent with the amounts 

of anisotropy documented in ultramafic sections in ophiolites. 
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FIGURE CAPTIONS 

Figure 1. Sea Beam bathymetric map of the Mid-Atlantic Ridge near 26°N (0.25 km 

contour interval) [Sempere etal., 1989]; areas shallower than 3 km are shown 

by diagonal hatching. Also shown are the locations of the local seismic 

network: numbered triangles are OBHs; numbered diamonds are OBSs. The 

locations of teleseismically-recorded earthquakes during the period 1964-1989 

are shown as solid squares (epicenters of swarm events located by the OBH

OBS network), and circles (teleseismically relocated epicenters). The 

epicentroid for the large earthquakes is shown by a cross. Bathymetry is 

contoured at 0.25 km intervals. Inferred axes of en echelon ridge segments 

are shown by solid lines [from Sempere et al., 1989]. 

Figure 2. Examples of locally-recorded seismograms for two earthquakes, (a) 1939UT 

and (b) 2049UT, in the swarm. Starting times are the same for all traces. 

Instruments 1 ,2,3,4,5, and 6 are OBHs, and instrument 31 is an OBS 

(V=vertical, T=transverse channel). See Figure 1 for receiver locations. All 

records are plotted with equal maximum amplitudes. Low frequency, high 

amplitude waveforms following the P-wave arrival on OBHs 2, 5, and 6, and 

the S-wave arrival on OBS 31 indicate saturation. 

Figure 3. Typical seismograms showing P and S-wave arrivals recorded by OBS 31 

(V=vertical, T=transverse) for swarm earthquakes occurring near 25°50'N. 

Traces are plotted with equal maximum amplitudes with V records amplified 

by a factor of 1.2 relative to transverse channel records. Amplitudes on the 

transverse channel following the S-wave arrival for the 1907UT and 1939UT 

earthquakes are saturated. 

Figure 4. Velocity models used to estimate hypocentral parameters. The median valley 

structure determined along the Mid-Atlantic Ridge at 23°N [Purdy and 

Detrick, 1986; Toomey et aL 1985] is adopted for location with local data. 

The Herrin [1968] Earth model, which possesses a continental crustal 

structure, is used in the joint relocation of teleseismic data. Neither models 

contain low velocity zones in the upper mantle. Theleffreys'-Bullen [1940] 
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and isotropic PREM P and S-wave structures [Dziewonski and Anderson, 

1981] are also considered as alternative average reference models. 

a) Change in locally-estimated epicenter with assumed focal depth for the 

1854UT (cirlces) and 1907UT (squares) events. The 1939UT event is 

omitted for clarity. The average epicentral shift for all three events is 1.1 ± 
0.6 krn along an azimuth of -N40°E azimuth for each kilometer shoaling of 

depth. The hypocentroid of the teleseismically-estimated events (crossed 

circle) is used as the starting location for all runs, and V plY s is taken to be 

1.84. Increasing symbol sizes correspond to greater focal depths (7 to 1 krn 

at 1 Ian intervals). Error ellipsoids (95%) are shown at a 6-.km depth. 

b) Dependence of locally-estimated epicenter on starting tri<il epicenter. The 

maximum difference in epicenter between the hypocentroid starting location 

and other starting locations (ISC or relocated epicenters) is< 1 km. A focal 

depth of 6.4 krn beneath the seafloor and a V plY s ratio of 1. 84 are assumed. 

Each symbol corresponds to a starting and final location for each event. Error 

ellipsoids (95%) shown are for the locations obtained with the teleseismically 

relocated epicenter starting location (solid circles). 

c) Dependence of locally-estimated epicenter on assumed V plY s ratio. The 

average change in epicenter is 2.7 ± 0.6 km along an azimuth of -N40°E for 

every 0.05 increase in the ratio. The teleseismically relocated epicenter 

(crossed circle) is used as the starting location, and a depth of 6.4 Ian beneath 

the seafloor is assumed. Error ellipsoids (95%) shown are for V piV s = 1.85. 

Increasing symbol sizes correspond to decreasing V plY s ratios (1. 7 5 to 2.10 

at 0.05 increments). The 1939UT event is omitted for clarity. 

Figure 6. Hypocentroid data importance. The large contribution from northern 

hemisphere stations results in a northward bias in the teleseismically

detennined epicenter relative to the local estimate. Importance is plotted as a 

percentage contribution to the solution and binned according to station 

azimuth. Circles represent 10, 20, and 30% relative importance; azimuthal 

bins are 30° in width. 
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Local (squares) and teleseismic (circles) estimates of earthquake locations. 

Teleseismically-determined epicenters are shown together with the principal 

axes of the 95% confidence ellipsoid; the largest symbols are for the 1854UT 

and 1907UT events. Solid triangle denotes the location of the closest 

recording ocean bottom instrument. Bathymetry, contoured at 0.25 km 

intervals, is from Figure 1. Lengths of major and minor axes for teleseismic 

earthquake location uncertainties are with respect to the hypocentroid (Figure 

I) . 

Origin time correction due to the northward bias in epicenter of the 

teleseismically-determined locations. The best estimate of origin time moves 

earlier since true epicenters are farther from the greatest concentration of 

seismic stations than indicated by the teleseismic location. The correction is 

linearly related to the magnitude of the bias in the northward direction of the 

teleseismically-detennined epicenter relative to the local estimate. Open circles 

show the preferred corrections (Vp/Vs = 1.84) for the Herrin [1968] Earth 

model. 

Comparison of observed (solid lines) and synthetic (dashed lines) long period 

P and SH waves for the 1854UT earthquake, with the focal mechanism 

solution obtained from waveform inversion. The source time function 

estimated by the inversion is also shown. Amplitudes are normalized to an 

instrument magnification of 1000 at I!..= 40°. Two vertical lines delimit the 

portion of the waveform (digitized at intervals of 0.5 s for WWSSN and 1.0 s 

for GDSN instruments) used in the inversion, with the first line showing the 

best fit arrival time. Open circles indicate dilatational P-wave arrivals. 

ANMO, BCAO, KONO, and LON (top seismogram) are GDSN stations; the 

remaining are WWSSN stations. 

Figure 10. Histogram showing the S-wave travel time residuals determined using an 

internally-consistent waveform fitting technique to pick arrival times, as 

compared with those calculated using arrival times reported by the ISC. 
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Figure 11. Comparison of JB P and S-wave delays from this study (open symbols) with 

those from other Mid-Atlantic Ridge studies (all in s). The Dorbath and 

Dorbath [1981] value is an average between 12° and 20°N over a 200 km 

width about the ridge (diamond); the Girardin [1980] value is an average over 

the ages of 5-38 My (triangle). The delays of Girardin and Poupinet [1974] 

(square) and Duschenes and Solomon [1977] (solid circles) are from 

measured S-wave travel time residuals. See text for discussion. 

Figure 12. Observed variation in average PREM P and S-wave delays (PP-P or SS-S 

differential travel ti':Ile residual divided by 2). corrected for age. versus 

latitude of the bounce point along the MAR between 21 and 31 °N from 

Woodward and Masters [1990]. The delays at 26°N (square with associated 

uncertainty) are smaller than the means (dashed lines) for both P and S. 

Although the scatter in the P-wave residuals is 1-2 s. the data exhibit an 

along-axis minimum at 25-27°N. S residuals(~= 55-85°) are also lower at 

these latitudes. but the latitude dependence is not robust. The residuals have 

been corrected for lithospheric age at the bounce point using an agel/2-

residual relation empirically determined from Atlantic data (PP-P from 

Woodward and Masters [1990]. SS-S from Kuo et al. [1987]). 

Figure 13. a) Vertically-oriented mantle anisotropy may be caused by upwelling of 

mantle material beneath the ridge crest. Reorientation of olivine crystals. 

which display a high degree of compressional wave anisotropy (b). so that the 

a-axis is aligned with the upwelling direction. can result in a P-wave delay 

that is much smaller than predicted by an average isotropic mantle structure. 

and an S delay which is only slightly smaller. H the anisotropy is assumed to 

occur within the uppermost 200 km of mantle. a P wave velocities which are 

7 % faster in the vertical direction are required Mantle flow lines 

schematically shown are those predicted for spreading at the ridge axis (after 

Phipps-Morgan. 1987). 

b) Laboratory-measured velocities in the a. b. and c directions for single

crystal olivine. from Kumazawa and Anderson [1969]. Compressional wave 

velocities. much more than shear wave velocites, are highly dependent on the 

direction of propagation. S-wave velocity is an average for two waves with 
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mutually orthogonal particle motions propagating in each axial direction. 

Anisotropy may result from the physical alignment of olivine crystals. 
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TABLE 1: Hypocentral parameters determined by local and teleseismic seismic networks. 

Error (1-o) 
Error ellipse (95%) in origin 

Origin Latitude, Longitude, Major, Minor, Azi, time, No. 
Dat~ (mldl:irl tim~ ON ow km krn majQr s QQ:i 

FrQm IQ!;;al n~twQrk : 

7/13 I 85 1854: 14.89 25.77117 45.05317 8.9 1 3.2 1 133° 0.19 1 8 
7/13 I 85 1907:02.93 25.83850 45.05883 7.9 2.2 136° 0.1 3 8 
7/13 I 85 1939: 12.76 25.81800 45.05700 6.4 2.1 135° 0.12 7 

From teleseismic data: 

Hypocentroid 25.911 45.033 3.5 2.5 158° 0.07 1039 
7/13 I 85 1854: 14.89 25.946 45.021 3.6 2 2.5 2 148° 0.07 2 183 
7 I 13 I 85 1900: 20.51 25.905 45.012 9.3 6.2 128° 0.1 6 11 
7/13 I 85 1907: 03.03 25.956 45.103 15.5 8.3 105° 0.29 7 
7/13 I 85 1909: 20.04 25.981 45.044 3.6 2.6 154° 0.07 185 
7/13 I 85 1939: 17.13 25.912 45.013 8.5 5.3 136° 0.14 16 

11 129 I 66 503:48.93 26.125 44.718 7.5 5.9 101° 0.15 28 
7 Ill I 61 16: 04.51 26.235 44.865 10.8 7.7 166° 0.21 12 
1 I 5113 338: 57.63 25.863 44.991 4.3 3.0 165° 0.08 85 
2!15 116 0: 27.78 25.446 45.284 7.1 5.3 198° 0.15 25 
3 I 4/77 2005: 11.47 26.240 44.887 7.5 5.3 169° 0.16 24 

11/16180 2157: 12.61 26.172 44.863 6.6 5.4 14QO 0.12 13 
1 I 29 I 82 2230: 20.30 25.547 45.339 9.7 6.1 133° 0.17 12 
1129 I 82 2232: 08.71 25.536 45.234 3.8 2.7 159° 0.07 160 
6/18185 436:57.82 25.883 45.090 8.3 6.5 158° 0.15 10 

1 Errors calculated for V plY s=1.84, which is assumed to be known. 
2 Standard error and lengths of semi-axes are for relative earthquake locations (which are determined with respect to 

the hypocentroid). 
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TABLE 2: Upper mantle P wave delay for 1854Z earthquake. 

Uncorrected teleseismically-determined origin time: 

Correction to Herrin [1968] model for oceanic crustal thickness: 

Correction for northward bias in global epicenter: 

Corrected total origin time delay: 

Locally-determined origin time: 

Uncertainty in local-network VrfVs ratio: 

Upper mantle P wave delay: 

14.89 ± 0.10 s 1 

+ 1.02 ± 0.10 s 2 

-0.73 ± 0.15 s 3 

15.18 ± 0.21 s 4 

14.89 ± 0.19 s 

± 0.78 s 5 

+ 0.29 ± 0.83 s 4,6 

1 Error calculated by swnmation of estimated variances for hypocentroid and relative event locations. 
2 Error represents range for rays at source incidence angles between 20 and 30°. 
3 Error based on uncertainty in local epicentral estimate (V plY s = 1.84 ). 
4 Error calculated by swnming above independently-estimated variances. 
5 Standard deviation around mean origin time for hypocenters estimated using V plY s range of 1. 78-1.99. 
6 Average delay with respect to a Herr in [1968] Earth model assuming a hypocenter given by the local network data. 
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CHAPTER 6. CONCLUSIONS 

In this thesis, I have investigated the structure and tectonics within the median 

valley at two locales, 23°N and 26°N, along the Mid-Atlantic Ridge. The variability 

observed in the locations and morphologies of active volcanism and tectonism implies that 

the formation of oceanic crust at slow spreading centers is not a simple two-dimensional 

process in which crust is accreted uniformly both along the ridge axis and with time. 

Rather, the MAR appears to be divided into distinct en echelon segments, each 

characterized by different proportions of active magmatism and tectonism and in which the 

most vigorous volcanism occurs in the along-axis high region. Comparison of the seismic 

structures determined at 26°N with other MAR studies shows variability in the velocity

depth functions describing the inner floor along-axis high, however. The differences in 

structural and morphological heterogeneity documented within spreading cells at 23°N and 

26°N suggests that the segments evolve independently to the interplay between extensional 

tectonism and episodic variations in magma production rates. 

The conclusions of this thesis are based on seismic and side scan sonar 

observations of two geologically well-characterized portions of the Mid-Atlantic Ridge. 

Both areas have been investigated extensively by near-bottom surveys (camera, 

submersible, deeply-towed geochemical sensors), by surface geophysical experiments 

(seismic, magnetic, gravity), and by on- or in-bottom sampling programs (dredging, 

drilling and borehole logging of cores). The integration of Chapters 2-4 with the results 

from other studies has led to an exceptionally detailed description of variations in crustal 

accretion within a spreading cell. For example, although active high-temperature 

hydrothermal fields are found at locally high regions at both 23°N and 26°N, the geological 

settings for each are very different (neovolcanic ridge at 23°N, near eastern wall a! 76°N). 

The 100-km-length of ridge south of the Kane Fracture Zone consists of two en 

echelon spreading cells, each displaying different types and amounts of volcanism and 

tectonic fissuring, which overlap in a discordant zone lacking a well-developed median 

valley or neovolcanic zone (Chapter 2). The northern cell is dominated. by a lcu:_g~ 

constructional volcanic ridge atop which high-temperature hydrothermal activity has been 

mapped; analysis of hydrothermal fluids from the black smoker vents suggests a shallow 

heat source(- 2 km) [Campbell et al., 1988], though no magma chamber reflector (phase 

reversal) was observed in the seismic reflection data shot along the ridge crest [Detrick et 

al., 1989]. The southern spreading cell is characterized by a NNE-trending band of 
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fissured and faulted small volcanos constructed upon older fissurred and sediment-covered 

lavas; this cell is thought to be in a predominantly extensional phase (Chapter 2). The 

spreading cell interpretation is compatible with the results from a 120-km long refraction 

line shot along the median valley by Purdy and Detrick [1986], and with the inferences 

made by Schulz eta/. [1988] from the magnetic anomaly data. Low seafloor velocities are 

associated with the shallowmost 1 km of crust beneath the along-axis high (22°55'N) of the 

southern cell [Purdy and Detrick, 1986; Purdy, 1987], and a zone of slightly lower 

velocities within layer 3, interpreted as the seismic remnants from the most recent magmatic 

pulse along the ridge, was found beneath the along-axis high [Purdy and Detrick, 1986] . 

From the analysis of microearthquakes (Chapter 3) and the tomographic inversion 

of P wave travel time residuals for two-dimensional along-axis structure beneath the 

median valley at 26°N (Chapter 4), it was inferred that the most recent locus of magmatic 

activity is concentrated at the along-axis high region where the hydrothermal field is 

located. The observed distribution of hypocenters and the diversity of faulting beneath the 

inner floor and walls are presumably a signature of lateral variations in the depth region 

over which brittle failure occurs, and are a consequence of along-axis changes in the 

thermal structure and state of stress; thermal stresses probably play a dominant role in 

determining the patterns of earthquake seismicity and source mechanisms. The 

shallowmost crust beneath the volcano and along-axis high is characterized by significantly 

higher velocities than are associated with the upper crust in the deepest portions of the 

median valley. A temporal variation is inferred to be a consequence of more recent volcanic 

activity in the along-axis high region (active accretion), as compared with the along-axis 

deep where tectonic fissuring has created a highly porous crust characterized by lower 

seafloor velocities (active tectonism). 

The apparent lack of seismicity beneath the hydrothermal field, the absence of 

microearthquake activity greater than 4 km depth and the propagation of S waves through 

the crust beneath the volcano and along-axis high (Chapter 3), the location of hypocenters 

around a low P wave velocity zone, attenuation of P wave energy to instruments atop the 

high (Chapter 4), the higher b-values associated with the along-axis high region, and the 

observation of high-angle (or very low angle) normal and reverse faulting with variable 

nodal plane orientations for events beneath the inner floor along-axis high and the volcano, 

suggest that the low-velocity volume corresponds to a region of hot rock with no 

seismically-resolvable pockets of partial melt. The shallow velocity gradients describing 
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the low velocity volume appear to be characteristic of inferred zones of magmatic intrusion 

on the MAR. 

The results from this thesis support the hypothesis that in the spreading cell model 

for slow spreading ridges, the most likely locale at which to find elevated crustal 

temperatures is at locally high regions of the inner floor. In contrast, tectonic forces appear 

to be dominant beneath along-axis deeps with volcanism much less energetic; fissuring and 

faulting of the uppermost crust results in high bulk permeabilities and low seafloor 

velocities at the ridge axis. Along-axis highs are approximately centered within each 

spreading cell. Comparison of the depth to the velocity inversion with the depths 

determined in other seismic studies at locally high regions along the MAR, the Juan de 

Fuca Ridge, and the East Pacific Rise reveals a correlation between lid thickness and 

spreading rate, suggesting that the amount of magma available at each location is spatially 

variable, or that the differences in lid thickness are describing the temporal evolution of 

magmatic intrusions beneath mid-ocean ridges. 
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