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ABSTRACT: Radiocarbon dates of fossil carbonates sampled from sediment cores and the seafloor have been used to infer
that deep ocean ventilation during the last ice age was different from today. In this first of two companion papers, the timeaveraged abyssal circulation in the modern Atlantic is estimated by combining a hydrographic climatology, observational
estimates of volume transports, Argo float velocities at 1000 m, radiocarbon data, and geostrophic dynamics. Different
estimates of modern circulation, obtained from different prior assumptions about the abyssal flow and different errors in the
geostrophic balance, are produced for use in a robust interpretation of fossil records in terms of deviations from the presentday flow, which is undertaken in Part II. We find that, for all estimates, the meridional transport integrated zonally and
averaged over a hemisphere, hVki, is southward between 1000 and 4000 m in both hemispheres, northward between 4000
and 5000 m in the South Atlantic, and insignificant between 4000 and 5000 m in the North Atlantic. Estimates of hVki
obtained from two distinct prior circulations—one based on a level of no motion at 4000 m and one based on Argo float
velocities at 1000 m—become statistically indistinguishable when D14C data are considered. The transport time scale, defined as tk 5 V k /hVk i, where V k is the volume of the kth layer, is estimated to about a century between 1000 and 3000 m in
both the South and North Atlantic, 124 6 9 yr (203 6 23 yr) between 3000 and 4000 m in the South (North) Atlantic, and
269 6 115 yr between 4000 and 5000 m in the South Atlantic.
KEYWORDS: Atlantic Ocean; Abyssal circulation; Tracers; Inverse methods

1. Introduction
‘‘Ventilation’’ in oceanography is generally understood as
the collection of processes leading to the renewal of waters
present in a given depth or density range in a given oceanic
region. In the Atlantic Ocean, the deep western boundary
current (DWBC) that transports waters from the northern
North Atlantic toward the equatorial region and the Southern
Hemisphere (e.g., Hogg and Johns 1995) appears to act as a
conduit from which deep basins are ventilated. The dynamical
processes responsible for the ventilation of deep basins from
the western boundary are varied. In the North Atlantic, they
would involve recirculation gyres (e.g., Hogg et al. 1986;
Pickart and Hogg 1989), mesoscale eddies (e.g., Pickart et al.
1997), offshore entrainment in the region where the DWBC
and the Gulf Stream cross over (e.g., Bower and Hunt 2000a,b),
deep cyclones accompanying meander troughs in the Gulf
Stream path (e.g., Andres et al. 2016), and the stirring between
the boundary and the interior (e.g., Le Bras et al. 2017, 2018).
In the South Atlantic, hydrographic section data suggested
that the southward flowing DWBC splits and branches out
seaward near topographic obstacles along the boundary (e.g.,
Demadron and Weatherly 1994). In particular, the interaction
of the DWBC with a line of seamounts extending offshore near
208S appeared to lead to both a reduction in DWBC transport
and a ventilation of the Brazil basin (Demadron and Weatherly
1994), although trajectories of neutrally buoyant floats later
Corresponding author: Olivier Marchal, omarchal@whoi.edu

suggested a return to the western boundary rather than a
continuation to the east (Hogg and Owens 1999). More recently, submesoscale eddies identified from hydrographic casts
have been suggested to transport water away from the DWBC
to the basin interior (Weatherly et al. 2002).
The ventilation rates of deep basins in the Atlantic Ocean
have been estimated from tracer measurements in a number of
studies. Among such tracers is the concentration of radiocarbon (half-life t1/2 5 5700 6 30 yr; Audi et al. 2003), which is
usually expressed as D14C, the 14C/12C ratio of the sample referred to a preindustrial atmospheric value and corrected for
isotopic fractionation. Using D14C measurements, Broecker
(1979) inferred that the ‘‘ventilation time’’ for the deep western basins is about 100 yr and Stuiver et al. (1983) reported
a ‘‘replacement time’’ of 275 yr for all waters deeper than
1500 m. From D14C data compiled as part of the Global
Ocean Data Analysis Project (GLODAP; Key et al. 2004),
Matsumoto (2007) prepared a global map (excluding the
Arctic Ocean) of ‘‘circulation 14C age,’’ a concept that is
equivalent to conventional 14C age but intended to account for
the effects of the 14C age difference between ocean surface
waters and the atmosphere (‘‘reservoir age’’) and of distinct
sources of deep waters. Consistent with earlier estimates, this
map shows age values of generally less than 400 yr for Atlantic
waters deeper than 1500 m (Matsumoto 2007, his Fig. 4).
Subsequent studies relied on multiple tracer data to estimate
the strength of deep water ventilation in the Atlantic Ocean.
Some of these studies used data collected along a single oceanic section (e.g., Holzer et al. 2010, 2018). Holzer et al. (2010)
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analyzed CFC-11, potential temperature u, salinity S, oxygen,
and phosphate data along meridional WOCE line A20 in
combination with GLODAP D14C data to estimate deep water
ventilation in the western North Atlantic. They found that the
age of Labrador Sea and Irminger Sea Waters was mostly less
than 40 yr at the northern end of A20, where the DWBC first
crosses the line, and decades older at the southern end, where
the DWBC recrosses the line. Tracer measurements along
GEOTRACES section GA03 were later used to quantify the
ventilation of deep waters in the subtropical North Atlantic
(Holzer et al. 2018). Below the thermocline and eastward of the
DWBC, mean ages of waters from specified surface regions were
found to exceed a century. The mean age of abyssal waters ranged
from 200 to 400 yr and was older in the eastern basin, where
bottom waters from the Southern Ocean contributed about a
third of the water. Overflow waters originating from the Arctic
Ocean and the Norwegian and Greenland Seas contributed
about 40% of the waters in the western basin where about 60%
of these waters were younger than 160 yr (Holzer et al. 2018).
Other studies used multiple tracer data from several oceanic
sections to constrain deep water ventilation (e.g., DeVries and
Primeau 2011; Khatiwala et al. 2012; Gebbie and Huybers
2012). DeVries and Primeau (2011) reported age estimates in
the global ocean that are based on a number of dynamical and
observational constraints, including GLODAP D14C data. In
the Atlantic Ocean, the ‘‘mean last passage time’’ and the
‘‘mean first passage time’’ for deep waters (.2000 m) were
estimated to, respectively, 410 6 20 yr and 690 6 20 yr (their
Table 1). More recently, CFCs, u, S, O2, and PO4 data were
combined with GLODAP D14C data to estimate the joint distribution of age and surface origin of deep waters in the world
oceans (Khatiwala et al. 2012). The distribution of ‘‘ideal mean
age’’ calculated by these authors shows depth averages below
1500 m of less than 600 yr in the Atlantic Ocean (their Fig. 4).
Similarly, Gebbie and Huybers (2012) used multiple tracer
datasets including GLODAP D14C data to infer that deep
waters at 2500-m depth in the Atlantic Ocean have mean ages
of generally less than 500 yr (their Fig. 7).
Radiocarbon dates of fossil biogenic carbonates (mostly
foraminifera and deep-sea corals) sampled from sediment
cores and the seafloor have been used to make inferences
about deep ocean ventilation in the geologic past. For example,
pairs of benthic and planktonic foraminifera from sediment
cores raised from the western North Atlantic suggested ‘‘apparent ventilation ages’’ of about 1500 yr at 4250 and 4700 m
during the Last Glacial Maximum, which far exceed modern
ventilation ages (Keigwin 2004). More recently, Skinner et al.
(2010) obtained foraminiferal 14C dates from a sediment core
(MD07-3076) from 3770-m water depth in the Atlantic sector
of the Southern Ocean. The authors concluded that deep waters in this region were more than 2 times older during the last
glacial period than today relative to the atmosphere. ‘‘Ventilation
ages’’ obtained from 14C dates of foraminifera for a core from
3146-m water depth on the Iberian Margin were found to be
broadly similar to those for core MD07-3076, with high values
prevailing during the last glaciation (Skinner et al. 2014).
Radiocarbon-based estimates of ocean paleo-ventilation,
however, are not free of potential limitations (for a recent
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discussion see, e.g., Zhao et al. 2018). For example, quantities
such as local reservoir age and source water D14C, both of
which are generally poorly understood, should be constrained
before paleo-D14C data can be used to reliably infer ventilation
changes (Cook and Keigwin 2015). Zhao et al. (2018) explored
the extent to which a collection of paleo-D14C records originating from different oceanic basins requires changes in
basin-scale ventilation during the last deglaciation given their
uncertainties. To this aim, they fit a box model of modern
ventilation in the global ocean (excluding the Arctic Ocean)
to the paleo-D14C records and examined the residuals. They
found that the fit residuals can generally be explained by data
uncertainties and that the surface water D14C values producing the fit are within the bounds provided by contemporaneous values of atmospheric and deep water D14C. They
concluded, however, that the possibility that the paleo-D14C
records reflect some combination of changes in deep circulation and in reservoir ages cannot be ruled out and would
need to be explored with a more detailed model.
The present study is an outgrowth of the work of Zhao et al.
(2018) and motivated by the use of paleo-D14C data to test
quantitative hypotheses about deep ocean ventilation in the
preinstrumental past. In this paper, the three-dimensional (3D)
circulation in the modern deep Atlantic is estimated from the
quantitative combination of a hydrographic climatology, observational estimates of volume transports, Argo float velocities, water column D14C data, and geostrophic dynamics. The
combination is achieved by applying an inverse method based
on Lagrange multipliers [for recent applications of inverse
methods to infer ocean circulation, see, e.g., Groeskamp et al.
(2017), Hautala (2018), and Mackay et al. (2020)]. Different
estimates of the modern flow are obtained from different assumptions about our prior observational knowledge of the
deep circulation and about the accuracy of the geostrophic
approximation below the thermocline. Emphasis is on the
zonally integrated meridional transports at abyssal depths, i.e.,
on the lower branch of the Atlantic meridional overturning
circulation (AMOC), which is receiving much attention in
modern oceanography and paleoceanography (e.g., Buckley
and Marshall 2015). In Part II (Marchal and Zhao 2021, manuscript submitted to J. Phys. Oceanogr.), circulation estimates
that are derived herein are used to test the consistency of paleo-D14C data with the modern flow with due regard for its
uncertainties. To this end, sequential methods of optimal estimation theory (a Kalman filter and a related smoother) are
applied [for a discussion of these methods in a physical
oceanographic context see, e.g., Wunsch (2006)].
The remainder of this paper is organized as follows. In
section 2, we describe our method to estimate the abyssal circulation in the Atlantic Ocean from the combination of observational and dynamical constraints. Circulation estimates
with coarse spatial resolution are sought given the large computational and storage requirements of sequential methods
when applied to large systems, such as the 3D circulation in an
oceanic basin [for a discussion see, e.g., Fukumori (2002)]. A
prior estimate of the circulation based either on an assumed
level of no motion (zLNM) or on Argo float velocities at 1000 m
is first constructed, and an inversion is then conducted so that
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FIG. 1. Map of the Atlantic Ocean showing the model grid (for the layer between 1000 and
2000 m; gray lines) and the locations of water column D14C data (blue). The coastline is based
on the bathymetric dataset of NCEI (2006).

all constraints can be satisfied simultaneously within their estimated errors. In section 3, two different posterior estimates of
the abyssal circulation based on different prior circulations are
derived, and their consistency with observational and dynamical constraints is evaluated. In section 4, the sensitivity of our
results to the uncertainties assumed in the inversions is examined, the influence of water column D14C data on our circulation estimates is explored, and our results are expressed in
terms of a transport time scale. Finally, conclusions and perspectives follow in section 5.

circulation in the Atlantic Ocean (e.g., Martel and Wunsch
1993; Mercier et al. 1993; LeGrand and Wunsch 1995; Paillet
and Mercier 1997; Marchal and Curry 2008). We stress that the
role of our circulation estimates is not to supplant previous
estimates reported in the literature (e.g., Ganachaud and
Wunsch 2000; Lumpkin and Speer 2003, 2007; Talley et al.
2003), some of which are based on more extensive datasets and
more complete models (e.g., Wunsch and Heimbach 2013).
Rather their role is to serve as benchmarks for use in the
analysis of paleoceanographic observations on the basis of
sequential methods.

2. Method

a. Model domain

In this section, we describe our method to infer the timeaveraged circulation in the abyssal Atlantic from the quantitative combination of a finite-difference geostrophic model
(dynamical constraints) with diverse datasets (observational
constraints). Our estimation procedure is similar, but not
identical, to that adopted in previous efforts to determine the

The domain considered in this study is the Atlantic Ocean
below a water depth of 1000 m, north of 55.58S, and south of
67.58N (Fig. 1). The spatial coordinates are longitude l, latitude f, and depth z. The study domain is bounded in the west
and east by continents, except (i) between 34.58 and 37.58N
along 8.58W near the Strait of Gibraltar where Mediterranean
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Outflow Water (MOW) flows westward into the Atlantic and
(ii) along 18.58E in the Southern Ocean. In contrast to the
western and eastern boundaries, the southern and northern
boundaries of the domain are open.
The model grid has a horizontal resolution of 38 3 38 (Fig. 1)
and includes four layers from z 5 1000 to 5000 m and with a
uniform thickness Dz 5 1000 m. The grid resolution is determined by a trade-off between (i) a desire to represent the circulation with greatest detail possible and (ii) the sizeable
computational cost of sequential methods when applied to
large systems. The model topography is derived by averaging
the bathymetric data from ETOPO2v2 (NCEI 2006) in model
grid cells and by rounding the depth averages to the nearest
layer interfaces (1000, 2000, 3000, 4000, and 5000 m). Depth
averages greater than 5000 m are set to 5000 m, and depth averages smaller than 1000 m are set to 1000 m. Cells located in
the Caribbean Sea are removed from the domain, as are isolated cells in the eastern North Atlantic.
A model grid with 38 horizontal spacing cannot resolve
small-scale topographic constrictions through which bottom
waters are observed to flow in the Atlantic Ocean. Thus, cells
are added to represent the flow of Antarctic Bottom Water
(AABW) through (i) the Vema Channel near 308S and the
Hunter Channel near 358S (e.g., Hogg et al. 1999; Zenk et al.
1999), (ii) the Romanche–Chain Fracture Zones near the
equator (e.g., Mercier and Speer 1998), (iii) the Equatorial
Channel near 358W (e.g., Rhein et al. 1998), and (iv) the Vema
Fracture Zone near 118N (e.g., Fischer et al. 1996). Furthermore,
a cell centered at 368N, 78W is added to represent the transport
of MOW through the Strait of Gibraltar (e.g., Sammartino
et al. 2015), and two cells centered at 668N, 348W and at 548N,
528W are added to represent the transport of North Atlantic
Deep Water (NADW) along the western boundary (e.g., Hogg
and Johns 1995).

b. Dynamical constraints
The model used to constrain the deep Atlantic circulation
relies on the geostrophic and hydrostatic approximations.
These approximations are usually considered adequate to describe the planetary-scale ocean circulation, away from boundary layers and the equator (Pedlosky 1987). Specifically, the
dynamical constraints used to estimate the circulation are the
two thermal wind equations, the linear vorticity balance, and
the continuity equation (note that in this study continuity is
sometimes called a dynamical constraint for convenience;
it should be more properly called a kinematical constraint).
These equations are written in spherical coordinates and are,
respectively,
f
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TABLE 1. Parameters of the finite-difference geostrophic model.

r0
V
r
g
Dl
Df
Dz

Definition

Value

Units

Reference density
Earth angular velocity
Earth radius
Acceleration due to gravity
Zonal spacing
Meridional spacing
Vertical spacing

1028
7.29 3 1025
6371
9.81
38
38
1000

kg m23
s21
km
m s22

m

Here u, y, and w are, respectively, the zonal, meridional, and
vertical components of velocity; r is the in situ density (ro 5
1028 kg m23 is a reference value); f 5 2Vsinf is the Coriolis
parameter, or the planetary vorticity, where V 5 7.29 3
1025 s21 is Earth’s angular velocity; b 5 (2V/r)cosf is the
gradient of f with respect to latitude, where r 5 6371 km
is Earth’s radius; and g 5 9.81 m s22 is the acceleration due
to gravity (Table 1). The quantities u , y , w are residuals
that represent missing terms such as ageostrophic effects.
Equations (1a) and (1b) relate the vertical shear in horizontal
velocity to the horizontal density gradient, Eq. (1c) is a balance
between the advection of planetary vorticity and the vortex
stretching induced by vertical variations in vertical velocity,
and Eq. (1d) is the statement of volume conservation. Note the
absence of a residual in (1d), i.e., volume is assumed to be
conserved exactly in this work.
The thermal wind equations (1a) and (1b) assume that the
flow is geostrophic and hydrostatic, whereas the linear vorticity balance (1c) assumes that the flow is geostrophic and
that the fluid is incompressible. In our model, the thermal
wind equations (TWEs) are not specified near the equator
(Fig. 2), where the geostrophic approximation fails. Likewise,
the linear vorticity balance (LVB) is not imposed near the
equator and in DWBCs (Fig. 2), where higher-order dynamics is expected (Pedlosky 1996). The TWE for the horizontal velocity component tangent to the western boundary
is applied along the boundary, as in the basin interior, since
the flow tangent to the boundary is expected to be in approximate geostrophic balance. The TWE for the horizontal
velocity component normal to the western boundary is only
applied at a distance corresponding to 38 or more from the
boundary, i.e., at the offshore boundary of DWBCs (see
section 2c). Finally, volume conservation (1d) is prescribed at
all locations (Fig. 2). Thus, volume conservation is the only
theoretical (kinematical) constraint that is specified near the
equator.
The differential equations (1) are discretized on the model
grid (Fig. 1) with finite differences and expressed in terms of
volume transports (U, V, W ), where U, V, and W are the
transports in the zonal, meridional, and vertical directions,
respectively (for details, see appendix A). The resulting difference equations constitute a set of algebraic equations that
are linear in U, V, W. The difference equations corresponding
to the TWEs (1a) and (1b) and the LVB (1c) can thus be
written compactly as
A1 x 5 b1 1 n1 ,

(2)
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FIG. 2. Map of the Atlantic Ocean showing the model grid (gray lines) and the locations
where dynamical constraints are imposed, for the layer between 1000 and 2000 m: (i) the
TWE for u (blue open circles), (ii) the TWE for y (green open circles), (iii) the LVB (red open
circles), and (iv) volume conservation (red solid circles). Constraints i–ii apply at the sides of
grid cells, and constraints iii–iv apply at the centers of grid cells. Also shown are grid cells
bathed by NADW along the western boundary between 1000 and 2000 m (1). Cells south of
52.58S, north of 64.58N, and east of 15.58E are outside the model domain and include
boundary values of D14C at their center.

where x is a vector including the values of U, V, W at the faces
of model grid cells, A1 is a matrix constructed from the
discretization of (1a), (1b), and (1c), b1 is a vector including
the finite-difference forms of the zonal and meridional density gradients, and n1 is a vector containing the discrete forms
of the residuals u , y , w . Similarly, the difference equations
corresponding to the volume conservation statement (1d) can
be expressed as
A2 x 5 0 ,

(3)

where A2 is a matrix constructed from the discretization of
(1d). Note that the horizontal transports (U, V) near the
lateral open boundaries and the vertical transports (W)
near z 5 1000 m are in the vector x, i.e., the boundary
conditions for the differential equations (1) are, together

with U, V, W values in the domain interior, the unknowns of
the inverse problem.

c. Observational constraints
Unless stated otherwise, three types of observations are
used to estimate the deep Atlantic circulation. First, values
of in situ density from the 18 3 18 climatology of the World
Ocean Atlas 2013 (Boyer et al. 2013) are considered. Annual
mean values reported as ‘‘objectively analyzed mean’’ and
‘‘averaged decades’’ are used. The model grid is designed so
that model grid points coincide with points of the atlas. As a
result, no horizontal interpolation or extrapolation of density data is necessary, except for model grid points that are
located on land (such points occur due to the finite horizontal
resolution of the model). For model grid points located on
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FIG. 3. Probability distribution function of the number of horizontal velocity estimates at
1000 m from Argo floats per 38 3 38 model grid cell. The solid (dashed) line is the PDF for the
estimates of zonal (meridional) velocity.

land, the density value at the closest point of the climatologic
grid is used.
Second, estimates of zonal and meridional velocities obtained from the trajectories of Argo floats (Lebedev et al. 2007)
at the float parking depth of 1000 m are considered. This
dataset, dubbed the ‘‘YoMaHa’07’’ dataset, spans the period
from August 1997 to May 2007 and includes velocity estimates
both near the surface and at 1000 m. For this study, float-based
estimates of u and y at 1000 m are averaged on the model grid.
Specifically, float-based estimates of u (y) within 38 3 38 of a u2
(y2) carrier point are averaged to derive a value of u (y) at this
point. The number of float-based u, y estimates that are
available in model grid cells varies widely, from 0 to .250, with
half of the cells containing about 50 float-based estimates
(Fig. 3). The value of u (y) at a carrier point with no float-based
u (y) estimate(s) available within 38 3 38 of the point is obtained from the average at the nearest point. Notice that the
number of u2 (y2) carrier points with no float estimates
available is relatively small, amounting to 3% of the total
number of u2 (y2) carrier points. For the sake of illustration,
the averaged field of horizontal velocity at 1000 m as deduced
from Argo floats is displayed in Fig. 4. The field shows expected
features of the general circulation at this depth, such as the
deep expressions of the Gulf Stream and of the North Atlantic

Current, zonal currents near the equator, and an eastward flow
south of about 408S.
Finally, observational estimates of volume transport at
various locations in the Atlantic Ocean are used to further
constrain the circulation. Although density observations
combined with the TWEs provide important constraints on the
circulation, the averaging operations used to produce 18 3 18
climatologies imply that density gradients can be severely underestimated. Moreover, the horizontal resolution of our
model (38 3 38) is too coarse to adequately represent narrow
currents along the western boundary or through topographic
passages. To address this issue, observational estimates of
volume transport of the major water masses (NADW, AABW,
MOW) at various locations in the deep Atlantic are specified as
additional constraints, as summarized below (for details, see
appendix B).

1) NORTH ATLANTIC DEEP WATER
Observational estimates of NADW transport within the
DWBC vary widely (appendix B). Estimates of mean NADW
transport from different locations range from 13 to 32 Sv
(1 Sv [ 106 m3 s21) (Fischer and Schott 1997; Pickart and
Smethie 1998; Meinen et al. 2004; Schott et al. 2005; Toole et al.
2011; Meinen et al. 2013; Toole et al. 2017). These differences
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FIG. 4. Horizontal velocities at 1000 m on the model grid derived by averaging velocity estimates from Argo floats (Lebedev et al. 2007).

may reflect real spatial and (or) temporal variability as well as
the influence of other factors such as the use of different
methods to constrain the transport. In our study, a prior value
of 8 Sv with a standard deviation (s.d.) of 4 Sv is prescribed for
the horizontal transports along the western boundary in each of
the three shallowest layers of our abyssal domain (between
1000 and 2000 m, between 2000 and 3000 m, and between 3000
and 4000 m). This constraint corresponds to a total DWBC
transport of 24 6 7 Sv that is equally distributed in each layer,
assuming no correlation between the transport errors in each
layer, and neglects possible divergences or convergences of
DWBC transport (see, e.g., Demadron and Weatherly 1994). A
total DWBC transport of 24 6 7 Sv is consistent observational
estimates of 25.5 6 8.3 Sv at 58S (Schott et al. 2005) and 22.8 6
1.9 Sv along the continental slope south of New England
(Toole et al. 2017).

2) ANTARCTIC BOTTOM WATER

Stephens and Marshall 2000). In our study, prior values of
horizontal transport in the deepest layer (4000–5000 m) are set
equal to 4.0 Sv through the Vema Channel (Hogg et al. 1999),
2.9 Sv through the Hunter Channel (Zenk et al. 1999), 1.2 Sv
through the Romanche–Chain Fracture Zones (Mercier and
Speer 1998), 3.0 Sv through the Equatorial Channel (Hall et al.
1997), and 2.2 Sv through the Vema Fracture Zone (McCartney
and Curry 1993). The uncertainty in each of these values is set
equal to 1 Sv (1 s.d.). In addition, the DWBC transport between 4000 and 5000 m in the Brazil Basin is set to be northward and equal to the sum of the southern inflows, i.e., 4.0 6
2.9
pﬃﬃﬃ 5 6.9 Sv (Hogg et al. 1999), with an uncertainty of
2 Sv assuming no error correlation. Similar to the constraint
for the DWBC transport of NADW, this constraint neglects
downstream changes in the DWBC transport of AABW [for a
discussion see, e.g., McCartney and Curry (1993)].

3) MEDITERRANEAN OUTFLOW WATER

Schematics of AABW pathways in the Atlantic Ocean
have been published in several papers (Friedrichs and Hall
1993; Speer and Zenk 1993; Demadron and Weatherly 1994;

Mediterranean Water (MW) exits the Strait of Gibraltar as
an undercurrent and enters the Gulf of Cádiz, where it mixes
with, and entrains, the overlying North Atlantic Central Water
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(NACW; e.g., Baringer and Price 1997). The mixed MW reaches Cape St. Vincent, near the longitude of 8.58W where
MOW is set as a prior constraint in our model. The mixed MW
then spreads horizontally within the North Atlantic where it
imparts relatively high salinities in the thermocline. In our study,
MOW transport near Cape St. Vincent is set to a prior value of
2.2 6 0.5 Sv (1 s.d.), consistent with observational estimates of
Ambar and Howe (1979) and Ochoa and Bray (1991).

4) INTEGRATED MERIDIONAL TRANSPORTS
Observational estimates of the zonally and vertically integrated meridional transport below 1000 m (hereafter, åi,k Vi,k )
at three different latitudes are also used as prior constraints on
the deep Atlantic circulation (appendix B). All such estimates
indicate that the integrated transport is southward below a
depth of about 1000 m (e.g., Roemmich and Wunsch 1985;
Talley 2003; Bryden et al. 2005; McCarthy et al. 2015). In this
study, the prior values of åi,k Vi,k at 328S, 24.58N, and 36.258N
are set equal to 213.9, 218.8, and 216.4 Sv, respectively, which
correspond to the averages of the observational estimates. The
uncertainty in each of these transport values is set to 5 Sv
(1 s.d.). This value is comparable to (i) the error of 6 Sv deduced from an error analysis (Ganachaud 2003), (ii) the s.d. of
5.6 Sv for the year-long (2014) mean overturning of 218.7 Sv at
24.58N from the RAPID program (Cunningham et al. 2007),
and (iii) the root-mean-square deviation of 4.6 Sv for the 8.5-yr
mean overturning of 217.2 Sv at the same latitude from
RAPID–MOCHA–WBTS (McCarthy et al. 2015).

d. Inverse method
In this section, we describe the inverse method that is applied to produce estimates of the deep Atlantic circulation
from the combination of the dynamical constraints (section 2b)
and the observational constraints (section 2c). The problem
posed by the combination of these constraints is stated in
mathematical terms, the assumptions about prior circulation
and error covariances are stipulated, and the method of solution is presented.

1) STATEMENT OF THE PROBLEM
An estimate of the deep circulation (U, V, W values at the faces
of model grid cells) is sought that satisfies the following set of
constraints: (i) prior estimates of U, V, W at these locations, (ii)
prior estimates of zonally integrated meridional transport below
1000 m at three latitudes (328S, 24.58N, 36.258N), (iii) the
thermal wind relationships (1a) and (1b) and the linear vorticity balance (1c), and (iv) the volume conservation statement
(1d). In this study, the constraints (i)–(iii) are prescribed within
estimated errors, whereas (iv) is imposed exactly. The TWEs
and the LVB are not imposed near the equator, and the LVB is
not specified along the western boundary (section 2b; Fig. 2).
The search for a circulation estimate that satisfies (i)–(iv)
can be stated as follows:
T 21
minimize J 5 (x 2 xo )T C21
o (x 2 xo ) 1 (Ax 2 b) CA (Ax 2 b)

subject to A2 x 5 0 ,
(4)
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where superscript T denotes the transpose. Here J is an objective, or cost, function; x is a n-dimensional vector containing
the sought values of U, V, W at the faces of model grid cells
(section 2b); xo is a n-dimensional vector containing prior
estimates of U, V, W at these locations; A is a m 3 n matrix
obtained from (i) the discretization of the TWEs and LVBs
(A1; section 2b) and (ii) the constraints on the zonally integrated meridional transports below 1000 m (section 2c); b
is a m-dimensional vector containing (i) the finite-difference
forms of the horizontal density gradients from the World
Ocean Atlas (b1; section 2c) and (ii) observational estimates
of åi,k Vi,k (section 2c); and A2 is the l 3 n matrix derived from
the discretization of the volume conservation statement (1d)
(section 2b). The matrices Co and CA are error covariance
matrices, or uncertainties, and play the role of weighting
factors in the minimization problem. Thus, Co is the error
covariance matrix for xo, and CA is the error covariance
matrix for the TWEs, the LVBs, and the prior åi,k Vi,k estimates. The diagonal elements of Co are the variances of the
errors of the elements of xo and the off-diagonal elements of
Co are the covariances between these errors. The elements of
CA are defined similarly. The problem (4) can be recognized
as a linearly constrained optimization problem (e.g., Gill
et al. 1986) or as a weighted least squares problem with
perfect constraints (e.g., Wunsch 2006).

2) PRIOR CIRCULATIONS
Two different estimates of the prior circulation, represented by the volume transports in xo, are considered in this
work. For both estimates, the prior circulation is obtained
from the observational constraints summarized in section 2c.
For both estimates, the prior values of U, V in regions of
NADW (DWBC), AABW, and MOW flows are set equal to
observational estimates. The two estimates of prior circulation differ by the volume transports assigned outside these
regions.
For a first estimate of prior circulation, outside regions of
NADW, AABW, and MOW flows and of the equatorial
region, prior values of U, V are calculated from horizontal
density gradients using the thermal wind equations (1a) and
(1b) and assuming a level of no motion (LNM) at 4000 m
(zLNM 5 4000 m) or at the bottom, whichever is shallower.
The case z LNM 5 4000 m assumes no motion near the bottom of the transition layer between AABW and NADW in
the Brazil Basin (e.g., Demadron and Weatherly 1994;
Morris et al. 2001) and is broadly consistent with LNMs
assumed at 3640 m in the Vema Fracture Zone (Fischer
et al. 1996) and at 3940 m in the western equatorial Atlantic
(McCartney and Curry 1993) in previous estimations of
volume transport.
For the second estimate of prior circulation, outside regions
of NADW, AABW, and MOW flows and of the equatorial
region, prior values of U, V are obtained from Argo float trajectories and horizontal density gradients. First, estimates of u
(y) at the depth of 1500 m are derived from the float-based u (y)
estimates at 1000 m (section 2c; Fig. 4) and the horizontal
r gradients at 1250 m using the thermal wind equations (1a)
and (1b). For example,
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ui,j1 1/2 (1500 m) 5 ui,j1 1/2 (1000 m) 2

ri,j11 (1250 m) 2 ri,j (1250 m)
g
(500 m) ,
fj1 1/2 rDf
ro

where i and j are indices for longitude and latitude, respectively (appendix A). A similar equation is used to derive
y estimates at 1500 m. Second, the volume transport U (V) at
1500 m is computed by multiplying the u (y) estimate by the
surface area of the zonal (meridional) face of the grid cell.
Finally, the volume transports at the other depths of the grid
(2500, 3500, and 4500 m) are obtained from those at 1500 m
using the TWEs [Eqs. (A1a) and (A1b) in appendix A].
South of 40.58S, the prior circulation estimate as described
above depicts a westward flow between 2000 and 3000 m,
which is inconsistent with the generally eastward flow expected in the Atlantic sector of the Southern Ocean (e.g.,
Cunningham et al. 2003). To avoid the specification of a
westward flow between 2000 and 3000 m in this region, the
prior transports U, V south of 40.58S are determined as for
the first prior circulation estimate (based on a prior LNM
at 4000 m).
For the two prior circulation estimates and in all regions,
prior values of W are calculated by continuity (1d) by assuming
a condition of no normal flow at the bottom.

taken as diagonal (no error covariances), with error variances
along the diagonal called s2o . The error variance for the prior
estimates of NADW, AABW, and MOW transports are those
reported in section 2c. The errors in the transports deduced
from horizontal r gradients stem from sources (i)–(iii) listed
above as well as from the uncertainties associated with the
assumption of a LNM (first prior circulation) or with the horizontal velocities at 1000 m estimated from Argo floats (second
prior circulation). Here the error variance for the prior transports outside regions of NADW, AABW, and MOW flow is set
to s2o 5 (2 Sv)2 , which corresponds to a s.d. that is twice that
assumed for Eqs. (A1) and (A2). The error variance for the
vertical transports (W) deduced by continuity is set to the same
value for simplicity.

4) METHOD OF SOLUTION
The solution of the inverse problem (4) is obtained through
the use of Lagrange multipliers (e.g., Wunsch 2006). The objective function J is extended to include the perfect constraints,
A2x 5 0, i.e.,

3) PRIOR UNCERTAINTIES
The solution of the inverse problem (4) requires the specification of the uncertainties Co and CA . Unless stipulated
otherwise, these are established as follows. Consider first CA ,
which is the uncertainty for the difference forms of the TWEs
and the LVB [Eqs. (A1) and (A2) in appendix A], and for the
observational estimates of åi,k Vi,k . The matrix CA is taken as
diagonal, i.e., error covariances are neglected. The errors in the
difference forms (A1) and (A2) arise from multiple sources,
including (i) inaccuracies in the geostrophic and hydrostatic
approximations, (ii) errors in the climatologic densities, and
(iii) truncation errors. The velocity shears derived from the
geostrophic method have been tested from direct velocity
measurements in strong currents such as the Gulf Stream
(Johns et al. 1989) and the Agulhas Current (Beal and Bryden
1999). However, to our knowledge, no such tests have been
undertaken for the relatively weak flows in the abyssal interior.
A rough estimate of the error variance for (A1) and (A2) is
thus obtained as follows. The horizontal transport across a
vertical face with a width Dl 5 Df 5 38 and a height Dz 5
1000 m would range from O(0.1) to O(1) Sv, assuming a horizontal speed from 1023 to 1022 m s21 for the mean flow in the
abyssal interior (e.g., Marchal and Nycander 2004). Here the
error variance for (A1) and (A2), called s2g , is set to (1 Sv)2.
This assumption implies that the residuals in Eqs. (A1) and
(A2) have a s.d. of 1 Sv, a conservative assumption in the light
of the above estimates of volume transport in the oceanic interior. On the other hand, the error variances in the observational estimates of åi,k Vi,k , called s2 V , are set to (5 Sv)2, as
å
specified in section 2c.
Consider then Co, the uncertainty for the prior volume
transports that are contained in xo. As for CA , the matrix Co is

(5)

J 0 5 J 2 2mT A2 x ,

(6)

where m is a l-dimensional vector of Lagrange multipliers.
The solution of (4) is found by asking for the stationary
point of J0 , i.e., the point for which the total differential of
J0 vanishes,

dJ 0 5

›J 0
›x

T


dx 1

›J 0
›m

T
dm 5 0:

(7)

The vectors x and m are treated as independently varying unknowns, which implies that the two gradient vectors, ›J0 /›x and
›J0 /›m, should each be equal to zero in order for dJ0 to vanish.
The first condition, ›J0 /›x 5 0, leads to a system of n equations,
where n is the dimension of x, and the second condition,
›J0 /›m 5 0, leads to a system of l equations. Altogether, these
two systems constitute a system of n 1 l equations with n 1 l
unknowns (n unknowns in x and l unknowns in m) and can be
solved exactly.
The solution of (4) is found to be
21

^
x 5 (I 2 BAT2 [A2 BAT2 ] A2 )BET C21



xo
b


(8)

where
B 5 (ET C21 E)21 ,

(9)

with

E5

I
A




and

C5

Co
0


0
.
CA

(10)
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In these equations, I is the n 3 n identity matrix.
The covariance of the solution (8) is defined as C^x [
h(^x 2 h^xi)(^x 2 h^xi)T i, where h i designates the expected value.
It is found to be
C^x 5 DBDT ,

(11)

where
21

D 5 (I 2 BAT2 [A2 BAT2 ] A2 ) .

(12)

It can be shown that DB 5 BDT and D2 5 D. Combining these
two results, the covariance of the solution can also be written as
C^x 5 DB, or more explicitly, as
21

C^x 5 (I 2 BAT2 [A2 BAT2 ] A2 )(ET C21 E)21 .

(13)

The matrices ETC21E and A2 BAT2 are both positive-definite
and can be inverted using Cholesky decomposition followed by
substitutions.

3. Results
In this section, we estimate the abyssal circulation in the
modern Atlantic on the basis of the dynamical constraints
(section 2b) and the observational constraints (section 2c). The
estimation problem is solved using the inverse method described in section 2d. It includes a total number of n 5 6122
unknowns (1962 values of U, 1978 values of V, and 2182 values
of W ), a total number of m 5 4207 imperfect constraints
(2438 TWEs, 1766 LVBs, and 3 equations for åi,k Vi,k ), and a
total number of l 5 2182 perfect constraints (volume conservation statements). It is an underdetermined problem in the
sense that both the n unknowns in x and the m residuals in Ax 2
b should be estimated from the m 1 l equations (Wunsch
2006). Two different estimates of the abyssal circulation are
derived by inversion. A first circulation estimate is obtained
from the prior estimate that assumes a level of no motion at
4000 m (‘‘inversion with zLNM 5 4000 m’’). The second circulation estimate does not assume a prior LNM but relies on the
prior velocities obtained from Argo float trajectories near
1000 m (‘‘inversion with z1000‘‘). The two inversions are called
below ‘‘reference inversions’’ for convenience. Notice that the
name ‘‘reference’’ does not imply accuracy but is used to
designate circulation estimates serving as pivots in sensitivity
tests (sections 4a and 4b).

a. Solution with prior LNM at 4000 m
The circulation estimate obtained from zLNM 5 4000 m
shows the presence of a southward-flowing DWBC along most
of the boundary in the three shallowest layers (1000–2000,
2000–3000, and 3000–4000 m) (Fig. 5). In the deepest layer
(4000–5000 m), the DWBC is generally southward in the North
Atlantic but northward in the Brazil Basin (Fig. 5). The relatively strong southward flow estimated along the western
boundary between 4000 and 5000 m in the North Atlantic does
not arise from the imposition of a DWBC, since a southwardflowing DWBC is not specified in this layer (section 2c).
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Rather, it should result from the relatively large horizontal
density gradients near the western boundary and the constraint
that the flow should be in approximate thermal wind balance
away from the equator (section 2b). Also apparent in the
deepest layer are northward flows through the Vema and
Hunter Channels, an eastward flow through the Romanche–
Chain Fracture Zones, a northward flow into the western
North Atlantic, and an eastward flow through the Vema
Fracture Zone. Note in addition a strong eastward flow in the
Atlantic sector of the Southern Ocean (south of about 408S) in
the two shallowest layers, and a westward flow near the Strait
of Gibraltar between 1000 and 2000 m. Overall, these results
show that the inverse solution exhibits the major elements of
the prior circulation (section 2c). Adjustments of volume
transports occur, since the LVB and observational estimates of
åi,k Vi,k are not used to construct prior circulation estimates,
but they are relatively small.
We examine quantitatively whether the posterior circulation
is consistent with the observational and dynamical constraints,
given their estimated uncertainties. To this end, we calculate
the normalized residuals for the volume transports,
f^
x 2 xo gi
ﬃ,
n.ro,i 5 qﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃ
fCo gii

(14)

the normalized residuals for the dynamical equations (1a)–(1c)
and the zonally integrated transports below 1000 m,
fA^
x 2 bg
n.rA,i 5 qﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃi ,
fCA gii

(15)

and the residuals for the volume conservation statements
rA ,i 5 fA2 ^
xgi ,
2

(16)

where { }i is the ith element of the indicated vector and { }ii
is
the ith
element of the indicated matrix. Thus,
ﬃ diagonal
pﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃ
pﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃ
fCo gii 5 so and fCA gii 5 sg or såV . For example, jn.ro,ij . 1
would signify that the posterior value of volume transport estimated by inversion differs from its prior value by more than
one standard deviation at the corresponding location.
We find that the solution and equation residuals are generally small compared to the assumed uncertainties (Fig. 6;
Table 2). The fraction of jn.ro,ij values that exceed 1, called fxo , is
0.07, indicating that the vast majority of posterior transports are
consistent with prior transports. Likewise, only 5% of the residuals
for the TWEs and 2% of the residuals for the LVBs exceed sg in
absolute magnitude, i.e., fTWE 5 0.05 and fLVB 5 0.02, respectively.
Among the zonally integrated transports below 1000 m that are
estimated by inversion, two are within two s.d. of the observational
estimates (at 24.58 and 36.258N) and one is approximately within
three s.d. of the observational estimate (328S). Finally, the jrA2 ,ij
values are all very small (,10212 Sv), as expected from the
imposition of volume conservation as a perfect constraint in
the inversion (section 2d). Overall, these results show that the
adjustments to the prior transports that are needed to jointly
satisfy the observational and dynamical constraints (section 2d)
are generally small compared to the prior uncertainties.
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FIG. 5. Horizontal volume transports in the four abyssal layers estimated from the reference inversion with zLNM 5 4000 m.
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FIG. 6. Residuals for the circulation estimate obtained with zLNM 5 4000 m. (a) Normalized
residuals for the volume transports (U, V, W ). (b) Normalized residuals for the thermal wind
equations (fuz and fy z) and the linear vorticity balance (fwz), and residuals for volume conservation [div(u)]. The normalized residuals for the zonally integrated transports below
1000 m are shown with open circles.

b. Solution with prior U, V, W based on Argo floats
The circulation estimate obtained from prior U, V, W based
on Argo float trajectories at 1000 m (section 2d) is in general
qualitatively similar to the estimates deduced from a prior
LNM at 4000 m (not shown). A southward-flowing DWBC is
present in both hemispheres in the three upper layers (1000–
4000 m) and an eastward flow is found between 1000 and
3000 m. In the deepest layer (4000–5000 m), the flow is generally southward (northward) in the northern (southern) hemisphere along the western boundary and is consistent with
observational estimates of AABW pathways (section 2c). The
solution and equation residuals are comparable or larger in
absolute magnitude than those obtained from the inversions
with a LNM at 4000 m (Table 2). The fraction of posterior
transports that differ from prior transports by more than 1 s.d.
(so) amounts to 16%, and the fraction of residuals in the TWEs
that exceed sg in absolute magnitude is 9%. On the other hand,
most residuals in the LVB (98%) are smaller in absolute

magnitude than sg, and the posterior values of zonally integrated transports below 1000 m are all within 1 s.d. (såV ) of
their prior errors. The absolute values of residuals for volume
conservation are all ,10212 Sv.

c. Zonally integrated meridional transports
Zonally integrated meridional transports in the abyssal
Atlantic are an important component of the AMOC (e.g.,
McCarthy et al. 2015). Here we consider the integrated transport in each abyssal layer,
ð le ð z u
y(l, f, z)r cosf dl dz,
(17)
lw z l

where lw (le) is the longitude of the western (eastern) boundary
of the basin and zl (zu) designates the depth of the lower (upper)
boundary of the layer. The integral (17) is evaluated from the
meridional transports estimated in each reference inversion
(zLNM 5 4000 m or z1000). Instead of considering the integrated
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TABLE 2. Summary of inversions.

fxo

Reference
so/2
2so
såV
såV
sg
sg
Reference
so/2
2so
såV
såV
sg
sg

a

fTWEb

Sv

%

%

2.5
7.5
0.5
2

7
14
3
7
7
9
5

2.5
7.5
0.5
2

16
18
7
16
16
19
13

nåV

fLVBc

åhVk i 6 1 s.d.

d

i,k

k

South Atlantic
Sv

North Atlantic

5
8
2
5
5
8
3

%
zLNM 5 4000 m
2
9
0
2
2
1
3

Sv

3
2
2
3
3
2
2

227.0 6 2.4
227.9 6 1.4
226.4 6 3.9
223.6 6 2.2
228.6 6 2.4
229.7 6 2.1
225.4 6 2.6

221.0 6 1.9
225.1 6 1.1
218.6 6 3.2
221.2 6 1.8
220.9 6 2.0
217.4 6 1.7
224.3 6 2.1

9
23
2
9
9
10
7

z1000
2
13
0
2
2
2
3

0
0
1
1
0
3
0

28.9 6 2.4
29.1 6 1.4
211.7 6 3.9
28.6 6 2.2
29.1 6 2.4
212.7 6 2.1
29.0 6 2.6

214.4 6 1.9
216.7 6 1.1
213.4 6 3.2
215.3 6 1.8
214.0 6 2.0
211.8 6 1.7
216.9 6 2.1

Fraction of solution residuals . so.
Fraction of TWE residuals . sg.
c
Fraction of LVB residuals . sg.
d
Number of åi,k Vi,k residuals . såV .
a

b

transport at a particular latitude, or a limited number of latitudes, we consider the meridional average of (17) for the South
Atlantic or the North Atlantic:
hVk i [

1
fn 2 fs

ð fn ð le ð zu
fs

lw z l

y(l, f, z)r cosf dl dz,

(18)

where fs (fn) is the southern (northern) boundary of the South
or North Atlantic domain in the corresponding layer. The rationale for distinguishing averaged meridional transports in the
South and North Atlantic is that the meridional flow is expected to exhibit a different vertical structure between the two
hemispheres due, e.g., to a larger influence of AABW south of
the equator. Below, we present the estimated values of hVki
and of their sum over the four abyssal layers,åk hVk i, in each
hemisphere. The errors in the hVki and åk hVk i estimates are
calculated from the errors in the individual meridional transports with due regard for error covariances (Bevington and
Robinson 1992).
We find that, for both reference inversions (with zLNM 5
4000 m or z1000), the averaged meridional transports hVki
are negative (i.e., southward) in the upper three layers
(1000–4000 m), both in the South and North Atlantic (Fig. 7).
In contrast, for both inversions, hVki in the deepest layer
(4000–5000 m) is positive in the South Atlantic and close to
zero in the North Atlantic. The meridional flow in the deepest
layer, where AABW is present, is stronger in the Southern
Hemisphere than in the Northern Hemisphere, as expected,
and comparable between the two inversions. In contrast,
the strength of the meridional flow in the upper three layers
differs markedly between the two inversions, with the inversion with zLNM 5 4000 m displaying the largest magnitudes

of meridional transport. Differences are particularly pronounced in the South Atlantic. As a result, the sum of hVki
for the four abyssal layers, åk hVk i, amounts to 227.0 6 2.4 Sv
(221.0 6 1.9 Sv) in the South (North) Atlantic for zLNM 5
4000 m, while the corresponding value amounts to 28.9 6
2.4 Sv (214.4 6 1.9 Sv) in the South (North) Atlantic for z1000.
These results illustrate that, whereas the two inversions are
generally consistent with observational and dynamical constraints, they show different strengths of the meridional flow,
although some of these differences are not significant at the
level of 1 s.d. Notice that the error estimates for åk hVk i (2.4
and 1.9 Sv) are identical for both inversions, since the solution
covariance C^x is the same for both prior circulation estimates
(section 2d).

4. Discussion
In the previous section, two different estimates of the
abyssal circulation in the Atlantic Ocean were derived which
are both compatible with a hydrographic atlas, observational
estimates of volume transport, geostrophic dynamics, and/or
Argo float velocities. Whereas the two inversions led to
similar estimates of the meridional flow between 4000 and
5000 m, the meridional flow between 1000 and 4000 m showed
appreciable differences. Specifically, the meridional transports between 1000 and 4000 m estimated from a prior LNM
at 4000 m were found to be stronger in magnitude than those
estimated from horizontal velocities at 1000 m deduced from
Argo floats (Fig. 7).
The two different approaches to derive a prior circulation—based
on a LNM or on float velocities at 1000 m—have merits and
limitations. While the assumption of a LNM is questionable,
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sufficient to represent the mean flow (Fig. 3). On the other
hand, our approach to derive prior transports from horizontal
velocities at 1000 m assumes that climatologic density gradients
are accurate enough to produce opposing currents at abyssal
depths. Given these merits and limitations, it is unclear which
of the two posterior circulation estimates—obtained either
from zLNM 5 4000 m or from z1000—is the most accurate. In the
current state of knowledge, both estimates should probably be
regarded as providing equally plausible depictions of the
mean flow.
In the remainder of this section, we first examine the
sensitivity of our circulation estimates to the errors assumed
in the inversions. These errors include the uncertainties in
the prior individual transports, the errors in the observational estimates of the zonally integrated meridional transport below 1000 m at 328S, 24.58N, and 36.258N, and the
inaccuracies in the geostrophic approximation (TWEs and
LVB). Following this error analysis, the contribution of D14C
data to the estimation of deep circulation is explored.
Finally, our hVki estimates are synthesized and expressed in
terms of transport time scales.

a. Sensitivity to the error in prior transports

FIG. 7. Estimates of the meridionally averaged meridional
transport in different layers in the (a) North Atlantic and (b) South
Atlantic, as obtained from the inversions with zLNM 5 4000 m
(green) and z1000 (blue). The horizontal bars show the uncertainties
(1 s.d.) of the estimated transport in each layer.

it can be used to prescribe a vertical shear between currents flowing in opposite directions that is suggestive in
water property distributions, particularly the shear between the generally southward-flowing NADW and the
generally northward-flowing AABW (Talley et al. 2011).
McCartney and Curry (1993) asserted that a LNM at the top of
the transition layer between AABW and NADW is reasonable
in the South Atlantic as, for example, it yields northward flow
of AABW and southward flow of NADW in the DWBC.
However, they reported that this choice is probably incorrect in
the North Atlantic, since at many locations along the western
boundary it gives northward flow of NADW in the DWBC.
Horizontal velocities deduced from Argo float trajectories are
expected to lead to more accurate estimates of prior transport
than those based on a LNM, at least near the float parking
depth of 1000 m, provided that the sampling by Argo floats was

^ can be
The posterior circulation estimated by inversion x
regarded as a linear combination of a prior circulation xo
and a correction b, which is proportional to observational
estimates of horizontal density gradients and of zonally integrated meridional transports below 1000 m [Eq. (8)]. The
relative contributions of xo and b depend on the uncertainties
Co and CA . In this section, we examine the influence, on the
posterior circulation, of the error variance assumed for the
prior values of (i) the individual transports U, V, W (diagonal
elements of Co) and (ii) the integrated meridional transports
below 1000 m at 328S, 24.58N, and 36.258N (three diagonal
elements of CA ). For each case examined, two inversions,
with zLNM 5 4000 m or z1000, are performed. Results are
discussed in terms of the depth-integrated meridional transports, åk hVk i (Table 2).
Consider first the influence of the error in the prior individual transports, so. Inversions are produced with so set
to half or twice the reference values (section 2d). For both
sets of so values and both prior circulations (with zLNM 5
4000 m or z1000), the solutions generally satisfy the observational and dynamical constraints given their estimated uncertainties (Table 2). For the inversion with zLNM 5 4000 m, the
depth-integrated meridional transport, åk hVk i, is inferred to
be 227.9 6 1.4 Sv (225.1 6 1.1 Sv) in the South (North)
Atlantic if so / so/2, and to 226.4 6 3.9 Sv (218.6 6 3.2 Sv) in
the South (North) Atlantic if so / 2so. For the inversion with
z1000, åhVk i amounts to 29.1 6 1.4 Sv (216.7 6 1.1 Sv) in the
k
South (North) Atlantic if so / so/2, and to 211.7 6 3.9 Sv
(213.4 6 3.2 Sv) in the South (North) Atlantic if so / 2so.
These results show that the estimates of depth-integrated
meridional transport are sensitive to changes in so, particularly in the North Atlantic.
Consider then the influence of the error in the observational
estimates of zonally integrated transport below 1000 m, såV .
Inversions are performed with såV set to 50% lower or 50%
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higher, than the value of 5 Sv of the reference inversions
(section 2d). For both såV values and both prior circulations,
solution and equations residuals are generally smaller than
the uncertainties (Table 2). For the inversion with zLNM 5
4000 m, the depth-integrated meridional transport, åk hVk i, is
estimated to 223.6 6 2.2 Sv (221.2 6 1.8 Sv) in the South
(North) Atlantic if såV 5 2.5 Sv, and to 228.6 6 2.4 Sv
(220.9 6 2.0 Sv) in the South (North) Atlantic if såV 5
7.5 Sv. For the inversion with z1000, åk hVk i amounts to 28.6
6 2.2 Sv (215.3 6 1.8 Sv) in the South (North) Atlantic if
såV 5 2.5 Sv, and to 29.1 6 2.4 Sv (214.0 6 2.0 Sv) in the
South (North) Atlantic if såV 5 7.5 Sv. Thus, the error in the
observational estimates of zonally integrated transport below
1000 m has a small effect on the åk hVk i estimates compared
to the choice of prior circulation (with zLNM 5 4000 m
or z1000).

b. Sensitivity to the error in geostrophy
The posterior circulation is also influenced by the uncertainty in the geostrophic approximation, which should be the
major source of uncertainty for the thermal wind equations and
the linear vorticity balance. The error variance for the TWEs
and the LVB appear, together with the error variance for
åi,k Vi,k , along the diagonal of CA (section 2d). Together with
Co, CA determines the extent to which the posterior circulation
differs from the prior circulation: low error variances in CA
(e.g., high confidence in geostrophy) are expected to lead to
relatively large differences between prior and posterior transport estimates, while high error variances in CA (e.g., lower
confidence in geostrophy) are expected to lead to smaller
differences.
We consider inversions for which the error in the geostrophic approximation, noted sg, is either decreased to 0.5 Sv
or increased to 2 Sv, compared to the reference value of 1 Sv
(section 2d). For each case, inversions are conducted with a
prior circulation based on zLNM 5 4000 m or z1000. For both
values of sg and both prior circulations, solution and equation
residuals are again generally smaller than the uncertainties
(Table 2). For the inversion with zLNM 5 4000 m, åk hVk i is
inferred to be 229.7 6 2.1 Sv (217.4 6 1.7 Sv) in the South
(North) Atlantic if sg 5 0.5 Sv, and to 225.4 6 2.6 Sv (224.3 6
2.1 Sv) in the South (North) Atlantic if sg 5 2 Sv. For z1000, the
åk hVk i estimate is 212.7 6 2.1 Sv (211.8 6 1.7 Sv) in the
South (North) Atlantic if sg 5 0.5 Sv, and to 29.0 6 2.6 Sv
(216.9 6 2.1 Sv) in the South (North) Atlantic if sg 5 2 Sv.
These results illustrate that the estimated strength of the meridional circulation varies significantly with the assumed accuracy of geostrophic dynamics in the abyssal region, particularly
in the North Atlantic.

c. Influence of D14C data
In this section, we examine the extent to which our circulation estimates are altered as D14C data are added to the inversions. Use of D14C data to infer quantitative elements of the
circulation requires a model relating D14C to water transport.
Below, the D14C dataset and the D14C transport model used in
this study are first presented. The influence of D14C data on
inversion results is then illustrated.

1) D14C DATA
The D14C data used in this study are estimates of natural
(prebomb) D14C from GLODAP (Key et al. 2004) (Fig. 1).
Natural radiocarbon was separated from bomb-produced
radiocarbon using a method that relies on the linear correlation between natural D14C and potential alkalinity (Rubin and
Key 2002). When no alkalinity measurement was available,
separation was obtained from another method based on the
linear correlation between natural D14C and dissolved silica
(Broecker et al. 1995) as long as the sampling latitude was
equatorward of 458 (Rubin and Key 2002). Silica-based estimates were adjusted to match potential alkalinity estimates
using Eq. (4) published by Rubin and Key (2002).
The D14C data are mapped on the model grid using the following, two-step procedure. First, for each station of GLODAP
(Fig. 1), the data are vertically interpolated linearly on the
model levels at 500, 1500, 2500, 3500, and 4500 m. If no datum is
available at z # 500 m or z $ 4500 m, then no value is calculated for these depths. Second, the horizontal distribution of
modern D14C is estimated separately for each level using objective interpolation by assuming a horizontal correlation scale
of 1000 km. D14C values at grid cells within the domain, at z 5
500 m, and near the open lateral boundaries of the domain are
estimated (Fig. 1). D14C values at z 5 500 m and near open
lateral boundaries act as, respectively, upper and lateral
boundary conditions for the D14C balance equation (see below). They embody the influence of processes both inside and
outside the domain, such as the supply of waters originating
from the surface at high latitudes and influenced by sea ice
(e.g., Campin et al. 1999). Details about the interpolation
procedure are provided in appendix C.

2) D14C TRANSPORT MODEL
Radiocarbon in dissolved inorganic form is expected to be
influenced by a variety of processes in the ocean, including
both transport and nonconservative processes. Although D14C
is defined from an isotopic ratio, it could be treated to a good
approximation as a tracer subjected to transport and radioactive decay (Fiadeiro 1982). For this work, radiocarbon concentration is defined as
c5

D14 C
1 1:
1000

(19)

The balance equation for c is


1
›uc ›yc cosf
›wc
1
1
5 2kc 1 c ,
r cosf ›l
›f
›z

(20)

where k 5 (ln2)/t1/2 is the radioactive decay constant of 14C
and «c is a residual that represents processes not explicitly included in (20), such as turbulent transport and biogeochemical
processes. The effects of biogeochemical processes (e.g., organic matter remineralization) are expected to be less than
10% of the effect of radioactive decay (Fiadeiro 1982), suggesting that the major contribution to c is turbulent transport
or ‘‘mixing.’’
The differential Eq. (20) is discretized on the model grid
(appendix A) and represented as a set of algebraic equations,
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FIG. 8. Residuals for the circulation estimate obtained with zLNM 5 4000 m and constrained
with D14C data. (a) Normalized residuals for the volume transports (U, V, W ). (b) Normalized
residuals for the thermal wind equations (fuz and fyz), the linear vorticity balance (fwz), and
the D14C balance [div (uc)], and residuals for volume conservation [div(u)]. The normalized
residuals for the zonally integrated transports are shown with open circles.

A c x 5 bc 1 nc ,

(21)

where the matrix Ac includes the 14C concentration values at
the center of model grid cells, the vector bc contains the radioactive decay rates at these points, and the vector nc represents the residuals «c and the discretization errors.
The D14C data are added to the inversions by augmenting
the matrix A, the vector b, and the uncertainty CA , in the
statement of the inverse problem (4),
0
1
!
!
CΑ 0
A
b
@
A.
(22)
A/
, b/
, CA /
Ac
bc
0 s2c I
s2c

Here
is the variance of the residuals in nc. The changes in
definition (22) imply that the inverse problem (4) now includes
6389 equations to be satisfied in the least squares sense and
2182 equations to be satisfied exactly, for a total number of
6122 unknowns. As for the case where D14C are discarded, the
inverse problem is underdetermined.

The variance s2c should reflect the magnitude of the residuals
in nc, which include the residuals in the differential Eq. (20) as
well as the errors associated with its discretization. Prior estimates of the residuals in (21) can be obtained from the sums of
the radiocarbon transport divergence and the radioactive decay rate in Eq. (A4) (appendix A), as deduced from the prior
values of U, V, W and the D14C data. Here s2c is set equal to the
variance of these residuals,
2
c 
1
å fAc xo 2 bc gi 2 fAc xo 2 bc gi ,
nc 2 1 i51
n

s2c 5

(23)

where nc 5 2182 is the number of difference equations for D14C
and the overline denotes the arithmetic average. The values of
sc obtained from the two different prior circulations, with
zLNM 5 4000 m or z1000, are comparable and equal to sc 5
3.0 3 1022 Sv. A residual of this magnitude may be a significant
term in the local radiocarbon balance, as suggested by the
following argument. The time needed for a flux with magnitude
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of 3.0 3 1022 Sv to significantly modify the radiocarbon concentration in a volume corresponding to 38 3 38 3 1000 m
would amount to about 9 3 1013 m3/(3 3 104 m3 s21) 5 O(102)
yr. This value is one order of magnitude smaller than the 14C
mean lifetime k21 5 O(103) yr and comparable to ventilation
time scale estimates for the modern deep Atlantic (section 1).
The choice sc 5 3.0 3 1022 Sv appears therefore generally
conservative.

3) ESTIMATES OF AVERAGED MERIDIONAL
TRANSPORTS

In this section, circulation estimates constrained by D14C
data are derived for zLNM 5 4000 m or z1000, and described in
terms of the averaged meridional transports hVki and their
vertical sum åk hVk i in each hemisphere. Unless specified
otherwise, the uncertainties assumed for the prior individual
transports (so), the observational estimates of åi,k Vi,k (såV ),
and the geostrophic approximation (sg), are the same as for the
reference inversions (section 2d).
Consider first the results for the inversion with zLNM 5
4000 m. The solution and equation residuals are in general
small relatively to the uncertainties (Fig. 8). The posterior
circulation generally satisfies the prior transports ( fxo 5 0:08)
and the dynamical constraints (fTWE 5 0.05 and fLVB 5 0.02),
given their respective errors. Among the posterior values of
åi,k Vi,k , two are within two s.d. of their prior estimates and one
is within 3 s.d. of its prior estimate. The residuals rA2 ,i are all
very small (absolute values , 10212 Sv). Finally, the fraction of
D14C balance residuals that exceed sc in absolute magnitude is
only 3% (fc 5 0.03), showing that the D14C balance is satisfied
for most grid cells given its estimated uncertainty. Notice that
this result does not imply that missing terms in the D14C balance (20) are unimportant, given the relatively large value
assumed for sc.
Interestingly, the consideration of D14C data leads to the
inference of hVki values of reduced magnitude, particularly
between 1000 and 3000 m in the South Atlantic, though the
changes relative to the hVki estimates from the reference inversion are not significant (Fig. 9). Accordingly, the sum of
hVki estimates, equal to 227.0 6 2.4 Sv (221.0 6 1.9 Sv) in the
South (North) Atlantic if D14C data are discarded (section 3a),
amounts to 223.9 6 2.3 Sv (220.3 6 1.9 Sv) in the South
(North) Atlantic if these data are considered. Thus, for both
hemispheres, the addition of D14C data entails smaller, but not
significantly different, magnitudes of åk hVk i estimates and a
modest reduction (about 0.1 Sv) of their errors.
Consider then the results for the inversion with z1000. The
solution and equation residuals are again relatively small in
general, with fxo 5 0:08, fTWE 5 0.06, fLVB 5 0.02, and fc 5 0.03.
Two of the posterior values of åi,k Vi,k are within two s.d.
of their prior estimates and one is within three s.d. of its
prior estimate. The absolute values of rA2 ,i are very small
(,10212 Sv). Contrary to the inversion with zLNM 5 4000 m,
the meridional transports between 1000 and 4000 m have a
larger magnitude when D14C data are considered (Fig. 10). The
addition of D14C data leads to significant changes (at the level
of one s.d.) in the estimates of meridional transport between
1000 and 4000 m in the South Atlantic and between 2000 and

FIG. 9. Estimates of the meridionally averaged meridional
transport in the (a) North Atlantic and (b) South Atlantic, as obtained in inversions without D14C data (light green) and with D14C
data (dark green). For both inversions, the prior circulation is
based on a LNM at zLNM 5 4000 m. The horizontal bars show the
uncertainties (1 s.d.) of the estimated transport in each layer.

4000 m in the North Atlantic. For the South Atlantic, the sum
of the meridional transports over the four abyssal layers,
equal to åk hVk i 5 28:9 6 2:4 Sv when D14C are excluded
(section 3b), amounts to 222.9 6 2.3 Sv when these data are
included; for the North Atlantic, these values are 214.4 6
1.9 Sv and 219.7 6 1.9 Sv, respectively. Thus, the influence of
D14C data on the estimation of åk hVk i is pronounced if the
prior circulation is constrained from horizontal velocities deduced from Argo floats, whereas posterior errors are reduced
only slightly (by about 0.1 Sv).
The fact that the consideration of D14C data produces hVki
estimates with smaller (greater) magnitude for zLNM 5 4000 m
(z1000) suggests that D14C data may reconcile the distinct estimates of meridional transport obtained from these two inversions when D14C data are disregarded (Fig. 7). To explore this
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FIG. 10. Estimates of the meridionally averaged meridional
transport in the (a) North Atlantic and (b) South Atlantic, as obtained in inversions without D14C data (light blue) and with D14C
data (dark blue). For both inversions, the prior circulation is based
on Argo float velocities at 1000 m. The horizontal bars show the
uncertainties (1 s.d.) of the estimated transport in each layer.

FIG. 11. Estimates of the meridionally averaged meridional
transport in the (a) North Atlantic and (b) South Atlantic, as obtained in inversions when D14C data are considered. Estimates for
the prior circulation based on zLNM 5 4000 m (z1000) are shown in
green (blue). The horizontal bars show the uncertainties (1 s.d.) of
the estimated transport in each layer.

suggestion, we compare the hVki estimates obtained from
zLNM 5 4000 m and z1000 when D14C data are considered
(Fig. 11). It is seen that the estimates of meridional transport
based on the two different prior circulations are in much better
agreement when D14C are considered (Fig. 11) than when these
data are omitted (Fig. 7). For each of the four abyssal layers,
the estimate of meridional transport obtained from zLNM 5
4000 m is now within 1 s.d. of the estimate obtained from z1000.

(larger) magnitudes in the inversion with zLNM 5 4000 (z1000).
Moreover, as D14C data are added to the inversions, estimates
of meridional transports based on a prior LNM at 4000 m and
on Argo float velocities at 1000 m are in close agreement. To
assess the robustness of both results, we repeat the inversions
with D14C data added for different assumptions about the errors in the prior transports (section 4a) and in the geostrophic
approximation (section 4b).
To assess the robustness of the first result, we consult scatterplots of the depth-integrated meridional transports, åk hVk i,
inferred when D14C data are added versus the åk hVk i values
inferred when D14C data are neglected (Fig. 12). For the inversions with zLNM 5 4000 m, it is seen that the addition of
D14C data produces åk hVk i estimates that are systematically
lower in magnitude than those inferred when D14C data are

4) SENSITIVITY TESTS
As shown in the previous section, the addition of radiocarbon measurements to the inversions leads to qualitatively different changes in the estimates of meridional transport in the
abyssal Atlantic, depending on the prior assumptions made
about the flow: the hVki estimates are found to have smaller
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FIG. 12. Scatterplot of the depth-integrated meridional transports estimated when D14C data are added to the
inversions (vertical axis) vs the depth-integrated meridional transports estimated when D14C data are excluded
(horizontal axis). Shown are results for the (a),(b) North Atlantic and (c),(d) South Atlantic. Panels (a) and
(c) show results for zLNM 5 4000 m, and (b) and (d) show results for z1000. The circles in each panel show transport
estimates obtained for different assumptions about so, såV , and sg. The horizontal and vertical bars show the
uncertainties (1 s.d.) of the estimates in each case.

discarded (Figs. 12a,c). The difference ranges from 1.3 to 6.1 Sv
in the South Atlantic and from 0.3 to 1.8 Sv in the North
Atlantic. They are generally significant (at the level of 1 s.d.)
in the South Atlantic and are all insignificant in the North
Atlantic. For the inversions with z1000, the influence of D14C
data on the circulation estimate is qualitatively different
(Figs. 12b,d). The addition of D14C data to the inversion leads
to åk hVk i estimates that are now systematically larger in
magnitude than those inferred when D14C data are omitted.
The differences vary from 8.0 to 16.4 Sv in the South Atlantic
and from 3.1 to 7.0 Sv in the North Atlantic. They are greater in
the Southern Hemisphere and generally significant (at the level
of 1 s.d.) in both hemispheres. These results suggest that the
qualitative influence of D14C data on meridional transport estimates is a robust feature of the inversions.
To assess the robustness of the second result, we inspect
scatterplots of åk hVk i estimated from z1000 against åk hVk i

estimated from zLNM 5 4000 m for the case where D14C data
are omitted, and we compare these plots to those for the case
where D14C data are considered (Fig. 13). It is seen that the
discrepancies between the meridional transport estimates
are largely reduced when D14C measurements are used to
constrain the flow in the inversions, both in the South and
North Atlantic. When the inversions are constrained by D14C
data, the differences between the åk hVk i estimates based on
zLNM 5 4000 m and z1000 range from 0.6 to 1.1 Sv (0.2–1.1 Sv) in
the South (North) Atlantic, and none is significant. These results suggest that the close agreement of meridional transport
estimates for zLNM 5 4000 m and z1000 that is obtained as D14C
data are considered is also a robust feature of the inversions.

d. Influence of D14C turbulent transport
Our model of D14C transport [Eq. (20)] lacks an explicit
representation of the effect of turbulent (subgrid scale)
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FIG. 13. Scatterplot of the depth-integrated meridional transports estimated from z1000 (vertical axis) vs the
depth-integrated meridional transports estimated from zLNM 5 4000 m (horizontal axis). Shown are results for the
(a),(b) North Atlantic and (c),(d) South Atlantic. Panels (a) and (c) show results when D14C data are excluded from
the inversions, and (b) and (d) show results when D14C data are included. The circles in each panel show transport
estimates obtained for different assumptions about so, såV , and sg. The horizontal and vertical bars show the
uncertainties (1 s.d.) of the estimates in each case.

processes. The popular representation of the effect of turbulent transport as Fickian diffusion requires the specification of
horizontal (Kh) and vertical eddy diffusivities (Ky). Mesoscale
eddy diffusivities recently estimated from climatological data
of temperature, salinity, pressure, and surface eddy kinetic
energy range over three orders of magnitude below 1000 m
along a meridional section in the Atlantic Ocean, with values
decreasing with depth (Groeskamp et al. 2020, their Fig. 3).
Moreover, significant uncertainties remain regarding the
magnitude of eddy-induced horizontal mixing at abyssal depths.
For example, estimates of horizontal eddy diffusivity from the
North Atlantic Tracer Release Experiment (NATRE) obtained
from different approaches show variations from less than
100 m2 s21 to more than 500 m2 s21 between 1000 and 1800 m
(Groeskamp et al. 2020, their Fig. 1). Likewise, estimates of
diapycnal diffusivity based on microstructure measurements

vary widely in the deep Atlantic, e.g., from O(1025) to O(1023)
m2 s21 in the Brazil Basin (e.g., Waterhouse et al. 2014,
their Fig. 6).
In this section, we attempt to evaluate the magnitude of the
missing mixing terms in the D14C balance equation, by using
the gridded D14C distribution produced from GLODAP data
[section 4c(1)] and observational estimates of Kh, Ky. Consider
the 14C balance equation with mixing included,
=  (uc) 5 2kc 1 =  (K=c) ,

(24)

where K is a diffusion tensor. Integration of (24) over the
volume of a grid cell yields
þ

ð
þ
^ dS 5 2k c dV 1 K=c  n
^ dS ,
cu  n

(25)
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FIG. 14. Scatterplot of advective fluxes vs diffusive flux of 14C. Results for the reference inversion with (top) zLNM 5
4000 m and (bottom) z1000 and the (left) horizontal and (right) vertical diffusive fluxes along the horizontal axis. The
dashed line is the 1:1 line.

^ is a unit
upon application of the divergence theorem. Here n
vector that is normal to the surface element dS of a cell face
and that points away from the cell, and dV is a volume element
of the cell. Equation (25) states that the net flux of 14C into a
grid cell due to advection must be balanced by the sum of
(i) the 14C radioactive decay within the cell and (ii) the net
flux of 14C across the cell faces due to diffusion. The advective and diffusive fluxes in Eq. (25) are discretized as described
in appendix A [Eqs. (A4)–(A7)]. The discrete forms of the
horizontal and vertical diffusive fluxes of 14C are noted Dh
and Dy, respectively, and are expressed in Sverdrups for
convenience.
The diffusive fluxes of 14C are compared with the advective
fluxes of 14C for each reference inversion (Fig. 14). The advective fluxes are computed from the gridded D14C distribution
[section 4c(1)] and the volume transport U, V, W estimated in
each inversion. The diffusive fluxes are computed from the
gridded D14C distribution and Kh, Ky values consistent with

observational estimates. Specifically, we assume Kh 5 500 m2 s21
and Ky 5 1024 m2 s21, which values are within the ranges
of observational estimates of horizontal eddy diffusivity (e.g.,
Groeskamp et al. 2020) and diapycnal diffusivity (e.g.,
Waterhouse et al. 2014) in the deep Atlantic. It is seen that, for
Kh 5 500 m2 s21, the horizontal diffusive flux is comparable or
even exceeds in magnitude the advective flux at a large number
of locations. The fraction of grid cells where the magnitude of
Dh exceeds 10% that of the advective flux is 82% for both inversions. In comparison, for Ky 5 1024 m2 s21, the vertical
diffusive flux is in general small relatively to the advective flux.
Nonetheless, the fraction of grid cells where the magnitude of
Dy exceeds 10% that of the advective flux is not negligible,
reaching 37% (35%) when this is evaluated from the volume
transports estimated in the reference inversion with zLNM 5
4000 m (z1000). These results support the notion that turbulent
mixing may significantly influence the D14C distribution in the
abyssal Atlantic and justify the use of a relatively large error
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FIG. 15. Estimates of meridionally averaged meridional transport in (left) different layers and (right) layer
volumes in the (top) North Atlantic and (bottom) South Atlantic. The transport estimates are those from all
inversions with D14C data and are offset vertically in each layer for better legibility. The transport estimates obtained from zLNM 5 4000 m (z1000) are shown with green (blue) circles. The horizontal bars show the uncertainties
(1 s.d.) of the estimated transport in each layer.

variance in the D14C balance equation (s2c ). Horizontal mixing
might have a stronger influence than vertical mixing, although
the crudeness of our calculations, in particular the uncertainties surrounding Kh, Ky, preclude a firm assessment of the
relative influence of both processes.

e. Synthesis of transport estimates and transport time scales
In this section, we first collect all estimates of averaged
meridional transports which have been obtained for the two
prior circulations (with zLNM 5 4000 m or z1000) and for various
assumptions about the errors (so, såV , sg), for the case where

D14C data are used to constrain the flow (Fig. 15; Table 3). In all
inversions, the transport is southward between 1000 and
4000 m in both hemispheres, northward between 4000 and
5000 m in the South Atlantic, and not significantly different
from 0 Sv between 4000 and 5000 m in the North Atlantic.
Interestingly, differences between point estimates of hVki
sometimes exceed their individual errors, most noticeably between 1000 and 3000 m in both hemispheres and between 4000
and 5000 m in the South Atlantic. This result suggests that the
posterior errors deduced from the solution covariance C^x only
provide lower bounds of the inaccuracies of the transport
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TABLE 3. Statistics of hVki estimates. All values are in Sverdrups.
Mean 6 1 s.d.

Minimum

Maximum

1000–2000 m
2000–3000 m
3000–4000 m
4000–5000 m
Total

North Atlantic
28.4 6 1.3
28.1 6 1.1
23.6 6 0.4
10.1 6 0.0
220.1 6 2.8

210.9
29.8
24.2
10.0
224.8

26.6
26.7
23.0
10.1
216.4

1000–2000 m
2000–3000 m
3000–4000 m
4000–5000 m
Total

South Atlantic
28.9 6 1.3
29.4 6 1.0
27.1 6 0.5
12.2 6 0.8
223.2 6 2.5

211.1
211.1
27.9
11.1
226.7

26.6
27.7
26.4
13.3
219.7

estimates. Accordingly, we report in Table 3 the s.d. of the hVki
estimates as well as their minimum and maximum for each
layer among all inversions. In the South Atlantic, the sum of
the meridional transport estimates below 1000 m, åk hVk i,
ranges from 226.7 to 219.7 Sv with an average of 223.2 6
2.5 Sv. In the North Atlantic, the sum of the åk hVk i estimates
varies from 224.8 to 216.4 Sv with an average of 220.1
6 2.8 Sv.
It is instructive to express our estimates of averaged meridional transport hVki (Table 3) in terms of a transport time
scale defined from
tk 5

Vk
,
hVk i

(26)

where V k is the volume of the kth abyssal layer (Fig. 15). Thus,
tk is the time needed to renew the water in a layer of volume V k
from a meridionally averaged flow rate hVki. The uncertainty
in tk is determined from
st 5 t k
k

shV

ki

hVk i

.

(27)

Here shVk i is the uncertainty of hVki and is computed from
the posterior errors in the individual meridional transports
by accounting for error covariances (e.g., Bevington and
Robinson 1992).
The estimates of transport time scale tk are displayed in
Fig. 16, and their statistics (mean, s.d., minimum, and maximum) are listed in Table 4. The t k estimates amount to about a
century in the upper two layers (1000–2000 and 2000–3000 m)
in both the South and North Atlantic. In the South Atlantic, the
tk estimates between 3000 and 4000 m are comparable to those
in the two layers above, whereas in the North Atlantic they are
greater than in the layers above by about a factor of 2 on
average. The difference in transport time scale in the layer
3000–4000 m between the two hemispheres is related to the
difference in the strength of the meridional flow, hVki, as the
volume of this layer is greater in the South Atlantic than in the
North Atlantic (Fig. 15). The bottom layer (4000–5000 m) in
the South Atlantic is inferred to be less ventilated, with t k estimates averaging 269 6 115 yr, although the large s.d. prevents a

FIG. 16. Estimates of the transport time scale tk in different
layers in the (a) North Atlantic and (b) South Atlantic, as obtained
from all inversions with D14C data. The tk estimates are offset
vertically in each layer for better legibility. The tk estimates obtained from zLNM 5 4000 m (z1000) are shown with green (blue)
circles. The horizontal bars show the uncertainties (1 s.d.) of the t k
estimate in each layer. The tk estimates between 4000 and 5000 m
in the North Atlantic are of O(103) yr or higher, and are not
displayed.

precise estimation of the transport time scale for this layer. In the
North Atlantic, the t k estimates for the bottom layer are
O(103 yr) or higher, and are considered meaningless due to the
smallness of the hVki estimates (Fig. 15).
As for the hVki estimates, the point t k estimates vary over a
range that exceeds their posterior errors as calculated from
Eq. (27). Nevertheless, the tk estimates reveal a tendency to
increase with depth, consistent with oceanographic intuition,
and are in broad agreement with ventilation time scales estimated from passive tracer measurements (section 1). Caution
should be exercised in such comparison, however, for the time
scale as defined by (26), which only accounts for mean meridional advection, is not necessarily comparable to the various
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TABLE 4. Statistics of tk estimates. All values are in years.
Mean 6 1 s.d.
1000–2000 m
2000–3000 m
3000–4000 m
4000–5000 m
1000–2000 m
2000–3000 m
3000–4000 m
4000–5000 m
a

Minimum

North Atlantic
120 6 19
90
112 6 15
91
203 6 23
172
(4571)a
(6845 6 2416)a
South Atlantic
124 6 19
112 6 13
124 6 9
269 6 115

97
94
110
148

Maximum
148
133
242
(12 268)a
163
135
137
441

Meaningless due to hVki ’ 0 Sv.

measures of deep Atlantic ventilation which have been previously reported in the literature.

5. Conclusions and perspectives
In this paper, the time-averaged 3D circulation in the abyssal
Atlantic (below 1000 m) is estimated from the quantitative
combination of a hydrographic climatology, observational estimates of volume transport at specific locations or zonally
integrated, Argo float velocities at 1000 m, radiocarbon data,
and dynamical constraints. The estimation problem is posed
as a weighted least squares problem, with weighting provided
by uncertainties in the constraints, subject to strict volume
conservation. Our goal is to produce circulation estimates for
use in a robust interpretation of paleo-D14C data in terms of
deviations from the modern flow. Different estimates of the
modern circulation at coarse spatial resolution are derived
which are based on different prior assumptions about the deep
flow and about the accuracy of the geostrophic balance in the
subthermocline region. Emphasis is placed on the meridional
transports in different layers in the South and North Atlantic,
which collectively represent the lower branch of the AMOC.
Our major results are the following. First, the meridional
transport integrated zonally and averaged over a hemisphere,
hVki, is estimated to be southward between 1000 and 4000 m in
both hemispheres, northward between 4000 and 5000 m in the
South Atlantic, and insignificant between 4000 and 5000 m in
the North Atlantic. The sum of these transports below 1000 m,
åk hVk i, is estimated to 223.2 6 2.5 Sv in the South Atlantic
and 220.1 6 2.8 Sv in the North Atlantic, where a negative
value means southward transport. For both estimates, the first
(second) value is the average (standard deviation) of point
estimates obtained from two different prior assumptions about
the deep flow (zLNM 5 4000 m or z1000) and for different values
of so, såV , and sg.
Second, the influence of D14C data on meridional transport
estimates varies in magnitude and sign, depending on prior
assumptions about the deep flow. If a prior level of no motion is
assumed at 4000 m, the consideration of D14C data in the inversions slightly reduces the magnitude of the meridional
transport estimates between 1000 and 4000 m. In contrast, if
the prior circulation is established from Argo float velocities at
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1000 m, the consideration of D14C data increases appreciably
the magnitude of the hVki estimates between 1000 and 4000 m.
As a result, the meridional transport estimates obtained from
these two estimates of prior circulation agree much more
closely, in fact are statistically indistinguishable, when D14C
data are considered.
Finally, the transport time scale, defined as t k 5 V k /hVk i,
where V k is the volume of the kth layer, is estimated to 124 6
19 yr between 1000 and 2000 m, 112 6 13 yr between 2000 and
3000 m, and 124 6 9 yr between 3000 and 4000 m in the South
Atlantic. In the North Atlantic, the corresponding estimates
are 120 6 19, 112 6 15, and 203 6 23 yr, respectively. The
bottom layer (4000–5000 m) in the South Atlantic is less ventilated, with tk estimated to 269 6 115 yr, while the ventilation
of the same layer in the North Atlantic is undetermined due to
the smallness of the hVki estimates. The transport time scales
listed above complement previous estimates of the strength of
deep Atlantic ventilation that rely on different sets of assumptions than in this work.
The main limitations of this study are clarified below in order
to identify possible perspectives of research. First, it is clear
that not all observations that could be used to constrain the
time-averaged circulation in the abyssal Atlantic have been
considered. For example, hydrographic observations provided
by the OSNAP program and other large-scale sections in the
subpolar North Atlantic could be considered (e.g., Lozier et al.
2019). Conservation statements for other tracers than 14C, such
as potential temperature and salinity, could be added as further
constraints, provided that the effects of turbulent transport can
be treated explicitly or implicitly (see below). Measurements
of passive tracers other than natural radiocarbon (e.g., chlorofluorocarbons; Rhein et al. 2015) could also be incorporated,
although the strong time-dependent component of these anthropogenic tracers would need to be accounted for when applied to the estimation of the time-averaged flow.
Second, the possibility to account formally for observation
and model errors is both a strength and a difficulty of weighted
least squares and similar estimation methods. The difficulty to
constrain errors is addressed in this work through the consideration of different error variances for the prior transports,
the observational estimates of zonally integrated meridional
transport, and the dynamical constraints (TWEs and LVB). On
the other hand, error covariances are systematically neglected,
which could influence both the circulation estimates and their
uncertainties. The omission of error covariances in Co is
questionable, since prior transports in xo are determined from
the same set of observations. A similar remark holds for CA , as
the statements in A1x 5 b1 1 n1 relies on the same dynamical
approximations, in particular geostrophy. To the extent that
ageostrophic terms in the TWEs and the LVB exhibit spatial
covariance on scales larger than model grid scales (38 and
1000 m), the off-diagonal elements of CA may be significant.
Future work is needed to elucidate the role of error covariances in the estimation of deep ocean circulation as formulated
in this study [Eq. (4)].
Finally, the influence of turbulent mixing on 14C transport
could be accounted for explicitly, albeit not without difficulties.
Even if the effect of turbulent mixing were incorporated into
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the D14C transport equation, the discrete form of this equation
would still suffer from uncertainties, due to (i) the uncertainties
in formulation of turbulent transport, (ii) the uncertainties in
the diffusivities that are specified, and (iii) truncation errors.
As a result, consideration of turbulent mixing in the D14C
equation would require that the associated diffusivities be
treated as unknowns, in addition to the 3D velocity (or transport) field, thereby increasing the underdeterminacy of the
inverse problem. In this study, small-scale transport processes
are treated as residuals (with appreciable variance) for simplicity. Future studies could include explicit forms of turbulent
mixing, provided that estimates of the 3D distribution of
mixing parameters and estimates of their error (co)variances
are available [for recent efforts in these directions see, e.g.,
Groeskamp et al. (2020) and de Lavergne et al. (2020)].
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FIG. A1. A cell of the model grid. The cell has a zonal extent
Dl 5 38, a meridional extent Df 5 38, and a vertical extent Dz 5
1000 m. The indices i, j, and k are longitude, latitude, and depth
indices, respectively. Values of in situ density are carried by the
corners (solid circles) values of the zonal U, meridional V, and
vertical W transports are carried at the meridional, zonal, and
horizontal faces, respectively (open circles), and the value of radiocarbon concentration is carried at the cell center (not shown).

g(Dz)2
(ri11,j,k 2 ri,j,k ), (A1a)
Vi1 1/2,j,k1 1/2 2 Vi1 1/2,j,k2 1/2 5 2
fj ro

APPENDIX A
Finite-Difference Model
This appendix presents the difference equations of the dynamical model (1) and of the balance equation for D14C, as
represented by c (20). The difference form of the diffusive flux
in Eq. (25) is also reported. The model domain is represented
by a number of cells, with faces parallel to longitude lines,
latitude lines, and depth contours (Fig. A1). The zonal, meridional, and vertical extent of each cell is Dl 5 38, Df 5 38, and
Dz 5 1000 m, respectively. The coordinates of in situ densities,
volume transports, and c are identified with index i for longitude, j for latitude, and k for depth (note that in this work,
depth is z 5 0 m at the sea surface and counted negatively
downward). The values of r, U, V, W, c are defined at different
locations of the grid, i.e., the grid is staggered, with grid cells
straddling the equator: the in situ densities are defined at the
corners of the cells, the zonal U, meridional V, and vertical W
transports are defined at, respectively, the meridional, zonal,
and horizontal faces of the cells, and c is defined at the center of
the cells.
Consider first the difference equations of the dynamical
model (1). The arrangement of the values of r, U, V, W on the
grid leads to simple difference equations with second-order
accuracy with a minimum amount of interpolation. All spatial
derivatives are approximated with a central difference scheme.
The equation for the vertical shear in meridional velocity (1a)
is discretized at the point (i 1 1/2, j, k), i.e., midway between
two vertically aligned values of y. Likewise, the equation for
the vertical shear in zonal velocity (1b) is discretized at the
point (i, j 1 1/2, k), midway between two vertically aligned
values of u. The resulting difference equations for (1a) and (1b)
are, respectively,

Ui,j1 1/2,k1 1/2 2 Ui,j1 1/2,k2 1/2 5 1

g(Dz)2
(r
2 ri,j,k ). (A1b)
fj1 1/2 ro i,j11,k

In the latter equations, fj (fj 11/2) is the value of the Coriolis
parameter evaluated at the latitude corresponding to index
j (j 1 1/2). Equation (A1a) is considered for points at, and
poleward of, 4.58 of latitude, and Eq. (A1b) is considered
for points at, and poleward of, 68 of latitude. Note that no
interpolation is necessary to obtain density values in the
stencil (A1).
The linear vorticity Eq. (1c) is discretized at the point (i 1
1/2, j 1 1/2, k 1 1/2), i.e., at the cell center. The value of
the meridional velocity at the cell center is obtained by linear
interpolation of y values carried at the southern and northern
faces of the cell. Accordingly, the difference equation for
(1c) is
!
Vi1 1/2,j,k11/2 Vi1 1/2,j11,k1 1/2
1
cosfj1 1/2
1
2
cosfj
cosfj11
5

sinfj1 1/2
sinfj11 2 sinfj

(Wi1 1/2,j1 1/2,k11 2 Wi1 1/2,j1 1/2,k ).

(A2)

Equation (A2) is only considered for grid cells poleward of 4.58
of latitude and away from the western boundary.
The difference form of the continuity Eq. (1d) is obtained
from the integration of (1d) over the cell volume and using the
divergence theorem,
Ui11,j1 1/2,k11/2 2 Ui,j1 1/2,k1 1/2 1 Vi1 1/2,j11,k1 1/2
2 Vi1 1/2,j,k1 1/2 1 Wi1 1/2,j1 1/2,k11 2 Wi1 1/2,j1 1/2,k 5 0:

(A3)
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In contrast to Eqs. (A1) and (A2), volume conservation (A3) is
imposed at every grid cell of the domain.
Consider then the difference form of the D14C balance
Eq. (20). As for the continuity equation, the difference form of
(20) is obtained by integrating (20) over the cell volume and
using the divergence theorem,
(Uc)i11,j1 1/2,k1 1/2 2 (Uc)i,j1 1/2,k1 1/2
1(Vc)i1 1/2,j11,k11/2 2 (Vc)i1 1/2,j,k1 1/2
1 (Wc)i1 1/2,j1 1/2,k11 2 (Wc)i1 1/2,j1 1/2,k
5 2kci1 1/2,j1 1/2,k1 1/2 DV i1 1/2,j1 1/2,k1 1/2 .

(A4)

Here the 14C concentration at the face of a grid cell is computed from the average of the concentrations at the nearest ccarrier points, e.g.,
1
ci,j1 1/2,k1 1/2 5 (ci2 1/2,j1 1/2,k1 1/2 1 ci1 1/2,j1 1/2,k1 1/2 ),
2

(A5)

and DV i1 1/2,j1 1/2,k1 1/2 is the volume of the cell centered at i 1
1/2, j 1 1/2, k 1 1/2, i.e., DV i11/2,j1 1/2,k11/2 5 r2 Dl(sinfj11 2
sinfj )Dz. As for (A3), the 14C balance (A4) is specified at every
grid cell of the domain.
Finally, consider the difference form of the diffusive flux in
Eq. (25). The horizontal diffusive fluxes are discretized as
Dh 5 2Kh
1 Kh
2 Kh
1 Kh

ci1 1/2,j1 1/2,k1 1/2 2 ci2 1/2,j1 1/2,k1 1/2

DfDz

cos(fj1 1/2 )Dl
ci1 3/2,j1 1/2,k1 1/2 2 ci1 1/2,j1 1/2,k1 1/2
cos(fj1 1/2 )Dl
ci1 1/2,j11/2,k1 1/2 2 ci11/2,j21/2,k1 1/2
Df
ci1 1/2,j13/2,k1 1/2 2 ci11/2,j1 1/2,k1 1/2
Df

DfDz

cos(fj )DlDz
cos(fj11 )DlDz ,
(A6)

while the vertical diffusive fluxes are discretized as
Dy 52Ky
1Ky

ci1 1/2,j11/2,k1 1/2 2 ci1 1/2,j1 1/2,k2 1/2
Dz
ci11/2,j1 1/2,k13/2 2 ci1 1/2,j1 1/2,k11/2
Dz

r2 (sinfj11 2 sinfj )Dl

r2 (sinfj11 2 sinfj )Dl.
(A7)

Note that, since c is dimensionless, both Dh and Dy have units
of volume per unit time.

APPENDIX B
Observational Estimates of Volume Transport
a. North Atlantic Deep Water
NADW is carried at least partly along the western boundary
by the equatorward-flowing DWBC (e.g., Hogg and Johns
1995). In their synthesis of early field programs, Hogg and
Johns (1995) reported twelve estimates of DWBC volume
transport in the range 10.7–40 Sv from the east coast of
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Greenland to the latitude of 388S in the Argentine Basin,
with no clear downstream trend. More recently, the idealized
DWBC path in the Atlantic Ocean depicted in the review of
Schmitz (1995, their Plate 7) shows a DWBC flowing all
along the western boundary along the 4000-m isobath with a
strength of 14 or 18 Sv and a possible zonal excursion along
the equator.
Since the time when these two syntheses were published, a
large number of DWBC transport estimates have been reported in the literature. The mean flow along the western
boundary east of the Grand Banks was observed to be southward with NADW transport determined to be 12 Sv below the
su 5 27.74 kg m23 isopycnal (Schott et al. 2004). Four repeat
hydrographic sections across the DWBC at 558W occupied
between 1983 and 1995 produced observations suggesting a
mean volume flux of water denser than su 5 27.8 kg m23 of
13.3 6 4.2 Sv (Pickart and Smethie 1998). Observations collected south of Cape Cod near 708W from eight cruises from
1994 to 2003 showed that, inshore of the Gulf Stream between
2500 and 4000 m, the flow was to the southwest along depth
contours and was remarkably barotropic, with a DWBC
transport ranging from 14 to 19 Sv (Joyce et al. 2005). More
recently, a moored array spanning the continental slope
southeast of Cape Cod sampled the DWBC for a 10-yr period, from May 2004 to May 2014 (Toole et al. 2011, 2017).
Current speeds were measured in four neutral density layers
encompassing different components of NADW. From measurements between 2004 and 2008, the 5-day averages of
DWBC transport summed over the density layers were estimated to range from 3.5 to 79.9 Sv, with a record-mean
average of 25.1 Sv and standard deviation (s.d.) of 12.5 Sv
(Toole et al. 2011). Integration of the daily velocity estimates
in neutral density layers and obtained over the entire deployment period (2004–14) yielded a mean DWBC transport
of 22.8 6 1.9 Sv (Toole et al. 2017).
Estimates of DWBC transport at more southern latitudes
have also been published since the mid-1990s. East of Abaco
Island, the Bahamas (26.58N), the DWBC between 800 and
4800 dbar was found to have a mean southward transport of
25 Sv with a s.d. of 23 Sv (Meinen et al. 2004). The variability of
the DWBC at 26.58N was later investigated from a variety
of observations collected between 2004 and 2009 (Meinen
et al. 2013): the mean DWBC transport, between 800 and
4800 dbar, was found to amount to approximately 32 6 16 Sv
(one s.d.). Observations made in June–July 1990 south of the
Blake Bahama Outer Ridge showed a total deep (,68C)
equatorward transport of 47 Sv along the western boundary at
248N (Johns et al. 1997). Property distributions and geostrophic shear from a section near 378W suggested that the
DWBC transport of NADW amounts to 35 Sv in the equatorial
Atlantic (McCartney and Curry 1993). Subsequent measurements from about year-long current meters deployed in the
equatorial Atlantic indicated a mean transport of 13 6 4.2 Sv in
the depth range 1000–3100 m (Fischer and Schott 1997). More
recently, the southward flow of NADW within the DWBC at
58S was estimated to 25.5 6 8.3 Sv with an offshore northward
recirculation, yielding a section mean of 20.3 6 10.1 Sv west of
31.58W (Schott et al. 2005).
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b. Antarctic Bottom Water
AABW has been observed to flow northward in the western
South Atlantic from the Argentine Basin into the Brazil Basin
through the Vema and Hunter Channels. Both dynamic computation and direct current measurements indicated that the
volume transport of AABW in the Vema Channel amounts to
4 Sv with a s.d. of 1.2 Sv (Hogg et al. 1982). More recently, the
total transport of AABW across the Rio Grande Rise, including the western boundary, the Vema Channel, and the
Hunter Channel, has been estimated from hydrographic data
across these pathways (Speer and Zenk 1993). The contribution of the Vema Channel was found to be the greatest at
3.9 Sv, followed by contributions from the western boundary
(2.0 Sv) and the Hunter Channel (0.7 Sv). In a subsequent
study, an array of current meters with individual record lengths
exceeding 1.5 yr was set across the southern boundary of the
Brazil Basin between 1991 and 1996: by combining geostrophic
velocities computed from hydrographic stations and those directly measured, the total transport of bottom water (u , 28C)
was estimated to be about 6.9 Sv northward, with 4 Sv coming
through the Vema Channel and the remainder through the
Hunter Channel (Hogg et al. 1999). The deep flow through the
Hunter Channel was directly observed by an array of moored
current meters and thermistor chains from December 1992 to
May 1994 (Zenk et al. 1999). These authors estimated that
AABW flows northward through the Hunter Channel at a rate
of 2.92 6 1.24 Sv, consistent with the previous result from Hogg
et al. (1999).
In the Brazil Basin, a synthesis of hydrographic data indicated that AABW flows northward as a DWBC (Sandoval
and Weatherly 2001). The DWBC of AABW observed by
these authors is composed of two cores which separate into
two branches in the northern part of the Basin: one branch
proceeds along the continental slope and enters the Equatorial
Channel near 358W, and another branch is diverted eastward
through the Romanche–Chain Fracture Zones that cuts the
Middle Atlantic Ridge (MAR) near the equator. In the
Equatorial Channel, the equatorial geostrophic relation permitted to compute a zonal velocity from the distribution
of dynamic height relative to a reference level between
AABW and the overlying water, leading to a westward transport estimate of 4.3 Sv (McCartney and Curry 1993). More
recently, a moored array deployed in the equatorial western
Atlantic provided a 604-day time series of abyssal currents
(and temperatures) spanning the full breath of the AABW
flowing from the Brazil Basin to the Guiana Basin, providing
an estimate of AABW transport of 2.0 Sv (Hall et al. 1997).
Rhein et al. (1998) assessed AABW transports by combining
geostrophic computations and directly measured velocities
obtained from a number of sections in the tropical Atlantic.
They estimated that about one-third of the northward-flowing
AABW at 108S (4.8 Sv) and at 58S (4.7 Sv) enters the Guiana
Basin, mainly through the southern half of the Equatorial
Channel (1.5–1.8 Sv). In the Romanche–Chain Fracture Zones,
two moored arrays provided 2-yr long time series of current
(and temperature) of AABW (and Lower NADW), leading
to a total estimated eastward transport of AABW (u , 1.98C)
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of 1.22 Sv with a s.d. of 0.25 Sv across the MAR (Mercier and
Speer 1998).
In the western North Atlantic, AABW appears to be
transposed to the western flank of the MAR (e.g., Speer and
McCartney 1992). A fraction of the bottom water flows into the
eastern basin through the Vema Fracture Zone (VFZ) of the
MAR at about 118N and another fraction recirculates in
the western basin. The transport of AABW from the western
basin to the eastern basin through the VFZ has been estimated
to 2.1–2.3 Sv (McCartney et al. 1991). More recently, the
eastward transport of bottom water through the VFZ was reported to be 1.8–2.0 Sv below 28C and to 2.1–2.4 Sv below an
assumed level of no motion at 3640 m, based on hydrographic
and current meter observations made in February–March 1994
(Fischer et al. 1996). In comparison, Rhein et al. (1998) inferred that the AABW transport through the VFZ amounts to
1.1 Sv, leaving only 0.3 Sv of AABW for the western basin.

c. Mediterranean Outflow Water
Whereas the MOW transport through the Strait of Gibraltar
has been estimated in numerous studies [for a synthesis see
Sammartino et al. (2015)], the transport of mixed water near
Cape St. Vincent has been evaluated by only a few authors.
The volume transport of mixed water calculated from geostrophic currents through two hydrographic sections near Cape
St. Vincent was estimated to 1.20 and 2.60 Sv (Ambar and
Howe 1979; their Table 1). More recently, velocities inferred
from a hydrographic section along 88W in the Gulf of Cádiz
produced a transport estimate of 2.2 Sv for waters that do not
recirculate along density surfaces (Ochoa and Bray 1991).
Using a model that describes the mixing of MW with overlying
NACW, Rhein and Hinrichsen (1993) estimated that the undercurrent leaves the Gulf of Cádiz at a rate of 3.6 Sv. From
current profiler data, Baringer and Price (1997) reported that
MOW transport increased to about 1.5 Sv within the eastern
Gulf of Cádiz (east of about 78150 W) due to entrainment of
overlying NACW, which would provide a lower bound to
MOW transport near Cape St. Vincent.

d. Integrated meridional transports
Transatlantic hydrographic sections were completed in
mid-1981 along 24.58 and 36.258N, which nearly duplicated
sections made 23 years earlier as part of the International
Geophysical Year (IGY; Roemmich and Wunsch 1985). The
values of åi,k Vi,k in different density layers at these two latitudes were estimated from an inverse calculation. The sum of
the zonally integrated meridional transports below su 5
27.7 kg m23, i.e., for deep and bottom waters, was estimated to
range from 217.5 Sv (IGY) to 221.0 Sv (1981) at 248N, and
from 215.3 Sv (IGY) to 217.6 Sv (1981) at 368N (Roemmich
and Wunsch 1985, their Table 1). More recently, the zonally
integrated meridional transport below su 5 27.74 kg m23 was
estimated to 220.0 Sv along the 248N section completed in
1981 (Talley 2003, her Table 7). In the same study, the zonally
integrated meridional transport below su 5 27.4 kg m23 was
found to be 213.9 Sv along 328S (Talley 2003, her Table 9).
Bryden et al. (2005) reported estimates of åi,k Vi,k below
1000 m near 258N which were obtained from four sections
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completed between 1957 and 2004, including the 1981
section (Roemmich and Wunsch 1985). The transport values
amounted to 222.9 Sv in 1957, 218.7 Sv in 1981, 219.4 Sv in
1992, 216.1 Sv in 1998, and 214.8 Sv in 2004 (Bryden et al.
2005, their Table 1). Using data from moored instruments
deployed as part of the RAPID program and other data,
Cunningham et al. (2007, their Table 1) estimated that the
meridional transport below 1100 m along about 258N amounted to a year-long average of 218.5 Sv. This value is comparable to the estimated multiyear average of the transport
streamfunction at 1000 m near 258N from RAPID–MOCHA–
WBTS (McCarthy et al. 2015, their Fig. 3.2).

APPENDIX C
Mapping of Radiocarbon Data
This appendix describes the method used to estimate, from
the (vertically interpolated) natural D14C values at station locations, the distribution of natural D14C along the depth surfaces at 500, 1500, 2500, 3500, and 4500 m. The method involves
the following steps. First, the mean mc and standard deviation
sc of the natural D14C values for a given depth surface are
calculated. The D14C values at the model grid points for that
surface are then obtained from objective interpolation (e.g.,
Wunsch 2006),
^c 5 R^cc [Rcc 1 R]21 (c 2 mc I) 1 mc I.

(C1)

Here ^c is a vector that includes the D14C values at the model
grid points, the vector c includes the D14C values at the station
locations, and I is an identity matrix (note that the two identity
matrices in (C1) do not have the same size since the vectors c
and ^c have different dimensions). The matrices R^cc , Rcc, and R
are second-moment matrices. The first two matrices describe
the horizontal covariance of natural D14C along each depth
surface and are approximated by, respectively,
fR^cc gi,j 5 s2c

0 "
#1
dc^ c 2
i j
@
A,
exp 2
lh

0 "
#1
dc c 2
i
j
A,
fRcc gi,j 5 s2c exp@2
lh

(C2a)

(C2b)

where { }i,j designates the element along the ith row and jth
column of the indicated matrix. In the two equations above,
dc^i cj is the geodesic distance between the ith model grid point
and the jth station location, dci cj is the geodesic distance between the ith and jth station locations, and lh is a horizontal correlation scale. Thus, the correlation between natural
D14C at two different locations is assumed to decrease with
increasing separation between these locations according to
the scale lh. For this study, we assume a uniform value of lh
equal to 1000 km. For comparison, the correlation length
scales assumed to produce property maps in GLODAP were
(i) 1550 km from east to west and 740 km from north to south
for depth surfaces from 0 to 3500 m and (ii) 740 km for both
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horizontal directions for depth surfaces below 3500 m (Key
et al. 2004). In contrast to this study, the western and eastern
basins of the deep Atlantic were mapped independently to
remove the influence of data located beyond the midocean
ridge (Key et al. 2004).
The third matrix in (C1), R, is a covariance matrix for the
errors in the natural D14C values for each depth surface. Here
we assume that R 5 s2I, i.e., R is taken as a diagonal matrix (no
error covariances) and the error variance for the natural D14C
is set equal to s2 for all stations. The error variance s2 is expected to be dominated by two contributions, one from the
error in the estimation of natural D14C from potential alkalinity
or dissolved silica, and another from the error incurred by
vertical linear interpolation. For this work, only the first contribution to the error variance s2 is considered, implying that s2
is likely an underestimate. Specifically, we assume that s 5
9.1&, which is the residual standard error of the fit of natural
D14C against potential alkalinity (Rubin and Key 2002, their
Table 2); the residual standard error of the fit of natural D14C
against dissolved silica (9.0&) is comparable (Rubin and Key
2002, their Table 2).
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