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SUPPLEMENTARY INFORMATION 

 

Appendix S1: Modeling residence time distributions, tracer activities, and groundwater mixing 

In this study, 17 wells were sampled at least once for 3H and 14C analyses and six wells 

were targeted for a multiple age-tracer analysis. A map of the study area and depth-distance cross-

section showing the screened depth intervals and relative positions of each well is shown in 

Supplementary Figures S1 and S2. Each of these six wells was sampled for measurement of at 

least three of the following five tracers: 39Ar (269-yr half-life), 14C (5730-yr half-life), 3H (12.32-

yr half-life), 85Kr (10.76-yr half-life) and 81Kr (229-kyr half-life). The purpose of this analysis to 

investigate consistency between traditional (14C, 3H) and novel (39Ar, 81Kr, 85Kr) age tracers and 

to better constrain the residence time distributions of groundwater in an important agricultural 

region. Table S1 provides the measured 85Kr, 39Ar, 14C, 3H, 81Kr, pH, and δ13C values associated 

with these case-study wells.  

  
Table S1: Age tracer measurements and well information. Interval refers to the perforated depth interval of well 

(meters below land surface). Total analytical uncertainties (±2σ), including sampling, storage, and measurement, are 

estimated to be ±5 pmAr (39Ar), ±5 pmC (14C), ±5 pmKr (81Kr), ±0.1 TU (3H), ±10% of value (85Kr), and ±0.5‰ 

(δ13C). Mean values are provided for those wells analyzed multiple times. (BL = below detection limit). n refers to 

mixing parameter for partial-exponential mixing model (described below, equation S4). 

 

  

Well Identification 85Kr 39Ar 14C 3H 81Kr pH n Interval 

USGS Station ID GAMA ID 
NAWQA ID 

(CVAL-) 
Alt ID dpm/cc 

pmA

r 
pmC TU pmKr   m 

364200119420001 KINGFP-02 ETN1-01 180-1 0.44 22.6 48.5 0.0 110 8.0 2.92 125-186 

364200119420002  ETN1-02 180-2 9.53  108.1 1.6 101 7.4 1.89 49-95 

364200119420003  
ETN1-03 

180-3 3.8  110.2 1.1 100 7.4 
19.8

0 
65-68 

364200119420004  
ETN1-04 

180-4 0.75  39.5 0.1 99 8.2 
29.1

0 
179-185 

364156119475201 KING-17 PAS1-18 170  23.4 69.0 0.1  7.8 1.92 98-195 

364239119440901 KINGFP-03 ETN1-183 183  50.2 42.8 0.0  8.1 5.41 136-165 



 
 

 
 
Figure S1. Aerial imagery of study area from 2019 and 1970. (a-top) 2019 satellite imagery (from Google Earth) of 

main study area showing location of eight well clusters (17 wells in total, indicated by USGS Stadion IDs and Alt IDs 

[see Table S1]), (b-bottom) 1970 aerial photographs of study area stitched to produce composite image for comparison 

of land cultivation surrounding well clusters in main study area. Photographs available from Fresno State University 

database (http://malt.library.fresnostate.edu/MALT/). 

 

http://malt.library.fresnostate.edu/MALT/


 

 

 
Figure S2: Depths, locations, and tritium content of wells in this study.  (a-top) Perforated depth intervals of all wells. 

Yellow circles indicate surface location of single wells or well clusters. Case study wells identified by Alt-IDs (see 

Table S1); (b-bottom) Screened depth intervals for all wells in this study versus mean 3H activity. Wells screened 

between 50 and 100 m may straddle the interface between the pre-development and post-development groundwater 

regimes. Wells considered in the multiple age-tracer case study are identified with labels.  

 

The inclusion of radioactive tracers with order 10-yr, order 100-yr, and order 1000-yr half-

lives provides a unique opportunity to investigate the applicability of physical mixing models as 

well as identify systematic offsets between inert and chemically active tracers. We employ 

lumped-parameter models (LPMs) to explore the age-tracer constraints from these three deep 

wells, which fall below the transitional depth region between modern and pre-development 

groundwater regimes (Figure S2b). The theoretical basis for the LPM technique is that the current 

activity of each radioactive tracer (A) in groundwater is the product of its initial activity (A0) and 

radioactive decay integrated across a distribution of individual residence times (𝑔(𝑡)) for all 

parcels comprising a groundwater sample:  



 

  

𝐴 = ∫ 𝐴0𝑒−𝜆𝑡𝑔(𝑡)𝑑𝑡
∞

0
     (S1)  

  

Our discussion below follows the formulation of two LPMS (one that accounts for mixing and one  

that does not) outlined in TracerLPM (45). These LPMs depend on the mean groundwater  

residence time τ, which is simply defined:  

  

𝜏 =  ∫ 𝑔(𝑡)𝑑𝑡
∞

0
 (S2)  

  

The simplest conceptual LPM is the piston-flow (PF) model, which assumes that  

groundwater flows from its recharge site to its sampling site without dispersive mixing. The piston- 

flow model residence time distribution is a dirac delta function:  

  

𝑔(𝑡) = 1 for t = τ; 𝑔(𝑡) = 0 for t ≠ τ (S3)  

  

where τ is the mean groundwater residence time in years.  

By convolving 𝑔(𝑡) with radioactive decay (equation S1), tracer concentrations are  

simulated as a function of τ. Although the piston-flow model is the least physically realistic for  

wells with long screened intervals in an unconfined aquifer, it serves as a useful conceptual starting  

point. For example, consider the three deep (100-200 m) wells for which 14C and 39Ar were both  

measured (wells 180-1, 170, 183). In these wells, 39Ar varies between 22.6 and 50.2 percent  

modern argon (pmAr) and 14C varies between 42.8 and 69.0 pmC. Clearly, to observe both 14C  

and 39Ar activities near one half the (pre-1950s) atmospheric value requires (a) mixing between  

young and old waters, and/or (b) an initial 14C activity (14C0) below that of the atmosphere at the  

time of recharge. Considering a simple binary mixture two groundwater parcels with different  

mean piston-flow ages, τ, it is clear that the older endmember would have to be nearly 14C free  

(and thus tens of thousands of years old) and the younger endmember would have to be decades  

old (sufficiently old to be free of 3H and 85Kr) to yield roughly 50 pmC and 50 pmAr 14C and 39Ar  

activities. However, the warm (>20 ⁰C) noble gas-derived recharge temperatures (Supplementary  

Data Set) temperatures and >99 percent modern krypton (pmKr) 81Kr activities observed in deep  

wells deep (100-200 m) provide strong evidence against any substantial mixing contribution from  

pre-Holocene groundwater (older than ~12000 years). Thus, despite its simplicity, the piston flow  

model provides a useful qualitative indication that mixing alone is insufficient to explain the low  
14C activities observed in deep wells. This implies an important role for departures of 14C0 from  
14Catm at the time of recharge. Our primary goals in this case study are therefore to simultaneously  

estimate 𝑔(𝑡) and Γ (where 14C0 = Γ14Catm) using observed age tracer measurements as constraints.  

The most physically realistic LPM for the deeper wells in this study is the partial- 

exponential mixing (PEM) model. The PEM model is applicable for a homogenous unconfined  

aquifer with a uniform recharge rate, such that the mean age of groundwater decreases  

exponentially with depth (44), but where only a subset of the full aquifer thickness is sampled over  

the perforated depth interval of any given well (16, 45). The small study area considered here is  

topographically flat, dominated by unsaturated zone rather than riverine recharge [(as suggested  

by higher 18O/16O and 2H/1H than potential river sources; (63)]  and consists exclusively of  

interconnected unconfined aquifers (54). The PEM model requires an estimate of the ratio, n,  

between total volume and sampled volume for each well. Here we estimate n (Table S1) as:  

  

𝑛 =  
𝑑𝑚𝑎𝑥−𝑑𝑊𝑇

𝑑𝑚𝑎𝑥−𝑑𝑚𝑖𝑛
 (S4)  

  



where dmax, dmin, and dWT refer to the maximum screened depth, minimum screened depth, and 

water-table depth, respectively. We assume a pre-industrial mean water table depth of 8 m (64). 

For a given n, the PEM residence time distribution 𝑔(𝑡) is a function of only one unknown 

variable, τ: 

 

𝑔(𝑡) =
𝑛

𝛽𝜏
𝑒

𝑡

𝛽𝜏 for 𝑡 ≥ 𝛽 ln(𝑛); 𝑔(𝑡) = 0 for 𝑡 < 𝛽 ln(𝑛);  𝛽 = (1 − ln (
1

𝑛
))  (S5) 

 

Using the PEM model, we take the following approach to estimate Γ and 𝑔(𝑡). First, using 

equation S4 to calculate n, we estimate τ by maximizing agreement between PEM-simulated and 

measured inert age tracers. For wells 180-1, 170, and 183 (which were 3H and 85Kr free, within 

error), 39Ar was used to estimate τ. For wells 180-2 and 180-3 (which had detectable 3H and 85Kr 

but were not measured for 39Ar), 85Kr was used for this purpose. (We do not attempt this exercise 

for well 180-4, because samples from this well were free of 85Kr and 3H, but 39Ar was not measured 

and thus we lacked an intermediate age constraint.) Next, we compared 14C and 3H activities 

predicted by the PEM model (constrained by n and inert tracer-derived τ) to observations. Whereas 

simulated 3H displayed close agreement with observations in the 3H-free deeper wells, measured 
14C activities were found to fall systematically below simulated activities if 14C0 was assumed 

equal to 14Catm (Γ=1). We tuned 14C0 in the model by changing Γ to maximize agreement with 

observed 14C. Figure S3 shows well-specific residence time distributions and comparisons of 

PEM-simulated and measured tracer activities. Table S2 shows a comparison for mean age (τ) 

estimates of the three deeper wells for which 39Ar was measured between PF and PEM age ranges 

based either on 39Ar or uncorrected 14C (i.e. Γ=1). 
 

Table S2. Simulated mean age ranges (τ) based solely on either 39Ar or uncorrected 14C (Γ=1) using both the PF (i.e. 

neglecting mixing) and PEM models. Under both models, 39Ar-derived ages are an order of magnitude younger than 

uncorrected 14C-derived ages. 

 
Well Identification PF τ range (yr) PEM τ range (yr) 

USGS Station ID GAMA ID 

NAWQA 

ID 
Alt 

ID 
39Ar 14C (Γ=1) 39Ar 14C (Γ=1) 

(CVAL-) 

364200119420001 KINGFP-

02 
ETN1-01 180-1 

500-

674 

5813-

6154 
565-790 6800-7247 

364156119475201 
KING-17 PAS1-18 170 

489-

657 

2949-

3188 
594-840 3191-3494 

364239119440901 KINGFP-

03 
ETN1-183 183 

231-

308 

7211-

6824 
240-324 7878-8338 

 

 



 
Figure S3.1 (reprint of Figure 2). Well 180-1 estimation of initial 14C activity (panel a) and groundwater residence-

time distribution (g(t), panel b) via evaluation of PEM-simulated versus measured tracer activity (panel c). Tracer 

activity (panel c) is shown in units of pmC, pmAr, dpm cc-1, and TU for 14C, 39Ar, 85Kr, and 3H, respectively. Open 

and closed circles (panel c) show PEM-simulated 14C activity associated with atmospheric (Γ=1) and sub-atmospheric 

(Γ<1) 14C0, respectively.   

 
Figure S3.2. Well 180-2 estimation of initial 14C activity (panel a) and groundwater residence-time distribution (g(t), 

panel b) via evaluation of PEM-simulated versus measured tracer activity (panel c). Tracer activity (panel c) is shown 

in units of pmC, pmAr, dpm cc-1, and TU for 14C, 39Ar, 85Kr, and 3H, respectively. Open and closed circles (panel c) 

show PEM-simulated 14C activity associated with atmospheric (Γ=1) and sub-atmospheric (Γ<1) 14C0, respectively.   



 

 
Figure S3.3. Well 180-3 estimation of initial 14C activity (panel a) and groundwater residence-time distribution (g(t), 

panel b) via evaluation of PEM-simulated versus measured tracer activity (panel c). Tracer activity (panel c) is shown 

in units of pmC, pmAr, dpm cc-1, and TU for 14C, 39Ar, 85Kr, and 3H, respectively. Open and closed circles (panel c) 

show PEM-simulated 14C activity associated with atmospheric (Γ=1) and sub-atmospheric (Γ<1) 14C0, respectively.   

 

 
Figure S3.4. Well 170 estimation of initial 14C activity (panel a) and groundwater residence-time distribution (g(t), 

panel b) via evaluation of PEM-simulated versus measured tracer activity (panel c). Tracer activity (panel c) is shown 

in units of pmC, pmAr, dpm cc-1, and TU for 14C, 39Ar, 85Kr, and 3H, respectively. Open and closed circles (panel c) 

show PEM-simulated 14C activity associated with atmospheric (Γ=1) and sub-atmospheric (Γ<1) 14C0, respectively.   



 

 
Figure S3.5. Well 183 estimation of initial 14C activity (panel a) and groundwater residence-time distribution (g(t), 

panel b) via evaluation of PEM-simulated versus measured tracer activity (panel c). Tracer activity (panel c) is shown 

in units of pmC, pmAr, dpm cc-1, and TU for 14C, 39Ar, 85Kr, and 3H, respectively. Open and closed circles (panel c) 

show PEM-simulated 14C activity associated with atmospheric (Γ=1) and sub-atmospheric (Γ<1) 14C0, respectively.   

 

By comparing τ and Γ with depth, several key trends emerge. First, τ increases with mean 

screened depth (i.e. the center depth of the screened interval for each well), and wells with similar 

mean screened depths have similar τ (e.g. 180-2 & 180-3 and 180-1 & 170). By comparison, 

relative age estimates based on 14C in the absence of 39Ar data would suggest a several-thousand 

year difference in τ between well 180-1 (14C = 48.5 pmC, mean screened depth = 157 m) and well 

170 (14C = 69.0 pmC, mean screened depth = 148 m), whereas our PEM model approach 

constrained by 39Ar yields consistent τ within several decades. Second, Γ is considerably higher 

for shallower and younger groundwater than it is for deeper and older groundwater, although we 

emphasize again here that wells with screened intervals in the 50-100 m depth range likely 

represent bimodal mixtures between modern and pre-development groundwater (16). We suggest 

that this trend in Γ primarily results from a mid-20th century shift towards greater DIC system 

openness (SI-2). Indeed, we find an expected negative correlation between inferred Γ and pH for 

these five wells. We note however that the variably open-system DIC model does not fully account 

for the low value of Γ in well 183 (0.44), which yields 14C0 of ~44 pmC falling several pmC below 

the fully closed-system expectation ~50 pmC, for pre-1950s recharge. One plausible candidate 

mechanism for additional lowering of 14C0 beyond closed-system dissolution is respiration of old 

organic matter by soil microbes. We speculate that whereas post-1950s recharge may readily carry 

modern, surface-derived organic carbon to the unsaturated zone from agricultural runoff, pre-

modern unsaturated zone CO2 may have derived from several hundred-year old organic matter at 

depth. Nonetheless, we emphasize that system openness is the primary control on Γ but note that 

additional inert tracer measurements, ideally both 39Ar and 85Kr, are important for precisely 

constraining 14C0. However, given the present cost and complexity of measuring these novel inert 

age tracers, investigating DIC parameters (total DIC content, pH, δ13C) in the context of system 

openness provides useful qualitive constraints on 14C0.  

 

 



Appendix S2: Idealized variably open-system DIC model 

 

The idealized carbonate dissolution model presented in this study is designed to explore 

the relationships between groundwater DIC isotopic composition (14C activity, δ13C), total DIC, 

pH, and alkaline Earth metal concentrations for varying system “openness” for a given soil pCO2. 

The model evaluates the above-mentioned DIC system parameters at three conceptual stages, 

following a similar treatment to Clark & Fritz (1997): (1) the initial dissolution of soil CO2 (before 

carbonate dissolution); (2) the point of isolation of shallow groundwater from soil CO2; (3) closed-

system equilibrium dissolution of carbonate minerals in the saturated zone. Below, we present 

graphical examples of DIC parameter evolution and describe and define the systems of equations 

solved at each stage. Figure S4 shows the variability of DIC and pH from stages 1-3 for a fixed 

soil pCO2 of 2.1% (21000 μatm) at 20 ⁰C:  

  
Figure S4. Model evolution of groundwater DIC and pH due to variably open and closed system dissolution of  

carbonate minerals. Initial DIC and pH (i.e. stage (1), when no carbonate has dissolved) are shown as open squares.  

Completely closed (open) system equilibrium values are shown as filled (open) circles, and equilibrium pH and DIC  

for varying degrees of open-system carbonate dissolution prior to isolation from soil CO2 are shown as solid lines.  

Soil pCO2 is fixed at 21000 μatm and pKc is -7.98 in this example.  

  

The first stage considers the equilibrium dissolution of soil CO2 and its subsequent  

hydration in initially DIC-free water yielding CO2(aq), H
+, and HCO3

-:  

  

CO2(g) + H2O ⇋ H2CO3 ⇋ H+ + HCO3
-  (S6)  

  

We apply the hydration convention ([CO2(aq)*] ≈ [CO2(aq)] + [H2CO3]) to calculate the equilibrium  

concentration and speciation of DIC and pH as function of soil pCO2:  



 

 

DIC = [CO2(aq)*] + [HCO3
-] + [CO3

2-]  (S7) 

[CO2(aq)*] = KHpCO2   (S8) 

[HCO3
-] = √K1KHpCO2   (S9) 

[CO3
2-] = K1K

2
KHpCO2   (S10) 

pH = -log10([H
+]) = -log10(√K1KHpCO2) (S11) 

 

where all concentrations are given in mol L-1, pCO2 is given in μatm, and equilibrium constants 

K1 and K2 (22) and CO2 Henry constant KH (65) are prescribed for 20 °C freshwater. We define 

DIC0 to be the equilibrium DIC at stage 1 calculated using equations S7-S11. 

 We next consider stage 2, the instantaneous point at which the system transitions from 

being open to closed (i.e. becoming isolated from overlying soil CO2). Between stages 1 and 2, an 

additional amount of DIC (DICiso – DIC0) has been added to the system by open-system carbonate 

and CO2 dissolution. In our model, DIC0 is prescribed directly for a given f value, by definition 

(equation 2). Because [CO2(aq)*] remains unchanged from stage 1, we solve first for [H+] at stage 

2 in terms of [CO2(aq)*] and DIC0 by minimizing the following equation using MATLAB’s 

fminsearch function: 

 

[CO2(aq)*](
K1

[H+]
+

K1K2

[H+]2 + 1) − TIC0 = 0  (S12) 

 

The remaining unknown parameters can then be determined as a function of [H+]: 

 

[HCO3
-] = K1[CO2(aq)*]/[H+]   (S13) 

[CO3
2-] = K1K2[CO2(aq)*]/[H+]2   (S14) 

 

The amount of carbonate mineral (MeCO3) dissolved prior to isolation, given by the dissolved 

concentration of alkaline Earth metals ([Me2+] = [Mg2+] + [Ca2+]), can then be determined by 

dividing the gain in [HCO3
-] between stages 1 and 2 in half, according to the net reaction: 

 

MeCO3 + H2CO3 → Me2+ + 2HCO3
-   (S15) 

 

For stage 3, we solve for the concentrations of DIC species, [H+], and [Me2+] for closed-

system equilibrium dissolution of carbonate minerals: 

 

H2CO3 + MeCO3(s) ⇋ 2H+ + 2CO3
2- + Me2+ ⇋ 2HCO3

- + Me2+ (S16) 

 

We reduce an original system of six equations and unknowns (first and second dissociations of 

carbonic acid, dissociation of water, dissolution of MeCO3(s), electroneutrality, conservation of 

inorganic carbon) to two equations and unknowns, solving for [Me2+] and [HCO3
-]: 

 

[Me2+](2+[HCO3
-]K2/Kc) – (2Kc+KwKc/[HCO3

-]K2)/[Me2+] – [HCO3
-] = 0  (S17) 

K2[Me2+][HCO3
-]2/(K1Kc) + [HCO3

-] – [Me2+] + Kc/[Me2+] – DICiso + [Me2+]iso = 0  (S18) 

 

where Kc is the carbonate solubility product (Kc≡[CO3
2-][Me2+]) and the subscript “iso” refers to 

parameter values at the point of isolation (i.e. the instantaneous transition point from open to closed 

system conditions). The system of equations is solved using MATLAB’s fsolve function and [H+] 

and [CO2(aq)*] are subsequently determined based on [Me2+] and [HCO3
-]: 

 

[H+] = [HCO3
-][Me2+]K2/Kc  (S19) 



 

[CO2(aq)*] = [H+][HCO3
-]/K1   (S20) 

 

At this point, [CO3
2-] and DIC can be determined via S14 and S7, respectively. 

Finally, to define f (Eq. 2), we must determine parameter values for open-system equilibrium 

carbonate dissolution: 

 

CO2(g) + H2O + MeCO3(s) ⇋H2CO3 + MeCO3(s) ⇋ 2H+ + 2CO3
2- + Me2+ ⇋ 2HCO3

- + Me2+ (S21) 

 

To do this, we follow the same procedure as in stage 3, except that [CO2(aq)*] is fixed at its 

solubility equilibrium concentration with soil CO2 (equation S8). Thus, for open-system 

equilibrium, the system can be reduced to a single equation and unknown and solved numerically 

for [H+]: 

 

2Kc[H
+]2/(pCO2K1K2KH) + [H+] – Kw/[H+] – 2pCO2K1K2KH/[H+]2 – pCO2K1KH/[H+]2 = 0   (S22) 

 

The equilibrium open-system DIC (DICeq,open in the definition of f, equation 2) is then given by: 

 

DICeq,open = pCO2KH (1 + K1/[H
+] + K1K2/[H

+]2) (S23) 

 

In stages 1 and 2, where shallow groundwater is exposed to soil CO2 under open-system 

conditions, the isotopic composition of DIC is simulated by determining the speciation of DIC and 

applying equilibrium fractionation factors (24, 66–68) for HCO3
- and CO2(aq) relative to soil CO2(g) 

in 20 ⁰C freshwater. In stage 3, any additional DIC added by closed-system dissolution is assumed 

to carry the carbon isotopic signature of carbonate minerals. Therefore, we define open-system 

and closed-system values for δ13C and Δ14C (which we convert to 14C activity in pmC) in the 

following way. First, for open-system dissolution at isotopic equilibrium between DIC and soil 

CO2, we approximate the carbon isotopic composition of groundwater as being offset from the 

isotopic composition soil CO2 by the weighted mean of equilibrium fractionation factors between 

CO2(aq), HCO3
-, and soil CO2. The equilibrium fractionation ε values (for 13C/12C), εa-g and εb-g, are 

defined: 

 

εa-g = δ13CCO2,aq - δ
13CCO2,soil  (S24) 

εb-g = δ13CHCO3 - δ
13CCO2,soil  (S25) 

 

 

where δ13CCO2,aq, δ13CHCO3, and δ13CCO2,soil refer to the δ13C of dissolved CO2, dissolved 

bicarbonate, and gaseous soil CO2, respectively. The open-system carbon isotopic composition of 

DIC is therefore given by: 

 

δ13Copen = δ13CCO2,soil + εa-g([CO2(aq)*]/DIC) + εb-g([HCO3
-]/DIC)   (S26) 

 

Because the definition of Δ14C partially accounts for mass-dependent equilibrium fractionation, 

the net equilibrium fractionation of Δ14C is ~0.2ε, and so to several tenths of 1 pmC, equilibrium 

fractionation is negligible for Δ14C. Thus, we simply by approximating open-system Δ14C as: 

 

Δ14Copen = Δ14CCO2,soil  (S27) 

 

Because there is no subsequent gas exchange (and, consequentially, no isotopic equilibration) 

between DIC and CO2 after isolation, the Δ14C and δ13C of DIC acquired by closed-system 

dissolution is simply equal to the Δ14C and δ13C of carbonates in the saturated zone: 



 

δ13Cclosed = δ13Ccarb  (S28) 

Δ14Cclosed = Δ14Ccarb  (S29) 

 

The model solves for final groundwater δ13C and Δ14C as a function of system openness in 

the following manner. Because the amount of total DIC acquired under open-system conditions is 

equal to DICiso, any remaining DIC acquired via closed-system dissolution is equal to DIC-DICiso. 

Thus, the final δ13C and Δ14C of groundwater after isolation from soil CO2 and addition of any 

carbon via closed-system dissolution is given by: 

δ13Cfinal = (DICiso/DIC)δ13Copen + (1-DICiso/DIC)δ13Cclosed  (S30) 

Δ14Cfinal = (DICiso/DIC)Δ14Copen + (1-DICiso/DIC)Δ14Cclosed  (S31) 

 

Consider, for example, the case of entirely open-system dissolution (f=1). In this case, 

DICiso=DICeq,open=DIC (by definition, Eq. 2) and thus δ13Cfinal= δ13Copen and Δ14Cfinal = Δ14Copen. 

For the case of entirely closed-system dissolution (f=0), DICiso=DIC0 and DIC equals 

approximately twice DIC0 at closed-system equilibrium (e.g. Figure S4). Therefore, δ13Cfinal = 

0.5*δ13Copen + 0.5*δ13Cclosed and Δ14Cfinal = 0.5*Δ14Copen + 0.5*Δ14Cclosed. If δ
13Cclosed = 0‰ and 

Δ14Cclosed = 0 pmC (typical value), then the effect of closed-system carbonate dissolution will be 

to dilute δ13C and Δ14C each by one half. 

Figure S5 shows the simulated relationship between δ13C and f as well as measured and 

simulated relationships between δ13C and 14C for varying soil and carbonate mineral endmember 

isotopic compositions. We note that the predicted variability in δ13C between fully open and fully 

closed conditions for a given set of endmember values (e.g. dashed green line in Figure S5) is 

small (3-4‰) relative to the range of potential endmember δ13C values (~10‰, Clark & Fritz, 

1997). We suggest that spatiotemporal variability in δ13C, perhaps due to changes in soil 

biogeochemistry driven by agricultural pollution, obfuscates the smaller predicted inverse 

relationship between δ13C and system openness. This stands in contrast to the remarkably 

consistent relationship between 14C and pH (or CO2(aq)/DIC), which operates in the same sense as 

our model predicts (Figures 1 and 3). δ13C measurements still do provide a useful qualitative 

constraint on the manner of isotopic equilibration, indicating that soil CO2-DIC isotopic 

equilibration is likely attained under open-system conditions but carbonate mineral-DIC 

equilibrium under closed-system conditions is not. To demonstrate this, we note that the expected 

open-system DIC δ13C for pH ~7.5 is ~+7.5‰ relative to soil CO2 (CO2(aq) and HCO3
- represent 

~10% and 90% of DIC and their equilibrium isotopic enrichments relative to soil CO2 at 20 ⁰C are 

-1.1‰ and +8.5‰, respectively). All groundwater δ13C measurements for which 14C activity is 

greater than 100 pmC fall between -16.5 and -13.5‰, consistent with soil CO2 δ
13C between ~-24 

and -21‰ for open-system isotopic equilibrium. This range falls well within the literature range 

for microbial respiration of soil organic carbon derived from C3 plants (22). Conversely, if isotopic 

equilibrium in the saturated zone between DIC and carbonate minerals were attained, δ13C and 14C 

of groundwater would be close carbonate mineral values (-5 to 5‰ and 0 pmC, respectively; Clark 

& Fritz, 1997), since equilibrium fractionation between HCO3
- and CaCO3 or MgCO3 at 20 ⁰C is 

small (<1‰). Given that terrestrial carbonate δ13C may even fall below this -5‰ value [e.g. (20)], 

the interpretation of the small range of open-system versus closed-system δ13C signals, in light of 

large end-member uncertainties, is challenging and greatly limits the use of δ13C for this study. 

 

 



 
Figure S5. Modeled relationship between f (left axis) and δ13C and 14C (right axis) and δ13C for varying endmember 

groundwater δ13C composition. Dashed green line shows modeled f-δ13C relationship for conventional endmember 

composition (soil δ13C: -25‰, carbonate δ13C: 0‰). Shaded green region shows expected range of δ13C associated 

with f between 0 and 1 for soil δ13C between -30 and -20‰ and carbonate δ13C between -5 and +5‰. Solid maroon 

line shows modeled relationship between 14C and δ13C for conventional endmember δ13C composition and 14C0 of 120 

(100) pmC for f greater (less) than 0.5. Grey circles indicate actual groundwater DIC measurements in this study.  

 

 



 

 

 
Figure S6. Modeled relationships between DIC, 14C activity and pH. (a-top) Modeled and measured DIC and pH vs 
14C activity in groundwater. The model assumes fixed soil pCO2 and pKc of 21000 μatm and 7.97, respectively, and 

sets 14Csoil equal to 120 pmC for f>0.5 and 100 pmC for f<0.5; (b-bottom) Modeled and measured DIC and pH vs 14C 

activity in groundwater. The model here prescribes fixed soil pCO2 and pKc of 12000 μatm and 8.45, respectively, 

and sets 14Csoil equal to 120 pmC for f>0.5 and 100 pmC for f<0.5.  

 

Whereas the model suggests a weak sensitivity of δ13C to system openness relative to 

potential variability in endmember composition, both the model and data display a strong 

relationship between 14C and pH as well as 14C and DIC, giving confidence to the notion that the 

primary control on 14C activities in this system is DIC-system openness rather than radioactive 

decay (Figure S6a). While the sense of the relationships between f, 14C, DIC, and pH in the model 

are independent of soil pCO2 and carbonate solubility (Kc) – i.e. higher 14C and DIC and lower pH 



 

for higher f – the absolute values are not. In Figure S6a (and in Figure 3), we present a plausible 

combination of soil pCO2 and Kc that explains much of the observed variability in our groundwater 

measurements. In this scenario, soil pCO2 is 2.1% (21000 μatm), a typical value for warm regions 

(22) and Kc is 10-7.97, which is higher than the pure calcite value at 20 ⁰C (10-8.45). Figure S6b 

shows another example in which soil pCO2 is set to 12000 μatm and the pure calcite Kc value is 

used. While the 14C-pH relationship is well represented in both cases, the latter case (Figure S6b) 

systematically underestimates DIC. We suspect that the true mean carbonate solubility in this 

system is higher than that of pure calcite, perhaps due to the high magnesium content of carbonate 

minerals. Magnesium-rich carbonates have considerably higher solubilities than pure calcite [e.g. 

magnesite has pKc of 7.8 at 25 °C (69)], and magnesite is known to be abundant in the Kings River 

region. Mg2+/Ca2+ is high (>0.5 molar ratio) in all samples considered in this study.  

However, we also emphasize here that this idealized model only considers carbonate 

dissolution, and other sources of DIC, such as silicate weathering, may be important. Additionally, 

soil amendments containing alkaline Earth metals (gypsum, for example) may contribute Mg2+ 

and Ca2+, affecting their dissolved ratios in groundwater. Further, precipitation and redissolution 

of carbonates, especially from modern groundwater impacted by input of soil amendments, is a 

potentially important process not captured by this idealized model. We therefore reiterate that this 

model is intended solely as a qualitative tool to demonstrate a common mechanism positively 

linking 14C with DIC and negatively linking 14C with pH. While we do not attempt to conclusively 

specify an f value associated with each well in this study, we provide examples values (in an 

instructional sense only) in the Supplementary Data Set for pCO2 = 2.1% and pKc = -7.98. 

One potentially important concern for the interpretation of measured groundwater 14C in 

the context of this idealized model is the impact of mixing of different water masses, which may 

have experienced different extents of open and closed system dissolution. Many wells have long 

screened intervals (Figures S5-S6) that allow for broad mixture of groundwater ages, including 

mixing of pre-development and post-development waters. While the subject of mixing is addressed 

directly in SI-1, here we briefly consider the impact of mixing on the interpretation of DIC 

parameters in the context of this idealized variably open-system model. In Figure S7, we show 

modeled 14C and DIC for f values between 0 and 1 alongside admixture-resultant 14C and DIC 

from various degrees of binary mixing between groundwaters characterized by fully open and fully 

closed systems (i.e., f=0 and f=1, respectively). Even for this most extreme possible mixing 

scenario, 14C resulting from mixing only slightly deviates from the actual model. For example, 

consider the difference between an equal parts mixture of f=0 and f=1 groundwater with the 

simulated values for f=0.5 (i.e., groundwater that became isolated from CO2 after half the open-

system equilibrium DIC had been obtained by vadose zone dissolution). In this case, the 14C 

activity predicted by the model is ~86.5 pmC whereas the equal parts admixture of f=0 and f=1 

water yields a 14C activity of ~88.4 pmC. Conveniently, therefore, we expect that actual mixed 

groundwater samples will still plot closely along the modeled line, to within several pmC. In other 

words, the model closely approximates bulk f values, independent of mixing. 

 



 
Figure S7: Comparison of mixing vs model prediction for 14C activity and DIC in groundwater. In this example, f=0 

and f=1 endmembers are mixed to various extents (red curve, squares indicate 10%-spaced mixture extents). The 

modeled curve is shown for comparison, with blue squares indicating 0.1-step changes in f. 

 

Appendix S3: Soil CO2-DIC Isotopic Equilibration Timescale 

To estimate the timescale of isotopic equilibration between DIC at the water table with 

overlying soil CO2, we make use of the well-established air-sea gas exchange equations (e.g., those 

presented in (70)) and consider an idealized example in which the upper one meter of groundwater 

exchanges carbon isotopes with CO2 in overlying soil air. For this example we assume that DIC 

derived from carbonate mineral dissolution is initially 14C free but gains 14C via equilibration with 

soil CO2, which we assume to have a modern atmospheric 14C activity (assumed stationary in time 

due to the rapid soil CO2 production and diffusive gas-phase equilibration timescales). Following 

(70), we define the e-folding isotopic equilibration timescale of DIC (τ14C) for air-water gas 

exchange as: 

τ14C = hR/G  (S32) 

where h is an effective diffusion length scale (i.e., 1 meter in this idealized case), R is the ratio of 

DIC to CO2(aq)*, and G is a gas transfer velocity. To gain an order-of-magnitude estimate, here we 

simply consider a zero-wind G value of 1 m day-1 and calculate R using the equations and K1 and 

K2 equilibrium constants in Appendix S2, which yields a value of ~14. Plugging these values into 

equation S32, we obtain an e-folding timescale of ~14 days. We note that this idealized scenario 

may overestimate the appropriate diffusive length scale, given that substantial equilibration 

between CO2 and DIC likely occurs in small pores in the vadose zone with radii much smaller than 

1 meter (in which case our τ14C estimate would be too long), but that diffusive gas exchange in the 

quiescent vadose zone may occur with a slower gas transfer velocity (in which case our τ14C 

estimate would be too short). We suggest that this is estimate is likely valid to within an order of 

magnitude.  

 



 

 

 
Figure S8. Groundwater strontium, nitrate, and sulfate concentrations versus DIC in the main study area. Positive 

correlations support inference of agricultural contamination and carbonate (lime) addition. 
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