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[1] Postseismic deformation is well documented in geodetic data collected in the
aftermath of large earthquakes. In the postseismic time interval, GPS is most sensitive to
creep in the lower crust or upper mantle activated by earthquake-generated stress
perturbations. In these regions, deformation may be localized on an aseismic frictional
surface or on a ductile shear zone. These two hypotheses imply specific rheologies and
therefore time dependence of postseismic creep. Hence postseismic creep constitutes a
potential probe into the rheology of aseismic regions of the lithosphere. I present a simple
shear zone model of postseismic creep in which the rheology of the creeping element can
be varied. In the absence of tectonic loading during the postseismic time interval, the
displacement history of the shear zone obeying a power law rheology with stress exponent
n follows an analytical relaxation curve parameterized by 1/n. For a frictional surface,
postseismic creep follows the same relaxation law in the limit 1/n ! 0. A rough estimate
of the apparent stress exponent can be obtained from continuous GPS records. Application
to data collected after the 1994 Sanriku earthquake yields 1/n � 0.1, which is consistent
with dislocation creep mechanisms. However, the records of two other subduction
zone events, the 2001 Peru event and the 1997 Kronotski earthquake, and a continental
strike-slip earthquake, the 1999 I

:
zmit earthquake, require negative 1/n. Rather than

characterizing the shear zone rheology, these negative exponents indicate that reloading of
the shear zone by tectonic forces is important. Numerical simulations of postseismic
deformation with nonnegligible reloading produce curves that are well fit by the
generalized relaxation law with 1/n < 0, although the actual stress exponent of the
rheology is positive. While this prevents rheology from being tightly constrained by the
studied GPS records, it indicates that reloading is important in the postseismic time
interval. In other words, the stress perturbation induced by an earthquake is comparable to
the stress supported by ductile shear zones in the interseismic period. INDEX TERMS: 1242
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1. Introduction

[2] The earthquake cycle is commonly divided into three
time intervals: a loading period, the earthquake rupture itself
(coseismic period) and the postseismic period. Deformation
of the lithosphere in the postseismic interval is evidenced not
only by aftershocks but also by aseismic deformation that
liberates an energy sometimes comparable to the earthquake
itself, overpowering the energy released by aftershocks [e.g.,
Savage and Svarc, 1997; Heki et al., 1997; Yagi et al., 2001;
Ergintav et al., 2002]. Aseismic postseismic deformation, or
postseismic creep, is now recognized as a major component

of the earthquake cycle, influencing triggering of earthquakes
at regional and global scale [Pollitz et al., 1998a; Freed and
Lin, 2001; Chéry et al., 2001; Casarotti et al., 2001] and
affecting paleoseismicity and earthquake risk estimates
[Freed and Lin, 2002]. Various mechanical origins for post-
seismic creep have been proposed, ranging from poroelastic
rebound [Peltzer et al., 1998; Pollitz et al., 2001; Jónsson et
al., 2003], continued slip on the earthquake rupture area (i.e.,
afterslip [Marone et al., 1991]), to distributed or localized
deformation in a ductile lower crust or upper mantle [Deng et
al., 1998; Savage et al., 1994; Reilinger et al., 2000;
Bürgmann et al., 2002; Freed and Bürgmann, 2004]. This
study explores how tectonic loading and the rheology of the
region that produces postseismic creep influence the time
dependence of postseismic creep.
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[3] Because of its aseismic character, postseismic creep
can be observed only through geodetic means. Space
geodesy, in particular, Global Positioning System (GPS)
and interferometric synthetic aperture radar (InSAR), has
become the tool of choice to study postseismic creep.
Postseismic creep has now been detected after many large
earthquakes occurring in well-instrumented areas, although
not by any means all of them. For instance, Melbourne et al.
[2002] show that even in GPS time series with fine temporal
resolution, no postseismic signal could be detected follow-
ing the 1995 Antofagasta, Chile, earthquake.
[4] Geodetic data can be used to constrain where post-

seismic deformation occurs. When inverting postseismic
displacement, it is commonly assumed that deformation
occurs on a shear zone or fault plane of specified geometry,
often similar to the seismogenic fault but possibly larger in
extent [Oppenheimer et al., 1990; Shen et al., 1994;
Bürgmann et al., 1997; Donnellan and Lyzenga, 1998;
Bürgmann et al., 2001]. Inversion of a network of geodetic
stations can constrain spatial variations in the amount of
postseismic deformation on the shear zone [Pollitz et al.,
1998b; Reilinger et al., 2000; Bechor et al., 2001; Yagi et
al., 2001; Bürgmann et al., 2002; Hsu et al., 2002; Owen et
al., 2002; Zweck et al., 2002;Miyazaki et al., 2003; Yu et al.,
2003]. Repeated surveys and most importantly continuous
GPS stations resolve not only the spatial variation but also
the time dependence of postseismic creep [Bürgmann et al.,
2002]. Postseismic creep often occurs in the down-dip
continuation of the fault plane, and decays over time. This
implies a model of the lithosphere with shallow seismogenic
behavior and deeper aseismic behavior activated by earth-
quake-generated stress perturbations.
[5] The transition from seismogenic to aseismic behavior

with depth may correspond to the brittle-ductile transition
long documented in rock mechanics experiments [e.g.,
Brace and Kohlstedt,1980]. In the laboratory, ductile creep
remains distributed, leading to the expectation of distributed
deformation below the seismogenic zone. However, geo-
logical studies have shown repeatedly that ductile deforma-
tion is in fact localized on ductile shear zones [e.g., Ramsay,
1980; Vauchez and Tommasi, 2003]. Localization in the
ductile field corresponds to a reduced grain size or a
different mineral assemblages (including hydrated minerals)
in the shear zones [White and Knipe, 1978; Sibson, 1986;
Fitz Gerald and Stünitz, 1993; Jin et al., 1998]. Individual
strands of localized ductile shear zones are activated only
for a short amount of time before being abandoned [Sibson,
1980; Hobbs et al., 1986]. The high stress recorded in shear
zones suggests a link between shear zone dynamics and
earthquakes [Küster and Stöckhert, 1999; Trepmann and
Stöckhert, 2003]. Although forming a localized ductile
shear zone without external forcing is notoriously difficult
[Poirier, 1980; Montési and Zuber, 2002; Regenauer-Lieb
and Yuen, 2003], repeated earthquakes can result in a long-
term grain size reduction in their down-dip termination,
which helps localization [Montési and Hirth, 2003]. There-
fore it is reasonable to assume the presence of a localized
ductile shear zone in the down-dip continuation of the
seismogenic zone.
[6] An alternative hypothesis is that the behavior of the

rocks below the seismogenic zone is still brittle, with
deformation occurring along a frictional surface but that

the increased temperature at depth changes the constitutive
behavior of the friction from velocity weakening to velocity
strengthening [Brace and Byerlee, 1970; Tse and Rice,
1986]. As velocity-strengthening friction is inherently sta-
ble, it does not produce earthquakes. Instead, an earthquake-
induced increase in the applied stress simply increases the
slip rate. Differentiating between a velocity-strengthening
frictional surface and a ductile shear zone model of post-
seismic creep requires models that are sensitive to details of
the assumed material rheology.
[7] Hearn et al. [2002] model postseismic deformation

following the 1999 I
:
zmit earthquake using several rheo-

logical models of the extended fault plane to determine what
type of rock behavior is most likely responsible for post-
seismic creep. They conclude that the data are most com-
patible with velocity-strengthening friction. However, the
variance reduction of that model is only slightly better than
can be achieved with a linear viscous model. All these
models predict a deep patch with high deformation rate that
does not appear in the kinematic inversions of Bürgmann et
al. [2002]. From that study, it may be concluded that
patterns of postseismic deformation have little sensitivity
to the rheology of the shear zone. It is shown below that the
time decay of postseismic deformation can help constrain
shear zone rheology.
[8] In section 2, I present a simple spring-slider model

used to predict the time dependence of postseismic creep.
The rheology of the slider element in this model can be
adjusted to represent viscous and frictional processes,
among others. The postseismic deformation history in these
models is parameterized by an apparent stress exponent
characteristic of the shear zone rheology. However, tectonic
loading during the postseismic time period modifies the
displacement history of the shear, affecting the rheological
inferences made from GPS data. This model is fitted to GPS
data first from subduction zone earthquakes [Heki et al.,
1997; Bürgmann et al., 2001; Melbourne et al., 2002], then
from the 1999 I

:
zmit earthquake [Ergintav et al., 2002;

Bürgmann et al., 2002]. The inferred values of the stress
exponent indicate that the behavior of the lithosphere in the
postseismic interval is probably non-Newtonian and that
tectonic loading cannot be ignored.

2. A Spring-Slider Relaxation Model for
Postseismic Deformation

[9] The motion of a fault during an earthquake perturbs
the state of stress of the surrounding crust through elastic
interactions. After a transition period during which elastic
waves propagate, the stress perturbation reaches a static
value. If the lithosphere deforms plastically or viscously, the
stress change induces a flow field. As the crust deforms, it
relaxes the stress generated by the earthquake. Therefore
this postseismic response to earthquake-generated stress
perturbation is best described as a relaxation. The details
of this relaxation depend on the rheology of the deforming
rocks.
[10] We consider three candidate rheologies to describe

the behavior of rocks in the postseismic time interval,
velocity-strengthening friction, Newtonian viscosity, and
ductile creep. These rheologies are presented below and
then included in a simple model of postseismic deformation.
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This section shows how the different rheologies affect
postseismic creep.

2.1. Shear Zone Rheologies

2.1.1. Velocity-Strengthening Friction
[11] Laboratory experiments show that the shear stress s

supported by a frictional surface is a function of the
displacement rate of that surface, VS, and at least one state
variable [Dieterich, 1978; Ruina, 1983; Scholz, 2002]. If the
evolution of the state variable is assumed to be rapid, a
steady state friction law can be written as

VS ¼ Vc exp
s� sc
C

� �
; ð1Þ

with Vc, sc, and C, three material constants; sc is the stress
supported by the fault if sliding at velocity Vc.
[12] If C < 0, the surface obeys velocity-weakening

friction, which is unstable, a necessary condition for seis-
mogenic behavior [Rice and Ruina, 1983; Dieterich, 1992].
If C > 0, the surface obeys velocity-strengthening friction,
which is stable, but can generate postseismic creep. Labo-
ratory experiments indicate a transition from velocity-weak-
ening to velocity-strengthening friction with increasing
temperature, which might control the down-dip limit of
seismicity in continental areas [Brace and Byerlee, 1970;
Stesky et al., 1974; Tse and Rice, 1986; Blanpied et al.,
1991, 1998; Scholz, 2002].
2.1.2. Ductile Creep
[13] Alternatively, the rheological transition that limits

seismogenic behavior at depth may be one from brittle to
ductile behavior [e.g., Brace and Kohlstedt, 1980]. A
ductile rheology commonly observed in the laboratory is
power law creep, whereby the strain rate of a rock sample,
_e, is proportional to the applied stress to a power n. Motion
of intracrystalline dislocations leads to power law creep
with 3 < n < 5.
[14] Although ductile creep is distributed over a whole

sample in laboratory experiments, it is localized in shear
zones in nature [e.g., Ramsay, 1980; Vauchez and Tommasi,
2003]. If we assume that ductile creep in the postseismic
time interval occurs in a shear zone of thickness H, the
velocity across this shear zone is

VS ¼ AHsn; ð2Þ

where A is a preexponential factor that depends in general
on temperature and chemical environment [Evans and
Kohlstedt, 1995]. Grain boundary sliding accommodated
by dislocation creep is also described by equation (2)
with A depending on grain size and n � 3 [Hirth and
Kohlstedt, 2003]. Here again, the stress s is the shear
stress on the shear zone. In laboratory studies, equation
(2) is often written for a differential stress and the
temperature dependence of the flow law is separated from
the parameter A. Hence the value of A in equation (2) is
different from that reported in laboratory studies. Simple
geometrical considerations allow the conversion of
laboratory values to those in equation (2). Regardless,
the exact value of A has no importance for this work as I
concentrate on evaluating the functional form of the
rheology under natural conditions.

2.1.3. Viscous Flow
[15] A particular case of equation (2) arises for n = 1. This

defines Newtonian, or linear, viscous flow

VS ¼ AHs: ð3Þ

In this case, A is simply the viscosity of the material.
Equation (3) is appropriate for rocks deforming by grain
boundary sliding accommodated by diffusion creep [Evans
and Kohlstedt, 1995], in which case A depends on grain size
as well as temperature and chemical environment.
[16] Viscous flow is commonly assumed in fluid me-

chanics, as it is appropriate for water. Most simple geo-
dynamics models are also built on the assumption of
viscous flow, even though rock behavior is usually more
complex.

2.2. Generalized Relaxation Law

[17] Deformation of a frictional or ductile shear zone
reduces the stress originally applied on it, while tectonic
loading or earthquakes increase the applied stress. Let us
simplify the interaction between seismogenic and aseismic
shear zones as shown in Figure 1. The shear zone deforms
at velocity VS. It is loaded by a combination of tectonic and
earthquake-induced stresses increasing at the rate _sP, alter-
natively represented by a load point velocity VP transmitted
to the shear zone through a spring of stiffness K. The
stressing rate and load point velocity are related by _sP =
KVP. Geometrical complexity between stress sources and
the shear zone are absorbed in the value of K. In general,
both VS and VP are time-dependent.
[18] In this parameterized model, the change in shear

stress applied on the fault is given by

ds=dt ¼ K VP � VSð Þ: ð4Þ

The shear zone velocity VS can be replaced in the coupling
equation (4) by the appropriate constitutive relation chosen
between equations (1) and (3). Then, equation (4) is
transformed into a differential equation for s, or substituting
again the rheology, a differential equation for shear zone
velocity VS. The solution of this equation with initial
condition VS = V0 at t = 0 provides an expression for the
displacement history of the shear zone.

Figure 1. Conceptual model of postseismic deformation.
A creeping shear zone (shaded) is loaded elastically with a
load point velocity VP. During interseismic intervals, VP is
dominated by a remote tectonic loading. However, earth-
quakes load adjacent regions of the lithosphere, including a
nearby shear zone, which responds to this loading by
enhanced postseismic creep.
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[19] The relation between the velocity history obtained
for different rheologies is made clear by consideration of the
nondimensional version of the velocity evolution equation.
Velocities are scaled by the shear zone velocity V0 at time
t = 0 (immediately after the earthquake), and time is scaled
by a suitably chosen factor t defined below.
[20] We obtain for a frictional rheology (equation (1))

dV*
S
=dt* ¼ V*

S
V*
P
� V*

S

� �
; ð5Þ

1=t ¼ KV0=C; ð6Þ

where the asterisks indicate nondimensional quantities and
t was chosen to cancel all the constants in the velocity
evolution equation. However, t also has a physical
meaning, being the ratio of shear zone velocity and
acceleration at time t = 0 for the case VP = 0.
[21] For a power law rheology (equation (2)), we obtain

dV*
S
=dt* ¼ V*

S

1�1=n
V*
P
� V*

S

� �
; ð7Þ

1=t ¼ nK AHð Þ1=nV 1�1=n
0 : ð8Þ

Comparing equations (4) and (7) reveals that the frictional
case is functionally identical to the power law case in the
limit 1/n ! 0.
[22] The Newtonian case corresponds to the limit 1/n !

1. In that case, we obtain

dV*
S
=dt* ¼ V*

P
� V*

S
; ð9Þ

1=t ¼ KAH : ð10Þ

The Newtonian rheology is the only one considered here for
which t depends only on constitutive parameters, not the
initial velocity V0.
[23] During an earthquake, the loading velocity is com-

parable to the sliding velocity, but in the postseismic
interval, it represents tectonic loading, which is much
slower. If the rate of tectonic loading is negligible in the
postseismic interval with respect to the shear zone velocity,
the velocity evolution equation (equation (7), (5), or (9)) can
be solved analytically, subject to the initial condition V*S = 1
at t = 0. This solution can be integrated over time to give the
nondimensional shear zone displacement history DS* (t*).
The dimensional displacement is given by DS(t) = D0 +
V0tDS* (t/t). V0 is defined as the shear zone velocity at the

beginning of the time interval considered, i.e., immediately
after the earthquake. The last integration constant, D0, is an
arbitrary initial displacement of the shear zone at t = 0. The
solutions for the rheologies described above are compiled in
Table 1.
[24] As the frictional and viscous cases are simply end-

members of the power law case, the general relaxation law
obtained for ductile creep constitutes a master curve,
parameterized by D0, V0, t, and 1/n, which describes a
range of behavior ranging from viscous flow (1/n ! 1) to
frictional sliding (1/n ! 0).
[25] This general relaxation law is

VS ¼ V0 1þ 1� 1=nð Þt=t½ 	�1= 1�1=nð Þ; ð11aÞ

DS ¼ D0 þ nV0t 1� 1þ 1� 1=nð Þt=t½ 	1= 1�nð Þ
n o

: ð11bÞ

Note that the velocity and displacement curves are defined
for negative values of 1/n, but not if 1/n > 1 and the time
exceeds a critical value. The general relaxation law is
graphed in Figure 2 for various values of 1/n. The effect of
the stress exponent is to change the curvature of these
functions. Postseismic creep ceases earlier for viscous
behavior.
[26] The inverse stress exponent 1/n characterizes the

rheology involved in postseismic creep. It is tempting to
draw a parallel between this stress exponent and the
concept of effective stress exponent, ne, described by
Smith [1977] and Montési and Zuber [2002]. However,
such a parallel would be misleading. In the study by
Montési and Zuber [2002], the effective stress exponent is
a measure of the nonlinearity of a rheological system. It
is defined for a particular applied stress and loses its
validity as the loading conditions change. For instance,
the effective stress exponent for velocity-strengthening
friction is 1/ne = C/s (with the notation of this paper),
which is a function of time in the postseismic interval.
By contrast, the inverse stress exponent required in
equation (11) to recover frictional behavior is 1/n = 0.
It does not depend on time. The stress exponent in
equation (11) characterizes the entire postseismic relaxa-
tion curve, not the rheology at any particular condition.
Therefore 1/n < 0 does not imply localization, as 1/ne < 0
does [Montési and Zuber, 2002]. Negative values of 1/n
are allowed in equation (11). In fact, these values will be
required by some of the records of postseismic deforma-
tion examined below. It is shown below that 1/n < 0
probably indicate significant reloading of the shear zone
in the postseismic period.

Table 1. Summary of Rheological Laws and Postseismic and Velocity History

Definition Velocity-Strengthening Friction Ductile Creep Viscous Flow

Rheology VS (s) Vcexp(
s�sc
C

) AHsn AHs
Velocity history VS (t)/V0 [1 + t/t]�1 [1 + (1 � 1/n)t/t]

� 1
1�1=nð Þ exp(�t/t)

Displacement history DS tð Þ�D0

V0t
log(1 + t/t) n{1 � [1 + (1 � 1/n)t/t]

1
1�n} [1 � exp(�t/t)]

t VS

dVS=dt

���
t¼0

C
KV0

1
n
V0

�1+1/nK�1(AH)�1/n (KAH)�1
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[27] At first sight, it may look incongruous that the
velocity history for the frictional rheology is obtained from
the power law case when 1/n ! 0, as equation (2) implies
that s independent of VS in that limit, evidently a different
relation than equation (1). To understand the origin of this
apparent discrepancy, one needs to consider the effect of
taking the limit 1/n ! 0 on the time constant t and its
relation with the rheological parameters such as C. As 1/n!
0, t, defined for a power law rheology by equation (8), goes
to 0. Using now the relation between t and the rheological
parameters for frictional sliding (equation (6)), this implies
C ! 0. In that limit, in equation (1), the stress is indepen-
dent on shear zone velocity. This is consistent with taking
the limit of equation (2) with 1/n ! 0. For other values of
C, the limit 1/n ! 0 must be taken with t fixed. For that
doing, it is necessary to abandon the relation of t with the
constitutive parameters (equations (8) and (6)). This poses
no difficulty for the time evolution of postseismic creep as t
is rigorously defined as the ratio of acceleration to velocity
at t = 0, a kinematic definition.
[28] The stress history can also be derived in a consistent

manner for both power law and frictional rheologies using
the coupling equation (equation (4)) rather than the rheol-

ogy. Integrating equation (4) relates stress changes to the
difference between shear zone displacement DS and loading
VPt:

s* t*ð Þ � s* 0ð Þ ¼
Z t*

0

VP*dt*þ d* 0ð Þ � d* t*ð Þ: ð12Þ

The stress scale is s0 = KtV0. For the simple case where
VP = 0, Table 1 reveals that indeed, displacement is
proportional to the log(VS) for the case 1/n ! 0 and to VS

1/n

otherwise.
[29] The relaxation laws assume a simple coupling sys-

tem with an external loading (Figure 1) and a rheology for
the shear zone. This approach is similar to that of Dieterich
[1994] to calculate the slip rate history during the nucleation
phase of an earthquake. However, Dieterich used a different
constitutive relation. Where I have used friction laws in
steady state, he considers explicitly the time evolution of the
state variable. To derive his equations (A9) to (A12), he
makes the assumption that the displacement rate on the
seismogenic fault is much larger than DCi/qi, where qi is one
of a set of state variables and DCi the characteristic distance
over which this variable evolves. Under this assumption, the
state variable changes exponentially with slip distance,
which implies a linear dependence of the shear stress
supported by the fault on displacement. With the simple
coupling system described in equations (4) and (12), also
used by Dieterich [1994], stress varies linearly with dis-
placement. The effects of the state variable and external
coupling can therefore be combined. The result is an
evolution equation similar to that used in this work (equa-
tions (5) and (6)), albeit with a modified stiffness K and
parameter C. This implies an interesting symmetry between
precursory slip and postseismic creep if the latter is due to
velocity-strengthening sliding. They should obey a similar
functional form but with different timescales t.
[30] The time constant t has different interpretations

depending on the assumed rheology (Table 1). However,
it is consistently defined as the ratio of shear zone velocity
and acceleration at time 0. As such, it depends on the initial
velocity, except for the viscous flow law (Table 1). A
change in the time origin therefore changes the apparent
values of t

DS t; D0;V0; t; 1=nf gð Þ ¼ DS t1; D1;V1; t1; 1=nf gð Þ; ð13Þ

with

t1 ¼ t � t0; ð14aÞ

D1 ¼ D0 þ nV0t 1� 1þ 1� 1=nð Þt0=t½ 	1= 1�nð Þ
n o

; ð14bÞ

V1 ¼ V0 t0=tð Þn= 1�nð Þ; ð14cÞ

t1 ¼ t� 1� 1=nð Þt0: ð14dÞ

[31] Many studies have revealed different time con-
stants for postseismic creep at short and long timescale,

Figure 2. History of (a) velocity and (b) displacement of a
shear zone following an earthquake-induced stress perturba-
tion according to the general relaxation law (equation (11)),
ignoring reloading velocity. Solid line is Newtonian viscous
rheology (1/n ! 1); dashed line is non-Newtonian creep
(1/n = 0.5); dotted line is frictional sliding (1/n = 0); dash-
dotted line is 1/n = �0.5. Other input parameters are D0 = 0,
V0 = 1, and t = 1, so that all curves have the same initial
behavior. The stress exponent influences the rate at which
postseismic motion decays.
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which are interpreted sometimes as different rheologies or
deformation mechanisms. However, it is clear that if the
rheology is nonlinear, different t are expected over short
and long time scales. The time constant t should increase
over time because of stress relaxation if the rheology is
nonlinear. This is consistent with several geodetic obser-
vations [Savage and Svarc, 1997; Nishimura et al., 2000;
Segall et al., 2000; Zweck et al., 2002; Kenner and
Segall, 2000].

3. Constraints on Shear Zone Rheology From
GPS Data

[32] The postseismic displacement history of a shear
zone produces a GPS signal, which ideally can be
inverted to constrain the shear zone rheology. However,
several complications related to model assumptions, het-
erogeneity of the displacement history, and noise in the
GPS data, limit the resolution of stress exponent esti-
mates. In particular, the assumption that tectonic loading
can be neglected, necessary to derive the analytical
general relaxation law, might not be valid. In this section,

I present a simple method of constraining 1/n from a
GPS record, and the trade-offs that exist with respect to
model assumptions.

3.1. Estimation of an Apparent 1//n and T

From GPS Data

[33] If the displacement history of the shear zone obeys
equation (11b), the GPS signal, which is linearly related to
shear zone displacement, follows equation (11b) as well,
albeit with modified intensity. In other words, D0 and V0 are
modified, but 1/n and t are preserved. Hence it is possible
to invert the GPS signal using equation (11b) to yield an
apparent value of 1/n and t, which may have direct
implications for the rheology of the shear zone.
[34] To constrain values of the inverse stress exponent

from a deformation record, I used a Levenberg-Marquardt
optimization scheme [e.g., Press et al., 1992]. This algo-
rithm uses a time series of displacement data to estimate
{D0, V0, t, 1/n} and the associated covariance matrix
(Appendix A). Figure 3a shows the best fitting curve
through a synthetic data set constructed with 1/n = 0.3.
The best fit has 1/n = 0.352. This example uses 200 data
points and a noise normally distributed with standard
deviation of 0.2. Tests with less data points or more noise
did not return a meaningful result. Even for these parame-
ters, different noise patterns could have returned parameter
fits quite different from the input values (this problem does
not arise at smaller noise levels).
[35] The Levenberg-Marquardt method returns a formal

estimate of the parameter uncertainty based on the jacobian
of equation (11b) at the best fit point (Appendix A). There is
a strong positive correlation between 1/n and t. This can be
visualized by scanning the 1/n-t space, determining at each
point the best fitting D0 and V0 (through a linear least
squares inversion) and plotting the residual for this best fit.
This is done in Figure 3b for the same simulated data set as
in Figure 3a. Therefore 1/n and t cannot be constrained
separately.
[36] The map of residuals can be used to define a 90%

confidence region. This region provides a more accurate
description of the uncertainty on the rheology parameters
than the formal uncertainties as the noise in GPS data is
colored [Langbein and Johnson, 1997]. The 90% confi-
dence region is larger for greater noise level and for smaller
data sets. This reduces the number of geodetic records that
can be used for constraining shear zone rheology in the
postseismic interval. However, the advent of continuous
GPS can now provide records of sufficient quality to
constrain 1/n.
[37] The inversion routine provides an estimate of D0, V0,

t, and 1/n. However, the apparent 1/n and t can be
meaningless if heterogeneities of the shear zone slip distri-
bution are important. A realistic shear zone is likely to be
heterogeneous, at least because of higher temperatures at
depths. In addition, the stress perturbation produced by an
earthquake varies with position. A better model of a shear
zone may be several shear zone patches, each coupled with
one another, and each producing a postseismic signal. None
of these signals would be exactly given by equation (11).
Even if the generalized relaxation curve is approximately
valid for each patch, the rheological parameters may vary
from one shear zone patch to another. A GPS signal is the

Figure 3. Inversion results for a simulated postseismic
history with 1/n = 1/3, D0 = 0, V0 = 1, t = 1, and random
noise following a normal distribution with standard
deviation of 0.2. (a) Simulated data set (circles with error
bars) and the best fit obtained by the Levenberg-Marquart
method (solid line), which gives 1/n = 0.352, D0 = 0.01,
V0 = 1.14, and t = 0.919. (b) Least misfit obtained for
test values of 1/n and t. There is a strong correlation
between the uncertainty on these two parameters. Best fit
is marked by the cross, and the original value is marked
by the plus.
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convolution of the displacement history of all the shear zone
patches. It may turn out very different from equation (11b).
[38] Nevertheless, heterogeneities in the displacement

history of a shear zone are not necessarily a major problem
because the sensitivity kernel of a GPS station is itself
heterogeneous: as each station is most sensitive to a limited
area of the shear zone, each GPS record produces an
estimate of 1/n and t in the region of maximum sensitivity.
Varying t and 1/n estimates across a GPS network may
reflect the different displacement histories of various shear
zone patches. For instance, stations closer to the fault trace
would be sensitive to shallower levels, where the strength of
the shear zone and t may be higher. However, constraining
these variations is made difficult by the correlation between
the various inversion parameters.

3.2. Effect of Reloading Velocity

[39] The inversion routine described above provides an
estimate of 1/n and t, which characterize the rheology of a
shear zone. These estimates assume that equation (11) is

valid, i.e., that the loading velocity VP can be neglected in
the postseismic interval. This assumption is not strictly true.
Marone et al. [1991] handles this problem for the frictional
case by simply adding VP to the shear zone velocity VS.
However, this is strictly valid only if the rheology is linear.
In all other cases, VP must be included in equation (4). If the
shear zone rheology is similar to velocity-strengthening
friction (equation (1)), the displacement and slip history is
given by

VS

V0

¼ 1þ V0

VP

	 

exp

VP

V0

t

t

	 

� V0

VP

� �
; ð15Þ

DS � D0

V0t
¼ log 1þ V0

Vp

1� exp �VP

V0

t

t

	 
� � �
: ð16Þ

In all other cases, the velocity history cannot be solved
analytically. I resort then to numerical methods.
[40] Figure 4a shows the displacement history of a shear

zone with n = 3 reloaded at different values of VP. In each
case, the displacement history can be matched well with
equation (11), albeit with a different 1/n and t than the
actual value. The apparent 1/n and t decrease with increas-
ing VP/V0 (Table 2 and Figures 4b and 4c). Negative values
of apparent 1/n appear when VP cannot be neglected. For
VP > V0/2, the inversion scheme returns imaginary values of
1/n, revealing that equation (11) loses its usefulness. When
VP = V0, the shear zone is in steady state. Then, the
displacement increases linearly with time, which cannot
be matched with equation (11). Finally, if VP > V0, values
of 1/n greatly in excess of 1 appear. The case occurs if the
earthquake reduces the stress on the aseismic region where
postseismic creep occurs. Usually, the opposite happens:
stress is increased in that region, resulting in V0 > VP.
[41] In summary, reloading affects the displacement

history of the shear zone. The apparent value of 1/n is
reduced by reloading effects. Therefore the apparent 1/n that
fits a GPS record must be considered only as a minimum
estimate for the actual rheological parameter. In particular,
1/n < 0 almost certainly indicates that reloading has
influenced the displacement history of shear zone.
[42] It is possible to invert for VP in the same time as the

rheological parameters t and 1/n. For that purpose, I use a
grid search technique in the three-dimensional parameter
space 1/n-t-VP/V0. At each grid point, the remaining
parameters, D0 and V0, are determined by linear least
squares inversion. This inversion routine returns the correct
parameters if there is no noise in the data. However, any
level of noise that is comparable to that of GPS records
prevents an accurate determination of the three major

Figure 4. Effect of reloading velocity VP on postseismic
creep. (a) Simulations of postseismic creep with n = 3 and
the reloading velocity VP varying from 0 to 1.5 V0.
Simulation results are circles. The solid lines are the best
fits obtained with equation (11) and no reloading velocity.
(b) and (c) Apparent values of 1/n and t obtained by
fitting equation (11) to simulations with nonzero VP. The
results depend on the maximum time for the simulations,
here 10t.

Table 2. Apparent Values of Inverse Stress Exponent 1/n and

Time Constant t for Simulation With Nonzero Reloading Velocity

VP

VP/V0 1/n t

0 0.35 1.03
0.25 �1.6 0.155
0.5 �5.5 0.0073
0.75 imaginary imaginary
1 ±1 ±1
1.25 40 1.13
1.5 27 1.02
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parameters. The region of minimum misfit degenerates into
a swath of low misfit values, with a strong correlation
between 1/n, t, and VP/V0 (Figure 5). There is no systematic
relation between the inversion result and the original
parameters with even modest noise levels. In consequence,
inverting for VP/V0 as well as 1/n and t presents no
advantage with respect to using the general relaxation curve.
[43] In summary, tectonic loading can have an major

influence on postseismic deformation history and on the
apparent values of 1/n and t obtained by fitting the general
relaxation law (equation (11)) to postseismic records. It is
not possible to provide good constraints on any of the three
parameters separately with a single record. Hence I decided
to concentrate on inversions that assume the general relax-
ation law (equation (11), VP = 0). Ideally, VP can be
determined independently from this postseismic relaxation,
for instance, from long-term records or plate reconstruc-
tions. The values of 1/n and t determined from individual
GPS records using the general relaxation law constitute only
lower bounds for the actual rheological parameters. In
particular, a negative 1/n is probably the result of tectonic
loading rather than a feature of the shear zone rheology.

4. Application to Recent Earthquakes

[44] In this section, I consider a few records collected in
the aftermath of three subduction zone earthquakes and one

strike-slip event and present the apparent values of 1/n that
best fit the records. The interpretation of these results is
conducted in section 5.
[45] The initial velocity V0 reflects the earthquake-

induced stress perturbation. Hence it should be different
for motion observed in different directions. In general, the
characteristic timescale, t, depends on V0. Therefore the
generalized relaxation law is strictly valid only for a
principal directions of motion; the observed signal in
any other directions is the sum of two time decay
functions similar to equation (11). Constraining t requires
that motion is first projected in a principal direction of
motion. Similarly, the apparent value of 1/n, which
reflects not only the rheology, but also the intensity of
reloading, is best defined along a principal direction of
motion.
[46] For the records presented below, displacement

occurs principally along a certain azimuth, which defines
the principal component of motion. Motion perpendicular
to that azimuth does not exhibit systematic trends. Hence
I analyze only the time series projected along that
special azimuth, determined by a linear fit through the
trajectory of the station in an horizontal plane. Vertical
motion, being more noisy than horizontal motion, is
ignored in this analysis. The inversion results are gath-
ered in Table 3, and their associated covariance matrices
are presented in Table 4. However, the uncertainties on

Figure 5. Inversion results for a simulated postseismic history with 1/n = 1/3, D0 = 0, V0 = 1, t = 1, VP/
V0 = 0.2, and random noise following a normal distribution with standard deviation of 0.2. (a) Simulated
data set (circles with error bars) and the best fit obtained by the grid search method. Least misfit obtained
for test values of (b) 1/n and t, (c) VP/V0 and t, (d) VP/V0 and 1/n. Best fit is marked by the cross, and the
original value is marked by the plus. In presence of noise, it is not possible to recover accurately all the
original parameters.
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each result are better characterized by the 90% confident
envelope.

4.1. The 2001 Peru Earthquake

[47] The 23 June 2001 Mw = 8.4 Peru earthquake
ruptured the interface between the subducting Nazca plate
and south America over a 320 km 100 km area
[Giovanni et al., 2002]. Notable for having released the
highest moment in the previous 30 years, it produced
50 cm of coseismic displacement of the Arequipa perma-
nent GPS station in Peru, located about 175 km east of
the epicenter (Figure 6a). The station continued its
southwesterly motion in the postseismic period, moving
by almost another 10 cm in the next hundred days. A
Mw = 7.5 aftershock occurred on 7 July 2001, which
produced a sudden displacement at the GPS station
[Melbourne et al., 2002]. Because this aftershock is
powerful enough to alter the state of stress of the crust,

it is important to analyze separately the time intervals
before and after the aftershock.
[48] The rate of postseismic creep decreases over time,

making it possible to fit equation (11b) to the GPS time
series. For that purpose, I use the 2 hours solutions of
Melbourne et al. [2002], which have formal errors of 0.7
and 0.9 cm in the north and east directions, respectively.
The signal in the vertical direction is too subtle to give
meaningful estimates of apparent stress exponent.
[49] Only the portion of the time series that follows the

7 July 2001, aftershock could be fit with a reasonable
degree of confidence. This is due to the short time span
available between the main shock and aftershock. Fol-
lowing the aftershock, motion is dominantly in the N65�E
direction, close to the main shock slip vector. The time
decay of the displacement history is best fit with
1/n��0.6 and a very small t (Figure 6b). However,
the 90% confidence region indicates that the value of t

Table 3. Record Information and Parameters of the Best Fitting General Relaxation Law for the Time Series in Figures 6–11

Earthquake Station
Projection
Direction Record Duration

Amplitude,
cm D0, cm V0, cm/d t, days 1/n

Perua AREQUIPAb N65�E 6 July 2001 to 20 Oct. 2001 6.2 �0.52 ± 0.01 �5.7 ± 49.1 0.024 ± 0.327 �0.59 ± 0.13
Sanriku KUJIc N100�E 28 Dec. 1994 to 16 April 1996 6.4 0.22 ± 0.06 �0.062 ± 0.005 42 ± 7 0.11 ± 0.07
Sanriku AOMORIc N106�E 28 Dec. 1994 to 16 April 1996 4.7 0.14 ± 0.03 0.039 ± 0.002 41 ± 18 �0.26 ± 0.13
Sanriku MUTSUc N110�E 128 Dec. 1994 to 16 April 1996 3.7 1.65 ± 0.03 0.022 ± 0.002 95 ± 18 0.16 ± 0.13
Sanrikud KUJIb N80�E 28 Dec. 1994 to 6 Jan. 1995 2.3 �0.16 ± 0.39 �2.3 ± 2.5 0.40 ± 0.72 0.19 ± 0.47
Kronotsky inversione 5 Dec. 1997 to 29 Jan. 1998 188 �4.3 ± 20 49 ± 73 0.60 ± 1.6 �0.30 ± 0.38
I
:
zmit DUMTf N57�E 17 Aug. 1999 to 11 Nov. 1999 3.2 0.02 ± 0.25 �2.2 ± 6.5 0.067 ± 0.33 �0.45 ± 0.19
I
:
zmit HAMTf N41�E 20 Aug. 1999 to 11 Nov. 1999 3.2 �0.04 ± 0.26 �4.3 ± 50.0 0.010 ± 0.20 �0.69 ± 0.29
I
:
zmit KANTf N65�W 17 Aug. 1999 to 11 Nov. 1999 2.3 �0.08 ± 0.11 �0.9 ± 20.8 0.008 ± 0.44 �1.53 ± 0.32
I
:
zmit MURTf N51�E 17 Aug. 1999 to 11 Nov. 1999 5.0 0.00 ± 0.35 �3.8 ± 21.5 0.025 ± 0.26 �0.71 ± 0.21
I
:
zmit TUBIf N71W 17 Aug. 1999 to 11 Nov. 1999 3.5 0.01 ± 0.14 �1.8 ± 5.3 0.041 ± 0.23 �0.77 ± 0.13
I
:
zmit UCGTf N73�W 17 Aug. 1999 to 11 Nov. 1999 6.4 0.02 ± 0.16 �1.5 ± 1.3 0.199 ± 0.35 �0.73 ± 0.08
aOnly after aftershock.
bMelbourne et al. [2002].
cHeki et al. [1997].
dOnly before aftershock.
eBürgmann et al. [2001].
fErgintav et al. [2002].

Table 4. Covariance Matrices of Inversion Results

D0, D0, D0, V0, D0, t, D0, 1/n, V0, V0, V0, t, V0, 1/n, t, t, t, 1/n,
1/n, 1/nEarthquake Record cm2 cm2 yr�1 cm yr�1 cm cm2 yr�2 cm cm yr�1 yr2 years

Perua AREQUIPAb 0.94 �45.7 �0.30 �0.036 2400 16 3.4 0.11 0.023 0.016
Sanriku KUJIc 0.0036 �0.00025 0.32 0.0024 0.000023 �0.032 �0.00028 47 0.43 0.0043
Sanriku AOMORIc 0.0027 �0.00021 0.49 0.0037 0.000020 �0.052 �0.00046 140 1.3 0.013
Sanriku MUTSUc 0.0010 �0.000042 0.43 0.0026 0.0000024 �0.028 �0.00018 340 2.4 0.018
Sanrikud KUJIb 0.15 �0.88 0.23 0.11 6.3 �1.8 �1.0 0.52 0.32 0.22
Kronotsky slip inversione 390 �1100 21 2.1 5400 �120 �22 2.67 0.55 0.14
I
:
zmit DUMTf 0.065 �1.1 �0.051 �0.0042 43 2.1 0.93 0.11 0.050 0.036
I
:
zmit HAMTf 0.067 �7.4 �0.028 �0.021 2500 9.9 12 0.040 0.049 0.087
I
:
zmit KANTf 0.012 �1.8 �0.038 �0.0024 430 9.3 4.28 0.20 0.094 0.10
I
:
zmit MURTf 0.12 �5.4 �0.062 �0.0044 460 5.6 3.1 0.067 0.039 0.041
I
:
zmit TUBIf 0.020 �0.56 �0.023 �0.0016 29 1.2 0.48 0.052 0.022 0.022
I
:
zmit UCGTf 0.026 �0.17 �0.042 �0.0029 1.8 0.46 0.079 0.12 0.022 0.0069
aOnly after aftershock.
bMelbourne et al. [2002].
cHeki et al. [1997].
dOnly before aftershock.
eBürgmann et al. [2001].
fErgintav et al. [2002].
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is poorly constrained but that 1/n is definitively negative
(Figure 6c).

4.2. The 1994 Sanriku Earthquake

[50] Like the Peru event, the 28 December 1994 Mw =
7.7 Sanriku earthquake ruptured a subduction interface,
this time between the Pacific and Eurasian plates at the
Japan trench. It induced postseismic displacements of
several cm at several inland stations in northern Japan
[Heki et al., 1997; Nishimura et al., 2000]. Postseismic
deformation was also documented using repeating earth-
quakes, which allowed Uchida et al. [2003] to constrain
that most (although not all) of the afterslip occurred in
the downward continuation of the seismogenic rupture.

Nishimura et al. [2000] identify a short-term (over a few
days) and a long-term (over a year) trend in GPS data.
Their short term displacement rate decays rapidly with
time, whereas the long term displacement increases line-
arly with time. The short-term displacement is located
mainly within the coseismic rupture area. The long-term
displacement reveals an additional slipping patch to the
south of the rupture area, with motion opposite to the
coseismic motion. This is interpreted as back slip due to
locked segment of the slab interface [Nishimura et al.,
2000]. The long-term displacement is also observed to
propagate toward the south and toward the west over the
year that follows the earthquake. Hence postseismic creep
is generated in part in the region down dip from the
rupture area, where rock behavior is dominantly aseismic
[Nishimura et al., 2000]. This justifies considering the
generalized relaxation law of this paper to model the
observed postseismic displacement, especially at long
term.
[51] I inverted three time series from stations KUJI,

AOMORI and MUTSU, each almost 500 days long, pro-
vided by K. Heki (personal communication, 2003). These
times series are the continuation of the data presented by
Heki et al. [1997]. These time series give 1/n = 0.11 ± 0.07,
1/n = �0.26 ± 0.13, and 1/n = 0.16 ± 0.13, respectively
(Figure 7). All three records can be matched with 1/n
� �0.0, although the record from KUJI requires shorter t
at equal 1/n (Figure 8). Inversions of data restricted to
shorter time intervals failed to show any time variation in
the inferred 1/n and t, within the error bars on these
parameters.
[52] While the data from Heki et al. [1997] are a daily

network solution, Melbourne et al. [2002] present a 2-hour
solution for station KUJI. The variability inherent in this
finer time resolution produces a higher noise level than in
the daily solution. Hence it has proven impossible to fit the
record with equation (11b) over a long time interval. A large
aftershock occurred 10 days after the main shock. The
2-hour solutions provide enough data that 1/n could be
constrained to 0.19 ± 0.47 over the first 10 days following
the earthquake (Figure 9). It is encouraging that this value is
consistent with the long-term inference from daily solutions
at the same station. The inferred t is much smaller than
inferred from the longer-duration records in Figure 7, but its
value is largely unconstrained.

4.3. The 1997 Kronostky Earthquake

[53] The final subduction zone event that I consider here
is the 5 December 1997 Mw = 7.8 Kronotski earthquake.
This event ruptured the interface between the Pacific and
Eurasia plates offshore Kamchatka. Postseismic creep was
recorded by a network of permanent GPS stations on the
peninsula [Bürgmann et al., 2001].
[54] In sections 4.1 and 4.2, I was fitting GPS records

directly with equation (11b). However, GPS stations record
only indirectly the displacement of a ductile shear zone.
When a GPS network is present, it is possible to invert
station displacement for the slip history of a presupposed
plane. This was done for the Kamchatka event by
Bürgmann et al. [2001]. Hence the generalized relaxation
law can be applied directly to the slip history of the
aseismically creeping shear zone.

Figure 6. (a) Location map for the 2001 Peru earthquake
(focal mechanism from Harvard GMT catalog), Arequipa
(AREQ) GPS station (circle), and the earthquakes of Mw >
4.0 in the 100 days following the main shock (stars, from
the Harvard CMT catalog); (b) displacement of GPS station
Arequipa (AREQ) after the 7 July 2001 aftershock along
azimuth N65E (data from Melbourne et al. [2002]) and best
fitting decay trends (solid line); and (c) 90% confidence
regions for the inversion parameters fitting the time series.
The cross marks the best fit.
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[55] The shear zone that provides the best fit to the
postseismic creep time series is located near the bottom
edge of the coseismic fault plane and extends beyond the
coseismic fault plane [Bürgmann et al., 2001]. The slip rate

on this shear zone decreases over time, which again
indicates the equation (11) is reasonable. I fitted the general
relaxation law to the smoothed version of the afterslip
history (Figure 10). This gives 1/n = �0.30 ± 0.38.
However, the correlation between 1/n and t estimates
allows values of 1/n as high as 0.8, provided that t is
increased to 19 days.

4.4. The 1999 I
:
I
:
I
:
I
:
zmit Earthquake

[56] The 17 August 1999 Mw = 7.5 I
:
zmit earthquake was

a large continental strike-slip earthquake that ruptured the
North Anatolian fault over more than 100 km. It was
followed 88 days later by a Mw = 7.2 earthquake, the 12
November 1999 Dücze earthquake. These earthquakes are
part of a sequence of events that ruptured most of the North
Anatolian fault in the 20th century [Ambraseys, 2002].
Intuitively, there is a causal relation between the two earth-
quakes, which must be understood if risks following a major
event are to be assessed accurately. While the static stress at
the Dücze epicenter was increased as a result of the I

:
zmit

earthquake, the time delay between the events can be
attributed to postseismic creep [Hearn et al., 2002]. In that
respect the I

:
zmit-Dücze earthquake pair resembles the

Landers-Hector Mine earthquake pair [Freed and Lin,
2001].
[57] Postseismic creep is observed in GPS data in the time

interval between the two 1999 Turkish earthquakes
[Bürgmann et al., 2002; Ergintav et al., 2002]. Postseismic

Figure 7. Time series of eastward displacement of GPS
station KUJI (projected N110�E), AOMORI (projected
N106�E), and MUTSU (projected N110�E), in Japan,
following the 1994 Sanriku earthquakes (data from Heki
et al. [1997]). The best fitting decay trends are shown with
the solid line. Inversion results are shown on each graph.
(top) Location of the three stations (circles), the earthquake
(focal mechanism from Harvard GMT catalogue), and all
the earthquakes of Mw > 4.0 in the 500 days following the
Sanriku earthquake in the Harvard CMT catalogue (stars).

Figure 8. The 90% confidence regions for the inversion
parameters fitting the time series collected after the 1994
Sanriku presented in Figure 7. Crosses indicate the best fit.
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displacement is concentrated in the region below the I
:
zmit

rupture. Two main patches can be identified in the inversion
of GPS data: a relatively shallow patch active during the first
30 days, and a deeper patch located near the eastern end of
the rupture, active for the entire time interval separating the
two earthquakes [Bürgmann et al., 2002]. These two centers
may complicate the application of the general relaxation law.
Because of their separation, there may be a systematic
difference between the rheology apparent at GPS stations
close to the epicenter and more easterly stations, the former
being sensitive to the first patch and a frictional rheology
(1/n � 0) and the latter to the second patch and a ductile
rheology (1/n � 0.3).
[58] I fitted the general relaxation law (equation (11)) to

the continuous GPS time series collected at 20 stations
between the I

:
zmit and Dücze earthquakes [Ergintav et al.,

2002] provided by S. McClusky (personal communication,
2003). Each record was projected in the direction of
principal motion, as describe above (Table 3). Of these 20
records, 6 provide reasonable constraints on the rheological
parameters entering the general relaxation law (Figure 11).
The inversion results are gathered in Table 3. The others
have either too small amplitude or display a linear trend that
cannot reflect a relaxation process. Formal uncertainties
allow negative values for the t parameter in all these
cases, but in fact, the confidence regions reject such values
(Figure 12).
[59] All the records except KANT are compatible with

1/n � �0.7 and t less than a few days. The agreement
between stations HAMT, MURT, TUBI, and UCGT is
particularly impressive, UCGT and TUBI being the best
constrained records. The record from station DUMT hints
at higher values of 1/n, but the difference with UCGT is not
significant at the 90% confidence level.With the caveat that it
is the least constrained of the records that I retain here, KANT
requiresmore negative 1/n values. KANTis alsomuch further
from the fault than the other stations (Figure 11).

5. Discussion

[60] The analyses of geodetic data presented above yield
relatively well-constrained estimates of the apparent inverse

stress exponent. There appears to be no significant differ-
ence between the values of 1/n for subduction zone earth-
quakes and for the only strike-slip event studied herein, the
I
:
zmit earthquake, although this might reflect more the

limits of this analysis than actually physical processes.
The rheological parameters from the Kronostsky event,
for which I used an estimate of shear zone displacement,
not a direct GPS record, are comparable to those obtained
for other events using continuous GPS data, indicating that
the assumption that the time dependence of postseismic
creep is preserved in GPS data is reasonable.
[61] In every case for which 1/n is well constrained, 1/n is

less than 1, which indicates a nonlinear behavior. Hence
diffusion creep is probably not the dominant rheology of
aseismic shear zones. This agrees with the results of Freed
and Bürgmann [2004], who model geodetic deformation
following the Landers-Hector Mine earthquake pair and
find it necessary to include a power law behavior in the
upper mantle. The records collected after the Sanriku
earthquake indicate 1/n � 0.0, which may reflect velocity-
strengthening friction. However, any rheological inferences
must be met at this point with caution because of the trade-
off with tectonic reloading. All the other GPS data imply
negative 1/n.
[62] Negative values of 1/n are not directly compatible

with any plausible rheology for a ductile shear zone. They
imply instead that one of our assumptions made in deriving
equation (11) is invalid for these records. These assump-
tions are that (1) the reloading velocity can be neglected and
(2) the signal is dominated by slip on one patch or the slip
on all patches has the same time dependence. The general
relaxation law does provide a good description of the time
dependence of postseismic creep, but its physical meaning
becomes ambiguous. In the following, I first address the
importance of reloading, its implication for shear zone
rheology and stress magnitude, and then whether spatial
variations of physical properties can be constrained from
these records.

5.1. Magnitude of Reloading and Shear Zone Rheology

[63] Tectonic loading was shown in section 3.2 to affect
the time dependence of postseismic creep. In the presence of

Figure 9. Two-hour solutions of displacement of GPS
station KUJI following the 1994 Sanriku earthquakes
projected along direction N80�E (data from Melbourne et
al. [2002]). The best fitting decay trend is shown with the
solid line. Inversion results are shown on the graph.

Figure 10. Estimates of fault afterslip following the 1997
Kronostsky earthquake [Bürgmann et al., 2001]. The best
fitting decay trends is shown with the solid line. Inversion
results are shown on the graph.
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reloading, the relaxation curve implies a lower apparent 1/n
than mandated by the rheology. This offers an appealing
explanation for the negative stress exponent values implied
by many of the GPS records considered in this study
whereby the actual 1/n is positive but tectonic loading in
the postseismic interval results in a negative apparent stress
exponent.
[64] Reloading is quantified by the ratio of shear zone

velocity due to tectonic reloading to shear zone velocity at
the beginning of the record, VP/V0. For the best constrained
records it is possible to evaluate the value of VP/V0 for
which the misfit with the data is minimized at a given 1/n
(Figure 13, left).
[65] For the I

:
zmit earthquake, the reloading intensity is

estimated to be less than 0.15. The shear zone velocity
immediately after the earthquake reaches about 1 m/yr at
depth near the epicenter [Bürgmann et al., 2001]. This
implies a reloading rate of at most 15 cm/yr. For compar-

ison, the long-term slip rate of the fault is about 2.5 cm/yr
[Ambraseys, 2002; Meade et al., 2002]. In the simple model
used in this study, there is no mechanism for the reloading
rate to exceed the long-term shear zone velocity. Using VP

� 2.5 cm/yr and V0 � 100 cm/yr implies values of 1/n near
0 (Figure 13). This may indicate that velocity-strengthening
friction is responsible for postseismic creep, in agreement
with Hearn et al. [2002]. However, considering the uncer-
tainties of this analysis, it is premature to consider this
conclusion definitive.
[66] Postseismic creep following the 2001 Peru and 1997

Kronotsky earthquakes also indicates negative stress expo-
nents, which can be interpreted as an actually positive stress
exponent with VP/V0 of order 0.05–0.2. At the location of
the Kronotsky event, the Pacific plate plunges underneath
Kamchatcka at roughly 6 cm/yr. Fitting the postseismic
creep gives V0 � 180 m/yr, about a factor of 3000 faster
than the plate convergence rate. This would imply that

Figure 11. (top) Map of permanent GPS stations (circles) recording postseismic creep after the 1999
I
:
zmit earthquake. Focal mechanism is of the earthquake. Stars denotes earthquake in the Harvard CMT

catalogue occurring in the region between the I
:
zmit and Dücze earthquakes. (bottom) GPS time series

(circles with error bars) for which the parameters entering the general relaxation law are relatively well
constrained. The fits are shown in the solid line and are compiled in Table 3. Data provided by
S. McClusky, after Ergintav et al. [2002].
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VP/V0 is actually very small for this event, and that reload-
ing cannot explain the negative apparent stress exponent. In
this case, it may be that the deformation mechanism of the
shear zone is different from those considered in this study.
However, the uncertainties in this analysis again prevent a
definitive conclusion to be reached: if 1/n is less than 0.5,
there is no minimum estimate of VP/V0 in the 90% confi-
dence interval (Figure 13).
[67] Creep following the 1994 Sanriku earthquake does

not require reloading. The records point consistently toward
1/n of order 0.0 if reloading is ignored (Figure 8). The
records from the KUJI station show a good agreement
between the long-term and short-term data, although the
uncertainty on 1/n from short-term data is rather large. Even
the record from station AOMORI, for which the best fitting
1/n is �0.26, is compatible with 1/n � 0.0 within uncer-
tainty. Nevertheless, reloading is shown to be important for
other records and may affect the Sanriku data as well. For
the record of post-Sanriku deformation at KUJI, the best VP/
V0 varies from 0 if 1/n = 0.11 to 0.1 if 1/n = 1. In summary,
ignoring reloading, velocity-strengthening friction can ex-
plain all the records. However, as reloading seems important
in other records, it is doubtful that it should be ignored here.
From the KUJI record, the actual shear zone rheology is
likely to have 1/n � 0.1, indicative of ductile creep such as
dislocation creep.

5.2. Stress Magnitude

[68] Assuming a value for the actual 1/n, the best fitting
value of VP/V0 can be transformed into an estimate of the

ratio of earthquake-induced stress change on the shear zone,
sE, scaled by the stress required for steady state creep at the
tectonic loading rate, sP. Assuming a power law rheology
(equation (2)), this gives

sE=sP ¼ VP=V0ð Þ�1=n�1: ð17Þ

Estimates of sE/sP for the KUJI, DUMT, TUBI, UCGT, and
Kronotsky records are reported in Figure 13 (right), as a
function of the assumed 1/n. Equation (17) is not valid in
the limit 1/n ! 0, where material is inferred to obey a
velocity-strengthening friction law (equation (1)). For a
frictional rheology, converting the velocity ratio into
a stress ratio requires imposing a value on the rheological
parameter C.
[69] The estimates in Figure 13 show that earthquake-

induced stress changes are important compared to the
background stress applied on the presupposed shear zone
imposed by tectonic loading. This is particularly true if the
shear zone rheology is actually Newtonian (1/n = 1). New-
tonian rheologies are particularly relevant for ductile shear
zones because the observed reduction in grain size tends to
favor diffusion creep and the presence of fluids facilitates
pressure solution creep, both of which produce Newtonian
behavior [e.g., Evans and Kohlstedt, 1995].
[70] The quantity sE corresponds to the coseismic Cou-

lomb stress change at the location of the shear zone, with
magnitude of a few MPa [Harris, 1998; Stein, 1999; Hearn
et al., 2002; Montési, 2004]. It may be used as a stress scale
to estimate the stress supported by the shear zone at the rate
of tectonic loading, sP. The possibly large values of sE/sP
coming from this study imply that shear zones must be rather
weak, with sP � 1 MPa. For power law creep with 1/n >
0.2, as expected for ductile deformation mechanisms in
rocks, the background stress is of the same order of
magnitude as sE.
[71] Such low stresses probably indicate a structural or

thermal heterogeneity in the aseismic lithosphere, a weak
shear zone. Montési [2004] provides a lengthier discussion
of shear zone strength and how the implied ratios sE/sP are
difficult to reconcile with laboratory-determined flow laws.
Field observations have long documented that ductile shear
zones are associated with structural changes such as
a reduced grain size or the presence of hydrous minerals
that produce a rock that is intrinsically weaker than its
surroundings.
[72] Nevertheless, stresses of several hundreds MPa have

been inferred from the microstructure of several shear zones
[e.g., Küster and Stöckhert, 1999; Trepmann and Stöckhert,
2003]. Such high stresses record transient phenomena that
may be earthquake related. High stresses may occur at the
beginning of shear zone formation while structural damage
is being forced on the rock. Alternatively, high stresses are
expected over a limited depth range in the vicinity of the

Figure 12. The 90% confidence regions for the inversion
parameters fitting the time series collected after the 1999
I
:
zmit earthquake presented in Figure 11.

Figure 13. (left) Intensity of reloading for which the best fit can be achieved assuming a value of 1/n between 0 and 1.
(right) Values of VP/V0 which are converted into the ratio of earthquake-induced stress change, sE, over the stress on the
shear zone at the rate of tectonic loading, sP. Thick lines show the best fitting values of VP/V0 and se/sP and the thin lines
the 90% confidence interval at a given 1/n. Estimates obtained for the GPS records of station KUJI following the Sanriku
earthquake (Figure 7), and DUMT, TUBI, and UCGT following the I

:
zmit earthquake (Figure 11) and for the slip inversion

after the Kronotsky earthquake (Figure 10).
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seismic ruptures. A synoptic shear zone model may have a
shallow high stress environment within a few km from the
brittle-ductile transition followed at greater depth by a
weaker region where shear zone strength is consistently
lower. The high strength region may or may not be able to
produce observable postseismic creep due to slip complex-
ity but the postseismic signals discussed in this study, which
require low shear zone strength, may be generated in the
deeper, low strength portion of the shear zone [Montési,
2004].

5.3. Variations Within a Network

[73] An assumption made in this work is that spatial
variations in shear zone properties are not important.
Obviously, this is a gross simplification of an actual shear
zone. To test this hypothesis, one must look at variations in
the postseismic creep history collected at different GPS
stations after a single event. Each station is sensitive to a
restricted location on the shear zone. Variations of post-
seismic deformation within a GPS network can therefore
reveal heterogeneities in shear zone behavior.
[74] The three long-term GPS records collected after the

Sanriku earthquake point to a similar stress exponent, but
the timescale associated with the KUJI record is slightly
shorter than that deduced from the AOMORI and MUTSU
records (Figure 8). KUJI is the easternmost of these three
stations. It is sensitive to shallower portions of the subduc-
tion interface than MUTSU and AOMORI. Hence the
Japanese data set may indicate a gradient in the strength
of the plate interface with depth. The deeper levels may be
weaker due to high temperatures. By contrast, the deforma-
tion mechanism does not appear to change with depth.
[75] The larger data set from the I

:
zmit earthquake ana-

lyzed in this study has the best potential to reveal spatial
variations in shear zone property. However, the analysis is
limited to the 80 days separating the I

:
zmit to the Dücze

earthquakes, as for nonlinear rheologies, the combined
effect of these events cannot be evaluated simply. In
consequence, many of the results from the Turkish data
set are rather uncertain, especially for the timescale t.
Nevertheless the agreement between stations HAMT,
MURT, TUBI, and UCGT is remarkable (Figure 12). In
fact, the only difference between these records seems to be
in the amplitude of the signal. The four stations may be
sensitive to a single slip patch with relatively uniform
rheology and initial velocity. The different signal amplitude
would in this case be the result of the transfer function from
this patch to each station. Stations DUMT and especially
KANT, located further from the fault plane near its western
termination appear to differ significantly from the other
four. They may be sensitive to a combination of different
postseismic signals. Unfortunately, fits to the more easterly
stations, which may be sensitive to a second slip patch at
greater depth [Bürgmann et al., 2002] were not as well
constrained. This is due to shorter duration of the record in
some cases and further distance from the fault in other.

6. Conclusions

[76] The rheology of aseismic shear zones influences the
time dependence of postseismic creep in a predictable
manner. In the absence of reloading, the response of a

velocity-strengthening frictional surface and of ductile shear
zones can be described by a generalized relaxation law
(equation (11)) by means of an adjustable parameter, the
apparent stress exponent, n. Friction is modeled with 1/n !
0 and viscous flow by 1/n ! 1. Reloading of the shear zone
in the postseismic time interval lowers the apparent stress
exponent of the generalized relaxation law, possibly to
negative numbers.
[77] The postseismic slip history observed after several

recent earthquakes is adequately modeled by the generalized
relaxation laws. However, a negative 1/n is often required by
the records. This indicates that reloading cannot be neglected.
The signal observed after the 1994 Sanriku earthquake
provides the best constraints on shear zone rheology at this
point, indicating a nonlinear rheology for this event. For the
1999 I

:
zmit earthquake, it is seen that reloading occurs at

about one tenth of the initial shear zone velocity. This implies
that the magnitude of earthquake-induced stress perturbation
is comparable to the shear zone strength, probably because
the shear zone is weaker than the surrounding lithosphere.
Hints of different behavior at different shear zone patches are
provided by the Sanriku data set.
[78] Application of the relaxation law to actual postseis-

mic records is made difficult by the covariation of inversion
parameters and the unknown contribution of reloading. In
addition, it is assumed that a single patch of an aseismic
shear zone dominates the observed GPS signals or that all
shear zone patches deform with the same time dependence.
Assessment of these assumptions, as well as better con-
straints on shear zone rheology, requires the consideration
of the complete data return by a network of continuous GPS
stations after an earthquake. High-quality GPS data are
being collected after recent earthquakes [e.g., Freymueller
et al., 2002; Yu et al., 2003]. Should these records cover a
longer time span than available for the I

:
zmit earthquake, it

will be possible to better address shear zone rheology using
the time dependence of postseismic creep.

Appendix A: Uncertainty of the Inversion Results

[79] The parameters in equation (11b) are constrained
from displacement time series using the Levenberg-Mar-
quardt algorithm [e.g., Press et al., 1992]. The measure of
goodness of fit is

c2 ¼
XN
i¼1

DS tið Þ � DS ti;Pð Þ
Ei

� �2
; ðA1Þ

where i is an index for each of the N data points, ti is the
time at which data point i is collected, DS(ti) is the measured
displacement value, DS(ti, P) the predicted value given a
trial value P for the parameters in equation (11b), and Ei the
uncertainty on data point i. The parameter vector P is
defined as

P1 ¼ D0;
P2 ¼ V0;
P3 ¼ t;
P4 ¼ 1=n:

ðA2Þ

The increment of P is set to a value intermediate between
the prediction by steepest descent and the inverse Hessian
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methods. These end-member cases use the first and second
derivatives of c2 in the four-dimensional parameter space.
[80] The uncertainty on the inversion result can be

estimated from the covariance matrix C = A�1, with A
defined as one half of the Hessian (or curvature) matrix

Akl ¼
1

2

@2c2

@Pk@Pl

�
XN
i¼1

1

E2
i

@DS ti;Pð Þ
@Pk

@DS ti;Pð Þ
@Pl

� �
: ðA3Þ

The partial derivatives in equation (A3) can be obtained
analytically

@DS ti;Pð Þ
@D0

¼ 1; ðA4Þ

@DS ti;Pð Þ
@V0

¼ t
1=n

1� 1þ 1� 1=nð Þt=t½ 	� 1=n 1�1=nð Þ½ 	
n o

; ðA5Þ

@DS ti;Pð Þ
@t

¼ V0

1=n

1� 1þ t=tð Þ
1þ 1� 1=nð Þt=t½ 	� 1= 1�1=nð Þ½ 	

 �
; ðA6Þ

@DS ti;Pð Þ
@ 1=nð Þ ¼ nV0t

�

�nþ 1þ 1� xð Þt=t½ 	�
1=n

1�1=n

�
n� t=t

n� 1ð Þ 1þ 1� 1=nð Þt=t½ 	

þ 1

1� 1=nð Þ2
log 1þ 1� 1

n

	 

t

t

� �
8>>><
>>>:

9>>>=
>>>;

8>>>>><
>>>>>:

9>>>>>=
>>>>>;
ðA7Þ

The covariance matrix C has both diagonal and nondiagonal
components. To estimate the importance of nondiagonal
elements, it is convenient to scale them with the square root
of the corresponding diagonal elements. For instance, C12 is
important if C12 �

ffiffiffiffiffiffiffiffiffiffiffiffiffiffi
C11C22

p
. Table 4 shows the magnitude

of the nondiagonal elements for the inversion of geodetic
data presented in this paper.
[81] Although the covariance matrix could be used to

define an error ellipse, this ellipse would be only a approx-
imation of the actual confidence region, as the errors are not
normally distributed. The confidence regions in this paper
are instead drawn by contouring c2 at a value of 7.78 above
the minimum c2. This value is chosen to give a 90%
confidence region with four degrees of freedom if the errors
were normally distributed. These four degrees of freedom
are D0, V0, t and either 1/n (Figures 6c, 8, and 12) or Vp/V0

(Figure 13).
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B10404 MONTÉSI: TIME DEPENDENCE OF POSTSEISMIC CREEP

18 of 18

B10404


